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Abstract
At mid-latitudes during the fall and winter, the mixed layer
temperature (MLT) of the ocean decreases, mostly in short bursts
associated with storms. These events have been dubbed episodic
cooling events, although it has been shown (Large et al. 1986) that
the associated decrease in MLT is primarily due to vertical heat redistribution within the water column rather than heat loss to the
atmosphere. This thesis describes an investigation of the
phenomenon of episodic cooling. The approach taken was to identify
a vertical mixing model which reproduced available observations of
the ocean response to storms and use that model in a series of
numerical experiments to test the importance of initial conditions
and atmospheric forcing.
Observations from the Ocean Storms Experiment were used to
define pre-storm ocean conditions, surface forcing during storms, and
several measures of the ocean response. Three one-dimensional
mixing models (Mellor-Yamada Level 2 1/2 [MY; Mellor and Yamada
1974]; Price-Weller-Pinkel [PWP; Price et al. 1986]; LargeMcWilliams-Doney [LMD; Large et al. 1993]) were tested using the
Ocean Storms data. All three models reproduced observed dynamical
measures of the ocean response. The LMD model reproduced
changes in potential energy and mixed layer temperature better than
PWP and MY, and was therefore selected for the numerical
experiments.
Studies with the LMD model showed that the rotation rate of
the wind is a key component to large episodic cooling events. The
ii

upper ocean operates as a resonant system with a resonant
frequency equal to the local inertial frequency, f. For winds rotating
at f during a storm, the input of inertial kinetic energy is maximized,
as are the net changes in inertial kinetic energy, potential energy,
and MLT. Under such conditions, significant mixing is observed
within the thermocline, even though the mixed layer depth may not
change drastically. Winds rotating off the inertial frequency lead to
significantly reduced ocean responses and vertical mixing below the
mixed layer.
Large background currents can modulate the ocean response to
a storm significantly; large surface heat fluxes add or remove heat
from the upper ocean, but have little impact on the vertical mixing.
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I. Introduction
A. Overview
At mid-latitudes during spring and summer, there is a net flux
of heat across the ocean surface into the ocean. The incoming heat
remains trapped in the upper ocean, increasing the sea surface
temperature (SST). As summer proceeds into fall and winter, the
surface heat flux changes sign and the upper ocean loses heat
through the surface. However, the SST begins to decrease before this
change, primarily in bursts associated with storms. Such events are
referred to as episodic cooling events. The change in SST and MLT
during these events is primarily associated with the mixing of heat
into deeper waters, rather than with heat loss through the surface.
Episodic cooling events may have significant implications for
the atmosphere and the ocean on a variety of time scales. The SST
and MLT can change dramatically over one or two days. However,
the current batch of coupled atmosphere-ocean models tend to use
very simple mixed layer models for the upper ocean which cannot
reproduce these ocean mixing events properly, since they do not
allow heating below the mixed layer. In terms of seasonal time
scales, these mixing events may change the phase of SST forcing of
the atmosphere by temporarily removing some of the mixed layer
heat from contact with the atmosphere during autumnal cooling. As
winter approaches and the mixed layer continues to deepen, the heat
mixed down by earlier episodic cooling events comes back into
contact with the atmosphere.
1

Much about episodic autumnal cooling in the Northeast Pacific
remains to be understood, in part due to a lack of sufficient
measurements. The goal of this thesis is to examine the upper ocean
response to storms and to explain the phenomenon of episodic
cooling, including the heat redistribution in the vertical and the
spatial variability in the horizontal. The research was carried out
using three different upper ocean dynamical models, each with a
different parameterization of mixing. Oceanographic and
atmospheric observations made during the OCEAN STORMS
Experiment provided a set of measurements against which model
results were compared.
The remainder of this chapter discusses episodic cooling in the
context of the upper ocean heat budget in the Northeast Pacific. The
rest of this thesis is divided up as follows: Chapter II presents
background on models of upper ocean dynamics; Chapter III outlines
the OCEAN STORMS Experiment and describes the instrumentation
and relevant data sets; a discussion of atmospheric forcing is
presented in Chapter IV; Chapter V describes the analysis of buoy
positions and velocities; Chapter VI discusses calculation of several
measures of the upper ocean response to storms; Chapter VII
presents and discusses the heat budget calculations for a number of
short-term (-2 day) storm events; in Chapter VIII, three onedimensional ocean mixing models are initialized and forced with the
observed surface fluxes, and the modelled responses are compared to
the observed responses; a series of numerical experiments with one
of these mixing models are presented in Chapter IX; Chapter X brings
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the results of this research together in a summary and discussion
section.
B. Upper Ocean Heat Budget of the Northeast Pacific
Atmospheric and oceanic characteristics of the Northeast Pacific
Ocean in the region of Ocean Weather Station PAPA, OWS-P (50 0 N,
145 0 W) have been studied for many years. From 1950-1981,
weatherships monitored meteorological and oceanographic conditions
at OWS-P and along the P-line from OWS-P to Swiftsure Bank
(48 0 32'N, 125 0 W). In addition, a number of intensive observational
programs have been carried out in the region at different periods of
the year, including late spring (Denman and Miyake, 1973), late
August through early September (the Mixed Layer Experiment,
MILE), and the fall (the Storm Transfer and Response Experiment,
STREX). Detailed analyses of the MILE results are presented in Davis
et al. (1981a) and Davis et al. (1981b). Results from STREX are
presented in D'Asaro (1985a), Paduan and deSzoeke (1986) and
Large et al. (1986) (hereafter referred to as LMN). The most recent
intensive experiment in the OWS-P region was the OCEAN STORMS
Experiment, which took place from August 1987 through May 1988.
Figure 1.1 shows the annual cycle of temperature profiles at
OWS-P, averaged over 19 years of data (1950-1968; after Tabata
1976). The temperature is usually uniformly mixed from the surface
down to some depth z.---h m . This region is known as the mixed layer
and h m is known as the mixed layer depth. The sea surface
temperature, SST, is therefore often equated to the mixed layer
3

Fig. 1.1 Mean monthly temperature profiles at OWS-P.
(a) August through March; (b) March through August.
Profiles are based on 19-year means over the period 19501968 (after Tabata 1976).

4

temperature, MLT (defined as the average temperature from the
surface to the mixed layer depth). Below the mixed layer there is
usually a region of stratification. The associated temperature
gradient is usually largest just below the mixed layer, and then
becomes smaller as the depth increases. The region of greatest
stratification is sometimes called the 'transition layer'. Although
there is no standard definition of the depth of the bottom of the
transition layer, ht, I shall define it as the depth where the curvature
(i.e. the second derivative with respect to the vertical coordinate) of
the temperature profile is greatest. The transition layer therefore
resides between z=-ht and z.-h m .
Heat is gained or lost to the ocean through the ocean surface by
evaporation, conduction, and radiation. Horizontal and vertical
advection and eddy diffusion of heat can also contribute to locally
observed heat changes. The net heat loss or gain determines
whether the ocean warms or cools. As the seasons progress into
spring and summer, ocean heating by solar radiation becomes
greater than surface heat losses and leads to net warming of the
upper ocean. For example, from Fig. 1.1, the average increase in heat
in the upper 100 m at OWS-P from March to August is 1.4 x 10 9 J/m2
(with a corresponding average heat flux of 105 W/m 2 ), which is
predominantly due to net heating by incoming solar radiation.
Ocean turbulence generated by winds can help to redistribute
heat vertically in the water column. As the seasons progress from
spring to summer, however, the solar heat input increases and the
winds weaken somewhat. The incoming heat consequently becomes
trapped in the uppermost waters, which results in a shallowing
5

mixed layer and increasing vertical temperature gradients during
this period. The maximum SST in this region generally occurs
between late August and early September (Tabata 1965). As
summer progresses into fall and winter, solar heating decreases,
leading to a net heat loss through the ocean surface. Wind strength
also increases, which leads to stronger vertical mixing in the upper
ocean, a deepening mixed layer, and the entrainment of colder water
from below into the mixed layer. The MLT therefore decreases as a
consequence of both surface heat losses and vertical mixing.
Tabata (1965) examined six years of observations at OWS-P
(1956-1961) and noted that there were net fluxes through the
surface of both heat and freshwater over the period, sufficient to
warm the upper 120 m of the ocean by 15 C (2.5 C per year) and
dilute it by 0.38 PSU in salinity. Smith and Dobson (1984) have
examined surface heat flux estimates at OWS-P for the period 19591975, using parameterizations based on the best available
measurements, and find an average net surface heat flux of 32
W/m 2 , which is sufficient to warm the upper 120 m of the ocean by
2.1 C per year. Neither net heating nor net freshening is observed at
OWS-P however.
Tabata (1965) also estimated monthly mean heat fluxes and
the rate of heat storage above 120 m depth (Figure 1.2). In spring
and summer, the two quantities nearly balance; in winter, there is a
20 W/m 2 imbalance, which is within uncertainty in the
measurements; in the fall, however, the rate of heat loss in the upper
120 m is 70 W/m 2 greater than the heat lost to the atmosphere,
which is greater than the observational uncertainty. Where does the
6
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Fig. 1.2 Surface heat flux and rate of heat storage at OWS-P.
Monthly surface heat flux (triangles) and rate of heat
storage above 120 m depth (circles) averaged from 1956 to
1961 at OWS-P (after Large et al. 1986).

7

rest of the heat go? Tabata suggests that colder water must be
advected into the region. He estimates an average upwelling velocity
of 10 m per year, which can account for the net freshwater surface
flux, but only 10 to 20% of the difference between surface heat input
and local heat storage. Ekman transport of heat within the mixed
layer is shown to account for only 5-30% of the rest of the heat;
upwelling velocities greater than 10 m per year would bring up more
salt than can be accounted for, which would therefore upset the local
salt budget. Tabata attributes the remainder of the 'missing' heat
primarily to horizontal advection due to geostrophic transport. He
also acknowledges that turbulent surface heat fluxes out of the ocean
may have been underestimated, leading to overestimates of the net
heating of the ocean.
Gill and Niiler (1973) have developed a scaling analysis to
address the importance of various processes in large-scale seasonal
variations of temperature, salinity, sea level, velocity, and the like.
In particular, they consider the seasonal heat budget equation for the
upper ocean and separate parameters such as temperature and
velocity into annual average and seasonally varying components (e.g.
temperature T = T avg + Tvar, where Tavg is the annual mean and T var
is the seasonally varying temperature). Their scaling analysis at
OWS-P indicates that, averaged over a large spatial scale (40° in
longitude, 10° in latitude), neither horizontal advection (due to mean
geostrophic transport plus Ekman transport) nor vertical advection
are important. They therefore suggest that heat must be stored
locally and that any discrepancy between net surface heat fluxes and
local heat storage is due to errors in estimation of the terms. Note,
8

however, that they do not consider the possible covariance of
seasonally varying velocities and seasonally varying temperature
gradients.
Denman and Miyake (1973) showed that, on time scales of one
to five days in late spring, the local response to surface fluxes
dominates both internal wave and large-scale horizontal advective
effects. Davis et al. (1981a) noted that, over a 20-day period in late
summer, there was generally a balance between surface heating,
local heat storage and vertical advection. Thus, from these two sets
of experiments, it is clear that surface heating clearly plays a
dominant role at OWS-P in spring and summer.
Paduan and deSzoeke (1986) studied the upper ocean heat
budget near OWS-P over 18 days in November, 1980 using
thermistor data from the STREX mooring array. They found an
average rate of change of heat content of -200 W/m 2 and an average
net surface heat flux of -86 W/m 2 . They also found a net rate of
change of heat content due to horizontal and vertical advection of
-68 W/m 2 . The uncertainty in the net surface heat flux was
estimated to be 30 W/m 2 . They were therefore able close the heat
budget to within the uncertainty in the surface heat flux
measurements and to within 23% of the measured change in heat
content. Although this study covered only a few weeks, it is
consistent with Tabata's notion of the importance of advection in the
annual heat budget. Most of the advective contribution occurred in
response to two storms during the 18 day period, although the
relative importance of vertical and horizontal advection were
different for the two different storms.
9

LMN have examined the ocean heat budget during STREX using
thermistor chains mounted on drifting buoys. Over 50 day periods in
the late autumn of 1980 and of 1981, LMN found that local cooling at
the surface accounts for only about 15-30% of decrease in local heat
storage in the mixed layer. They also found indications that much of
the loss of heat in the upper 120 m in a fixed reference frame is
associated with heat mixed down into the thermocline from the
mixed layer, which then is advected horizontally out of the region.
LMN suggest that this could be a situation where the seasonal
temperature field is advected by seasonally-varying currents.
LMN also examined the heat budget of the mixed layer. They
found that all of the processes which can affect heat, including
surface heat flux, vertical diffusion, and entrainment, can contribute
significantly to SST changes on both seasonal and storm response
scales (i.e 1-2 days). From the observations, they estimated that
about 50% of the SST autumnal cooling observed in 1981 was due to
short-term responses to some, but not all, storms. Such events have
been dubbed episodic cooling events. At one drifting buoy over a
50-day period during STREX, 70% of the overall 3.6 C cooling of the
SST occurred during six specific storm events (which accounted for
only 20% of the time). This observation is in general agreement with
the analysis of Elsberry and Camp (1978), who carried out a
statistical study using 24 years of Ocean Weather Station Papa (OWSP) data and found that about 70% of the autumn sea surface
temperature (SST) decrease occurs in only 36% of the time. LMN also
found a great deal of horizontal variability in the SST response to a
storm on scales of 100 km. In one case, during the storm of day 307
10

in 1980, the meridional temperature gradient changed sign, with
colder surface water appearing in the south. Thus, it is clear that
episodic cooling can play an important role in the overall autumnal
cooling of the SST and seasonal adjustment of the upper ocean
stratification. Evidence for episodic cooling has also been seen in the
South Pacific and South Atlantic (Large 1987).
Figure 1.3 (a) shows composite profiles from LMN. Depth is
normalized by the initial (pre-storm) mixed layer depth, h m 1
(i.e. z* = -z/h m 1); temperature difference profiles were normalized
by the average temperature difference over the initial mixed layer,
AT m (i.e. -A T * (z*) = [T2(z*) - Ti(z*)]/AT m , where T2 is the
temperature after the storm and Ti is the temperature before the
storm); initial temperature gradients were normalized with the initial
mixed layer depth (i.e. V'T * (z * ) = [aT 1 /az]ihm 1 ). The profiles were
averaged over 20 episodic cooling events observed during STREX.
LMN noted that the maximal heating in the thermocline appears to
occur at about 1.3 h m 1 and that heating, on average, is found down to
about 1.7 hm i. They also estimated the average vertical diffusion
coefficient, K v , to be about 4 x 10 -4 m2 s -1 around the depth of
maximal heating. This value is an order of magnitude greater than
an average value of 3 x 10 -5 m 2 s -1 associated with internal wave
breaking (Gargett 1984). Thus, another symptom of this episodic
cooling would appear to be enhanced diffusion within the
thermocline. LMN suggest that the phase between the pre-existing
inertial currents and the inertial currents generated by the storm
determines the shear strength, and therefore the amount of mixing
and the value of Kv.
11
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Fig. 1.3 Ocean temperature response to episodic cooling.
(a) A composite profile over twenty episodic cooling events
of normalized temperature change, AT*, (solid line, top scale)
and normalized initial temperature gradient, (V T)* (dashed
line, bottom scale) [after Large et al., 1986, Fig. 18]. See text
for normalizations. (b) Observed temperature profile
change, AT (solid line, top scale), and initial temperature
gradient, dT/dz (dashed line, bottom scale), from Krauss
(1981), Fig. 5.
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Krauss (1981) presents measurements of winds, currents and
temperature from two moorings in the Baltic Sea during a period of
several severe storms in September 1977. The current observations
indicate that strong inertial waves and vertical current shears were
generated by the storms. The initial mixed layer depth is between
20 and 30 m depth. The temperature data show dramatic cooling
and a slight deepening of the mixed layer, as well as some erosion of
the stratification below. The mixed layer temperature decreased by
almost 4 C. Approximately 4 x 10 8 J/m 2 of heat were removed from
the upper 30 m; of this amount, roughly 3.5 x 10 8 J (88%) was added
between 30 m and 90 m. The remaining 12% was presumably
advected and/or lost through the ocean surface. I have plotted the
associated change in the temperature profile in Figure 1.3 (b). The
difference in the observed temperature profile (after and before the
storm) is qualitatively similar to the nondimensional temperature
difference profile shape shown in LMN, so the dominant vertical
mixing processes may well be similar in the two studies. The depth
of maximal heating is also at about 1.3 times the mixed layer depth,
although the maximum depth of mixing appears a little greater than
twice the mixed layer depth.
Significant mixed layer cooling is not always observed in the
presence of a strong storm, however. The OWS-P summaries
presented by Hertzman et al. (1974), for example, indicate that
winds greater than 30 ms -1 occurring on November 30, 1966, did not
change the observed trend in SST, yet winds of similar magnitude
produced a 2 C drop in SST on December 1, 1967. Thus, it appears
13

that strong winds are a necessary, but not sufficient, condition for
episodic cooling of the mixed layer.
D'Asaro (1985a) has looked at upper ocean currents and
temperature profiles in response to wind stress variations associated
with the passage of a strong cold front during STREX. There were
background inertial oscillations in the velocity profiles before the
storm struck. The storm modified these inertial currents
significantly. He found that the change in the inertial currents in and
below the mixed layer was qualitatively consistent with a model of
linear internal wave dynamics, as long as the turbulent stress during
the storm was assumed to extend some 10 to 20 m below the ML. He
also suggested that the timing of a storm relative to the phase of the
background inertial currents was very important in determining the
amount of ML deepening.
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II. Background

Much of my thesis research revolves around the use of mixing
models. In order to provide some background on ocean dynamics
and mixing models for the reader, this chapter presents a review of
the governing equations for ocean flow and an overview of the
approaches taken to solve those equations.
A. Equations Governing Mean Ocean Properties
The evolution of the density and velocity structure of the ocean
can be determined by solving seven equations in seven unknowns,
together with appropriate initial conditions and boundary conditions.
The first of these equations to be considered is the equation of state,
which relates the density (p) of the fluid to temperature (T), salinity
(S), and pressure (p),
p = p(T, S, p)^

2.1

The present standard for the equation of state is called the
1980 Equation of State (UNESCO 1981). Gill (1982) offers a practical
algorithm for calculating the density. Generally speaking, the density
of ocean water increases with increasing salinity, increasing pressure,
and decreasing temperature. Vertical density gradients in the ocean
are usually negative. When lighter water lies on top of heavier
water (i.e. a negative density gradient), the profile is considered
stable; when the density is independent of depth, the profile is called
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neutrally stable; when heavier water lies above lighter water, the
density profile is unstable and the heavier water will tend to sink
(convect) and displace the lighter water below.
The other six governing equations represent conservation
equations for heat, salt, mass and the three components of
momentum. The usual approach to solving the seven equations is to
separate the variables into mean and fluctuating components, a
technique which is known as Reynolds decomposition. For example,
density is written as
P = VF 13''

^

2.2

where the overbar indicates a local mean and the prime indicates a
fluctuating term. One can then obtain equations for mean quantities.
A local Cartesian coordinate system is used, with x positive eastward,
y positive northward, and z positive in the locally upward direction.
Density variations are generally very small compared to an
average density of seawater. This principle allows one to make the
Boussinesq approximation, in which density is replaced by a
reference density P o (defined in terms of a reference temperature To
and salinity S o ) in all terms except where gravitational acceleration g
also appears. The Boussinesq approximation also removes the need
to use an equation of state to define the local mean density.
Following this approach, and neglecting molecular effects, the
conservation equations for mean heat, salt, mass and momentum can
be written as follows (c.f. Niiler and Kraus 1977; Stull 1988;
Haidvogel and Bryan 1992)
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where c p is the specific heat of water at constant pressure, u =
(u,v,w) = (ui, u2, u3), Ski is the Kronecker delta function,
1, i = j
5ii = {0, i # j

Eijk

2.7

is given by

1, (i,j,k) cyclic
Eijk = -1, (i,j,k) anti-cyclic
0, otherwise^

2.8

f is the Coriolis parameter (frequency), given by
f = 2w e sin A^
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2.9

w e is the rotation rate of the earth in radians per unit time (We =
2n/day), A, is the latitude (positive in the northern hemisphere), and
I(z) is the irradiance at depth z (due to incoming radiative heat flux).
I have also made use of the Einstein summation convention.
Equations 2.3 - 2.6 bear some discussion. Temperature
depends slightly on pressure. Potential temperature, which has
pressure effects removed, is actually the true conserved quantity.
However, if water parcels move vertically over a relatively short
distance (say, less than 100 m), temperature itself can be considered
to be effectively conserved, since the pressure effect is less than 0.02
C over 100 m.
The radiative flux of energy, I, can penetrate into the ocean
without being transported there mechanically. It therefore appears
explicitly as a source term in Equation 2.3, rather than just as part of
the surface boundary condition. The solar energy is absorbed by the
water as the light propagates downward.
In Equation 2.6 (which represents three separate equations,
corresponding to conservation of momentum in the x, y and z
directions), the fifth term represents pressure gradient forces. In the
ocean, the geostrophic flow,

--•
lig = (lig, vg,

fu = - 1 a13g^Po ay

0), defined as

2.10

f v = 1 aP
g po

ax

2.11

18

is often dominant. In applications of conservation of momentum, it is
often convenient to use the geostrophic current as a substitute
variable for the horizontal pressure gradient terms.
In the absence of advection, dissipation, geostrophy, pressure
gradients, and turbulent momentum fluxes, the equation for
conservation of horizontal momentum reduce to
d u^
= fv
dt

2.12

and
d v^
= _ fu
dt

2.13

Although these two equations are non-linear in an Eulerian
reference frame (i.e. a reference frame fixed with respect to a
position on the Earth), they are linear in a Lagrangian reference
frame (i.e. one moving with a fluid parcel). Let us define a standard
polar coordinate system with 0 0 in the eastward direction and angles
increasing in a counter-clockwise manner, the solution to Equations
2.10 and 2.11 for a piece of fluid moving in a Lagrangian reference
frame is
.
u 1.^
= u . e^=^
i(-ft+0)
— 1^(uicos(-ft+0) u-si n(-ft+0), 0)
—

,^1

2.14

—
where u i(t) is called an inertial current, ui is its magnitude, and 0 is
its phase (relative to time t = 0). One can define a polar coordinate
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system with 0 0 in the northward direction and angles increasing in a
clockwise manner (the navigational polar coordinate system). In this
latter coordinate system, the solution is
ui = ujej(ft±(P)

^

2.15

where
(p = 90 0 - 0

^

2.16

Inertial currents rotate at the inertial frequency in the
clockwise (counter-clockwise) direction in the northern (southern)
hemisphere, corresponding to positive (negative) values of f.
If one also allows for large-scale horizontal pressure gradients,
then the net mean velocity (in a Lagrangian reference frame) can be
treated as a superposition of inertial and geostrophic currents
2.17
The set of equations 2.3 - 2.6 still require initial conditions and
boundary conditions. Boundary conditions at the surface are usually
described in terms of surface fluxes. For example, the surface
boundary conditions for conservation of temperature is described in
terms of the net surface flux (i.e. mean plus turbulent transport) of
heat, respectively.
An important consequence of Reynolds decomposition is that it
leads to conservation equations with more unknowns than equations.
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More specifically, the terms associated with covariances of
fluctuating quantities (which may well be non-zero, even though the
average of each individual fluctuating variable is zero) are 'new'
terms. These terms are referred to as second-order terms, since they
represent second moments of fluctuating terms.
Because there are fewer equations than unknowns in Equations
2.3 - 2.6, the set of equations is underdetermined and one cannot
obtain unique solutions for the mean quantities. One needs
conservation equations for each of these 'new' second order terms. It
is useful, however, to first identify the density fluctuations with
temperature and salinity fluctuations. A first-order approximation is
given by
P = Po [1 - a(T-To) + P(S - So)]

^

2.18

where a and 13 are the coefficients of expansion for heat and salt,
evaluated at p o (T o , S o ), respectively. One can also define the
buoyancy, b, as
b = g {P P

^

^103 1

2.19

This leads to a definition of the turbulent buoyancy flux, defined as
(a w'T' - (3w'S')

2.20
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^
^

Following these conventions, conservation equations for the
second order terms can be written as (after Stull, 1988):
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where Cab represents a general form of molecular dissipation of the
turbulent quantity a' b '. Note that Coriolis effects and transport by
the pressure correlation term (i.e. terms involving the divergence of
correlations of the form p'X', where X is T, S, ui or uk) have been
neglected, as they are considered small in comparison to the
remaining terms [Stull 19881. Dissipative terms, however, may not
be small here, so they are retained in the conservation equations for
second order terms. Equation 2.23 represents nine equations,
although because of symmetry there are in fact only six independent
terms; Equations 2.21 and 2.22 each represent three equations. Note
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also that Equation 2.23 can be manipulated to obtain an equation for
turbulent kinetic energy (TKE):
ae
— +—
ui ae
— = Oi3 u i 'b' - (u i tu i ') aui^a(uite)^1 au i 'p'

at^ax ^ax;^ax ^Po
;

;

8

ax i

2.24

where
e = ii i iii i ' =0.5(u
(11 1 ' 2 + u2 ' 2 + u3 ,2 )
2

2.25

is the TKE per unit mass and c is the energy dissipation due to
viscous stresses (note that the turbulent velocity scale q is often used
in place of TKE, where e = q 2 /2).
Unfortunately, Equations 2.21 -2.23 involve third-order
correlations of fluctuating components. Similarly, conservation
equations for the third-order correlation terms involve fourth-order
correlation terms, and so on. In addition, the number of 'new'
unknowns increases as one goes to conservation equations for higher
and higher order correlations. This is the closure problem in
turbulence theory: no matter at what point one stops developing
equations, there are always more unknowns than equations. In
order to solve the governing equations, then, some method must be
used to parameterize correlation terms of some order. This is the
crux of the different modelling approaches discussed in the next
section.
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B. Approaches to Turbulence Closure

Let us now focus on the dynamics and thermodynamics of
planetary boundary layers, particularly the upper ocean boundary
layer.^A general definition of a planetary boundary layer is the
region from the surface to the maximum height or depth where fluid
properties are directly influenced by the presence of the surface. A
number of excellent review articles exist which describe various
approaches to close and solve the governing equations in the region
of the upper ocean boundary layer (e.g. Niiler and Kraus 1977;
Zilitinkevich et al. 1979; Rodi 1987; Henderson-Sellers and Davies
1987; Imberger and Patterson 1990). In this section, I outline the
themes of some of these approaches, with particular emphasis on the
ocean mixing models used in this thesis. First, however, I shall
define a few general characteristics associated with some of these
models.
The order of the correlation terms which are parameterized is
often used to classify different turbulence models. For example, if
one uses the second-order conservation equations for turbulent
quantities and parameterizes the third-order terms, then the model
is referred to as a second-order closure model. Similarly, models
which parameterize the second-order terms are called first-order
models. Some examples of different classifications of models are
given below, from the most simple parameterizations to more
sophisticated ones. Note that all of the examples presented here
ignore the effects of advection and horizontal variability. They
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therefore may all be categorized as one-dimensional vertical mixing
models.
1. Similarity Theory (Zero-order Closure)
The first type of approach to determining the ocean
characteristics of a given flow considered here is called similarity
theory. The approach involves a technique known as dimensional
analysis, whereby the dimensional units (e.g. length, time, viscosity)
of known, important quantities are used to infer the functional
dependencies of unknown quantities. Thus, similarity theory makes
little or no use of the governing equations (which is why the
approach is considered a 'zero-order closure'), but rather depends on
the identification of 'important' quantities and on field observations
to determine the form of various 'universal functions'. Here I briefly
review some of the most important similarity relationships
developed for planetary boundary layers (PBLs).
Close to the surface, there is usually assumed to be a layer
where vertical fluxes of quantities such as heat, momentum and
moisture are nearly independent of height (note that the vertical flux
of momentum is equivalent to the wind stress). This region is
therefore known the 'constant flux layer'. In the atmosphere, the
constant flux layer can reach a few tens of metres or so above the
surface.^Let us consider a wind blowing to the east. The magnitude
of the wind stress t is given by
I' Pa utw'

2.26

-
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where p a is the density of air and, here, u' and w' are velocity
fluctuations in the air. Two other fluxes of interest over the ocean
are the sensible heat flux, Qc , which is due to conduction of heat
across the air-sea interface, and the latent heat flux, Qe, which is due
to the evaporation of water from the ocean. Q c and Q e are given by
Qc = Pacpa w'T'

2.27

and
2.28

Qe = LE WV

respectively, where c p a is the specific heat at constant pressure of
dry air, LE is the latent heat of evaporation, and q' is fluctuation of
the humidity, q. Qc and Qe are positive upwards, by definition.
The effective height independence of the fluxes leads to the
definition of a certain set of scales (Large and Pond, 1982):
u* .= (1/01/2

= 1 u , w , 11 /2

2.29

t* = w'T'
Ku*
q* = w' q

2.30
'

2.31

KU*
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L=

u Tv
Kg w'Tv '

2.32

where u* is called the friction velocity, L is the Monin-Obukhov
length scale, T v is the virtual temperature (which incorporates both
humidity and temperature effects) in Kelvin, t* and q* are the
temperature and humidity scales, respectively, lc is von Karman's
constant (equal to 0.4), and g is gravitational acceleration.
Similarity theory predicts that mean gradients are universal
functions of the stability parameter, z/L:
au
ls^= O m (z/L)
u* a z
z

aT

2.33

= Ot(z/L)

t* az^

--

2.34

aq = Oq(z/L)

q* a z

2.35

where O m , Ot, and 4q are non-dimensional functions. Integration of
equation 2.33, 2.34 and 2.35 gives profiles of the mean quantities as
a function of height z
u(z) = u-it [ln[z+z o )/z o ] - Wm(z/L)] ^

2.36

T(z) = T, + t*[1n[(z + zt)/z t ] - lIft(z/L)]^

2.37
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Q (z) = Qs + q* [ln[(z + z q )/z q ] - xvq(z/L)] ^

2.3 8

where T s is the sea surface temperature, Q s is the absolute humidity
at the surface, Q (z) is the mean humidity profile,
z/L^

w(z/L) =f d [1 - 0(C)]
o^C

2.39

and z o , zt and z q are the surface roughness lengths for momentum,
temperature and humidity, respectively.
Numerous measurements have been made in the atmosphere
over land to determine the nondimensional functions in stable and
unstable conditions. In particular, Businger et al. (1971) and Dyer
(1974) independently used observations from field experiments in
the atmospheric boundary layer over land to estimate the functional
forms of some of the nondimensional functions (these functional
forms are not presented here; the reader is directed to the cited
articles for reference). Note that, in the limit of neutrally stable
conditions, the mean wind profile reduces to the well-known 'log
wind profile',

E

=M

in (z + 4
k^zo
(

1

2.40

Although Equations 2.36 - 2.38 appear to work well in the
atmospheric surface boundary layer over land and ocean using the
empirically-determined universal functions, there has been little
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opportunity to verify the theory for the upper ocean boundary layer.
Nevertheless, the ocean and the atmosphere behave similarly in
many ways, so many researchers assume that Equations 2.36 - 2.38
can be used above and below the ocean surface as well. Fluxes are
assumed to be continuous across the surface.
Direct measurement of momentum and heat fluxes are not
routinely made. Such measurements require moderately
sophisticated instrumentation and data processing. A more common
approach is to estimate fluxes from parameterizations based on more
commonly available measurements. Such parameterizations are
known as bulk formulae. Bulk formulae for wind stress and sensible
and latent heat fluxes are given by
t = CDUMU 10^

2.41

w'T' = CTU1OAT^

2.42

w'q' = CEU1OAQ^

2.43

where Um is the wind speed measured at a reference height of 10 m
above the mean surface, U10 is the wind vector at 10 m, AT is the
difference between SST and the temperature at 10 m height, and AQ
is the difference between the absolute humidity at the surface and at
10 m. The nondimensional coefficients CD, CT, and CE are referred to
as the drag coefficient, the Stanton number and the Dalton number,
respectively, and all three are a function of stability. Functional
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forms for these coefficients may be found in Large and Pond (1981)
and Large and Pond (1982).
2. Bulk models
Both the lower atmosphere and the upper ocean often exhibit a
region close to the surface where properties such as temperature are
effectively uniformly mixed. This region is referred to as the mixed
layer (ML), and it extends from the surface to some height (depth),
referred to as the mixed layer height (mixed layer depth). Outside
this region, there is usually a stabilizing temperature (and hence,
density) gradient.
Following from this basic premise, a number of mixing models
have been developed which treat the mixed layer as being mixed to
homogeneity by turbulence. Such models are often referred to as
bulk (or slab, or integral) models. Figure 2.1 shows a schematic of a
typical bulk model. The density interface between the mixed layer
and deeper waters is treated as a discontinuity in the density profile.
Below this interface, the density profile is assumed to be stably
stratified.
The first atmospheric mixed layer model was developed by Ball
(1960). Kraus and Turner (1967) developed the first ocean mixed
layer model. More sophisticated ocean mixed layer models have
been developed by Denman (1973), Niiler (1975), Garwood (1977),
Niiler and Kraus (1977), and Gaspar (1988), among others.
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Fig. 2.1 A typical mixed layer model.
The evolution of various mixed layer properties, including
the depth h m , temperature T and density p, are
parameterized as functions of the surface heat flux and
momentum flux, Q and 'r, and the density and velocity
differences, Ap and AV, at the mixed layer base.
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In bulk models, the evolution of all the properties within the
mixed layer is predicted using equations integrated over the entire
mixed layer. As a consequence, the mixed layer depth, which is
allowed to vary, becomes an additional (variable) unknown in the
equations. Below the mixed layer, mixing is assumed to be zero, so
that fluid properties remain constant.
The set of equations for bulk models are usually closed by
using a simplified form of the TKE equation which is also integrated
over the mixed layer. In particular, if one ignores the advective and
pressure-velocity correlation terms in Equation 2.24 and integrates
from the surface to depth h m (where h m is allowed to vary in time),
one can obtain an expression relating the rate of change of ML depth,
w e = dh m /dt, to other terms, including buoyancy fluxes, shear at the
ML base and the average TKE in the ML generated by the wind stress
at the ocean surface. Kraus and Turner (1967), for example,
considered only temperature effects on the buoyancy and presumed
that the energy input from the wind stress generates TKE in the
mixed layer. This TKE entrains cooler, more dense water from below
the density interface and mixes it vertically, keeping the layer wellmixed. Thus, the energy input from the wind is converted to
potential energy by bringing up heavier water from below. Using
simplified equations for heat and TKE conservation, they obtained a
model for h m and the mixed layer temperature, T m , as a function of
time and forcing conditions.
The observations of Pollard and Millard (1970) and Denman
and Miyake (1973) indicate that, on short time scales in particular,
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instabilities generated by inertial shear may be very important.
Pollard et al. (1973) suggested that mixed layer currents generated
by the winds can result in large shears across the mixed layer base,
and they use a bulk Richardson number formulation for the mixed
layer to determine when such shears become unstable and the mixed
layer must deepen. Following Pollard et al. (1973), mixed layer
deepening occurs when the bulk Richardson number, Rib, becomes
less than a critical value, Rib s :
gh. m Ap/p ,.
Rib^
b= ^ < lubc

Av 2

2.44

where Op and Av are the density and velocity 'jumps' across the
mixed layer base. Pollard et al. suggest a critical value of around
one; Price et al. (1978) find a best fit to observations using a value of
Rib s = 0.65. A number of more recent bulk models, including the
Niiler and Kraus (1977) model (hereafter referred to as NK),
incorporate this process through slightly different parameterizations.
Mixed layer cooling can occur in bulk models when the net
surface heat flux is positive, which indicates the upper ocean is losing
heat to the atmosphere. In such cases, the surface waters become
colder and more dense than the waters just below, so they sink by
convection. The mixed layer may also deepen under such
circumstances as the density profile adjusts to maintain at least
neutral stability.
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3. First-order Closure
First order closure (also referred to as K-theory or K-closure) is
based on the eddy-diffusion concept, wherein turbulent fluxes are
related to the mean gradients of the properties in question. For
example, for momentum flux, one assumes that
.v. au
uw = - .., —
az

2.45

where KM is referred to as the eddy (or turbulent) viscosity of
momentum and has the same units as molecular viscosity, DM. KM,
however, is a function of the flow, not a property of the fluid. In
turbulent flows, KM is usually much larger than um (and assumed to
be positive), so that the molecular viscous term in the momentum
equation is often ignored. The same holds true for other quantities.
Note that the turbulent fluxes transport properties down the mean
gradient (i.e. turbulent fluxes are directed from regions where the
mean value of the property in question is large to regions where it is
small).
At this stage, nothing has been said about the value or
functional form of KM. The simplest assumption is to assume that KM
is constant. Ekman (1905), for example, used the concept of a
constant vertical eddy viscosity to explain why, for a steady wind,
the surface drift current is at about 45 0 to the wind direction.
However, a constant viscosity coefficient is not very realistic. More
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recent mixing models parameterize viscosity coefficients through a
bewildering variety of length, velocity, flux and stability scales.
Note also that, when convection is dominant, it is possible for
buoyancy fluxes to be directed against the local gradient within
regions (usually near the center) of the boundary layer.
Observations of this phenomenon have been made in both the
laboratory and in the atmosphere (Deardorff 1966). The general
interpretation has been that, under convective conditions, the
buoyancy flux should have a non-local convective transport as well
as a downgradient component (Large et al., 1993a). One way of
incorporating this effect into a diffusivity equation is to include
another term, known as a counter-gradient term, to account for this
effect (e.g. Deardorff 1966; Holtslag and Moeng 1991). For example,
with the inclusion of a counter-gradient term for momentum (W),
Equation 2.45 becomes
liwt = - Km( au
— - W)
az

2.46

4. Hybrid Models
Some modellers have adapted mixed layer models to account
for possible mixing below the mixed layer. The model of Price et al.
(1986; hereafter referred to as PWP), for example, is essentially a
hybrid version of the Pollard et al. (1973) model. Properties within
the mixed layer are integrated across the mixed layer. Mixing and
mixed layer entrainment are based on a bulk Richardson number
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across the mixed layer, but PWP also allow for vertical mixing below
the mixed layer based on a local gradient Richardson number. This
model has been used successfully in modelling the diurnal variations
in the mixed layer depth for varying heat input and wind stress field
(Price et al. 1986) and in predicting an 'Ekman-like' current response
to a fairly steady wind (Price et al. 1987).
Another hybrid model has been developed recently by Large et
al. (1993a; hereafter referred to as LMD). The model, which is based
on the atmospheric model of Troen and Mahrt (1986), uses K-theory
to mix properties within the planetary boundary layer (PBL), which
is distinct from the mixed layer. Below the PBL, vertical transport of
properties is accomplished through gradient Richardson number
mixing. A more detailed description of the PWP and LMD models is
presented in Chapter VIII.
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III. The Ocean Storms Experiment
In order to find a vertical mixing model that reproduces episodic
cooling events, it was first necessary to obtain a set of oceanographic and
meteorological measurements to initialize and force models and to provide
observed responses for comparison against model predictions. I have
chosen to use data from the Ocean Storms Experiment. This chapter
presents an overview of that experiment and the measurements used in
my studies.
A. Overview
Exchange processes have been studied extensively in the
atmosphere over land. Relatively few such studies have been made on
either side of the air-sea interface, primarily because of the difficulty and
cost of making appropriate measurements. In recent years, however, a
number of new and better instruments and techniques have been
developed, which has led to renewed attempts to measure, understand
and model these processes. The Ocean Storms Experiment was one of the
latest of these endeavours. Involving more than twenty scientists from
several institutions, it was designed to study 'the horizontal variation of
surface fluxes and the three-dimensional response of the upper ocean and
lower atmosphere to severe storms and to relate the oceanographic and
meteorological observations through appropriate models' (D'Asaro 1985b).
The experiment took place from the late summer of 1987 through the
spring of 1988 (with the greatest emphasis placed on the autumnal
period) and focussed on horizontal scales of 50-250 km. A large network
of oceanographic and meteorological instruments was used on a variety of
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platforms, including ships, aircraft, and moored and drifting buoys. For
these reasons, the experiment provided a comprehensive data set for
studying processes such as episodic cooling.
The site chosen for this experiment was the Northeast Pacific, in the
vicinity of 48 0 N, 139 0 W. This region lies several hundred kilometres from
land and is therefore far-removed from the complicating effects of strong
boundary currents. The mesoscale eddy field is also relatively weak in
the region. It is therefore believed that the ocean responds to direct
atmospheric forcing in this region, with only very minor modifications due
to local variability in ocean conditions (D'Asaro 1985b). The relative
wealth of historical data from OWS-P and the P-line also makes the
location of the OCEAN STORMS Experiment advantageous.
B. Instrumentation and Measurements
1. CASID Buoys
A set of six CASID (Climate Air-Sea Interaction Drifter) buoys were
deployed during the Ocean Storms experiment. Each drifting CASID buoy
consists of a hull and a 150 m long, vertically-suspended electromechanical line below (see Figure 3.1). The hull of a CASID buoy is
designed to straddle the air-sea interface. In the OCEAN STORMS
Experiment, the hull housed a transmitter and power and electronics to
support all the instrumentation. Instruments to measure air temperature
and wind velocity were mounted 3 m above the mean sea surface level.
Twelve temperature and four pressure sensors were attached at specific
positions along the line. A weight was attached to the bottom end of the
line to help keep the line as vertical as possible. However, when there
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Fig. 3.1 The CASID thermistor chain.
Sketch of CASID hull (left panel) and the thermistor line
(right panel), with the positions of the sensors for the OCEAN
STORMS experiment (after Large et al., 1986).
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was shear present in the water column, the line orientation and shape
would change. The pressure sensors give a measure of the depth of
various positions along the line, which can be used to measure the 'line
rise' (i.e. vertical displacement from the maximum depth) for each sensor
and to estimate the shape of the line. Salinity measurements were not
made from these platforms, but historical observations show that salinity
is relatively uniform in the top 100 m or so in this geographic region (e.g.
Tabata 1965).
Each temperature and pressure sensor was sampled every 50
seconds. Averages and variances were calculated over a cycling period of
1.56 hours on board each CASID buoy. Table 3.1 provides the range and
resolution of the thermistors and pressure sensors.
Wind velocity was evaluated every minute. The wind data were
conditionally sampled to reduce the effects of buoy roll, pitch and spin
(Large et al., 1993b). Vector averages of wind velocities were calculated
every 1.25 hours.
Data were transmitted from the CASIDs to ARGOS satellites. The
CASID buoys, however, were not continuously within the field of view of
these polar-orbiting satellites. In fact, there was a roughly six hour gap
every day when the drifters were not within the field of view of either
satellite. In order to get around this problem, data from each CASID were
buffered and stored, with four consecutive averages (i.e. a little more than
six hours' worth of data for temperature and pressure measurements; five
hours' worth of wind measurements) retained at any one time. These data
sets were transmitted in blocks on a continuous basis. During a given
satellite pass (i.e. a period when a CASID was in the field of view of a
satellite), the same transmitted data could be received a number of times.
The data received by the satellites were then down-linked to a satellite
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Sensor or
Measurement
TA
wind^speed
wind^direction
SST
Ti
T2
T3
T4
T5
T6
T7
T8
T9
TIO
T11
P1
P2
P3
P4

Nominal Height
or Depth
3m
3m
3m
-1 m
-15 m
-32 m
-40 m
-48 m
-56 m
-65 m
-75 m
-85 m
-100 m
-125^m
-150 m
-14 m
-56 m
-100 m
-150 m

Measurement
Measurement
Range
Resolution
-5.00 - 33.35 C
0.15 C
0 - 40 ms -1
0.15^ms -1
1.40
00 - 360°
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
3.50 - 16.25 C
0.05 C
0 - 25 db
0.10 db
40 - 65 db
0.10 db
72 - 110 db
0.15 db
122 - 160 db^_
0.15^db

Table 3.1 Technical specifications for several of the sensors
mounted on CASID buoys.
Instrumentation includes wind, air temperature (TA),
ocean temperature (SST and T1-T11), and pressure (P1P4).
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receiving station and archived. Although this approach led to substantial
overlap in the archived data, it also reduced problems associated with
occasional transmission errors and minimized data losses during the larger
time gaps between satellite passes.
The ARGOS satellites are also able to determine the position of a
CASID buoy. A measure of the accuracy of a position fix is provided by
Service ARGOS in the form of a 'quality' code. This quality code depends
on the number of transmission 'hits' received by the satellite from a given
buoy. The quality codes can also be related to an estimate of the rms
error in the position fix.^For quality codes of 1,2, or 3, the associated rms
error estimate in each of the latitudinal and longitudinal directions is
150 m, 350 m or 1000 m, respectively (Service Argos, 1989). Figure 3.2
shows a 5 day time series of latitude and longitude positions for CASID
buoy 10063. The periodic variations in drifter position are due to inertial
motions of the CASID buoys. The drifter position fixes are not equi-spaced
in time, however, because of the satellite field-of-view problem described
above.
All six Ocean Storms CASID buoys were deployed during the month
of October, 1987. As is typical of such deployments, different instruments
failed at different times during the experiment. Fig. 3.3 summarizes the
available data sets from these buoys. The shortest-lived buoy (10065)
ceased transmitting a little over one month after deployment; the longestlived buoy (10063) continued transmitting data well into April 1988.
Examples of the different measurements made on each CASID buoy
are provided in Figures 3.4 - 3.8. Figure 3.4 depicts a time series of wind
vectors, wind speed and wind direction (with 0 0 N and increasing
clockwise) observed at CASID buoy 10063 for Julian day 270 to 350.
These measurements were made with Gill vane-propellor wind sensors
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Fig. 3.2 Time series of buoy position fixes.
Five day time series of position fixes for CASID buoy 10063,
displayed in terms of latitude (upper panel) and longitude
(lower panel).
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Fig. 3.3 Time line of instrument deployment and failure.

Schematic depicting lifetimes of thermistor chains (T) and
wind sensors (W) for the six CASID buoys deployed during
the OCEAN STORMS Experiment. Days beyond 365
correspond to dates in 1988. Buoy 10063 instruments
survived beyond day 400 (February 1988).
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Fig. 3.4 Time series of wind data.
An 80 day time series of wind data from CASID buoy 10063,
measured at 3.0 m height above the mean ocean surface: (a)
stick plot of wind vectors; (b) wind magnitude; (c) wind
direction in degrees (navigational polar coordinate system).
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mounted 3.0 m above the mean ocean surface. The wind data have been
interpolated to 1/10 day time intervals.
Figure 3.5 shows a time series of raw air temperature as well as
ocean temperature measurements from several of the thermistors
mounted along the CASID line (note that a +5 C offset has been added to
the air temperatures for clarity). The data are from the same buoy and
period as Figure 3.4. A general decrease in temperature with depth is
clearly observed. The general cooling trend of the surface waters with
time is also apparent, as is the deepening of the mixed layer (which can be
identified in Figure 3.5 as temperatures measured at more shallow depths
merging with temperatures at greater depths; the general warming at
150 m is likely due in large part to horizontal advection of warmer water).
CASID thermistors and pressure sensors were calibrated in the
laboratory before deployment. However, careful examination of raw
temperature data from pairs of neighbouring thermistors (in the vertical)
showed some relatively small inconsistencies for certain pairs. More
specifically, there were a few cases where a deeper thermistor often
registered a slightly warmer temperature than a more shallow thermistor
(typically 0.1 C). Figure 3.6 shows a scatterplot of temperature from two
nearest-neighbour thermistors for CASID buoy 10061 (T1 at 15 m and T2
at 32 m). Although there are clusters of data where the temperature at
T1 is warmer than at T2 (T1 > T2), there is a small but clear bias through
much of the data such that T2 is warmer than Ti. Since salinity is nearly
constant in the upper ocean here, the presence of warmer, less dense
water below colder, more dense water suggests an unstable density
profile. The fluid should have mixed vertically fairly quickly and the
temperatures and densities should become equal at both depths. The bias
in the scatterplot is, however, quite consistent. Consequently, I infer there
46

Fig. 3.5 Time series of uncorrected CASID temperatures at
selected depths.
Raw temperature time series from CASID buoy 10063. Solid
lines depict data from thermistors at four different positions
along the line (15m, 48m, 75m and 150m). Dashed line
depicts air temperature, TA, offset by +5 C for clarity.
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Fig. 3.6 Comparison of temperature measurements from two
thermistors.
A scatterplot of raw temperature measurements for two
nearest-neighbour thermistors, T1 (15 m) and T2 (32 m) on
CASID buoy 10061.
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is a small error in the temperature calibrations for T1 or T2 for this
particular CASID buoy. Consecutive pairs of thermistors were examined to
determine which thermistor contained the error and the appropriate
temperature time series was corrected by removing the bias.
I have compared the corrected CASID temperatures for nearestneighbour thermistors over periods when both sensors were in the mixed
layer. Rms differences were typically around 0.08 to 0.10 C, which
compares favourably to the expected rms difference between two
thermistors, each having the quoted rms error of 0.05 C, measuring water
of the same temperature. Comparisons of 1 m and 15 m temperatures,
however, indicated somewhat higher rms differences, typically around
0.15 C. Examination of thermal stratification inferred from the 1 m and 15
m temperatures showed extended periods where the near surface
temperature was as much as 0.2 C warmer or cooler than the 15 m
temperature. I have interpreted these results as suggesting the 1 m
temperature measurements are subject to some modest electronic (or
other) drift. Unfortunately, such drift can be a problem in estimating the
stability of the upper 15 m. I have consequently chosen to discard the 1
m temperatures and assume the temperature is uniform between the
surface and 15 m depth.
The raw pressure data also suffered from some calibration problems
or sensor drift. The maximum depth (and associated pressure) of a
pressure sensor should be the distance from the surface along the line to
the position where the sensor is mounted. Examination of raw pressure
time series indicated that some pressure sensors appeared to reach
maximum depths greater than the expected maximum depth; other
sensors never reached their expected maximum depth. In order to
account for such bias in the sensors, the following approach was adopted.
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For each CASID buoy, I first assumed the section of the line from the
surface to the most shallow pressure sensor (P1) was vertical at least once
during the time series. I therefore determined the greatest observed
depth for P1 and calculated the difference between this depth and the
maximum expected depth (14 m). This difference was treated as a bias in
the data and was removed from the entire P1 time series. I then assumed
that the next deepest segment of the line (between P1 and the next
pressure sensor, P2) was vertical at some time during the time series and
looked for the maximum depth separation between the two time series.
Any difference between this maximum value and the length of line
between P1 and P2 was taken as a bias and removed from the P2 time
series. Biases were removed from P3 and P4 in a manner similar to P2.
The corrected data were then splined to 1/10 day time intervals.
As mentioned previously, the buoy line is not always vertical in the
water column, but distorts in shape in response to current shear. This
distortion changes the depth of the sensors, which complicates the
interpretation of the raw temperature time series. Figure 3.7 depicts a
time series of corrected pressure measurements, converted to depth using
the hydrostatic approximation (Equation 2.7) and a mean water density of
1.029 x 10 3 kg/m 3 , registered at the four different pressure sensors of
CASID buoy 10061. The nominal depths of each of the pressure sensors
(when the line is exactly vertical in the water column) are shown as
horizontal lines. The difference between the depth of a sensor and its
nominal depth is called the line rise. The line rise is small close to the
surface and greatest at the deepest pressure sensor (which was mounted
at the end of the line, 150 m from the surface buoy). The CASID buoy at
the surface is so buoyant that it is effectively 'pinned' there.
Consequently, line shape distortion due to current shear must pull the
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Fig. 3.7 Time series of corrected depths (from pressure

sensors).

Time series of corrected depths for four pressure sensors
mounted on the thermistor chain on CASID buoy 10061.
Horizontal lines at 14, 56, 100, and 150 m depict the
theoretical depth of the sensors when the line is vertical.
The large line rise at day 277 is due to shear in the water
column generated by a storm. Pressure sensor P2 fails at
day 314.
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bottom of the line upwards. The largest observed line rise occurred
during the storm of day 277, when the bottom of the line was seen to rise
more than 35 m (in fact, the line rose more [i.e. the pressure was less]
than the electronics system was designed to be able to measure, so the
signal 'clipped' at 35 m). Pressure sensor P2 fails on day 314.
Although there is a lot of variability in the line rise data, there is
often a very regular pattern occurring at the local inertial frequency. LMN
have suggested that this behaviour is due to the superposition of an
inertially-rotating shear component and a mean shear component in the
velocity profile. When the two components are in phase, the line rise is at
a maximum; when they are 180 0 out of phase, the line rise is at a
minimum. A line rise which is constant (but non-zero) in time indicates
that either mean shear or shear due to inertial currents is present, but not
both.
An algorithm was developed to interpolate the temperature and
pressure data in order to obtain temperature time series at fixed depths.
The fixed depths were chosen to be close to the average depth of the
sensors in the water column. Close to the surface, there is very little
difference between the average depth and the nominal depth of the
thermistors; at greater depths, there tended to be an average line rise
present, so the fixed depths were chosen to be somewhat more shallow
than the nominal depths. The fixed depths were chosen to be 14, 31, 39,
46, 54, 63, 72, 82, 96, 120 and 140 m. The resulting (1.56 hour averaged)
temperatures were then interpolated in time to 1/10 day estimates, in
order to make the timing consistent with the wind velocity observations.
Figure 3.8 shows temperature time series, interpolated to fixed depths of
14, 46, 72, and 140 m, for the same buoy and time period as in Figure 3.5
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Fig. 3.8 Time series of corrected temperatures.
Corrected temperature time series from CASID buoy 10063
at fixed depths of 14, 46, 72, and 140m. Time period and
buoy are identical to Fig. 3.5.
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(the depths are similar to those in Figure 3.5). Indeed, to the eye, there is
little difference between temperatures in Figure 3.5 and Figure 3.8.
For each depth, the temperature time series was broken up into
segments of 128 data points (with a 64 point overlap between consecutive
segments). The mean and trend were removed from each segment, after
which point the data in each segment were run through a Parzen (i.e.
triangle-shaped) window. Power spectra were computed for each segment
and averaged for each depth. Figure 3.9 (a) shows power spectra for
temperature fluctuations for buoy 10063 for very nearly the same period
of time plotted in Figure 3.8 (although we start at day 280 in order to
avoid the large 'step' response in the mixed layer temperature at day
277). The shallow depths are always in the ML and their spectra fall off
with frequency f e roughly as fe -2 . As the depth increases, significant
peaks emerge at roughly 6 x 10 -2 and 8 x 10 -2 cph (i.e. periods of 17
hours and 12.5 hours, respectively), corresponding to near-inertial
frequency and semi-diurnal tidal fluctuations, respectively. These peaks
are strongest around 72 m depth, where the stratification is greatest (Fig.
3.9 (b)). The overall spectral levels are higher in this depth region as well.
2. Marisonde Buoys
Two French Marisonde buoys were also deployed during the OCEAN
STORMS Experiment. These buoys had 100 m long thermistor chains, with
thermistors spaced every 10 m down the line and a pressure sensor at the
bottom of the line. Meteorological measurements from the Marisonde
buoys included wind speed and direction, barometric pressure and air
temperature. Unfortunately, the meteorological instruments on both
buoys did not survive for very long after deployment. In addition, the
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Fig. 3.9 Temperature power spectra.
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thermistor chain on one of the buoys failed only a few days after
deployment. Consequently, the Marisonde buoy data were used only to
supplement temperature measurements wherever possible.
3. MLD Buoys
Forty-nine mixed layer drifters (MLDs) were also deployed in the
Ocean Storms study region during October 1987. Each of the MLD buoy
systems consisted of small surface buoys with a relatively short
thermistor chain (Paduan and Niiler, 1993). A TRISTAR drogue was
attached at 15 m depth along the chain, and thermistors were connected
near the ocean surface, and just above and just below the TRISTAR drogue
(at 12 m and 18 m depth, respectively). As with the CASIDs, data from
the MLDs were transmitted to ARGOS satellites. Position fixes of the MLDs
were also obtained from ARGOS.
The 12 m thermistor data are considered to be quite reliable
(Paduan and Niiler 1993). There has, however, been some suggestion that
a number of the thermistors at 18 m may not have been operating
properly during the experiment (J. Paduan, personal communication). I
have therefore chosen to limit my analysis to the MLD thermistors at 12 m
depth. Line rise is considered minimal at such shallow depths. In
addition, since the measurements were in the mixed layer during the
season of intense vertical mixing and net ocean heat loss through the
surface, significant vertical temperature structure at such shallow depths
is not expected. Consequently, any finite line rise is unlikely to have
affected the temperature measurements. The MLD 12 m temperature
time series were also interpolated to 1/10 day intervals.
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The large number of MLDs provides detailed information about the
horizontal structure of the mixed layer temperature field. Figure 3.10
shows a contour plot of the mixed layer temperature field in the Ocean
Storms region on day 290, as determined from the 12 m thermistor
measurements from 38 reporting MLDs, 14 m thermistor data from the 6
CASID buoys, and 10 m thermistor data from one Marisonde buoy. A
large-scale temperature gradient is present, running from the northwest
to the southeast (NW-SE). Both CTD data (discussed in the next section)
and MLD data show the orientation of the temperature gradient was also
NW-SE between day 274 and 277. Historical records (see Fofonoff and
Tabata, 1966, Fig. 6, for example) suggest the orientation of the gradient is
fairly constant throughout the year. Smaller-scale variability in the
temperature field in Fig. 3.10 is also present.
The trajectories of the MLDs will be used to characterize the ocean
flow at 15 m depth. Niiler et al. (1987) indicate that the slippage of these
drifters relative to the water at 15 m is a function of current shear and
wind speed. D'Asaro et al. (1993) estimate the slippage due to wind speed
to be about 0.005 ms -1 at low and moderate wind speeds and suggest the
slippage due to shear to be generally much less than 0.01 ms -1 .
4. CTD Surveys
Three ship cruises to the Ocean Storms experimental site were made
by the C.S.S. Parizeau (supplied by Fisheries and Oceans Canada) between
October and December, 1987. CTD (conductivity-temperature-depth)
surveys were made during each of these cruises, although the surveys
were cut short during the latter two cruises due to inclement weather.
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Fig. 3.10 Contour map of mixed layer temperature on day
290.
Solid circles depict locations of 38 MLD buoys.
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Profiles of temperature and conductivity were obtained to nearly 1500 m
depth at most stations.
Measurements were made using a Guildline 8705 CTD. Salinity was
inferred from conductivity measurements using standard relations,
calibrated in the laboratory with water samples (Tabata et. al, 1988). The
CTD salinity data were corrected using water samples, as well as occasional
full hydrocasts analyzed on board ship (D'Asaro et al. 1993).
Figure 3.11 shows a comparison of temperature measurements from
the CTD (15 m depth) and recently deployed CASIDs (14 m) and MLDs (12
m) The observations are from three consecutive legs of the deployment
phase of the first cruise: a line along 48 0 30' N, from about 142° W to
138° W; a second line along 138° W, from 48 0 30' N to 46 0 30'N; a third
line along 46 0 30' N, from 138° W to 142° W. The mixed layer depth was
about 35 m at this time, so all three types of measurements were within
the mixed layer. The rms difference between CTD and MLD temperature
measurements is 0.06 C; the rms difference between CTD and CASID
measurements is 0.22 C.
Figure 3.12 displays the results of several CTD profiles that were
taken before the storm of day 277. The CTD data have been interpolated
to 5 m depth intervals (Matear, 1993). Figure 3.12 (a), (b) and (c) show
temperature, salinity, and sigma-t profiles, respectively, (where at =
p(T,S,p=0) [in kg/m 3 ] - 1000). Figure 3.12 (d) is a TS plot, wherein
temperature is plotted against salinity. At each individual CTD station, the
salinity changes only by about 0.1 (practical salinity units, or psu) within
the upper 70 m or so. This change is highly correlated with temperature.
The temperature structure is principally responsible for the density
structure within the top 70 m as well. Horizontal differences in salinity in
this region are a little greater, varying by about 0.2 over the OCEAN
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Fig. 3.11 Intercomparison of mixed layer temperature

measurements.

Comparisons cover three legs (day 274-277) of the first
buoy deployment cruise:^(a) a line along 48° 30' N ; (b) a
line along 138° 30' W; (c) a line along 46° 30' N. CTD
measurements (crosses) were made at several stations along
each leg and always when a buoy was deployed. Times for
CASID (plusses) and MLD (circles) temperatures were chosen
as close to deployment time as possible.
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STORMS survey region. Below about 120 m, the temperature is relatively

constant but a halocline is present.
The CASID buoys had no instruments for measuring salinity profiles.
Even though the CTD profiles suggest there is a very weak contribution of
salinity to the density stratification (at least within the upper 100 m or
so), we still wish to include this effect. A parametric fit was obtained for
salinity using CTD profiles collected during the first cruise (before the
storm of day 277) and incorporating the linear relationship between
temperature and salinity in the upper 70 m and the salinity dependence
with depth below 70 m (N.B. d=-z is depth, defined positive downwards):
{
32.832 - 0.0308 (T(d) - T(70m)), d < 70m ^1
S(d) —^
33.293 + 0.4786 tanh ( 0.0373 (d - 124.3)), d > 70m

I

3.1

5. Other Measurements
Ship-board measurements of shortwave and longwave heat fluxes
were made using various radiometers (for a description of the
instrumentation, see Lind and Katsaros, 1986) during the three Parizeau
cruises. These data were made available for the present analysis (K.
Katsaros, personal communication) and have been used to help estimate
radiative heat fluxes at the CASID buoys (see Chapter IV).
A number of moorings were also deployed in the Ocean Storms
region during the experiment. These moorings included various
combinations of thermistors, pressure sensors, current meters (both
acoustic and mechanical) and wind sensors. None of these measurements
are used in the present work, however.
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IV. Analysis of Atmospheric Forcing
This chapter discusses measurements and parameterizations of
atmospheric forcing, including wind stress and the components of the
surface heat flux.
A. Winds and Wind Stress
Large et al. (1993b; hereafter LEA) have examined
measurements from all of the different wind instruments used
during OCEAN STORMS. Since many of the wind measurements were
made at different heights from the mean ocean surface, all wind
measurements were adjusted to a standard 10 m height, using
estimates of the local atmospheric stability. In particular, LEA
compared wind measurements among CASID buoys and found very
good agreement in wind speed and direction when buoys were
within 50 km of each other. The CASID wind measurements are
therefore considered self-consistent. LEA also compared CASID buoy
winds to winds measured at the central mooring (47.5° N, 139.25° W;
Gill vane propellor wind sensor mounted at 3.5 m height) during
periods when CASID buoys were within 25 km of the mooring. Buoy
and central mooring winds agreed closely in wind speed and
direction. No directional bias was apparent, and most of the large
differences in direction occurred at low wind speeds. Consequently,
the CASID and central mooring winds were considered to be in good
agreement with each other, with the CASID winds offering a slight
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underestimate of wind speed at high winds, relative to the mooring
winds.
Global fields of wind velocities, as well as other parameters, are
routinely available from numerical analyses and forecasts at a
number of different operational centers, including the European
Centre for Mesoscale Weather Forecasting (ECMWF), Fleet Numerical
Oceanographic Center (FNOC), and National Meteorological Center
(NMC). The winds from these models have relatively coarse
resolution in space (typically about 2 0 latitude and longitude) and in
time (6-12 hours). LEA have compared the central mooring winds,
adjusted to 10 m, to winds from each of the three weather centers,
interpolated to the central mooring (47.482 0 N, 139.257 0 W). Wind
direction comparisons between the mooring winds and each of the
three different model winds were in general agreement, with no
clear bias. The greatest differences in wind direction tend to occur at
very low wind speeds, as expected. Good agreement was also
obtained in wind speed comparisons up to speeds of around 10 ms -1 ,
above which all three sets of modelled winds tend to be higher than
the mooring winds. The scatter, however, was significantly smaller
for the ECMWF comparison than for the FNOC and NMC comparisons.
LEA have also compared CASID buoy winds, adjusted to 10 m,
to ECMWF winds interpolated to CASID buoy positions. The ECMWF
wind data used come from a special archive of 'instantaneous' fields
called the ECMWF Tropical Ocean Global Atmosphere (TOGA)
Advanced Operational Data Set. This data set provides fairly high
temporal and spatial resolution (estimates every six hours and at a
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grid spacing of a little more than 1 0 ) of a number of ECMWF fields
and has been created in support of the long-term TOGA Experiment.
Figure 4.1(a) shows a comparison of wind direction. The modelled
and observed winds are well-correlated, with no clear bias. Once
again, the larger differences in direction are associated with low
wind speeds. Figure 4.1(b) shows a comparison of wind speeds.
Reasonable agreement is obtained up to about 10 ms -1 . At higher
wind speeds, the ECMWF wind speeds tend to be higher than the
CASID winds.
The primary question here is whether to compute wind stress
and sensible and latent heat fluxes using the measured buoy winds,
adjusted to 10 m height, or the ECMWF 10 m winds (admittedly, both
data sets may be wrong). From the work of LEA, it seems clear the
CASIDs and mooring were indeed measuring the same winds at about
3 m height. LEA suggest that the discrepancies between the model
winds and the observed winds at high wind speeds are due to the
influence of the rough, wavy surface on the wind speed profile at
heights comparable to the wave height. In general, wave height
increases with wind speed. At relatively low wind speeds, wave
heights are much smaller than the measurement height and are not
expected to influence the wind speed profile significantly at 3 m
above the mean surface; at higher wind speeds, wave heights can
become comparable to the 3 m measurement height and may modify
the mean wind speed profile.
The argument put forward by LEA suggests there is a
modification of the wind speed profile close to the surface, where the
surface roughness begins have to a greater influence on the wind
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(a) wind direction; (b) wind speed (after LEA). Solid line is
1:1.
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speed profile. More specifically, LEA suggest there is another scaling
height parameter associated with the roughness of the surface, for
example the significant wave height, h w , and hence another
important non-dimensional height parameter, z/h w . The nondimensional function O m would then be a function of both nondimensional parameters, 4 m (z/L, z/h w ) (see Equation 2.32). Within
the constant flux layer of the surface, but not too close to the surface,
the variation of O m may be accurately described by z/L; however, at
heights close to the wave height, z/h w might become important.
The dependency of O m on z/h w is not known. However,
evidence for the modification of the wind speed profile by surface
waves has been shown by Dittmer (1977), who examined wind speed
profiles under low wind speed conditions. He shows measurements
of mean wind profiles from a stabilized spar buoy for a small range
of wave heights (his Figure 5; the data are re-plotted in Figure 4.2).
For h w < 0.25 m, he found a good fit to the Monin-Obukhov similarity
wind profile, using the KEYPS formulation (Panofsky 1963), down to
a height above the mean surface of about 2.7 m, below which the
observed profile decreased more rapidly than predicted by the
KEYPS profile; for 0.25 m < h w < 0.75 m, he found much the same
result, with even greater deviations between the observed and
KEYPS profile in the region of 2 m height and less. Under these
conditions, an estimate of the wind speed to 10 m height based on
the wind speed measured at 2 m height (or less) and standard
Monin-Obukhov similarity theory would therefore underpredict the
true wind speed at 10 m.
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Fig. 4.2 Influence of waves on wind speed profiles under
low wind speed conditions.

(a) h w < 0.25 m; (b) 0.25 < h w < 0.75 m. Dots represent
measurements; solid line represents wind speed profile from
similarity theory, with z o determined from a fit through the
measurements at the four higher wind sensors. After
Dittmer 1977.
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It is difficult to think of a simple physical explanation why all
three analyses would over-estimate high winds in a similar manner.
Following LEA, then, I have: (a) assumed local wind speed
measurements at 3 m height are correct; (b) adjusted the wind
speeds to 10 m height using traditional Monin-Obukhov similarity
theory; (c) developed a correction to these 10 m winds using the
ECMWF winds (which are more highly correlated with the CASID
buoy winds than the FNOC or NMC winds). In order to evaluate the
relationship between ECMWF and CASID observations, the data in Fig.
4.1 (b) were binned and averaged. The data were grouped in bins
orthogonal to the y=x line, with a bin width of 2 ms -1 . Figure 4.3 (a)
shows the mean values and standard errors (identified by the center
and the length of the bars, respectively) for the sequence of bins.
The CASID and ECMWF winds agree very well up to about 7 ms -1 and
at higher winds the ECMWF winds become larger than the CASID
winds. I have used a used a linear fit to the data above
7 ms -1 , weighted by the standard errors in each bin, to determine
the relationship between ECMWF and CASID winds. The two data
sets were assumed to agree at 7 ms -1 ; a least squares fit to the bin
averages above 7 ms -1 gave a slope of 1.55. The resulting fit leads to
the correction
Ui0A, UlOA < 7 ms -1
Uloc = { 1.55( U10A-7ms- 0 + Th y,* y T
a^%-'
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Fig. 4.3 Fitting CASID wind speeds to ECMWF wind speeds.
(a) Binned data from ECMWF-CASID wind speed comparison
in Fig. 4.1(b). Bins were aligned orthogonally to the y=x line;
solid circles denote average winds within bin; length of line
indicates standard error. A fit to the data, as described in
the text, is plotted as a solid line. (b) Scatterplot comparison
of ECMWF wind speeds and corrected CASID winds. Bin
averages for individual CASID buoys are also plotted (open
circles=buoy 10060; solid circles=10061; open
squares=10062; solid squares=10063; open triangles=10064;
solid triangles=10065).
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where U1OA is the CASID wind speed, adjusted to 10 m, and 1110c is
the corrected CASID 10 m wind speed. Equation 4.2 is plotted in
Figure 4.3 (a). A scatterplot of the ECMWF and corrected CASID data
is presented in Fig. 4.3 (b). Corrected CASID winds and bin averages
for the individual corrected CASID buoys are plotted in Fig. 4.3 (b)
(bin widths have been increased to 4 ms -1 ; bin centers have been
shifted slightly for each buoy for clarity). The corrected CASID winds
for all buoys are seen to agree closely with the ECMWF winds,
indicating that all of the CASID buoys benefit from the wind speed
correction. The few bin averages that fall off the 1:1 line in Fig. 4.3
(b) are associated with averages of only a few data points (for
example, the bin average for CASID buoy 10061 [solid circles] at 14
ms -1 corresponds to an average of only four points).
Finally, there is important a posteriori evidence for correcting
the observed winds to the ECMWF winds. Models describing the
generation and evolution of inertial currents have been tested using
the uncorrected (but adjusted) 10 m observed winds and were found
to underpredict the observed current responses; with an increase of
about 20% in the wind speed values, these models predict the
observed responses reasonably accurately (E. D'Asaro, personal
communication). Here the wind speed corrections range from 0 to
34%. In Chapter VIII, comparisons of the modelled upper ocean
response for corrected and uncorrected 10 m winds provide
additional support for the corrections used at high winds.
Wind stress time series were determined using these corrected
10 m CASID winds and the bulk formula for wind stress (Equation
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2.41). The direction of the wind stress is the same as the direction of
the CASID wind.
B. Storm Events
Storm events were identified as follows. For a given CASID
buoy, the associated wind stress time series was examined. When
the wind stress was greater than 0.4 Nm -2 (UloA > 16 ms-1), a storm
event was identified. A search was then carried out for a 'quiet' (i.e.
low wind) period before the storm. This pre-storm quiet period was
defined as the most recent 0.8 day period over which the average
wind stress was less than 0.2 Nm -2 (i.e. average UloA < 12 ms -1 ). The
start of the storm was identified as the end of the quiet period.
Similarly, a search was carried out for the nearest quiet period after
the storm event and the end of the storm was identified as the
beginning of this post-storm quiet period. The start and end of the
pre-storm quiet period are identified in general terms as time to and
ti, respectively; the start and end of the post-storm quiet period are
identified as t2 and t3; the start and end time of the storm period
itself are then identified by ti and t2 ( a discussion of the definition
of quiet periods is presented in Chapter V). Since the focus here is
on short-term events, storms lasting longer than three days were
ignored. (Storms longer than three days are infrequently observed
in the Ocean Storms area. Only two such storm events were
identified in the data records I examined).
Twenty-five short-term storm events were identified. Of these
events, there were ten for which horizontal advection of temperature
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could be estimated at the CASID buoy in question. In the remaining
cases, either there were not enough mixed layer drifters near the
CASID in question or there were not enough functioning CASID
thermistors chains remaining to estimate horizontal temperature
gradients. Table 4.1 identifies the CASID buoys and time periods
associated with the ten storm events, as well as some characteristics
of the winds during each storm. These characteristics include the
peak wind stress, the time integral of the wind stress magnitude
over the storm period, Fmag (a simple measure of the strength of the
storm),
t2

Fmag =^ii(t)1 dt

ti^

4.3

and a qualitative description of the rotation of the local winds during
the storm (defined as clockwise, steady or counterclockwise).
The largest peak winds occurred during the storm of day 277,
as seen during events 1, 3, and 9. The winds rotated clockwise (i.e.
in an inertial sense) for these three events, but were fairly steady for
the other events. The winds for event 6 were lower than during the
storm of day 277 (the peak wind for event 6 is roughly half that for
events 1 and 9), but the storm lasted almost twice as long.
Consequently, the value of F mag for event 6 is comparable to Fmag
for events 1, 3 and 9.
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Event
No.
1
2
3
4
5
6
7
8
9
10

CASID
buoy
(serial
no.)
10060
10060
10061
10062
10062
10062
10062
10062
10063
10065

Storm
Period,^ti-t2
(year^day)

Peak Wind
Stress
(N/m2)

Fm a g.
(x103
Ns/m2)

Wind
Rotation

277.1-277.9
303.4-304.4
277.1-278.1
303.3-304.2
313.0-313.7
314.5-316.0
316.8-318.3
320.1-321.0
277.1-278.1
303.3-304.3

1.22 ± 0.16
0.62 ± 0.10
1.43 ± 0.17
0.54 ± 0.09
0.64 ± 0.10
0.59 ± 0.10
0.56 ± 0.09
0.75 ± 0.11
1.18 ± 0.15
0.58 ± 0.09

5.5 ± 0.2
3.4 ± 0.1
6.8 ± 0.2
2.8 ± 0.1
1.6 ± 0.1
5.8 ± 0.2
4.8 ± 0.2
4.2 ± 0.2
6.3 ± 0.2
3.2 ± 0.1

clockwise
-steady
clockwise
-steady
-steady
-steady
-steady
-steady
clockwise
-steady

Table 4.1. Selected storm events during OCEAN STORMS.
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C. Surface Heat Fluxes
The net surface heat flux has contributions from three types of
physical processes: conduction, evaporation, and radiation. The first
two processes have been discussed previously. I shall discuss
radiation in more detail here.
Radiative heat fluxes can transport heat into and out of the
ocean simultaneously. Traditionally, oceanographers divide up the
radiative heat budgets into two separate categories: shortwave and
longwave radiation. The net shortwave heat flux, Q sw , is the energy
flux of solar radiation in the visible and near-infrared bands across
the ocean surface (by the convention used here, z is positive
upwards, so a downwards energy flux such as Q sw is negative). The
longwave heat flux, Qi w , is the sum of the incoming and outgoing
longwave radiation, Qi w t and Qi wo , respectively. By definition, Qi wo is
positive and Qt w i is negative.
The net heat flux across the ocean surface, Qt, can be written as
Qt = Qc + Qe + Qsw + Qiw

^

4.4

and Q e are sometimes referred to as non-radiative heat fluxes and
Q sw and Qi w are referred to as radiative heat fluxes. A positive value
Qc

of Qt indicates an upward heat flux across the ocean surface and
cooling of the ocean.
Qe, Qc, and Qhvo

are considered to be due to heat extracted from

a thin (-- 1 mm thick) layer of the ocean. Incoming radiation,
however, is differentially absorbed by the ocean as it penetrates to
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greater depths. The rate of absorption depends on the wavelength of
the radiation and on the absorptive properties of water. Generally,
incoming radiation at infrared and red wavelengths is absorbed close
to the surface, while radiation at green and blue wavelengths can
penetrate more deeply before being absorbed significantly. Jerlov
(1968) characterizes ocean water, in terms of its clarity. He defines
five different types: I, IA, IB, II, and III, with I being the most clear
and III being the most dirty.
Paulson and Simpson (1977) suggested that absorption of light
(within the band of 400 nm - 1000 nm) in the upper ocean can be
adequately modelled by partitioning the shortwave heat flux into
two components, each with a different absorption coefficient. In this
case, the shortwave heat flux at a depth z is given by
I s w(z) =

-

Q s w [s ezifil + (1 s) ez/02]

^

-

4.5

where s is a fraction (0 < s < 1) which determines the relative
partitioning of energy into 'red' and 'blue-green' spectral bands, and
(31 and 132 are attenuation lengths (in m) for the respective bands.

Paulson and Simpson provide estimates of s, (31 and 132 as a function
of Jerlov water type. The minus sign in Equation 4.5 accounts for the
fact that Q sw is negative, while I is positive (aI/az is also positive,
which makes it a source of local heating in the heat budget equation).
No direct measurements of radiative heat fluxes were made at
the CASID buoys. Shipboard measurements of radiative heat fluxes
were made during the three Parizeau cruises, however, as part of the
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OCEAN STORMS Experiment. These data have been processed and
made available by K. Katsaros. Values of Q sw were estimated from
Qsw = Qswi( 1 - ar)^

4.6

where Q sw i is the measured incoming solar radiation reaching the
ocean surface and a r is the surface albedo (i.e. reflectivity),
parameterized in terms of sun angle according to the work of Payne
(1972). Qi w i was measured directly; Qi wo was estimated from
shipboard measurements of SST, assuming black body radiation
Qtwo = a(SST+273.15) 4^4.7
where the SST is measured in Celsius and a is the Stefan-Boltzmann
constant (5.67x10 -8 Wm -2 K -4 ). Measurements of Q sw i and Qi w i were
made at 30 minute intervals; SST measurements were made every
six hours. Since SST is generally assumed to vary slowly, estimates
of Qi wo have been interpolated to 30 minute intervals. Qi wo is almost
always larger than Qi w i, so the net longwave heat flux, Qi w , is almost
always negative. An error of about 10% is expected in each radiation
measurement (K. Katsaros, personal communication).
Radiative surface heat fluxes are computed by the ECMWF
model, but are not a standard archived product. However, a second
set of TOGA-related ECMWF archived data, known as the ECMWF
TOGA Global Supplementary Fields Data Set, provides twice-daily
estimates of radiative heat fluxes, averaged over a six hour forecast
period (ending at 0 Z and 12 Z, respectively) and evaluated on the
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same grid as the Advanced Operational Data Set described earlier. In
the OCEAN STORMS region, the centres of the averaging intervals are
roughly 1 p.m. and 1 a.m. local time. Consequently, every second
time step corresponds to a local average of fluxes at night, when Q s w
is zero.
The Supplementary Fields Data Set provides an opportunity to
estimate radiative heat fluxes at the CASID buoy locations. However,
I know of no efforts to validate the ECMWF surface heat fluxes (there
has, however, been some work to validate ECMWF radiative heat
fluxes at the top of the atmosphere, e.g. Morcrette 1991).
Consequently, it is worthwhile to compare first the ECMWF fluxes
with the shipboard observations. Figure 4.4 (a) shows a scatterplot
comparison of Q S R, estimates obtained from the ship and interpolated
to the ship location from the ECMWF data set. The ship observations
have been averaged over the same 6 hour periods as the ECMWF
estimates. Estimates for night time periods have been excluded.
Both the observations and ECMWF data may have errors, so linear
least squares fits have been calculated for both ECMWF data against
observations and observations against ECMWF data. These two fits
are plotted as dashed lines in Fig. 4.4 (a). Residual standard
deviations from the two fits are 67 and 64 W/m 2 , respectively. I
define the 'best fit' as the average of these two fits. This average is
plotted as a solid line in Fig. 4.4 (a) and has a slope of 1.04 and offset
(bias) of -54 W/m 2 . If the night time data (which should be
identically zero for observations and ECMWF) had been included, the
fits would have been effectively forced through the origin.
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Fig. 4.4 Comparisons of 6-hour averages of radiative surface

heat fluxes from shipboard observations and from
ECMWF.

(a) Q sw (day time values only); (b) Qiw; (c) Qsw + Qi W (day
time and night time values). Linear least squares fits of
ECMWF data to observations and observations to ECMWF
data are plotted as dashed lines; the solid lines depict the
average of those fits.
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Figure 4.4 (b) shows a similar scatterplot comparison of Qi

w

from observations and from ECMWF. Night time data are retained in
this comparison. Linear least squares fits of ECMWF data to
observations and vice versa are plotted as dashed lines. The residual
standard deviations from these two fits are 23 and 24 W/m 2 ,
respectively. The average of the two fits, plotted as a solid line in
Fig. 4.4 (b), has a slope of 0.98 and a bias of 30 W/m 2 .
Figure 4.4 (c) shows a scatterplot of the sum of the shortwave
and longwave heat fluxes from observations and from ECMWF, with
night time periods included. As before, linear least squares fits of
ECMWF data to observations and vice versa are plotted as dashed
lines; residual standard deviations are 53 and 42 W/m 2 , respectively.
The average fit has a slope of 1.27 and a net bias of 12 W/m 2 .
I wish to estimate the radiative heat fluxes at the CASID buoy
positions and at 1/10 day time intervals. Interpolation of the
ECMWF estimates to CASID positions is fairly straightforward, but
twice-daily estimates do not provide the desired temporal resolution.
Qi w varies relatively slowly, so linear interpolation in time is not
unreasonable. Q s w , on the other hand, varies dramatically on an
hourly time scale during the day. A simple parameterization for the
daily variation of Q sw can be obtained using the solar elevation angle,
w, given by (Zhang and Anthes, 1982)
sin w = sin X sin S s - cos X cos S s cos PtUTC i
12 II^J^4.8
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where^is longitude, tUTC is Coordinated Universal Time in hours, O s
is the solar declination,
O s = X r cos ( 27t(d-dr)
dy

Xr

4.9

is the latitude of the Tropic of Cancer (23.45° = 0.409 radians), d is

the number of the day of the year, d r is the day of the summer
solstice (173), and

ay is the average number of days per year

(365.25). All angles in Equations 4.7 and 4.8 are given in radians.
Let us ignore variations in attenuation of incoming solar radiation
due to absorption in the atmosphere. In this simplified case, Qs w is
proportional to sin iv during daylight hours. When sin iv < 0., the sun
is below the horizon and Q sw is zero.
Figure 4.5 (a) shows an example of the relative daily variation
of Q sw for day 275-280 at a fixed position of 46 0 N, 139° W,
according to the simple model given above. A relative value of 1.0
corresponds to the sun being directly overhead (i.e. a solar elevation
angle of 90 0 ). The horizontal bars in Figure 4.5 (a) correspond to the
6-hour averaging intervals of the ECMWF radiative flux data. By a
fortunate coincidence, one of the twice-daily averages encompasses
most of the daily input of solar energy in the OCEAN STORMS region.
In order to extract a daily cycle of shortwave heat flux, I
assume the daily variation of Q sw follows the functional form shown
in Figure 4.5 (a). For each day, I then obtain an estimate of the
amplitude of the daily cycle by fitting the spatially-interpolated
ECMWF 6-hour average of Q sw to the daily cycle over the ECMWF
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Fig. 4.5 Interpolation of ECMWF shortwave fluxes to a
diurnal cycle.
(a) Diurnal cycle of Q w , based on simple model of solar
elevation angle, for 5 day period at a fixed position of 48 0 N,
13 9 0 W. Horizontal bars denote 6 hour averaging intervals
for ECMWF radiative flux estimates. (b) Comparison of
hourly estimates of Q s w from ship observations and from
ECMWF data (interpolated in space to ship positions and in
time using modelled diurnal cycle, as described in the text).
Linear least squares fits of ECMWF data to observations and
observations to ECMWF data are plotted; the solid line
depicts the average of those fits.
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averaging interval. I then use this amplitude value and the daily
cycle to estimate the surface heat flux at any given time during that
day. Figure 4.5(b) shows a scatter plot of 1/10 day averages of Q s w
from the observations and from ECMWF-interpolated estimates
calculated using the scheme described above. Least squares fits of
ECMWF data to observations and vice versa are plotted as dashed
lines; residual standard deviations are 68 and 75 W/m 2 , respectively.
The average fit has a slope of 0.92 (about a 10% decrease from Fig.
4.4 (a)) and an offset of -59 W/m 2 (a 5 W/m 2 decrease from Fig. 4.4
(a)). Estimates of Qi w from ECMWF, interpolated to ship positions,
were also linearly interpolated in time to hourly intervals and
compared against the observed hourly estimates. The scatterplots
and statistics did not differ significantly from Fig. 4.4 (b).
Time series of Qi w at the CASID buoys were evaluated from the
6 hour averages from ECMWF TOGA Supplementary Data Set,
interpolated to CASID buoy positions, linearly interpolated to 1/10
day intervals, and corrected using the average fit in Fig. 4.4 (b).
Estimates of Q sw were also obtained from ECMWF data, interpolated
in space to the CASID positions, interpolated in time using the
method described above, and corrected using the average fit in Fig.
4.5 (b). Sensible and latent heat fluxes at the CASID buoys were
estimated from bulk formulae (Equations 2.27, 2.28, 2.42 and 2.43)
using measurements made at the CASIDs. For the latent heat flux
calculations, estimates of relative humidities were obtained from the
ECMWF TOGA Advanced Operational Data Set, interpolated to the
CASID buoy positions and to 1/10 day time intervals.
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D. Surface Salinity Flux

Surface fluxes of salinity are determined from the difference
between the precipitation rate, P, and the evaporation rate, E.
Evaporation is always occurring at the ocean surface. The
evaporation rate is implicitly estimated using SST and the relative
humidity of the atmosphere in order to parameterize the latent heat
flux. In addition, one frequently observes significant precipitation
accompanying the passage of storms. Precipitation measurements
were not made during the OCEAN STORMS Experiment, however, so
the net surface salinity flux is not known. In the absence of
estimates of the difference between E and P, I have assumed no net
surface salinity flux. This is tantamount to assuming an exact
balance between evaporation and precipitation rates (i.e. E = P).
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V. Analysis of Buoy Positions and Velocities
The time series of ARGOS position fixes for the MLDs and
CASIDs provide information on buoy positions and velocities before,
during and after storms. In this chapter, I discuss the estimation of
these quantities. The results of these analyses are used in
subsequent chapters to provide initial conditions for models and to
evaluate characteristics of the observed ocean response.
A. General Considerations
Consider first the general problem of ocean flow before, during,
and after a storm. Figure 5.1 depicts the path followed by an ideal
('no-slip') mixed layer buoy which travels from point A (at time to)
to point D (at time t3). From time to to ti (during which the buoy
travels from point A to point B), it is assumed that wind forcing is
negligible, but that a background inertial current and a lowfrequency geostrophic current (assumed constant, for simplicity) are
present. The buoy follows a nearly spiral path in space (thin line).
The dotted line extending from A' to B' denotes the geostrophic (i.e.
non-inertial), low-frequency ('average') path during this low-wind
('quiet') period. The position of B' will be referred to as IA = (x 1,Y1).
A storm is assumed to rise and fall between times ti (i.e. when
the buoy is at B) and t2 (at which point the buoy has reached point
C). In the general case, the wind can push the buoy off its mean
geostrophic path and change the magnitude and phase of the inertial
currents. After the storm, the wind stress becomes negligible again
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Fig. 5.1 Mixed layer motions before, during and after a
storm.
Path taken by a hypothetical mixed layer drifter moving
from point A to point D (thin line); inset depicts the
corresponding wind stress time series. Between times to
and t1, the wind stress is assumed to be zero; inertial and
(constant) geostrophic flows are present; buoy moves from
point A to point B. A storm occurs between time t1 and t2
(points B and C); after the storm (time t2 to t3), winds are
zero and the flow reduces to inertial plus geostrophic flow
(points C to D). Dashed lines denote geostrophic flow before
and after storm; mean positions of buoy denoted by primes.
Net displacement of buoy during storm is identified by
(Ax s ,Ay s )•
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(time t2 to t3). The buoy then experiences new inertial and
geostrophic currents (assumed to then remain constant), and
therefore follows a new spiral path as it travels from C to D.
The dashed line between C' and D' denotes the average path
due to just the geostrophic flow experienced by the buoy after the
storm (i.e. with inertial motions removed). The 'mean' buoy position
at time t2 is identified by point C' and vector i 2 = (i2,Y2). The 'net'
:

displacement of the buoy during the storm, Ar s = (Ax s ,Ay s ), is
identified by the heavy solid line between the two symbols, where
Ax s = x2 - it and Ay s = y2 yi. The difference between the true path
-

and the path of the net buoy displacement during the storm is due to
the inertial currents, which are accelerated by the wind during the
storm.
Both MLDs and CASIDs are observed to display motions similar
to this hypothetical case. Figure 5.2 shows a plot of drifter tracks for
CASID buoy 10060 and MLD buoy 7953 for day 276 - 280, shortly
after deployment. The ARGOS position fixes shown here were
splined in time to 1/10 day intervals and simply linearly
interpolated in the plot (hence the somewhat 'noisy' plots). The start
and end of storm of day 277 is denoted by ti and t2 for both buoys;
winds were calm for the rest of the period shown. In the general
case, the geostrophic flow seen by a buoy is not constant, but varies
slowly in time and space. Thus, the observed buoy path does not
always resemble a spiral about a straight mean path. In addition,
the winds are small but not zero, so the non-inertial flow before and
after the storm may have an Ekman component as well as a
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Fig. 5.2 Drifter tracks for CASID buoy 10060 and MLD buoy
7953 (day 276-280), shortly after deployment.
Position data were splined to 1/10 day intervals, then
linearly interpolated in this plot. Beginning and end points
of tracks denoted with circles. Drifter positions at beginning
and end (ti and t2) of the day 277 storm are indicated.
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geostrophic component. For simplicity, however, I shall refer to the
mean pre-storm and post-storm velocities as geostrophic velocities.
B. Previous Analyses of OCEAN STORMS Buoy Velocities
D'Asaro (1992) has developed a technique (hereafter referred
to as the splining/filtering, or SF, technique) for estimating inertial
and low frequency currents from position fixes irregularly spaced in
time. The technique involves interpolation and filtering of the
position fixes using cubic smoothing splines, which generate
continuous functions from fits through discontinuous data. Craven
and Wahba (1979) note that, for equally spaced data, the effect of
spline fitting with a given smoothing parameter Ts is similar to lowpass filtering using Butterworth filters, such that the amplitude is
reduced by a factor of 2 at a period 2nTs.
The SF technique is employed as follows. The buoy position is
specified in terms of its east and north displacements (x and y,
respectively) as a complex number
X=x+iy^

5.1

and is modelled as the sum of a low frequency component, XL, a
near-inertial component, XI, and a random noise component, X n :
X(t) = XL(t) + )(At) exp(-if0 t) + Xo (t)

^
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5.2

where fo is the inertial frequency at a fixed reference latitude. XL
and Xi are both continuous functions in time and are assumed to
vary on time scales large compared with f 0 -1 . An initial estimate of
XL is first computed by using a smoothing spline with smoothing
parameter TL . TL determines the frequency which separates low
frequency motions from inertial motions and noise. The low
frequency components of the motions are removed from the raw
position time series and the resultant time series is demodulated
using a complex frequency exp(ifo t) to obtain Xi(t). The demodulated
time series is then splined using a smoothing parameter TI, which
sets the bandwidth of the inertial peak. The splined time series is
then re-modulated by multiplying by e(-ifo t). A final estimate of the
low frequency motions is determined from a spline fit of the raw
time series minus Xi(t). Low frequency and inertial velocities are
then estimated from derivatives of XL and Xi:
UL(t) =d XL(t)

5.3

t

Ui(t) = exp(ifot) d [Xt(t) exP( - ifot)]

dt

5.4

D'Asaro (1992) notes that, for the best resolution in time, Ti
and TL should be chosen to allow the most rapid variation of III and
UL, while adequately suppressing leakage of spectral energy into
other frequencies. He examines MLD buoy positions from the OCEAN
STORMS Experiment, suggests that Ti and TL be set equal and finds a
value of 4 to 8 for f o TL to provide a reasonable balance between
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temporal resolution and suppression of leakage. At these latitudes
(roughly 47 0 N), these smoothing parameters are equivalent to a lowfrequency cutoff period of roughly 3 to 5 days. He also estimates
errors in the velocity components to be about 2 cm/s in each inertial
component and 0.8 cm/s in each low frequency component in his
analysis of the OCEAN STORMS position fixes.
D'Asaro et al. (1993) use the SF technique with the MLD data
set from OCEAN STORMS to map the low-frequency near-surface (15
m) velocity field. They choose a 22 day period (day 278-300) when
the winds are fairly low and use a value of 8 for both f o TL and foTi.
They also assume the geostrophic flow is invariant over the period
examined. D'Asaro et al. note that there is a pattern of northeastward flow with embedded eddies and that, with a few minor
exceptions, the buoy trajectories do not cross and nearby velocity
vectors point in nearly the same direction. The spatial pattern of the
low frequency MLD drifter velocities compares very favourably with
dynamic height contours calculated from the CTD survey carried out
within the same period (their Fig. 3). These results suggest that the
low frequency buoy motion reflects a steady velocity pattern over
the low wind period and that one can identify this flow pattern as
the geostrophic flow.
D'Asaro et al. (1993) also use the CTD data to estimate
subsurface geostrophic velocities. They suggest a level of no motion
of 800 m depth gives the most reasonable results (Matear [1993]
obtains similar results with a full inverse of the same CTD data). The
geostrophic velocities were seen to be vertically correlated. Thus,
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the geostrophic velocity at depth z can be estimated from the
—
geostrophic velocity in the mixed layer, u gm , from

5.5

11^gm(X,y)
-" g(X,y,Z) = C(z) 13

where C(z) is the correlation factor shown in Figure 5.3.
Spatial maps of the mixed layer geostrophic flow field were
also evaluated by D'Asaro et al. (1993), who used the SF technique to
estimate the geostrophic flow using MLD position fixes from day
280-300 (with a value of 4 for f o TL and fo T 1), and then determined
the geostrophic flow field using objective analysis (Bretherton et al.,
1976). Objective analysis is a method for estimating a quantity at a
given position in terms of observed values of the quantity at other
positions and a spatial correlation function. Let us assume we have N
measurements of geostrophic velocity in the mixed layer at different
positions and that the geostrophic flow is non-divergent. The
—
eastward geostrophic flow, u gm , at a general position x = (x,y) and its
associated error variance are given by
2N
U gm (;) = I (Ugma)
W(;k
)) [ (W (i'lc) W ( -C° 1)) ] -1 w(71)
^
k,1=1

5.6

and
‘^2N i
E ugm (;)
= (Ul m/ - I (u g m(x)w(x0)1 (w (xow(x0) J - 1 (u g m( -.
X)W(X-'1))
k,1=1^
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Fig. 5.3 Correlation factor for geostrophic velocity profiles,
relative to mixed layer geostrophic velocity.
After D'Asaro et al., 1993.
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respectively, where [...] -1 indicates a matrix inverse, the angled
brackets indicate a covariance function, and
w (4) = fugm(x(k+0/2), k odd
vgni(xk/2), k even

5.8

Estimates of v gm (;) and its associated error variance are determined
in a similar manner.
McWilliams (1976) has made suggestions for analytical forms
of correlation functions which require only one or two parameters.
For autocorrelations of u gm and v gm , these functions take the form

(u g .(7)u gm ( )7+})) = ( 1
(u g m 2 ( 7))

(A y) 2 )

(v g m(;)v gm (x-Fi.)) = ( 1 (Ax) 2 )
2(k17\)^
L21
/

gm

(2ALr22

exp

-^u

5.9

Or

exp -

2L,2,

5.10

respectively, where L u is a spatial correlation length, r = (Ax, Ay),
and Ar Ir I. For the cross-correlation between u gm and v gm , the

functional form is

ugm(x)vgm(;-1-r)) ( Ax Ay)
exp - Are
(^tgni(v
2
ix) gm (x))^
Lu

2L

5.11

D'Asaro et al. (1993) provide estimates of velocity correlation
functions from their analysis of the low frequency MLD motions,
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although they choose to plot longitudinal correlations and transverse
correlations (i.e. correlations of velocity components parallel and
perpendicular to the separation vector, respectively). These data are
shown in Figure 5.4. The functional form for these correlation
functions are:
,^(ti ll m ii)u lig „,( -X-1-7))
Ar2
RH( r) = ^ = ex^
p
2Q )i
g (u lIgm 2 ( 7 ))^(
_

5.12

and

(u, m(x)u± gm (7+7)) = (1 A r 2 )
RI( r) = g

_

( Ar 2 )]
L„^2I_,,
exp

(u„,n2(;))^2

5.13

respectively. The functions in Equations 5.12 and 5.13 are also
plotted in Figure 5.4 for L u = 30, 40, and 50 km. L u = 40 km appears
to give a reasonable fit to the data. Therefore in the objective
analysis of u gm and v gm , I have used a correlation length of 40 km.
The square root of the error variance was used to characterize the
uncertainty in an estimate of the geostrophic velocity at a given
location.
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Fig. 5.4 Observed MLD velocity correlation functions.
Estimated longitudinal velocity correlation function (top
panel) and transverse velocity correlation function (bottom
panel) for low frequency MLD currents . Symbols indicate
type of averaging: stars - all data grouped in 5 km bins;
circles - data with speeds greater than 0.04 m/s in 5 km
bins; pluses - data from each day averged in 20 km bins,
with covariances averaged to form correlations. Curves
depict analytical correlation function from Equations 5.12
and 5.13, using length scales of 30km (thick dashed line),
40km (solid line) and 50 km (thin dashed line). After
D'Asaro et al., 1993.
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C. A New Method for Evaluating Pre-Storm and Post-Storm
Buoy Velocities
The currents calculated by D'Asaro et al. (1993) are effectively
low-pass filtered with a cutoff period of roughly 3 days.
Consequently, the currents calculated just before a storm and just
after a storm include some contribution during the storm period.
Since I am focussing on the short-term ocean response to storms, I
have developed a new approach which is derived here. I select
periods before and after a storm, when the winds are relatively
quiet. I also assume that the geostrophic flow, horizontal and
vertical diffusion and advection of momentum all vary on longer
time scales than the quiet period. Under such circumstances, the
mixed layer velocity (u m ,v m ) during a quiet period should be wellrepresented by a linear superposition of the inertial and average
geostrophic currents in the mixed layer:
(u rn + iv m ) = ( u gm + iv gm) + uimei(

f(t t r) + Om)^
-

-

5.14

where t r is a reference time (in practice, t r was taken as the end
time of the storm, t2), u gm and v gm are the components of the
—

average geostrophic flow over the quiet period, ui m and O m are the
amplitude and phase of the inertial currents, and the velocity has
been written in complex notation, for simplicity. The horizontal
position of a fluid parcel (x m +iy m ) can then be determined by
integrating Equation 5.14 from time t r to t:

97

^

(xm + lym) = (xmr + iymr) + (lig m + iVgm)^tr)
^ [ e i(-f(t-t r ) +9 m ) _ e i8 m ]
if^

5.15

where x mr and Ymr give the inferred position of the buoy at tr.
(Note that here, and in the following, the subscript 'm' refers to
mixed layer quantities). I then expand Equation 5.15 and separate
the terms into real and imaginary components to obtain
X m =xmr + Ugm (t - tr) ^ [sin(-f(t - tr) + Om) - sin(O m )]
f5.16

r
yin =Ymr Vgm (t -^o lin^LCOS(-qt - tr) + O m ) - COS(Om)]
f

5.17

I then expand 5.16 and 5.17 and re-define some terms to obtain
x = a l + 0 + a 3 (t - tr ) + 0 - a5 (cos(-f(t - t r )) - 1)
+ a 6 sin(-f(t - tr))^

5.18

y = 0 + a2 + 0 +^- tr ) - a5 sin(-f(t - tr))
^
+ a 6 (cos(-f(t - t r )) - 1)

5.19

where at = xmr, a2 = Ymr, a3 = ug m ,^= vgm, a5 = (uim/f) sinO m , a6 =
(ui m /f) cosO m , ui m = f Va 52 +

26 , and 0 m = Arctan(a 6 /a 5 ).

Let us assume there are N points in the time series of observed
position fixes within the quiet period. These are converted to a time
series of Cartesian coordinates, (xk, Yk), relative to the average
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latitude and longitude over that period. The simultaneous fit is
accomplished by setting up an array of 2N points Xj, such that
xj+i, j odd

N=

2

y i , j even

5.20

2

The array Xj is then fit to a function of the form
ai + 0 + a 3 (tj+1 - tr ) + 0 - a5
2

+ a 6 sin[qt .0-1^Xj =

2

0 + a2

91 ,^

i -^11
ti2

j odd

+ 0 + a4 ft 1 - tr ) - a5 (siniftt 1 -^

1^2^/
+ a 6 (cos[f(t i tr )]
-

-

L I^2^/
1),^j even

)

2

5.21

where the tj are the corresponding times of the position fix
measurements. The least squares routine solves for the six unknown
coefficients ak, k = (1,...,6). Note that the presence of coefficients al,
a2, a3, and a4 in Equation 5.21 depends on whether j is odd or even,
but as and a6 are always present. Note also that the technique is
similar to the harmonic analysis technique used to evaluate tidal
constituents from tide gauge records. The novelty here is in the
simultaneous fit of x and y. In effect, this procedure is equivalent to
harmonic analysis of a complex time series.
Since there are six unknown coefficients in equation 5.21, one
requires at least six values of Xj, or at least three position fixes
(which would provide three values of x and three values of y). In
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practice, I have set a requirement of at least four position fixes (i.e.
eight values of Xj). This requirement provides an over-determined
system of equations and allows estimates of the residual and
variance-covariance matrix of the estimated parameters to be made.
The linear least squares fits were performed using routines from the
Standard Time Series and Regression Package (STARPAC), which can
automatically provide estimates of residuals and the variancecovariance matrix.
The uncertainty in the magnitude of the inertial currents, Aui m
was calculated from the variance of the fits to the coefficients as and
a6 as follows
Au im = f Va2a5 ± 0-2a6^

5.22

and the uncertainty in the phase of the inertial current, A O m , was
approximated using:
AO„, .-- I atan(A u indu im )1

^

5.23

Quiet periods were defined such that the average wind stress
over the period was less than 0.2 N/m 2 . The duration of a quiet
period, however, must be long enough to allow estimation of the
amplitude and phase of the inertial component. Otnes and Enochson
(1972) indicate that, in order to examine a sine wave of period T, the
record length must be at least T/2. The quiet period should also be
short enough such that the geostrophic flow experienced by the
drifter is essentially constant over the period. The duration of a
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quiet period was chosen to be 0.8 days, which corresponds to a little
over one inertial period in the OCEAN STORMS region. This length of
period also means that, should there be a seven hour (-0.3 day) gap
in the position fixes during a quiet period, the available time series
of position fixes within the period still spans at least 0.5 days, which
is greater than one-half of an inertial period and should be sufficient
to estimate the amplitude and phase of the inertial currents.
Figure 5.5 shows the time series of raw position fixes for MLD
7953 for the same four-day period as in Fig. 5.2. A storm occurred
between day 277.1 and 277.9 (identified as times ti and t2,
respectively); the pre-storm quiet period began at 276.2 (to) and
ended at 277.1; the post-storm quiet period began at 277.9 and
ended at 278.8 (t3). A least squares fit to the data was performed
for quiet periods before and after the storm, as described above. The
results of those fits, converted back to latitude and longitude
coordinates, are shown as solid lines in Figure 5.5. The standard
deviation of the residual for the pre-storm fit is roughly 760 m,
which represents one of the largest residuals obtained in all of the
buoy position fits I have examined. The residual for the post-storm
fit is about 270 m. The pre-storm and post-storm mean velocity
estimates inferred from this fit are (0.14 ± 0.03, -0.03 ± 0.03) ms -1
and (0.07 ± 0.01, -0.15 ± 0.01) ms -1 , respectively. The pre-storm and
post-storm magnitudes of the inertial current are (0.18 ± 0.08) ms -1
and (0.59 ± 0.04) ms -1 , respectively.
The least squares fits to the data during such quiet periods are
generally very good. The residual standard deviation of the position
fits during quiet periods is typically about 400 m. Direct comparison
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Fig. 5.5 Time series of MLD position fixes and least squares
fits.
Raw position fix time series for MLD buoy 7953 for day
276-280 ('+'). A storm period occurred at this buoy between
day 277.1 and 277.9 (ti and t2, respectively); the pre-storm
quiet period started at to = day 276.2; the post-storm quiet
period ended at t3 = day 278.8. Least squares fits to the
position fixes before and after the storm, as described in the
text, are plotted as solid lines.
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against measurement errors is not possible here because the ARGOS
position fix quality codes were not included in the actual MLD data
sets we obtained. However, an examination of the original raw
ARGOS position data indicated that the position quality was almost
always 2 (J. Paduan, personal communication), corresponding to an
rms error of about 350 m in both latitude and longitude (Service
Argos, 1989). This value compares favourably with the residual
standard deviations from the least squares fits.
The mean geostrophic components in the mixed layer, i g in and
v gm , also generally compare favourably with values computed from
the splined and objectively analyzed data described earlier. One of
the least favourable comparisons occurs for the MLD buoy and period
shown in Figure 5.5. The low-frequency velocity component
calculated using the SF technique for MLD 7958 was roughly (0.21, 0.05) ms -1 over the same pre-storm quiet period and (0.10, -0.17)
m s -1 over the post-storm quiet period. The difference between these
velocities and the mean velocities from the least squares fits over the
same period is (0.07, -0.02) ms -1 and (-0.02, -0.02) ms -1 for prestorm and post-storm periods, respectively. The post-storm velocity
estimates compare very favourably and are within the estimates of
uncertainty of the two techniques; the estimates of the eastward
component of the pre-storm velocity differ substantially. I infer this
difference is due to the rapid change in low-frequency and inertial
currents over the storm period. The SF technique has difficulty with
leakage of spectral energy when there are rapid changes in the
patterns of motion. For this particular buoy and period, the lowfrequency velocity changes direction by about 45 0 and the inertial
103

currents increase by about 0.4 ms -1 over the course of roughly a day.
Under such circumstances, the least squares fit technique may be
preferable to the SF technique for estimating pre-storm and poststorm currents. For other low-frequency velocity comparisons, the
two techniques gave substantially the same estimates, with
differences typically on the order of 0.03 ms -1 in each directional
component.
One can also use the results of the least squares fit to the
position fixes in order to estimate the mean position of a MLD buoy
at any time during the quiet period. For a pre-storm quiet period, it
can be shown that the mean position at ti, (i m i,y m 1), is given by

m sm(0m)
—
—^—
xm l =
o
x m (ti) = x mr + (ti - tr )u gm + ^
f
f^

5.24

m cos(e m )
Ym1 = Ym (t 1 ) = Ymr + (t1 - t r )v gm u i^
f^

5.25

•

where the six parameters (x mr ,

Ymr,

u gm , v gm , ui m and O m ) are

determined from the pre-storm quiet period (recall that x mr and ym r
are constants of integration, not necessarily the mean positions at the
beginning of the quiet period). Similarly, the mean position at the
beginning of the post-storm quiet period (i.e. the end of the storm
period), (im 2,y m 2), are given by
—^

fm sm(em)

—^U •

Xm2 = X m(t2) = xmr + (t2 - tr)Ugm +

Ym2 = ym(t2) = Ymr + (t2 - tr)Tgm

u

rn

000m)

f^
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5.26

5.27

where now the six parameters are determined from the post-storm
quiet period.
It is also necessary to determine the horizontal motion of a
CASID buoy itself, ii. c = (uc,vc). This motion depends on some
weighted average of the current profile over the vertical extent of
the thermistor chain. During quiet periods, the net motion of the
CASID buoys can also be well-represented with a mean current (i.e. a
current of sufficiently low-frequency that it is constant over the
quiet period) and inertial current

(u c + iv c )( t) = (tige +ii g c )(t) + u ic (t) e xp[ i(-ft +O c )1^ 5.28
One can therefore determine CASID velocity components before and
after the storm, as well as the mean pre-storm and post-storm CASID
buoy position just before and just after the storm, using the method
of solution described above for MLDs (with the subscripts 'c' for
CASID, instead of 'm' for MLD).
Figure 5.6 shows a time series of CASID buoy position fixes for
the same period as Figure 5.5. The ARGOS position fix quality for the
CASIDs, which was included in our data sets, was generally 2, much
like the MLDs. The least squares fits before and after the storm are
-I.

shown as solid lines. The pre-storm and post-storm values of u g c
were estimated to be (0.19 ± 0.01, 0.03 ± 0.01) ms -1 and (0.12 ± 0.01,
-0.06 ± 0.01) ms -1 , respectively; pre-storm and post-storm
magnitudes of ui c were estimated to be (0.11 ± 0.02) ms -1 and (0.38
± 0.04) ms -1 , respectively; residual standard deviations for CASID
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Fig. 5.6 Time series of CASID position fixes and least
squares fits.
Raw position fix time series for CASID buoy 10060 for day
276-280 ('+'). A storm period occurred at this buoy between
day 277.1 and 277.9 (ti and t2, respectively); the pre-storm
quiet period started at to = day 276.2; the post-storm quiet
period ended at t3 = day 278.8. Least squares fits to the
position fixes before and after the storm, as described in the
text, are plotted as solid lines.
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buoy fits were roughly 290 m for both before and after the storm.
When any inertial current (mixed layer or otherwise) was calculated
at a given location both before and after a storm (i.e. the pre-storm
and post-storm inertial currents, respectively), the same value of the
offset time t o was used for both calculations. This choice simplifies
intercomparisons of phase changes across a storm period. Note that
u gc here is effectively some weighted vertical integral over the
geostrophic current in the upper ocean.
As will be seen in subsequent Chapters, it is necessary to
-1.

estimate u gm at both MLD and CASID buoy positions. My technique
appears to work well at the MLDs and to give good spatial (and
temporal) resolution. In order to estimate u gm at CASID buoys,
however, an interpolation technique such as objective analysis is
required. For simplicity, I have chosen to use the approach of
D'Asaro et al. (1993).
D. Estimation of Currents during Storms
Perhaps the simplest technique for estimating velocities is to
calculate first differences of the position fixes. For simplicity, I shall
refer to such estimates as first-difference mixed layer velocities,
ud m = (udm , v dm )• Unfortunately, the irregular time spacing of the
position fixes makes it difficult to calculate first-difference velocities
at whatever time is desired. On the other hand, this technique does
allow one to make estimates of 'nearly-instantaneous' velocities
under windy conditions, when the least squares approach described
above is not valid.
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The first difference equation for velocity calculations is

Udm

(

t a + tb) X(tb) X(ta)

2

5.29

tb - ta

Thus, the first-difference velocity is actually an estimate of the
average velocity over the time interval tb - t a . If an rms error of
350 m in each latitude and longitude component (a x = a y = 350 m) is
assumed, then the uncertainty in the each of the two velocity
components are
bud

avd

ax

tb

-

5.30

ta

At very short spacings in time, the uncertainty is very large.
On the other hand, at periods on the order of an inertial period or
more, any inertial component of the velocity may be partially or
completely averaged out. For the case of a purely inertial current, if
we choose exactly an inertial period over which to evaluate Equation
5.29, the buoy would have completed a circular path and the net
displacement would be zero, so the velocity estimate would be zero.
It is relatively easy to show that for a purely inertial current and a
time interval equal to some fraction, F, of the local inertial period, the
calculated magnitude of the current will underestimate the
instantaneous magnitude of the current by a factor of
sin(nF) I

7rF
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Let us now consider briefly the implications of identifying the
first-difference velocities as 'instantaneous' velocities. In order to
get as good an estimate of the instantaneous velocity as possible
using the first difference method, the time separation between the
two position fixes must be neither too large, nor too small. One is, of
course, limited by the actual times of the ARGOS position fixes, which
is determined by the flight paths of the ARGOS satellites. The
shortest time intervals between position fixes are on the order of 1/2
hour. The greatest time intervals are usually associated with the 7
hour daily gaps in ARGOS coverage in the OCEAN STORMS region,
although there are occasions when some buoy positions are not
determined for a couple of days or more. I have chosen to calculate
velocities using only pairs of position fixes which have time
separations between 1.2 and 5.3 hours. For a purely inertial current
in the OCEAN STORMS region and for a time interval of 1.2 hours, the
'instantaneous' velocity magnitude would be underestimated by
about 1%; for 5.3 hours, the magnitude would be underestimated by
17%.
Figure 5.7 shows an example of calculations of instantaneous
velocities over a 5 day period for MLD buoy 7958. A moderate wind
storm occurred between day 274 and 276, followed by a stronger
storm between day 277 and 278. The buoy velocity is seen to peak
at (1.06 ± 0.06) ms -1 at roughly day 277.75. As indicated previously,
the storm of day 277 provided some of the most dramatic ocean
responses observed during the OCEAN STORMS Experiment.
Estimates of the inertial and mean current (calculated using the least
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Fig. 5.7 Time series of MLD first-difference velocities.
First-difference velocities for MLD 7958 for day 274-280:
(a) stick plot of current vectors; (b) magnitude of current; (c)
current direction in degrees (navigational polar coordinate
system). Velocity estimates are at centre of vertical lines in
(b) and (c); height of each vertical line indicates uncertainty.
A storm period, T s , occurred at this buoy between day 277.1
and 278.1. Currents before and after the storm, as
determined from least squares fits to the position fixes, are
plotted as solid lines for comparison.
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squares technique described earlier) for quiet periods before and
after the storm of day 277 overlay the first-difference velocities.
The magnitude and direction of the currents calculated using the two
different techniques are seen to be in reasonable agreement.
Estimates of mean velocities during a storm are also of interest,
particularly in terms of their importance in horizontal advection of
heat (discussed later in this chapter). Let us return once again to
Figure 5.1. As mentioned previously, the mean positions just before
and just after the storm can be evaluated from the least squares fits
to the position data from the pre-storm and post-storm quiet
periods. The average velocity of a general buoy (i.e. CASID or MLD)
during the storm, u s = (us, vs), is the mean displacement divided by
the storm duration

u s -= (r2 - r1)^

5.31

t2 - ti

By considering the mean displacement and velocity over the
storm in this manner, one can effectively filter out inertial currents
and their acceleration by the wind. The mean velocity is therefore
identified as due to two velocity components: the average
--•

geostrophic current experienced over the storm period, u gs , and an
average ageostrophic (i.e. average wind-driven) current over the
storm period, u a s
u s = u gs + u as^5.32
..-11.^,1,^-,10
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The average velocity for mixed layer currents experienced by a MLD
is
^u sm = u gsm + u asm^

5.33

—^—
where u gsm and u asm are the average geostrophic and ageostrophic
mixed layer currents during the storm. The average velocity of a
—
CASID buoy during a storm, u sc , is also calculated using Equation
5.31, although there is no need to identify the geostrophic and
ageostrophic components in the present analysis.
Note that u gsm can be estimated from the least squares fits (by
taking the average of the mean pre-storm and post-storm velocities)
or from the objective analysis of the low-frequency MLD buoy
motions (see Equation 5.6). One can then estimate u asm from
Equation 5.33. Figure 5.8 shows examples of estimates of u asm from
four different storm events. In Figs. 5.8 (a) and (b) (corresponding to
events 3 and 4 [see table 4.1]), u asm is seen to be highly correlated in
space over at least 200 km; in Fig. 5.8 (c) (event 5), there is
_.
significant spatial variability in u asm on scales of 50 - 100 km; in Fig.
5.8 (d) (event 7), the pattern appears to be well-correlated over 200
km or so in longitude, but there appears to be a shorter correlation
scale in latitude. These results have implications for interpolation of
observations to different positions within the region, and will be
discussed in more detail in Chapter VI.
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Fig. 5.8 Estimates of average ageostrophic component of

mixed layer velocity over storm periods.
Estimates of u asm for: (a) event 3; (b) event 4; (c) event 5;

(d) event 7. Open circle denotes mean pre-storm position of
CASID buoy; closed circles denote mean pre-storm position
of nearby MLDs. MLD vectors represent estimates of u asm ;
CASID vectors are not CASID velocities, but represent
interpolated value of ti asm at the CASID buoy.
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VI. Analysis of Ocean Characteristics
This chapter presents a description of the analyses used to
determine characteristics of the ocean response to storms.
A. Spatial Interpolation of Observations
In order to compare observed and modelled ocean responses
properly, they must be evaluated in the same reference frame. Since
all of the one-dimensional models used ignore advection, each level
in a model moves, by implication, in a Lagrangian reference frame
with the flow at that level. In terms of the observations, the MLDs
follow the mixed layer flow at 15 m depth very closely, while the
CASIDs follow some weighted average of the flow over the upper 150
m. Thus, observed changes at the MLDs should behave very much
like changes observed in the upper levels of the one-dimensional
models, while CASID observations may include advective effects. On
the other hand, the most extensive information on ocean conditions
and meteorological forcing was collected from the CASID platforms.
In order to balance the considerations described above, I have
endeavoured to calculate observed quantities in a reference frame
consistent with the models, but initially evaluated at the mean prestorm CASID position,— rci=(ici,ici).
For a given storm event (identified from a CASID wind stress
time series), the approach taken is rather like assuming multiple
drifters are released at r c 1 at time ti , with each drifter drogued at a
different depth level z. Let the horizontal position of these drifters
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be denoted rf(t,z).(if(t,z),yf(t,z)), where the subscript 'f' indicates the
—

position of a drifter following the flow at the given time and depth.
At the start of the storm,
—^—^— ^
I Mi. ,z) -=.- rfi(z) = rc 1

6.1

.

while at the end of the storm,
6.2

r^
—^
f(t2,z) = r f2(z)^
—

During the course of the storm, each hypothetical drifter will have
—
moved at an average velocity, u s f(z), given by
u s f(z) =

42(z) - r c 1
t2 - ti

^

6.3

The pre-storm temperature profile is determined from the
CASID thermistors, while pre-storm mixed layer inertial currents are
spatially interpolated from nearby MLDs to r d 1 at ti . For
temperatures and currents at the end of the storm, I spatially
interpolate the observations at each depth to the mean post-storm
position of the hypothetical drifter at that depth,
The approach for estimating both

rf2(z)

r f2(z).
—

and u s f(z) for one of

these hypothetical drifters depends on whether or not it is in the
mixed layer. For calculations within the mixed layer, I assume the
currents are independent of depth. I can therefore consider a
hypothetical MLD to represent the flow over the entire mixed layer.
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—^—^—^—
Let rf2(z) =.- r m 2 and u s f(z) .----_ u sm in this region. The mean mixed
—
layer ageostrophic velocity, u asm , during the storm is interpolated
--■

from nearby MLDs to r c i. Traditional objective analysis of the MLD
currents during storms is not appropriate because the ageostrophic
components can be divergent. For a given storm event identified at a
CASID buoy, I choose subjectively a subset of MLDs which surround
(as best as possible) the CASID with the smallest horizontal scale
possible (all selected MLDs are less than 150 km from the CASID
buoy). I then examine the pattern of estimates of u asm from MLDs
near the CASID buoy associated with the storm. When a single MLD
was within 10 km of the appropriate CASID at the beginning of the
—JO

storm, I use the value of u asm for that buoy; when two MLDs were
within 10 km of the CASID, I linearly interpolate uasm to rci;
otherwise, I interpolate the u asm values to r c 1 using a least squares
fit to a plane over the entire MLD subset:

u asm (x,y) = ml + m2x + m33'

v a sm(x,Y) = ni + n2x + n3y

^

6.4

^

6.5

where mi, m2, m3, ni, n2, and n3 are the evaluated coefficients (see
—I.

Figure 5.8 for examples of interpolated values of u asm for several
events).
—lo

In order to estimate the mean geostrophic component, u gsm , I
assume the ageostrophic current is constant during the storm. The
—
mixed layer geostrophic velocity, u gm , is initially determined at ti
_.
and r c i from the objective analysis technique described in Chapter V
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and is assumed constant for one time step M. The hypothetical MLD
—^—^—
then moves to a new position at ti +At given by r c 1 + [u gm (ti)+u asm ]At•
The geostrophic velocity at ti +At is then evaluated at the new
position using objective analysis and the buoy position at t1+2At is
—
determined. This procedure is repeated until r m 2 is determined. The
mean geostrophic velocity during the storm, u gsm , is then estimated
from
-.^_.^

-.^-.

_ rm 2 - r e 1
Usm = ugsm + Uasm
^
(t2 - t1)
--.^

6.6

The approach to estimating u s f(z) and rf2(z) below the mixed
layer is similar to the approach used in the mixed layer, except that
-,
llasf is zero and the geostrophic component at depth z is given by

Equation 5.5. Calculations of mean sub-mixed layer velocities and
post-storm positions are carried out for each of the fixed depths used
in the CASID temperature analysis (see Chapter III); velocities at
levels between these depths are determined using linear
interpolation.
B. Mixed Layer Temperature Response

One of the simplest ocean responses to determine is the mixed
layer temperature change, given by
AMLT = SMLT + AmiLT

^

117

6.7

where AMLT is the change in MLT over a storm period measured in a
reference frame moving with the mixed layer currents (i.e. measured
from a MLD), OMLT is the MLT change observed at the CASID, AMLT
is the change in MLT at the CASID associated with horizontal
advection,
t2
AMLT =f dt ti r •V(MLT)

ti

6.8

—
u r is the relative flow of the mixed layer past the CASID,
--•^

-11.^--•

Ur = Usf - use^

6.9

and V(MLT) is the horizontal MLT temperature gradient at the CASID
buoy. Note that all the measurements are referenced to r c i at time
ti and that, for MLT calculations, usf := Usm•
The MLT estimates are determined from CASID temperatures
at 14 m depth and the MLD temperatures at 12 m depth. Since the
mixed layer depth was always greater than 24 m over the period of
study, internal wave effects are unimportant in these data, so
unfiltered time series may be used. 5MLT is calculated from the
CASID MLT difference between times t2 and ti. AMLT is the MLT
temperature change between t2 and ti which would have been
observed by a MLD released at the CASID at ti, and is determined by
interpolating the MLT temperature inferred from nearby MLDs to
position ;c 1 at time t1 and ;111 2 at time t2.
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The interpolation of MLD temperatures was carried out using
objective analysis. Given a scalar quantity such as mixed layer
temperature T, measured at N data points, objective analysis leads to
__.
a temperature estimate, T e , at a position x = (x,y), given by
Te(x) = i (TaYr(Z))[ (T(xi)T(xj)) j -1 T(7i)
i,j=1^

6.10

It is often assumed (e.g. McWilliams 1976) that the
temperature covariance function can be written as
(T(;)T(;i)) =11, 8(7-) + B(r)

^

6.11

where T.2 represents mean squared noise in observations, and B(r) is
,

a spatial temperature correlation function. An estimate of the
variance is

Er(x) = (B(0)) - il r , (T(30T(;i)) [ (T(Z)T07.0) I 1 (T(x)T(ij))
i,j=1^

6.12

Paduan and Niiler (1993) have examined the MLD temperature
data from the OCEAN STORMS Experiment over the first three months
after deployment. In their analysis, they first remove a mean
temperature and linear trend in x, y, and t in the temperature data
to obtain a 'residual' temperature data set. They then determine the
spatio-temporal covariance function of the residual mixed layer
temperature. From their results, they suggest an analytical
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approximation to the spatial component of the residual temperature
correlation function of the form

B(r) . (Ti) exp

r ilx+yl + 1-x+y111
I- ka at^112- a2ii

6.13

where x and y are measured in km, and al and a 2 are 80 km and 250
km, respectively.
I have modified the approach of Paduan and Niiler (1993) to
estimate mixed layer temperatures at r—c i (at t1) and r m 2 (at t2). For
a given time,

I calculate and remove a mean temperature, T o , and

mean horizontal temperature gradient, (aTx, aT y ) from all of the
available 12 m MLD temperatures at that time to obtain the residual
temperature field. Objective analysis (Equations 6.10 - 6.13) is then
performed to estimate the 'residual' temperature, T r , at the desired
position. The mean temperature and gradient are then incorporated
with the residual to estimate the MLT. The difference between the
post-storm and pre-storm MLTs gives AML T.
Objective analysis is also used to estimate the horizontal
temperature gradient in the mixed layer. The procedure is
somewhat similar to MLT estimation, described above. At a given
time during the storm, t (ti < t < t2), I assume the CASID buoy
__. —^—
position is given by x =rd . + (t - ti)usc• I calculate and remove the
mean temperature and mean horizontal temperature gradient from
the available MLD temperatures at that time to obtain the residual
temperature field. Objective analysis is then performed to estimate
the residual temperature at 4 positions: 20 km north, south, east and
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west of a given CASID buoy (TN, Ts, TE, and Tw, respectively). These
four estimates are used to calculate the horizontal gradient of the
residual temperature at the CASID. The linear trend is then added
back in to estimate the net horizontal gradient of mixed layer
temperature at the CASID, V(MLT)
^TN - TS TE - TW
) + (OCTx, aTY)
V(1‘41—T,'1 = ( 40 km' 40 km

6.14

A time series of horizontal temperature gradients is obtained for the
storm period, with a time step of 1/10 day.
C. Heat Budgets
In order to account for dynamical and thermodynamical
processes, one needs to consider heat budgets. Following Stevenson
and Niiler (1983) and LMN, the change in ocean heat content,
integrated over a depth range given by a and b, integrated in time
from ti to t2, and calculated in a Lagrangian reference frame moving
with the horizontal flow at each depth, is defined as AH(a,b) and can
be expressed as
AH(a,b) = SH(a,b) + Ah(a,b) = R(a) - R(b) - Qrad(a,b) - A v (a,b)

^

6.15

where 6H(a,b) is the change in heat content measured in the CASID
reference frame,
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-b

6H(a,b) =1 dz pc p (T(t2,z) - T(ti,z))
6.16

-a

Ah(a,b) is the net horizontal advection of heat in the CASID reference
frame,

i-

t2^ b
Ah(a,b) = i d t^dz pc p u—r .VT
ti^-a

6.17

A h (a,b) is the net vertical advection of heat,

A v (a,b) =

t2^

-b

T)
^dtf dz pc p w (L
l^.. a^az

6.18

Qrad(a,b) is the net heat loss or gain between depths a and b due to
the penetration of radiative surface heat fluxes (i.e. Q sw and Qi w i),
and R(a) is the net heat transported across depth a by turbulent
diffusion
t2

R(a) =

^dt Rv (a)
^
ti

6.19

In the above equations, VT indicates a horizontal temperature
gradient and R v (a) is the vertical (turbulent) diffusion of heat across
the isobath z=-a,
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R v (a) = pc p (w"1") I (-a)^

6.20

Note that when the upper depth, b, is set equal to 0 (i.e. the surface),
R(b) is equal to the net heat transported across the ocean surface due
to the non-solar surface heat fluxes, Qc, Qe, and Qiwo)•
t2

R(0) =1 dt (Qc + Qe + Qiwo)
ti

6.21

The techniques and assumptions used to evaluate the terms in
Equation 6.15 vary widely, depending on the region of the ocean and
the availability of data. In Tabata's (1965) work at OWS-P,
horizontal advection of heat in the mixed layer due to Ekman
transport was estimated, but could not account for the difference
between the annual solar heating of the ocean and the net local heat
storage in the region; Denman and Miyake (1973) ignore horizontal
and vertical advection on the basis of historical current and
temperature data; Davis et al. (1981a) consider vertical advection,
inferred from vertical displacement of isotherms well below the
mixed layer, and neglect horizontal advection; Paduan and deSzoeke
(1986) use spatial measurements of winds and temperature profiles
from moorings to estimate horizontal advection in the mixed layer
associated with surface Ekman transport and vertical advection from
upwelling due to Ekman pumping; LMN consider heat budgets of
both the upper 120 m and the mixed layer (which has a variable
depth), infer upwelling using wind fields from the Fleet Numerical
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Oceanographic Center (FNOC) forecasting model, and estimate
horizontal advection using horizontal temperature gradients from
multiple CASID buoys and currents above and below the mixed layer
inferred from a model of thermistor line rise and buoy drift speeds.
I consider two different upper ocean heat budgets: from the
surface to the initial (i.e. pre-storm) mixed layer depth, h m 1
AH(0,h m i) = R(hm 1) - R(0) - Qrad(hml)^

6.22

and from the surface to 120 m depth
A11(0,120m) = SI-1(0,120m) + Ah(0,120m)
^
= - R(0) - Qrad(0,120m) - A v (0,120m)
6.23
Since the top of the permanent halocline lies at about 120 m (see Fig.
3.13), little vertical mixing is believed to occur at that depth and
below, so R(120 m) is assumed to be zero and does not appear in
Equation 6.23. (A typical value of the thermal gradient at 120 m
depth is 0.02 C/m; a diffusivity of 3 x 10 -5 m 2 s -1 associated with
mixing due to internal waves [Gargett 1984] implies a heat flux of
about 3 Wm -2 through the bottom, or about 0.3MJ heat loss in a day,
which is negligible). It is also assumed that the mixed layer does not
shallow significantly during the storm, so the vertical advection term
does not appear in Equation 6.22.
Clearly, Equation 6.22 represents a portion of Equation 6.23,
since the initial mixed layer was never observed to be as deep as
120 m. Thus, Equations 6.23 can be re-written as
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AH(0,120m) = AH(0,h m 1 ) + SH(h in 1,120m) + Ah(h m 1,120m)
^
= - R(0) - Qrad(0,120m) - A v (h. 1,120m)
6.24
In the following, I consider in detail the treatment of each of
the terms in Equations 6.22 and 6.24. Note that error estimates of all
the heat budget terms are treated as normally-distributed random
errors, characterized by error variances and standard deviations.
1. Heat Content Change in a Reference Frame Moving
with the Flow, OH
AH(0,120 m) can be estimated from the other terms in Equation
6.24. The only 'direct' estimate of the heat content change that needs
to be made is over the initial mixed layer. This quantity is estimated
from the interpolated MLT change
AH(0,h m 1) = hmi Po cpo AMLT ^

6.25

Here p 0 =1.027 x 10 3 k gm -3 and c p0 =4.184 x 10 3 Jkg -1 C -1 are average
values of density and specific heat (the relative error introduced
using these average values is 0(10 -3 ) or smaller), while the initial
mixed layer depth is inferred from the CASID data. It is assumed
that the mixed layer does not shallow significantly over the storm.
As mentioned previously, internal waves do not affect the
observations in the mixed layer, but they can move the mixed layer
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depth up and down adiabatically. Calculations of mixed layer depth
are discussed later in this chapter.
2. Heat Content Change Observed at a CASID Buoy, SH
In order to estimate the heat content change at a CASID buoy,
particularly at depths below the mixed layer, it is necessary to
estimate 'mean' temperature profiles at the CASID buoy before and
after a storm. However, the processed CASID temperature data
described in Chapter III provide information at a number of discrete
depths only. There are also additional complicating factors, including
internal waves and horizontal advection before and after storms.
Internal waves move isotherms up and down adiabatically and
complicate the determination of the mean temperature profile at a
given time. There are also some cases where horizontal advection
can clearly play an important role. Figure 6.1 shows a time series of
temperatures at fixed depths for CASID buoy 10063 from day 275 to
280. In response to the storm of day 277, the CASID mixed layer
temperature decreases by about 0.8 C. The warming of the
thermocline between day 275 and 277, however, is believed to be
associated with horizontal advection of warmer water into the
seasonal thermocline before the storm.
Low-pass filtering of the temperature data in time is a
technique that can be used to remove the effects of internal waves,
but filtering also smooths out the observed thermal response to
storm events. In order to estimate SH for a given storm event, I take
a 2-day time series section of temperatures from just before a storm
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Fig. 6.1 Example of advection of heat before a storm.
Temperature time series for four fixed depths at CASID
buoy 10063 from day 275-280. A significant trend occurs
in the temperatures at 46 m between day 275 and day 277
(dashed line). The heating at this depth is believed to be a
result of horizontal advection. The decrease in the
temperature at 14 m and increase at 72 m around day 277.5
are due to an episodic cooling event. The 46 m temperature
remains roughly the same over the event.
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(i.e. from day [ti - 2 days] to day t1) and, for each fixed depth, carry
out a least squares fit to a mean, linear trend, local inertial frequency
and semidiurnal tidal frequency. (Two days corresponds to roughly
three inertial periods and four semidiurnal periods. Consequently,
two days should be long enough to allow delineation of the
contributions of both types of internal waves to the temperature
variability). The mean and linear trend at each depth are then used
to define the mean pre-storm temperatures at ti at each of the 12
fixed depths, and cubic splines are used to obtain continuous profiles,
Te 1(z). Similarly, the mean post-storm temperatures on day t2,
Tc 2(z), are determined using the same least squares fit technique
applied to the 2-day fixed depth temperature time series just after
the storm (day t2 to day [t2+2 days]) and spline interpolation at
intervals between the fixed depths.
The heat content change observed below the initial mixed layer
at the CASID is then given by
-hm 1
81-1(h m i,120m) =I^dz pc p [T c 2(z) - Tci(z)]
-

120m

6.26

In practice, Equation 6.26 is evaluated numerically, using a vertical
grid spacing of 1 m.
The rms residual error of the least squares fit at each fixed
depth is used to define the uncertainty in the estimate of the mean
temperature at that depth. However, error estimates of 6H are
difficult to assess precisely. This difficulty is linked to the nature of
cubic spline fitting, which is a nonlinear process. I have therefore
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chosen to define an estimate of the uncertainty of the interpolated
values as the uncertainty associated with a linear interpolation to the
same depths. If the rms error in temperature measurement is a z 1 at
fixed depth zi and 6 z 2 at fixed depth z2, then the uncertainty
associated with linear interpolation of those measurements at an
intermediate depth z3 is given by

Gz3 =

,,2 + ( 1^Z3 - Zi )2 ,2
`"z2
^, - ^..,1
Z2 - Z1^.,2
z1 'z 1

(Z3 - Zi )2

6.27

3. Heat Content Change Due to Horizontal Advection, Ah
Estimation of the contribution of horizontal advection to
changes in the heat budget requires a time series of estimates of
both the relative horizontal flow past a CASID buoy and the profile of
horizontal temperature gradients (Equation 6.17). The treatment of
Ah at a given depth depends on whether or not that depth is in the

mixed layer (note that, while the only horizontal advection term in
Equations 6.22 and 6.24 is Ah(h m 1 ,120 m), it does not preclude the
possibility of the mixed layer deepening during the storm). The
relative velocity as a function of depth has been discussed
previously. Estimates of horizontal temperature gradients within the
mixed layer have been discussed previously. Below the mixed layer,
the horizontal temperature gradient is estimated at each of the 12
fixed depths of CASID temperatures, using a group of three CASID
buoys which form a triangle (c.f. LMN). I have chosen to low pass
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filter the temperatures at each CASID buoy in time (using a 2-stage
Butterworth filter, each with half-power cutoff period of 33 hours,
employed in such a way as to avoid phase shifts of the frequency
components). At each 1/10 day time step during the storm, the
horizontal temperature gradient is estimated from temperature
measurements at fixed depths from the three selected CASIDS.
Spline interpolation is used in the vertical to obtain continuous
profiles of the horizontal gradient. The net horizontal advection of
heat below the mixed layer is then calculated from numerical
integration of
t2^f-lim 1

-I.

Ah(h m i,120m) = i d t^dz pc p u r VT
ti^ 120m

6.28

-

using a time step of 1/10 day and a vertical grid spacing of 1 m.
4. Heat Content Change Due to Vertical Advection, A v
Vertical advection is estimated from upwelling or downwelling
due to the divergence or convergence of the surface Ekman
transport. In order to estimate the Ekman pumping velocity, WE, at
the CASID buoys, I use the ECMWF 10 m wind fields, which are
available at 6 hour intervals. For a given time, the four nearest
ECMWF gridpoints surrounding a CASID buoy are determined and the
wind stress is calculated at each of those four gridpoints. To correct
the stress calculations for stability, I use the air-sea temperature
difference measured at the CASID buoy in question and the relative
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humidities at each grid point inferred from ECMWF output. Having
calculated the wind stresses at all four corners of the box
surrounding the CASID position, I then estimate the curl of the wind
stress within the box.
As noted by Paduan and deSzoeke (1986), near-inertial
variations in the curl of the wind stress generate near-inertial
vertical fluctuations in the isotherms rather than a net upward or
downward displacement of isotherms. Paduan and deSzoeke
recommend averaging the curl of the wind stress over an integral
multiple of an inertial period in order to identify net Ekman pumping
by the wind. As mentioned previously, an inertial period is roughly
17 hours in the Ocean Storms region. I average in time over 3 (6hourly) wind stress curl estimates, in order to get roughly the
equivalent of an average over a single inertial period, and then
linearly interpolate to obtain wind stress curl estimates every 1/10
of a day The Ekman velocity is then given by
Vxt
WE = ^
pof

6.29

where Vxt denotes the filtered time series of wind stress curl.
Within the mixed layer, the vertical velocity is taken to vary
linearly from zero at the surface down to the mixed layer depth,
where it is assumed to equal wE ; below the mixed layer, the vertical
velocity is assumed to be constant and equal to WE. The contribution
of vertical advection to the heat budget is then estimated from
numerical integration of Equation 6.18.
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To estimate the uncertainty in WE, let us consider the
intercomparison of ECMWF and (corrected) CASID 10 m winds. The
scatter between these two data sets has a variance of about 3.6
m 2/ s 2 . I assume the variance is partitioned equally between ECMWF
and CASID measurements, so the variance in the ECMWF 10 m winds
is taken to be 1.8 m 2 /s 2 . Estimates of the wind stress variance at the
ECMWF gridpoints are based on the bulk wind stress formulation
(Equations 2.25 and 2.40). Following this approach, the variance in
wind stress magnitude at a gridpoint 'b' is approximated by
_,_ A ri2 2 )
z-- U210 ( u
aL^
„2CD
" `-'1) a U 1 0
T2 (

2^A ri 2 2

u 10
1 0 CYCDN '1. ‘-.1 a U 1 0
U
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)

where the variance of the neutral drag coefficient,

CDN,

is assumed to

be not too different from that of the true drag coefficient (this
approximation is justified in the present study because the focus is
limited to stormy conditions, i.e. when the Monin-Obukhov scaling
parameter L is generally very large and hence atmospheric
stratification is not too important). Based on the analysis of Large
and Pond (1981), I take 6 2 cDN = 4 x 10 -8 .
The estimate of the wind stress curl involves the individual
components of the wind stress vector at each gridpoint. I assume
equal partitioning of the wind stress variance between the x- and ycomponents and, as noted previously, average WE in time over three
consecutive, independent estimates. It can then be shown that
may be approximated by
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where Ax and Ay are the longitudinal and latitudinal lengths of the
box defined by the four gridpoints, and the stress variances on the
right-hand side of equation 6.31 are estimated at the four gridpoints
at three consecutive times, T1, T2 and T3.
5. Heat Content Change Due to Surface Heat Fluxes, R(0)
and Qrad
Time series of surface heat flux terms are determined as
described in Chapter IV. Since the focus in this study is on storm
events, it is assumed that wind mixing is sufficient to distribute the
heat input evenly over the mixed layer every 1/10 day. The net
heating or cooling of the mixed layer temperature due to the surface
heat flux depends on the evolution of the mixed layer depth. Since
the mixed layer never gets as deep as 120 m, all of the net heat loss
or gain due to surface heat fluxes (turbulent and radiative) should
appear within the upper 120 m. Thus, in the 120 m heat budget, the
two terms due to surface heat fluxes can be combined

t2
R(0) + Qrad(0,120M) QT =f dt Qt
t1
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6.32

The surface heat flux terms in the initial mixed layer budget are,
however, modified if the mixed layer depth deepens during the
storm

t2 1^Q ,^h
1 dt
R(0) + Qradahm1) Qm 1 =^
t

h

t^
i

Qt. m t1 )
hm (

m (t) < hm 1}

, h m (t) < hm 1
6.33

where Q m 1 is the net change of heat content of the initial mixed layer
due to surface heat fluxes. (Note that effectively all of the incoming
radiative heat flux is absorbed within the upper 120 m, with a
negligible amount penetrating to greater depths). Thus, at each 1/10
day time interval, if the current mixed layer is less than or equal to
the initial mixed layer depth, all of the heat entering or leaving
through surface heat flux across that time step is considered to be
trapped within the initial mixed layer region; if the current mixed
layer depth is greater, then a small fraction of that incoming heat
penetrates below the initial mixed layer depth and heats the water
below.
6. Final Budget Forms
Here I present the forms of the 120 m and initial mixed layer
heat budgets. Some of the terms are re-defined for simplicity.
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The net heat transport at the base of the initial mixed layer,
R m 1 = R(h m 1), is considered a quantity to be determined as a residual
from evaluation of the other terms in Equation 6.22:
R m i = Mimi + Qm1^

6.34

where AH m 1 = AH(0, h m i). I also define a change in mixed layer
temperature due only to vertical mixing, AT m i x , as
ATmix =

R(hm 1 )
hm1Pocpo

6.35

If the measurements are all perfect, then the 120 m heat
budget should balance. Let any imbalance in the 120 m budget be
denoted 1120, given by
1120 = AH m 1 + Olid + Ahd + QT + Avd^

6.3 6

where Oild = 451-1(hm1,120 m), Ahd=Ah(lm1, 12 0 m), and Avd =
A v (h m 1,120 m). The subscript 'd' here suggests 'deep', or sub-mixed
layer, quantities.
If I120 is small, then the 120 m heat budget is considered to be
closed. Under such conditions (and assuming little change in the
salinity profile occurs), one can also calculate the change in potential
energy over the upper 120 m due to the storm. In general analytic
form, the net potential energy change, APE, is given by
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o
APE =f (p 2 - p 1 ) g (z-z„f) dz
6.37

ref

where

Zref

is a reference depth (greater than the maximum depth of

vertical mixing), p 1 is the initial density profile at time ti and p2 is
the density profile at time t2, determined in the Lagrangian
reference frame moving with the flow at each level. Since episodic
cooling appears to be predominantly associated with vertical redistribution of heat in the upper ocean, however, I have chosen to
calculate the change in potential energy associated with vertical
mixing, APEmix, given by
i.o
APEmix =^(pmix2 - Pi) g (z zref) dz
-

zref

6.38

where pmix2 is the density profile at time t2, determined in the
Lagrangian reference frame moving with the flow at each level and
corrected for surface heating (p m i x 2 is therefore an estimate of the
post-storm density profile associated with vertical mixing only).
Note that APE m i x is calculated only for events wherein the 120 m
heat budget was balanced to within 50% of the uncertainty.
Error estimates of APE were based on the imbalance in the 120
m heat budget analysis. The position(s) within the water column of
errors in the heat budget is not known, so it is assumed the errors
are uniformly distributed within the water column. An equivalent
temperature, Tern is defined as
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I

^, I > cr i
(120
m)pocpo
Terr =
a1
^, I < a i
(120 m)pocpo

6.39

where ai is the estimated standard deviation associated with the
120m heat budget imbalance. The uncertainty in APE is then
estimated by assuming T err is a systematic error present at every 1
m depth interval, calculating the equivalent density errors at each
depth interval, and tracking the variance and covariance of these
errors in the vertical integration of equation 6.38 to obtain the
standard deviation,

GAPE.

7. Mixed Layer Depth
The one parameter not specified thus far is the mixed layer
depth. Several of the heat budget terms described above require
determination of a time series of mixed layer depth. The pre-storm
mixed layer depth, h m 1, is determined from Te i (z). Here I define
h m I explicitly as the most shallow depth such that
Te i(1 m) - ic i(h m p > 0.15 C^

6.40

The post-storm mixed layer depth, h m 2, can be calculated in a similar
fashion using T c 2(z).
Time series of mixed layer depth are calculated using the same
temperature difference criterion (0.15 C) as in Equation 6.40.
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However, internal wave activity complicates the interpretation of the
mixed layer depth. I have calculated h m (t) in three different ways.
The first approach is to use the local, unfiltered CASID time series,
interpolated vertically to 1 m intervals T c (t,z)). At a given time t, the
mixed layer depth is defined as the most shallow depth h m such that
'IVO m) - Tc (t,h m ) > 0.15 C^

6.41

The second approach is to carry out the same calculations for mixed
layer depth using the low-pass filtered CASID time series; the third
approach is to linearly interpolate h m 1 and h m 2 in time across the
storm.
Chapter VII presents estimates of the various heat budget
terms, as well as other response characteristics, for several storm
events from the OCEAN STORMS data using mixed layer depth time
series obtained from Equation 6.41. I have also repeated the
calculations of heat budget terms described in Chapter VI using the
other two approaches. The various budget terms do not depend
significantly on the method used for mixed layer depth calculations.
The maximum absolute difference in a heat budget term obtained
using these three approaches occurred for estimates of Ah (h m 1 ,1 2 0
m) for a single storm event (event 7 in Chapter VI). The difference
in Ah( h m 1,120 m) obtained using the first and third approaches was
4.4 x 10 7 J, corresponding to roughly a 5% difference in the estimate
of Ah(h m 1,120 m). The maximum difference in APE, 900 J (2%), also
occurred between the first and third approaches for event 7. Such
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differences are less than the estimates of uncertainty in the
calculations and are therefore not considered significant.
D. Inertial Currents and Kinetic Energy
Mixed layer inertial currents are spatially interpolated in much
—
the same manner as u asm is interpolated. For each event, the subset
of nearby MLDs surrounding the appropriate CASID are used. As
before, when a single MLD was within 10 km of the appropriate
CASID at the beginning of the storm, I use the values of ui m and O m
for that MLD; when two MLDs were within 10 km of the CASID, I
linearly interpolate ui m and O m to the appropriate position;
otherwise, I interpolate ui m and O m values to the appropriate
position using a least squares fit to a plane over the entire MLD
subset:
ui m (x,y) = b1 + b2x + b3y^

6.42

e m (x,y) = c 1 + c 2 x + c 3 y^

6.43

where b1, b2, b3, ci, c2, and c3 are coefficients evaluated using a least
squares fit to the MLD inertial currents. Pre-storm currents (given
— i; post-storm currents (uim2
by

ui m 1 and Om 1) are interpolated to r c

and 0 m 2) are interpolated to r m 2.
Care was taken with each fit to ensure that phase wraparound
was removed wherever possible before the least squares fits were
carried out. This technique does not work well, however, when the
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phase of the currents varies by more than about 360 0 across the
array of MLDs in the subset (which is one reason why I have
endeavoured to minimize the spatial extent of the MLD subset).
When a large phase change occurs across the array, it becomes
difficult to unwrap the phase with relatively few buoys sparsely
separated in space. This wraparound problem tends to be greatest
for small inertial currents (on the order of 10 cm/s), when the
uncertainties in phase for the individual MLDs are large anyhow.
Note also that the residual standard deviation in the fit to phase is
relatively large under these circumstances (greater than 45 0 or so).
A related quantity of interest is the inertial kinetic energy. In
general, the inertial kinetic energy of the water column, IKE, is given
by
0
IKE = 1-f p(z) u i 2 (z) dz
2 -D

6.44

where D is the depth of the water column considered. The inertial
kinetic energy of the mixed layer, IKE m , is therefore given by

- -f^
0

p (z) u?(z) dz
IKE m = 11
2 hm

6.45

If the velocity is nearly uniformly mixed over the mixed layer, then
Equation 6.44 can be approximated by
IKE m = -1 - Pohmuim 2
2^

6.46
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Changes in inertial kinetic energy across a storm period (AIKE and
AIKE m ) are then estimated from
AIKE = IKE(t2) - IKE(t1)

^

AIKE m = IKE m (t2) - IKEm(ti)

^

6.47
6.48

Note that the mixed layer depth may be a function of time. In
practice, AIKE associated with a storm event is determined from
ui m i and uim2; mixed layer depths are inferred from the CASID buoy.
Current profiles were not measured at the CASIDs or MILDs, so AIKE
cannot be evaluated from the data used here. These quantities can,
however, be calculated in the mixing models.
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VII. Observations of Ocean Response to Storms
Results of analyses of observed ocean responses to storms are
presented in this chapter. These results are used in comparisons
against model predictions in Chapter VIII.
A. Summaries of Events
Table 7.1 identifies the pre-storm and post-storm mean mixed
layer depths (h m 1 and h m 2, respectively) and the pre-storm
transition layer depth (hti) associated with the ten storm events. All
ten events occur within a 44 day period, between day 277 and day
321. Pre-storm mean mixed layer depths range from 24 m to 51 m.
The greatest observed change in mixed layer depth over a storm
period, 38 m, occurred for event 8. The pre-storm mixed layer depth
for this event was unusually shallow (24 m). Examination of the
temperature records indicate that warming of about 0.5 C occurred in
the upper 25 m or so (presumably due to horizontal advection across
a front) roughly a day before the storm period, which led to a
decrease in mixed layer depth from about 55 m to 24 m. After the
storm, the mixed layer depth was 62 m. For the other nine events,
mixed layer deepening is limited to 7 m or less; in one case (event
9), the mixed layer depth shallowed by 5 m, although this estimate is
comparable to the uncertainty.
Table 7.2 presents a summary of estimates of the mixed layer
temperature response during the storm. The largest changes
occurred for events 3 and 9, which corresponded to CASID buoys
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Event
No.
1
2
3
4
5
6
7
8
9
10

hm 1
(m)
32 ± 4
44 ± 4
37 +4
39 ± 4
42 ± 4
45 ± 4
51 ± 4
24 +4
41 ± 4
42 ± 4

hti
(m)
48 +4
62 ± 4
52 ± 4
54 ± 4
70 +4
72 ± 4
66 +4
74 +4
56 ± 4
68 ± 4

hm 2
(m)
34 +4
43 ± 4
38 ± 4
44 ± 4
41 ± 4
52 ± 4
55 ± 4
62 ± 4
36 ± 4
42 ± 4

Table 7.1. Mixed layer and transitional layer depths for
storm events.
For event 8, horizontal advection warmed the nearsurface and reduced h m from 55 m on day 319.1 to 24 m
on day 320.1.
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Event
No.
1
2
3
4
5
6
7
8
9
10

AMLT
(C)
-0.28 ± 0.19
-0.20 ± 0.16
-1.12 ± 0.01
-0.10 ± 0.13
-0.09 ± 0.14
-0.23 ± 0.11
-0.24 ± 0.04
-0.17 ± 0.07
-0.77 ± 0.01
-0.11 ± 0.04

8MLT
(C)
-0.57 ± 0.07
-0.26 ± 0.07
-0.99 ± 0.07
-0.22 ± 0.07
-0.05 ± 0.07
-0.29 ± 0.07
-0.41 ± 0.07
-0.27 ± 0.07
-0.75 ± 0.07
+0.26 ± 0.07

AMLT-OMLT
(C)
+0.29 ± 0.20
+0.06 ± 0.17
-0.13 ± 0.07
+0.12 ± 0.15
-0.04 ± 0.16
+0.06 ± 0.13
+0.17 ± 0.08
+0.10 ± 0.10
-0.02 ± 0.07
-0.37 ± 0.08

AMLT
(C)
+0.10 ± 0.07
-0.01 ± 0.06
+0.01 ± 0.05
-0.02 ± 0.11
+0.04 ± 0.05
+0.03 ± 0.08
-0.06 ± 0.10
0.00 ± 0.06
0.00 ± 0.04
-0.05 ± 0.04

Table 7.2. Mixed layer temperature changes for storm
events.
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10061 and 10063 during the storm of day 277. The corresponding
estimates of AMLT were (-1.12 C ± 0.01 C) and (-0.77 C ± 0.01 C),
respectively. Both buoys were in the northern part of the OCEAN
STORMS study region during this storm. CASID buoy 10060 was in
the southern part of the region during this same storm (i.e. event 1).
The corresponding AMLT response was (-0.28 C ± 0.19 C), which is
significantly lower than the response in the north. MLT responses
for the remaining events ranged from -0.09 C to -0.24 C.
Values of mixed layer temperature change observed in the
CASID buoy reference frame, SMLT, and differences between AMLT
and OMLT are also provided in Table 7.2. The differences are often
fairly small, indicating that OMLT is usually comparable to AML T.
However, there are occasions, such as events 1 and 10, when
advection is clearly important. For event 1, AMLT and OMLT differ
by (0.29 C ± 0.20 C); for event 10, the difference is (-0.37 C ± 0.08 C).
These differences provide an inferred measure of the net change in
SMLT due to horizontal advection. Note in particular that, for event
10, SMLT is actually positive (0.26 C ± 0.07 C). There was actually
net cooling through the ocean surface during this time, so the
increase in MLT at the CASID during event 10 must be due to
advection.
Horizontal advection of mixed layer temperature,

AMLT,

has

also been estimated as described in Chapter VI (Equation 6.8). Those
estimates are also provided in Table 7.2, and may be compared with
horizontal advection estimates inferred from AMLT - OMLT. The two
estimates are often comparable, but once again there are some
events where the calculated value of AMLT does not agree with the
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difference between AMLT and SMLT. In particular, for event 10, the
estimate of AMLT does not account for the mixed layer heating
observed at the CASID buoy.
The problems with calculations of AMLT probably arise from
inadequate resolution of velocities and temperature gradients in the
mixed layer. Even with MLDs spaced on the order of 50 km apart,
not every intrusion or temperature front is resolved. In general, it is
preferable to estimate MLT changes in the reference frame of the
mixed layer by interpolating the MLD temperatures, rather than
using temperatures observed at a CASID and trying to correct for
horizontal advection. The best estimate of the advection term is
AMLT-OWILT. Averaged over many events, however, estimates of
AMLT can provide a good measure of the advection. The average
imbalance between

AMLT

and AMLT-5MLT over the 10 events is only

-0.02 C. This imbalance represents about 6% of the average change
in mixed layer temperature over the 10 events (-0.33 C for A ML T).
Thus, when averaged over several events, advection is not important.
Table 7.3 presents the results of the heat budget analysis of the
initial mixed layer. Values of AH m 1 are greatest (most negative) for
event 3 and 9 (-176 ± 8 MJ/m 2 and -133 ± 9 MJ/m 2 , respectively).
There is little net heat transport across the ocean surface for these
events, so almost all of the change in the heat content of the initial
mixed layer is associated with turbulent heat transport to depths
below h m 1. Events 2, 6, and 7, show moderately large negative
values of AH m 1 (-38 ± 23, -46 ± 20, and -53 ± 12 MJ/m 2 ,
respectively), but these changes are due in large part to substantial
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Event
No.
1
2
3
4
5
6
7
8
9
10

AHml
(MJ/m2)
-39 ± 22
-38 ± 23
-176 ±8
-17 ± 19
-16 ± 22
-46 ± 20
-53 ± 12
-17 ± 8
-133 ± 9
-20± 12

Qint
(MJ/m2)
-3 ± 4
17 ± 5
-1 ± 5
12+4
3±4
13 ± 5
32 ± 6
3+4
0±5
13 ± 5

R(hni)
(MJ/m2)
-42 ± 22
-21 ± 23
-177 ±9
-5 ± 19
-13 ± 22
-34 ± 21
-21 ± 13
-14 ± 9
-133 ± 10
-7± 12

Table 7.3. Heat budget analysis of the initial mixed layer for
storm events.
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heat losses through the ocean surface (as indicated by positive values
of Q m i)•
Table 7.4 presents estimates of the various terms of the 120 m
heat budget (Equation 6.36) for the ten events considered. The
largest terms in the heat budget tend to be AH m 1 and Hid. In the
absence of advection and surface heat fluxes, these two terms should
balance one another. However, it is clear from Table 7.4 that vertical
and horizontal advection below the mixed layer and surface heat
fluxes are all seen to be important for different events. An
examination of the imbalance in the heat budget, 1120, shows that the
heat budget is closed to within one standard deviation for five of the
events, and to within 1.5 standard deviations for seven of the events.
Following convention, then, we say that the heat budget is closed to
within 50% of the uncertainty for seven of the 10 events. The
remaining three events (5, 6, and 10) show greater discrepancies,
with the imbalance as high as (-140 ± 42 MJ/m 2 ) for event 6. The
large imbalances in events 5, 6, and 10 are ascribed to poor
estimation of the horizontal advection term, due primarily to poor
resolution of sub-mixed layer temperature gradients. With
relatively few deep thermistor chains available, the best one can do
is to obtain a measure of the large-scale (-100 - 200 km)
temperature gradient. Smaller-scale features such as eddies are not
resolved well with the array of CASID buoys used during OCEAN
STORMS.
The largest exchange of heat across the surface, QT, was 32
MJ/m 2 for event 7. This loss over a period of 1.5 days, which
corresponds to an average heat flux of 255 W/m 2 . Inspection of
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Event
No.
1
2
3
4
5
6

7
8
9
10

Ali m I
(MJ/m 2 )
-39 ± 22
-38 ± 23
-176 ± 8
-17 ± 19
-16 ± 22
-46 ± 20
-53 ± 12
-17 ± 8
-133 ± 9
-20 ± 12

Ahd
Slid
Avd
1120
QT
(mji m 2) (MJ/m2) (MJ/m 2 ) (MJ/m 2 ) (MJ/m 2 )
24± 41
-4± 1
-11 ± 5
-3 ± 4
-33 ± 47
17+5
-1 ± 34 -15 ± 6
0±2
-37 ± 42
184 ± 31 -5 ± 1
-25 ± 8
-1± 5
-23 ± 3 3
42 ± 23 -16 ± 6
4±2
12 ± 4
25 ± 31
64 ± 3 2
0±1
14 ± 6
3±4
65 ± 40
-96 ± 3 6
3±4
-16 ± 4
15 ± 5 -140 ± 42
42 ± 37 -22 ± 3 -14 ± 4
32 ± 6
-15 ± 40
12 ± 34
17 ± 3 26 ± 1 2
41 ± 37
3±4
44 ± 33
232 ± 29 -23 ± 2 -32 ± 1 1
0±5
3±2
108 ± 18 -21 ± 6
13 ± 5
-81 ± 2 3

Table 7.4. 120 m heat budget analysis for storm events.
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ECMWF maps for the associated period indicates this large heat flux
was associated with the advection of cold, dry air over the OCEAN
STORMS region. Latent heat fluxes accounted for most of the surface
heat loss, with a peak estimated value of Q e about 350 W/m 2 in the
region during this storm.
No significant difference was observed between estimates of QT
and Q m 1. For event 6, where the mixed layer depth changed
dramatically across the storm, QT and Q m I were both only 3 MJ/m 2 .
Table 7.5 presents estimates of characteristics of the ocean
response. APE m i x is calculated for cases in which the 120 m heat
budget is closed to within 50% of the uncertainty. Estimates of
_.
AIKE m , AT m i x , and Ar asm are provided for all ten events, however,
since these quantities do not depend on deep advection. As noted
previously, the biggest mixed layer temperature changes occur for
events 3 and 9. The potential energy and mixed layer kinetic energy
changes are greatest for these events as well. (It was assumed that
the pre-storm advection of warm water near the surface did not
affect the mixed layer kinetic energy budget for event 8, so a value
of 55 m was used for h m 1 in the calculation of AIKE m for this event).
Figure 7.1 shows AIKE m , APE m i x , and AT m i x from Table 7.5
plotted against F mag for the various storm events. The sum of AIKE m
and APE m i x , which gives a partial measure of the change of energy of
the ocean, is also plotted. Although there is a general sense from Fig.
7.1 that stronger storms generate greater changes in all of these
responses, it is clear that F mag is not a good choice for parameterizing
the ocean responses, particularly for AIKE m and AT m i x • Simple slab
models of the ocean (e.g. D'Asaro 1985c) indicate that AIKE m is more
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Event
No.

AIKE m
(kJ/m 2 )

APEmix
(kJ/m 2 )

tTmix
(C)

1
2
3
4
5
6
7
8
9
10

5.0±1.4
0.2±0.4
9.8±1.4
0.2±0.1
0.2±1.0
-0.7±1.0
-0.4±0.4
-0.1±0.3
7.6±1.3
0.4±0.1

1.3±0.4
2.4±.0.5
5.2±0.3
0.3±0.3
*
*
2.3±0.3
0.1±0.5
4.2±0.6
*

-0.30±0.16
-0.11±0 .12
-1.11±0.13
-0.03±0.11
-0.07±0.12
-0.18±0.11
-0.10±0.06
-0.13±0.09
-0.77±0.10
-0.04±0.07

Arasm =
(Axasm, AYasm)
(km)
(9.5±1.5, -6.9±1.6)
(-3.7±0.9,^-5.5±3 .7)
(7.7±2.5, -7.9±0.7)
(-7.5±1.7,^-3.9±1.5)
(1.0±4.0, 0.1±1.9)
(4.4±4.7, -7.8±5.4)
(-0.4±2.7,^-8.3±4.1)
(-2.6±3.4, 8.1±2.3)
(9.4±2.5, -6.3±0.7)
(-7.1±4.5, -6.7±0.2)

Table 7.5. Ocean response characteristics for storm events.
APE m i x is not calculated for events 5, 6, and 10, where
the absolute value of the water column heat imbalance,
1120, is greater than 1.5 times its standard deviation.
(N.B. A value for h m 1 of 55 m was used in calculation of
AIKE m for event 8).
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Fig. 7.1 Ocean responses plotted against Fmag.
(a) AIKE m ; (b) APEmix; (c) AIKE m + APEmix; (d) ATmix•

Symbols correlate to event numbers as follows: plus=1;
open triangle=2; closed circle=3; closed square=4; closed
triangle= 5; open star=6; open circle=7; open square=8;
cross=9; closed star=10. Uncertainties for each estimate are
provided in Table 7.5.
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closely related to the time integral of the dot product of wind stress
and mixed layer velocity. This subject will be discussed in greater
detail in Chapter VIII.
B. The Storm of Day 277 (October 4, 1987)

As mentioned previously, of the events studied here, the most
dramatic ocean responses occurred in response to the storm of day
277. Although the storm occurred relatively early in experiment,
several instruments were deployed in time to capture those
responses. Here I shall describe the observations from this storm in
more detail.
The storm consisted of a low pressure system which moved
roughly from the southwest to the northeast, with a translation
speed of about 18 ms -1 . As the center of the storm passed northwest
of the OCEAN STORMS region, an occluded front passed directly over
the region. Figure 7.2 presents time series of wind stress at CASID
buoys 10061, 10063, and 10060 from day 276 to day 279 (see
Figure 7.3 for the location of these buoys during the storm).
Figure 7.3 presents a spatial map of mixed layer temperature
change over the storm of day 277, based solely on the local
temperature change measured by MLDs. This map gives an
indication of the spatial variability of the vertical heat redistribution. Only 16 MLD buoys were deployed before the storm, so
the data set is somewhat sparse. Mixed layer temperatures changed
by -0.17 to -1.43 C over the (300 km x 300 km) OCEAN STORMS
region. The overall pattern in Fig. 7.3 shows the large-scale gradient
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Fig. 7.2 Time series of wind stress observed at three CASID
buoys around the storm of day 277.

(a) CASID buoy 10060; (b) 10061; (c) 10063. The solid
curves denote wind stress magnitude; stick plots of the
associated wind stress vectors are overlain. The horizontal
bar in each panel denotes the scale size for the vectors. Note
the clockwise rotation of the wind stress near the peak of
the storm.
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Fig. 7.3 Map of mixed layer temperature change for the

storm of day 277.

Locations of CASID buoys during the storm are marked with
symbols: solid circle = 10060; solid square = 10061; solid
triangle = 10063.
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in the mixed layer temperature response running roughly northwest
to southeast, or roughly perpendicular to the storm track. There is
also a lot of smaller scale variability present.
Mean temperature profiles before and after the storm,
observed at the three deployed CASID buoys, are presented in Figure
7.4, with correction for advection and surface heat fluxes. The mixed
layer temperature is decreased, although the mixed layer depth does
not change very much (in fact it appears to shallow by a few meters
at CASID 10063). Considerable heating below the mixed layer is
apparent, particularly at CASID 10061 and 10063. Buoy 10060 was
deployed only one day before the start of the day 277 storm, so
there is only one day's worth of data for estimating the pre-storm
mean temperature profile (recall in other cases, two days' worth of
data are used in order to separate inertial and semidiurnal
components of the temperature variability). This problem accounts
for some of the variability in the pre-storm profile in Fig. 7.4 (c).
Temperature difference profiles (post-storm minus pre-storm)
are plotted in Figure 7.5, using the profiles from Figure 7.4. The
depths of maximal heating for CASID buoys 10061, 10063 and 10060
are 52, 54, and 48 m, respectively. As a fraction of initial mixed
layer depth, the depths of maximal heating correspond to 1.4h m 1,
1 .3 h m 1, and 1.5h m 1, respectively, which compare favourably to the
average estimate of 1.3h m 1 from the LMN analysis of 20 storm
events. The variability in the temperature difference profile for
buoy 10060 is again largely due to the relatively short data set used
for estimation of the mean pre-storm temperature profile for this
buoy.
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Fig. 7.4 Mean temperature profiles before (thick line) and

after (thin line) storm of day 277.

Corresponding CASID buoys are: (a) 10061, (b) 10063, and
(c) 10060. Estimates of advection and surface heat exchange
have been removed from the post-storm temperature
profiles.
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For all three buoys, almost all of the vertical re-distribution of
heat occurs over roughly a 12 hour period around the peak of the
storm. The decrease in the mixed layer temperature corresponds to
an average heat flux out of the mixed layer of roughly
1600 Wm -2 at CASID 10060, 3700 Wm -2 at 10061, and 3200 Wm -2
at 10063. Note that the heat flux is directed deeper into the ocean,
rather than out through the ocean surface.
Following LMN, one can estimate an average turbulent
diffusion coefficient for the period of heat distribution as follows:
AT = T(t2,z) - T(ti ,z) . a [ Kt{ aT(t 1 ,z)1
At^t2 - ti^az^az

7.2

LMN's statistical analysis indicates that, at depths between 1.3 h m 1
and 1.7 h m 1, the heating tends to mirror the initial temperature
curvature profile, suggesting that

KH

is nearly independent of depth

in this region. Under this assumption, the average diffusion
coefficients (determined at the depths of maximal heating) for this
storm are approximately 7 x 10 -4 , 16 x 10 -4 , and 11 x 10-4 m 2 s -1 , for
CASID 10060, 10061 and 10063, respectively. By comparison, LMN
estimate a value

KH

of 4.3 x 10 -4 m 2 s -1 associated with a typical

episodic cooling event; values of

KH

associated with the breaking of

'background' internal waves fall around 0.3 x 10 -4 m 2 s -1 , or 1-2
orders of magnitude less than the estimates of

KH

from the storm of

day 277. Clearly, day 277 marked a strong vertical mixing event in
the OCEAN STORMS region.
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Fig. 7.6 Inertial currents for the storm of day 277.
Inertial current vectors: (a) before storm of day 277; (b)
after storm of day 277; (c) vector difference ((b) - (a)). All
currents have been back-rotated to day 277.1. Vector
length indicates magnitude of inertial currents; direction
indicates phase of currents relative to the reference time of
day 277.1. For this storm, the winds enhanced the inertial
currents without adjusting their phase significantly. Solid
circles indicate average buoy position during storm.
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Figure 7.6 shows maps of the estimated inertial currents at the
MLD positions before and after the storm, and the difference in the
inertial current vectors. The phase of the currents have been rotated
to a reference time of day 277.1 for plotting convenience. (Rotating
currents to a given reference time implies multiplying a complex
vector, u+iv, by exp(f(t to)), where t is the time associated with the
current u+iv and t o is the reference time. This calculation simplifies
-

comparisons of inertial currents at different times and places. For
example, if one has a time series of a purely inertial current and
rotates all the velocities to a given reference time, the resulting time
series of velocity vectors would be constant in time). Strong
background inertial currents of 20 - 30 cm/s were present before
the storm struck. These were presumably generated by a moderate
storm that struck just two days earlier. As with the temperature
response, there is a general northwest-southeast gradient in the
change of magnitude of the inertial currents (and, hence, in AIKE m ),
as well as significant variability on smaller-scales.
Figure 7.7 shows an example of the maximum speeds observed
during the storm of day 277 for all the MLD buoys deployed by that
time. Geostrophic velocity components have been removed using the
geostrophic velocity time series described earlier, so the peak
velocities can be considered to be maximum instantaneous,
ageostrophic components. The peak currents appear to be larger in
the northwest of the region than in the southeast.
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VIII. Model Comparisons
Three vertical mixing models were run to examine how well
they were able to reproduce the observed ocean responses to storms.
This chapter presents a description of these three models and the
results of comparisons of the modelled and observed responses.
A. Model Descriptions
Three upper ocean mixing models are considered: the MellorYamada Boundary Layer Level 2 1/2 model (hereafter MY), the PWP
model, and the LMD model. All three models are one-dimensional
models and are based on the following four conservation equations
for mean quantities:
au^aw'u'
— = ^ + fv
at^az

8.1

av^aw'v'
,
^
at^az

8.2

fu

^ aI
_
at^az^ aZ

8.3

as^ayst
at^az

8.4

1
aT . ^
+^

PCP
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Each model, however, uses different approximations to close the set
of equations and different techniques to solve those equations. The
approaches of these three models are described below.
1. Mellor-Yamada Boundary Layer Level 2 1/2 (MY)
The Mellor-Yamada level 2 1/2 model (Mellor and Yamada
1974; Mellor and Durbin 1975) is a second-order closure model
which uses simplified, one-dimensional conservation equations. The
turbulent fluxes in these equations are parameterized in terms of
turbulent diffusivities and mean property profiles. Equations 8.1 8.4 are therefore re-written in the MY model as:

1_

aua

au

Km — + fv
at az^az

8.5

av = a [ Km —
av
a t az^az

8.6

-

arT a [,1‘.1 aT 1 a
at az^az^PcP az

8.7

as
as
KH —
a t az^az

8.8

— =—

4.

_[,
t

where KH is the turbulent diffusion coefficient for heat. It is
assumed the turbulent diffusion coefficient for salinity is equal to

KH.

Note also that the model uses a slightly different form for I s w . The
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model still partitions the shortwave radiation into 'red' and 'bluegreen' components, but the 'red' component of the shortwave heat
flux is incorporated into the turbulent mixing scheme and only the
'blue-green' component is assumed to penetrate with an exponential
depth dependence (Mellor 1990). The fraction s and the attenuation
depth 132 are, however, still dependent upon the Jerlov water type.
In order to close the dynamical equations, Mellor and Yamada
(1974) make use of two simplifying hypotheses. The first of these is
the Rotta (1951a, 1951b) energy redistribution hypothesis, which
relates velocity gradient and pressure covariance terms in Equation
2.23 to linear functions of the Reynolds stress. Mellor and Yamada
(1974) extend this concept to relate the temperature gradient and
pressure covariance term in Equation 2.21 to a linear function of the
heat flux, and similarly for the salinity gradient-pressure covariance
term and salinity flux in Equation 2.22. The second hypothesis is the
Kolmogorov (1941) hypothesis, which relates dissipation of
momentum at small scales to TKE production at larger scales. Mellor
and Yamada (1974) also extend this hypothesis to cover other
dissipation terms.
The approach described above leads to the identification of
four length scales and a non-dimensional constant (Mellor and
Yamada 1982). It is assumed that all of these quantities are
proportional to each other and proportional to a 'master length scale',
1. This length scale is interpreted as the outer length scale of the
turbulent eddies at a particular position in the flow, and matches the
Prandtl mixing length scale at distances close to a solid boundary.
The set of dynamical equations are closed with two additional
165

conservation equations, one for TKE and one for the product of TKE
and 1 :
2 + av 2 + 2g K H
a (1 2 a [^aq2
aP q3
= +
K 2 Km[(a171

at^az^az^az^az^Po^az B 1 /
(q 2^a^a (q21^)2

(^)2
V
±
-1Ccl^{ Km ( — + —

8.9

KH

at^az^az^az^az^Po^az/
q 3^+ E2/
B1^kL

8.10

where K g is the turbulent diffusivity of TKE, L is given by
1=1+ 1
^
L z H-z

8.11

H is the water depth, and B 1, Ei and E2 are constants (in the version
used here, H is assumed very large compared to the maximum depth
of influence of turbulence, so that L z).
Equations 8.9 and 8.10 represent the current approach to
determining profiles of TKE and / in the Mellor-Yamada level 2 1/2
model. Earlier versions of the model (e.g. Mellor and Yamada 1982)
incorporated an algebraic form to determine / from the TKE profile.
Equations 8.9 and 8.10 are considered to be more general, however,
since they allow for the possibility of more than one turbulent region
(e.g. near the ocean surface and near the ocean bottom) (Mellor
1989 ) .
The functional forms of KM and KH are given by (Mellor 1989):
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Km = 1 Om + ym^

8.12

KH = / OH + 711^

8.13

K q = / CIS q^

8.14

where ym and yll are molecular diffusivities of momentum and heat
(and hence represent lower bounds on KM and Kg) and SM, SH and Sq
are stability coefficients, given by
SH =

A2 ( 1 - 6 A1/B 1)

1 - (3A2B2 + 18A1A2)GH^

8.15

Sm = Al (1 - 3C1 - 6A1/B1)+SHGH (18Al 2 + 9A1A2)
1 - 9A1A2 GH

8.16

S q = 0.41Sm

8.17

where Al, A2, B1, B2, and C2 are constants which have been evaluated
largely from laboratory studies of flows near walls (Mellor and
Yamada 1982). Note that other forms for S q have been used in
previous versions of the model; Equation 8.17 represents the form
used in the most recent model version. GH is a form of Richardson
number, given by
GH , _ / 2 g ap
q 2 Po az

8.18
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MY uses a single exponentially-decaying model to describe the
penetration of the shortwave heat flux
1(z = Qsw(1-0032 z

^

)

8.19

instead of the double exponential form of Equation 4.4 and provides
its own approximations for P and 02 from the Jerlov (1968) water
types. The remainder of the shortwave heat flux is incorporated in
the surface boundary condition for the turbulent heat flux (Equation
8.20 below).
Surface boundary conditions for momentum, heat and salinity
are prescribed in terms of surface fluxes:
wiT o = Qe + Qc + Qiw + sQsw

8.20

w'S' o = (E - P) S o

8.21

I^I

WU0

w'Nf,,

=
-

-

=-

tx

8.22

po

-11

Po

8.23

where the subscript 'o' denotes a value at the ocean surface (in the
case of p 0 , one can use a reference density or a surface value of
density, since density does not vary much in the ocean). In addition,
recall that I assume E = P, so that w'S' o = 0. At the lower boundary of
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the model, velocity, temperature and salinity values are matched to
ambient values.
Finite difference versions of Equations 8.5 - 8.10 are solved
using an implicit, 'leap-frog' scheme. At each time step, profiles of q
and / are determined using Equations 8.9 and 8.10. Profiles of

KH

and KM are then determined and Equations 8.5 - 8.8 are evaluated.
In order to get around the traditional problem with leap-frog
scheme, wherein solutions at odd time steps can diverge slowly from
solutions at even time steps, a weak low-pass filter is used to smooth
resulting profiles at each time step (Mellor 1990).
2. Price-Weller-Pinkel (PWP)
The PWP model is an adaptation of the simple bulk model of
Price et al. (1978), allowing for mixing below the mixed layer. The
conservation equations for mean momentum, heat and salt are as
given in Equations 8.1 - 8.4, with the turbulent flux profiles to be
determined. The turbulent surface heat flux is given by
w'r o = Qe + Qc + Qiw^

8.24

Turbulent salinity and momentum fluxes at the surface are given by
Equations 8.21 - 8.23.
At each time step, incoming shortwave radiation is absorbed
according to
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air^1 ai
at P C P az^
-

8.25

where I is given by Equation 4.4. The turbulent heat and salt flux at
the surface are then assumed to be compensated by heat and salt
loss or gain in the most shallow grid level and the resulting density
profile is calculated. If the density profile is unstable (ap/az < 0),
then heat and salt are mixed down according to a simple model for
free convection, wherein fluxes are assumed to vary linearly across
the mixed layer:
w'T' = w'T' 0^-[1 +^1, -h„, < z < 0
h m^8.26
w'S' = w'S' 0[ 1 + -z-1, -hm < z < 0
h m^8.27
(where subscript o denotes a surface flux), which results in uniform
adjustment of temperature and salinity across the mixed layer:

aT
o
= awl"
^^wtr
=^
,
at^az^hm
^

hm < z < 0

as^
aw's'^w'S'o
_
bm < z < 0
=^
^
h
m
'
at^az —

8.28

8.29

Wind stress is then absorbed across the mixed layer and a bulk
Richardson number, Rib, is calculated
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g Aph m
iu b ^
Po 42

8.30

where 0 p is the density difference and 1 ,6:11 is the magnitude of the
velocity vector difference between the base of the mixed layer and
the grid level just below. If Rib is less than a critical value, Rib c , of
0.65, then the mixed layer entrains the next deepest level (with the
momentum, salt and heat being re-distributed over the new mixed
layer) and Rib is re-determined. This procedure continues until the
mixed layer is deep enough such that Rib ?_ Ribc•
Below the mixed layer, mixing occurs at all depths where the
gradient Richardson number, Ri g , defined as
Rig = N 2

au
^
az/

8.31

is less than a critical value, Ri gc , equal to 0.25. (In practice, Ri g is
calculated numerically across two neighbouring grid levels). Here N
is the buoyancy (Brunt-Vaisala) frequency, defined by

N2 = - g a P^
P az

8.32

The PWP model uses an iterative scheme to remove instabilities
indicated by Ri g . At the beginning of each iteration, the gradient
Richardson number profile is determined. If Ri g < Ri gc for one or
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more pairs of neighbouring grid levels, the model identifies the pair
with the smallest value of Ri g and carries out a partial mixing of
properties between those grid levels. The model then proceeds to
carry out partial mixing for the pair with the next smallest value of
Ri g , and so on for all of the pairs with Ri g < Ri gc . The gradient
Richardson number profile is then re-calculated. Once again, if there
are any sub-critical values of Ri g , partial mixing is carried out in the
same manner. This procedure continues until the Ri g (z) Ri gc for all
depths below the mixed layer. The net effect of this procedure is to
smooth out sharp transitions in mean properties at the mixed layer
base that otherwise develop when only mixed layer entrainment is
considered.
3. Large-McWilliams-Doney (LMD)
The LMD model is a a new oceanic K-profile model, loosely
based on the atmospheric model of Troen and Mahrt (1986). As with
the MY model, the principle behind the LMD model is to determine
diffusivity profiles at each time step and then to determine the new
profiles for the mean properties of the fluid.
The assumed form for the turbulent fluxes is

ax 1

w'x'(d) = -K x (d) [— - x
az

8.33

d is the distance from the boundary (d = -z for an upper ocean

–

model) and x = x + x' is a scalar or a horizontal velocity component
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(e.g. u, v, T and S). The term

x

is a counter-gradient term, as

discussed in Chapter II. Surface fluxes are as defined in Equations
8.21 - 8.24; incoming shortwave radiation is distributed vertically
according to Equation 4.4.
LMD treat mixing within the planetary boundary layer

differently from mixing outside the boundary layer (LMD refer to
these two regions as the boundary layer and the interior,
respectively). Outside the PBL, they consider three processes which
may contribute to turbulent fluxes: shear instabilities, internal wave
breaking, and double diffusion. Each of these processes has an
associated diffusion coefficient in their model, and it is assumed that
the diffusion coefficients add up linearly to give the net diffusion
coefficient
K x (d) = K x s (d) + K x w (d) + Kx (d)

^

8.34

where K x s, Ks ", and K x d are the diffusion coefficients associated with
shear instabilities, internal wave breaking, and double diffusion,
respectively.
Each of these three diffusion coefficients is parameterized
within the model. For shear instabilities, turbulent diffusion is
parameterized in terms of Ri g
Kx s° , Ri g < 0
K x s (d) =

SO [

X

I

( Rill, 0 < Ri g < Ri o '
0, Ri o < Rig

8.35
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where K x so = 50 x 10 -4 m2 s -1 and Ri o = 0.7. Internal wave breaking
is parameterized with constant values of diffusion coefficients:
Kxw 11.0 x 10 -5 m 2 s -1 , x = a scalar
- =1
1.0 x 10 -4 m 2 s -1 , x = u or v

8.36

The parameterization of double diffusion, which is generally
unimportant in the OCEAN STORMS region, is not discussed here. The
reader is referred to the paper of LMD for details.
Within the PBL, the diffusion profile is assumed to have the
form
K x (d) = x w,(d) G(d)^

8.37

where x is von Karman's constant (equal to 0.4), w x (d) is a turbulent
velocity scale, and G(d) is a shape function. G(d) is assumed to be a
cubic polynomial
G(d) = ao + ai d + a2d 2 + a3d 3^8.38
Monin-Obukhov similarity theory is assumed to apply in the
surface layer (i.e. d < 6h, where h is the planetary boundary height or
depth, and 8 is a fraction taken to be 0.1); outside the surface layer
but still within the PBL, the turbulent velocity scales are taken to
remain constant at their d = Sh values in unstable conditions, and
equal to u*Ap x (C) in convectively stable conditions
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u^ ,8h<d<hand>01
wx(d) = (0x(8h/L)
^ otherwise
ii(*0

8.39

where =z/L.
Boundary conditions at the surface lead to a b = 0 and ai = 1;
values of a2 and a3 are determined from matching the diffusivity
values and their gradients at d = h with those extrapolated from
outside the PBL to d = h.
The planetary boundary layer depth itself is determined using
a bulk Richardson number of the form
Rib(d) = ^

(B r - b(d)) d

IVr

2

- j(d)I + NT(d)

8.40

where b(d) is the buoyancy at depth d, B r is a near-surface reference
buoyancy, V r is a near-surface reference velocity, and V t 2 represents
a contribution to net shear due to turbulent velocity fluctuations
(information on the parameterization of V t 2 is provided in the paper
of LMD). The PBL height is the smallest value of d such that Rib(d) is
greater than a critical value, Rik. LMD indicate that a value for Rib e
of 0.25 to 0.5 gives reasonable results, in accordance with results for
similar atmospheric models of Troen and Mahn (1986) and Holtslag
et al. (1990).
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Two limiting conditions on the value of h are used when stable
forcing (L > 0) is present. The first limit is that h < L (since
mechanical production of turbulence and buoyant suppression of
turbulence balance at d = L; beyond L, buoyant suppression is larger
than mechanical production, so it is unlikely h can be significantly
greater than L); the second limit is h < hE, where
*

hE = 0.7 l' f ^

8.41

is the Ekman depth, which defines the depth of a neutrally stratified
PBL.
B. Model Parameters and Initialization
All three upper ocean mixing models described above were
tested to see how well they reproduced the responses observed from
the ten storm events identified and discussed in Chapter VI. Initial
temperature and density profiles were taken from the observed
profiles. The vertical grid spacing, Az, was taken to be 2 m and the
models covered a depth range from the surface down to 140 m.
Complete velocity profiles were not available at the CASID or
MLD buoys. Various parameterizations are possible, the simplest of
which would be to assume a mixed layer slab model (i.e. fixed
currents in the mixed layer and zero below). However, only the PWP
model could support a true velocity discontinuity across the mixed
layer depth; the MY and LMD models would diffuse momentum down
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into the thermocline. Observations from expendable current
profilers (e.g. D'Asaro 1985a) indicate that, when inertial currents
are present in the mixed layer, there is usually strong inertial shear
across the transition layer. Below the transition layer, there may be
additional shear due to downward-propagating near-inertial waves
and other phenomena, but there was no information available on
currents below the mixed layer from the CASIDs or MLDs. In the
absence of more information, I have parameterized the initial model
currents by assuming a vertical distribution of momentum that
parallels the temperature distribution down to the bottom of the
transition layer and is zero at greater depths:
uime i(-fti-Fe m ) ( Ta(z)irci(ht)^_ ht < z < 0 1
U(t 1 ,Z ) =

Tc1(1m)-Tel(ht)
0 ,z5 -ht^1^8.42

Only background inertial currents were considered in the mixing
models. During the period considered here, the temperature gradient
in the transition layer is fairly steep (0.1 - 0.3 C/m). The
parameterization in Equation 8.42 keeps the inertial current constant
within the mixed layer; a momentum gradient occurs within the
transition layer, with no current below. The stability of the water
column for these initial conditions was examined by running the
models with the specified initial conditions and no atmospheric
forcing. Very little profile adjustment was observed for any of the
models. Nevertheless, in the model runs, the model was started at
one-half a quiet period (i.e. 0.4 days) before the start of a storm in
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order to allow for any necessary adjustment before the storm. Prestorm inertial currents were rotated back in time accordingly.
In long-term model studies of the upper ocean in the OWS-P
region, the Jerlov water type in the region has usually been held
constant and typically assumed to be type II (e.g. Martin 1985).
Recent analyses of Secchi depth observations in the North Pacific
(Lewis et al. 1988) have indicated a seasonal dependence of the
water type. LMD note that, in the OWS-P region, the ocean water is
of type II present spring and summer, type IA in the winter, and
type IB in the other months. LMD also show this seasonal variability
can have significant consequences for modelling the upper ocean on
seasonal and annual time scales. During the period considered here,
the water type is in transition from type II to type IA. For
simplicity, I have assumed water of type IB. The choice is, however,
relatively unimportant for the cases considered here, since: (a) the
focus is on relatively short (-2 day), stormy periods; (b) temperature
profiles are known at a time just before each storm; (c) mixing
generated by a storm is expected to erode any stratification which
may attempt to develop due to incoming radiative heat flux over the
course of the storm.
Semi-implicit diffusion schemes such as those used in the MY
and LMD models are unconditionally stable. However, errors in
calculations are expected to increase with increasing time step.
D'Asaro (1985c), for example, suggests that a time step of one hour
(3600 s) is required for evaluation of the energy flux from the wind
to inertial currents to within 10% accuracy in a mixed layer model.
For the MY and LMD models, I have chosen a time step of 600 s. The
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PWP model is, however, is neither a strictly implicit or explicit
model, so a criterion for numerical stability is not clear. A fairly
cautious choice of 30 s was used for the time step for runs with the
PWP model.
C. Model Results
1. Overview
Estimates of AIKE m (calculated from Equation 6.46 and 6.48, to
be consistent with the observational analysis), APE m i x , and A T in i x
were determined from the pre-storm and post-storm modelled
temperature, density and velocity profiles. In addition, Ar a sm was
estimated by integrating in time the modelled velocity time series at
15 m depth to estimate relative changes in position of a drifter
drogued at that depth, then using the least squares fit technique
described in Chapter V to estimate the mean (relative) position
before and after the storm. The difference between these two
positions is the mean translation, Ar s . Since there is no geostrophic
component used in the models, Arasm = Ors.
Figures 8.1, 8.2, and 8.3 show comparisons of ocean responses
(AIKE m , APEmix, AIKEm + APEmix, ATmix, Axasm and Ay asm ) obtained
with the MY, PWP, and LMD models (respectively) against the
observed responses. The observations are known to contain errors;
numerical errors in the models are likely small, but the models have
been initialized with imperfect observations. Errors in the modelled
ocean responses due to imperfect initialization may or may not be
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1:1 lines.
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linearly related to the initialization errors. For purposes of
calculating fits between model and observed responses, the model
and observational errors will be treated as independent.
For each of the six types of ocean response, a least squares fit
to a straight line passing through the origin has been calculated for
the model-observation comparisons. The fit determines the slope of
the line and the standard deviation of the residual. The solid lines in
Figs. 8.1 - 8.3 represent 1:1 lines. Table 8.1 provides a summary of
the calculated slope and and standard deviation for all three models
and for all six characteristic ocean responses. Under ideal conditions
(i.e. perfect observational data and modelled responses), one would
expect a slope of 1.0 and small residual. Overall, modelled and
observed responses are seen to correlate well for all six ocean
responses.
The slope of the least squares fit indicates how well overall a
model reproduces the observed responses. MY, PWP, and LMD all
appear to underpredict AIKE m , by 21%, 35%, and 29%, respectively.
On the other hand, LMD appears to produce changes in potential
energy that are the most consistent with the observations,
underestimating APE m i x by only 14%, whereas MY and PWP
underestimate APE m i x by 57% and 61%, respectively.
The sum of AIKE m and APE m i x provides a partial estimate of
the net change in the energy of the system. For the most dramatic
storm events, AIKE m tends to be the dominant term, with observed
values of APE m i x typically 2-3 times smaller than AIKE m . Once again,
LMD appears to agree with the observations most closely,
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AIKE m

MY
m = 0.79

PWP

LMD

m = 0.65
a = 0.73 kJ
m = 0.39
a = 0.53 kJ
m = 0.57
a = 1.1 Id
m = 0.70
a = 0.11 C

m = 0.71
a = 0.86 kJ
m = 0.86
a = 1.1 kJ
m = 0.80
a = 1.5 kJ
m= 1.2
a = 0.16 C

m = 0.86
CY = 3.9 km
m = 1.0

Axasm

a = 1.0 kJ
m = 0.43
a = 0.50 kJ
m = 0.67
a = 1.5 kJ
m = 0.58
a = 0.09 C
m= 0.92

a = 4.4 km

m = 0.93
a = 3.4 km

AYasm

m = 1.15

m = 0.95

APEmix
AIKE m
+APE m i x

ATmix

a = 3.4 km

a = 2.4 km

G = 2.6 km

Table 8.1. Least squares fits of model responses to observed
responses.

Results of (bisectionally averaged) linear least squares
fits of MY, PWP, and LMD model responses to observed
responses for OCEAN STORMS events, as described in the
text (m = slope; a = residual standard deviation).
Associated data are plotted in Figs. 8.1 - 8.3.
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underestimating AIKE m + APE m i x by 20%, while MY and PWP
underestimate by roughly 33% and 43%.
Modelled values of

ATmix

are reasonably well correlated with

observations for all three models. MY and PWP underestimate the
observations by roughly 42% and 30%, respectively; LMD tends to
over-predict by about 20%.
MY, PWP, and LMD are all in good agreement with observed
values of Ax asm (slopes of fits are 0.92, 0.93, and 0.86, respectively)
and Ay asm (slopes 1.15, 0.95, and 1.0, respectively). One curious
feature, is that the scatter for Ax asm comparisons is consistently
larger than for A y asm. In particular, the residual standard deviation
for Ax asm is generally about 50% greater than than for Ay asm
comparisons. It is unclear why this is so. It seems unlikely that
there is a directional bias of the wind for the identified storm events,
since the distribution of observed displacements in both the x and y
directions appear comparable.
Figure 8.4 shows predicted responses from the MY model
plotted against the predicted responses from the LMD model. Least
squares fits were calculated for these comparisons in the same
manner as described above; the solid lines in Fig. 8.4 represent 1:1
lines. The two models predict remarkably consistent values of AIKE m
(slope =1.1), while the MY model predicts substantially smaller
values of APE m i x (slope = 0.50) and AT m i x (slope = 0.49) than does
the LMD model. The sum of AIKE m and APE m i x is slightly less for the
MY model than for the LMD model (slope = 0.86). These results
suggest that the models partition energy differently, with the LMD
model generating more vertical mixing. Both models predict very
185
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similar values of Ax asm (slope = 1.10) and Ay asm (slope=1.15) (Fig. 8.4
(e) and (f)).
Figure 8.5 plots model responses for the PWP model against
responses from the LMD model. Once again, very similar results are
obtained for predicted values of AIKE m (slope 0.90), Ax asm (slope
1.01) and A y asm (slope 0.94) [see Fig. 8.5 (a), (e) and (f)]. PWP
predicts substantially less APE m i x and AT m i x than does the LMD
model (slopes 0.45 and 0.59, respectively). The values of AIKE m +
APE m i x predicted by PWP are about 29% less than those predicted by
LMD at large values.
It is also important to acknowledge possible errors in the
forcing parameterizations, especially in the wind stress. The wind
speed corrections described in Chapter IV are imperfect. In order to
assess the importance of correcting the 10 m CASID wind speeds to
ECMWF wind speeds (Equation 4.2), all three models have been rerun without this wind speed correction. When compared to the
observations, all three models drastically underestimated AIKE m
(typically by 65%), APEmix (by 80% and more), AIKE m + APE m i x (by
75%), and AT m i x (by 50 - 75%), Ax asm (typically by 50%) and Ay asm
(typically by 25%). Figures 8.6 shows a comparison of the MY model
and observed ocean responses for the uncorrected 10 m CASID
winds, and may be compared with Fig. 8.1. Runs with the PWP and
LMD models and uncorrected winds show similar results to Fig. 8.6.
These results add a posteriori support for the correction of the 10 m
CASID wind speeds to ECMWF wind speeds.
As mentioned in Chapter V, there is some difficulty in
determining an accurate phase estimate of the inertial currents when
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the current magnitude is on the order of 10 cm/s. By coincidence,
the biggest storm events and the biggest ocean responses occurred
when the background currents were relatively large (events 1, 3 and
9), and hence the phase of the background current is well known.
Nevertheless, it is still worthwhile to examine the importance of
phase errors in the initial conditions for the OCEAN STORMS events. I
have done some comparison runs for events with small initial
currents and varied the phase. By way of example, I carried out four
runs of the MY model, all based on event 4 (for which the magnitude
of the background current was about 6 cm/s). For the first of these
runs, the phase estimate from Equation 5.15 was used to initialize
the background currents. For the three subsequent runs, phase
offsets of 90 0 , 180°, and 270° were added to the background inertial
currents. The results of these comparisons are shown in Table 8.2.
The values of AIKE m for these four test cases ranged from -0.06 to
0.25 kJ/m 2 . Such variability would not change the comparison of
model results to observations significantly. The range of differences
of APE m i x among these cases was 0.01 kJ/m 2 , and less than 0.01 C for
AT /n i x .

The biggest differences occur for the net displacement

estimates, with differences as much as 0.9 km in Ax
AYasm•

asm

and 1.0 km in

Thus, errors in the phase of the initial currents when the

magnitude of the current is low may explain some of the scatter in
the comparisons of net displacement over a storm. However, such
errors are relatively unimportant in terms of the other ocean
responses.
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AIKEm
(kJ/m 2 )
APEmix
(kJ/m 2 )
AIKE m +APE m i x
(kJ/m 2 )
AT m i x (C)
Axasm (km)
AYasm (km)

Case 1
00.0 0 )
0.04

Case 2
00.90 0 )
-0.06

0.47

0.47

0.48

0.48

0.51

0.41

0.64

0.73

-0.07
-5.7
-2.0

-0.07
-6.4
-1.8

-0.07
-6.3
-1.0

-0.07
-5.5
-1.2

Case 1
Case 1
00=180 0 ) (0=270°)
0.16
0.25

Table 8.2. Ocean response parameters from MY model for
event 4, with different phase shifts in initial
velocity profile.
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2. Detailed Comparison -- The Storm of Day 277
In order to differentiate among the models, it is also useful to
examine the time evolution of the modelled temperature and
velocity profiles during a storm. As an illustrative example, I
compare the modelled and observed evolution of the upper ocean
response for the storm of day 277. I consider in particular the
observations from CASID buoy 10061 for this period (i.e. event 3).
This particular event provided the most dramatic ocean response to a
storm among the 10 storm events.
Figure 8.7 (a) shows a three day time series of isotherms for
CASID buoy 10061. Note that the internal waves have not been
filtered out. Advection has not been removed from the observations
in Fig. 8.7 (a). Nevertheless, there are some interesting points to
glean from this figure. For example, the increased crowding of the
isotherms at around 90 m depth during and after the storm indicates
that vertical mixing penetrated as deep as 90 m. The change in
mixed layer temperature observed at the CASID is a little more than
1.0 C, of which roughly 0.1 C is estimated to be due to advection
(note that the observed change in MLT is not equivalent to AT m i x )•
The mixed layer temperature stops changing by roughly day 277.7;
the spacing between isotherms around 90 m appears to stop
changing between 277.8 and 278.0.
Figure 8.7 (b), (c) and (d) show the evolution of the modelled
isotherms from the MY, PWP, and LMD models run for event 3. The
model runs begin at day 276.7. For the MY run (Fig. 8.7 (b)), there is
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a slight spreading of the isotherms in the transition layer before the
storm as the model tries to smooth out some of the initial shear
across the layer. There is also a slight downward trend in the 6.0 C
contour, presumably in response to the bottom boundary condition of
the model. However, the 6.2 C contour is seen to remain steady over
the course of the run, so effects due to the bottom boundary
condition are limited to the deepest 20 m or so in the model. The
mixed layer temperature change is roughly 0.65 C. The model is
seen to mix temperature down to almost 70 m, or roughly 20 m less
than the observations suggest. The mixing penetrates to about 65 m
around day 277.9, after which there appears to be a small amount of
continuing vertical diffusion. By day 278.8, the 8.0 C isotherm
almost reaches 70 m.
For the the PWP model run (Fig. 8.7 (c)), the isotherms appear
constant before the storm. The mixed layer temperature change
predicted by the model is also about 0.65 C. Maximum penetration
of the vertical mixing appears to be only about 65 m around day
277.9. Thereafter, most of the isotherms remain steady until the end
of the model run, although there is some slight ongoing adjustment of
the most shallow isotherms in Fig. 8.7 (c) up until about day 278.3.
The isotherms for the LMD run (Fig. 8.7 (d)) also appear very
steady before the storm. The predicted mixed layer temperature
change across the storm is about 1.35 C, or nearly twice the MY and
PWP runs. By day 277.9, the mixing has penetrated to about 80 m

depth. After this time, there continues to be some slight downward
diffusion below 80 m and ongoing isotherm adjustment within the
thermocline.
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All three models show close crowding of isotherms in the
transition layer around day 277.5, with as much as a 2 C
temperature change over 5 m. In the observations, there is no
evidence of such close crowding. The contours in Fig. 8.7 (a) are
based on interpolations between thermistors, which are typically
about 8 m apart in the transition layer. Consequently, crowding of
contour lines cannot be resolved as accurately with the observations
as with the models. This fact may account for some of the
differences between the models and the observations. However, the
resolution of the observations should still be good enough to identify
some isotherm crowding during the mixing process if indeed it were
present.
For the other events associated with the storm of day 277
(event 1 and event 9), the isotherm evolution for the three models
compared similarly to event 3. Generally, the LMD model mixes
more deeply and produces greater mixed layer temperature changes
than the MY or PWP models. The depth of mixing of the LMD model
appears to be more consistent with observations than the MY or PWP
models. In terms of mixed layer temperature change, the LMD
model runs tend to compare favourably to observations for some
events and to overpredict for other events, while the MY and PWP
model runs tend to compare favourably to observations or to
underpredict. All three models complete the bulk of the vertical
mixing on a time scale comparable to that observed.
Figure 8.8 shows profiles of the difference between mean prestorm and mean post-storm temperature from the models and from
observations for event 3. Corrections for advection have been
196

Fig. 8.8 Temperature difference profiles (day 278.1 - day

277.1) for event 3.

Thick solid line = observations (corrected for advection); thin
solid line = PWP run; thick dotted line = LMD run; thin
dotted line = MY run.
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applied to the observations here (the net heat transfer through the
surface, which was only -1 MJ/m 2 , has not been removed from either
the observations or models, but this heat transfer amounts to a
negligible increase of 0.006 C across the mixed layer). However, the
corrected, observed temperature difference profile (thick solid line in
Fig. 8.8) still does not quite go to zero at depth, indicating that there
is still some small amount of heat advection present that has not
been accounted for. In addition, the area under the temperature
difference curves should be zero (except for the negligible amount of
heating through the ocean surface) in order to conserve heat. The
models are designed to conserve heat, whereas the observed
temperature difference profile appears to gain more heat below the
mixed layer than it loses in the mixed layer. The fact that the
temperature difference profile is nearly zero at depths greater than
about 90 m suggests that advection below the mixed layer has been
estimated fairly well in this case, so that the observed mixed layer
temperature change may be underestimated because of advection.
As mentioned above, LMD (thick dotted line) mixes down to a
depth comparable to that inferred from the observations, although it
overestimates the change in the mixed layer temperature by about
0.2 C. PWP is just as accurate as LMD with the mixed layer
temperature change here, underestimating the observations by about
0.2 C, but it underestimates the vertical extent of mixing by about 25
m; MY underestimates the mixed layer temperature change by
roughly 0.5 C and the vertical extent of mixing by about 25 m.
Interestingly, all three models and the observations put the
maximum heating at roughly the same depth, approximately 55 m.
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During the storm of day 277, MLD 7958 was within 25 km of
CASID buoy 10061. Consequently, the MLD velocities should be
indicative of the 15 m currents at the CASID. Instantaneous
velocities from MLD 7958 were calculated for the same three-day
period as Figure 8.7 and estimates of the geostrophic component
removed. The resulting time series provides a measure of
instantaneous ageostrophic velocities. These currents were then
rotated to a reference time of day 276.9 and are plotted in Figure
8.9(a). The peak ageostrophic current is estimated to be (0.55 , 0.88) ms -1 at day 277.75 (this current estimate is not rotated back to
the reference time, but corresponds to the current at day 277.75).
The corresponding magnitude of this current is 1.04 ms -1 and the
direction is 147°.
Figure 8.9 (b), (c), and (d) show time series of velocity profiles
for event 3 from the MY, PWP, and LMD models, respectively. The
modelled velocities have also been rotated back to a reference time
corresponding to day 276.9. Profiles are plotted every 32 time steps
(i.e. every 5.33 hours). Depth scaling is the same as in Fig. 8.7. The
8th depth bin corresponds to a layer between 14 m and 16 m, and
therefore is the most appropriate for comparison to the MLD
velocities in Fig. 8.9 (a). All three models are seen to predict 15 m
velocities that are comparable in magnitude and direction to the MLD
ageostrophic velocities. At time 277.756, the predicted velocities at
15 m depth were (0.49, -0.91) ms -1 , (0.44, -0.79) ms -1 , and (0.40,
-0.71) ms -1 for the MY, PWP, and LMD models, respectively. The
corresponding magnitudes of the difference between each of these
modelled velocities and the peak observed velocity are 0.07, 0.14,
199

SCALE

(a)

1 m/s
/ tr.rr

,7'/'//7

276^277^278^279

0

(b)
......°^...-"
""..
.......
....''''''^.....•
.......'r
.".. ^..,""'"r.- - 7
....^„..^„...^.....,
....^...^....^
.....
^,
-^...

-

,
.^.

•

•
•

o_

0 1 00—

SCALE
1 m/s

150 ^
276

277^278

279

YEAR DAY
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and 0.23 ms -1 . All three models compare favourably with the
velocity direction: the observed directional estimate (in the
navigational coordinate system) is 147°, while the modelled
directions are 142°, 151 0 , and 151° for the MY, PWP, and LMD
models, respectively. Thus, the principal differences among the
modelled velocities and the observed velocity at this time are in
magnitude, not in direction. Note also that, although the phase of the
mixed layer currents varies during the course of the storm, the phase
of the final mixed layer currents is very similar to the initial currents
(changes in phase are identified by time variations in the orientation
of the velocity vectors in Fig. 8.9). This behaviour is consistent with
the observations in Fig. 6.6. The net change in mixed layer currents
over the storm is an increase in magnitude, with little change in
phase (recall, however, that the reference day used for Fig 6.6 is
different from that used in Fig. 8.9. The reference days were chosen
for plot legibility).
Figs. 8.9 (b), (c) and (d) also give some indication of how the
velocity structure evolves differently in the different models. The
maximum vertical extent of mixing after the storm for each model, as
determined by the velocity profiles, is similar to that indicated by
the isotherms in Fig. 8.7. Most of the shear remaining after the
storm occurs where the stratification is greatest, i.e. near the depth
of the maximum extent of mixing. The PWP model appears to always
maintain a very uniform velocity profile during the storm, consistent
with that model's inclusion of a mixed layer in its mixing scheme.
The MY and LMD models, on the other hand, allow for shear to be
present within the mixed layer during the storm. This difference is
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most pronounced in Fig. 8.9 at roughly at day 277.6. Both the MY
and LMD models have greater surface currents than at the grid level
just below, while the PWP velocity profile is nearly uniform over the
upper 30 m or so. By the time the storm is over, however, all three
models have very uniform velocities in the upper part of the ocean.
The greater vertical mixing of the LMD model results in smaller
currents in the upper ocean than the other models predict.
Comparisons of modelled and observed velocities for events 1 and 9
were very similar to event 3.
D. Summary
In terms of the responses related to the mixed layer velocity
(AIKE m , Ax asm and Ay asm ), all three models performed well. This is
not particularly surprising, since these models have generally been
developed and tuned to model the mixed layer flow. However, of the
three models considered, the LMD model compared most favourably
with observations. Its particular strengths were in prediction of
APE m i x and AIKE m +APE m i x (underestimating observations by 14% and
20%, respectively), while MY and PWP underestimated the same
observations by 30-60%. LMD also did slightly better in predicting
the observations of

ATmix

(with a tendency to overpredict by about

20%; MY and PWP tended to underpredict AT m i x by 42% and 30%,
respectively). The key in the LMD model's success appears to be in
its ability to mix to greater depths than the PWP and MY models.
Mixing to greater depths exchanges heat over a greater depth range,
and hence increases APE m i x and AT m i x .
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All three models were relatively successful at reproducing the
observed responses when the corrected winds were used and
responded poorly when the uncorrected winds were used. These
results provide confidence that the winds needed to be corrected and
that the wind forcing used to drive the models was representative of
the actual forcing present during the observation period.
One reviewer has suggested that if the drag coefficient were
somewhat larger during storm conditions than that calculated using
the Large and Pond (1981) formulation, the agreements between
models and observations would in general be better. Large and Pond
(1981) suggest an uncertainty in drag coefficient formulation of
roughly 10%. I have re-run the ten storm events with all three
models with the wind stress increased by 10%. The slopes of linear
least squares fits of model responses to observed responses are all
increased (by as much as 12%), indeed leading to overall better
agreement. The LMD model, however, still agrees most closely with
the observations.
Based on the intercomparisons of observed ocean responses
and model predictions discussed in this chapter, the LMD model
appears to provide good predictive capability for ocean responses
and therefore will be used in the sensitivity studies described in
Chapter IX.
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IX. Numerical Experiments
In order to investigate the effects of initial conditions and
boundary conditions on the properties of the upper ocean, I have
carried out a number of numerical experiments using the LMD ocean
mixing model. These studies are reviewed in this chapter, after some
preliminary discussion of energy.
A. The LMD Model - Energy Considerations
In previous chapters, changes in potential energy and kinetic
energy have been calculated from velocity, temperature and salinity
fields predicted by models. This particular model does not solve an
explicit energy equation per se, but incorporates energy transfer
implicitly. Geostrophic components of velocity are not considered in
the model, so the mean currents are simply the inertial currents. Fig.
9.1 shows a flow chart depicting energy transfer within the model.
The net transfer of mean (i.e. inertial) kinetic energy across the
ocean surface over the course of a storm, ICEi n , is given by

KEi n =f

t2 _. _.
1 t Ali o

dt

9.1

—
where Ili ° is the surface current (note that there are conditions when
the wind can extract mean kinetic energy from the ocean).
Turbulence in the presence of shear transfers energy from the mean
currents to TICE. The net shear production of TKE over the course of a
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PEin

min
(implicit)
DIKE

TKE s

ATKE

TKEb

APE

Fig. 9.1 Flow chart of net energy transfer in the LMD model
over the course of a storm.
Net surface inputs of energy are 10Ei n and PEi n ; LIKE, APE,
and ATKE represent the net changes in inertial kinetic
energy, potential energy, and turbulent kinetic energy
during the storm; c represents energy dissipation ; TKE s is
the net shear production of TKE (positive definite); TKEb is
the net buoyant production of TKE (negative values imply
net energy transfer from TKE to PE). The dashed box
indicates that energy is transferred to TKE and dissipated in
an implicit manner.
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storm, TKE s , can be determined from the difference between the
transfer of energy into inertial currents and the net change in
inertial kinetic energy
t2 /0

ay ) dz dt
TKE s = KEi n - AIKE = .1^p (- u'w' au - v'w' —
t 1 -D^az^aZ

9.2

or from the discrete finite difference form of the right hand side of
Equation 9.2. Note that for down-gradient diffusion, the integrand in
Equation 9.2 is positive definite, so that energy is transferred from
IKE to TKE and TICE s is positive definite (for cases where KEi n is
negative, the net loss of IKE over the water column is equal to or
greater than KEin).
Energy can also be transferred between TKE and PE. Let TKEb
define the net production of TKE due to buoyancy fluxes. Winddriven mixing in the presence of stratification can lead to a transfer
of energy from TKE to PE (i.e. TKEb is negative). Surface buoyancy
fluxes can also provide a surface source of potential energy, PEin
(positive or negative). In addition, if the surface buoyancy fluxes
lead to unstable conditions, energy may also be transferred into TKE
(TKEb positive).
The portion of net energy input to the ocean which is not
accounted for by AIKE or APE implicitly resides as TKE until it is
mixed down to smaller and smaller scales and eventually dissipated.
The difference between the net energy input (KEi n +PEi n ) and the net
change in inertial and potential energy (AIKE+APE) will be referred to
as A TKE. This residual energy is assumed to be ultimately dissipated.
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In the remainder of this chapter, the principle focus is on
energy input from the wind and its partitioning into DIKE, A TKE, and
APE. As will be shown, surface buoyancy fluxes are generally
unimportant during episodic cooling events. (Note that when there is
no surface buoyancy flux, APE = APE m i x = - TKEb)•
B. Numerical Experiments with a Prescribed Density Profile
The first series of numerical experiments was performed using
prescribed pre-storm temperature and salinity profiles which
approximate the mean profiles associated with OCEAN STORMS event
3 (i.e. day 277, CASID buoy 10061). A mixed layer of 35m was
assumed, with a 15 m thick transition layer below. Across the
transition layer, the temperature decreases linearly (with the
temperature difference across the layer, AT E , equal to 4C). Below the
bottom of the transition layer, a background temperature gradient of
0.02C/m was assumed. The shape of the velocity profile was the
same as given by Equation 8.42, where uE m and (p m are prescribed.
The latitude was chosen to be 48 0 N, roughly equal to the latitude of
CASID buoy 10061 on day 277 and comparable to the latitudes of
OWS-P and the OCEAN STORMS region.
Winds associated with strong episodic cooling events tend to
rise and fall within 2 days or so. I have modelled the envelope of
the wind with a sine function, such that
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(Tx, Ty) =

0,^t < ld
A sin n [2n (t- ld )
2t s
x (sin[Ff(t- 1 d)], cos[Ff(t- 1 d)]), id < t < t s +ld
0,^ts+ld < t < t s +2d

9.3

where n is an integer (taken to be 1 or 2), t is the time and i s is the
storm duration, A is the peak amplitude of the wind stress during
the storm, and F is the ratio of the local rotation rate of the wind, co
(assumed constant during a storm), to f (i.e. F = WO. A positive
value of F implies rotation of the local wind stress vector in the same
sense as local inertial rotation (i.e. clockwise in the Northern
Hemisphere; also referred to as anticyclonic rotation); a negative
value of F implies rotation in the opposite sense of inertial rotation
(cyclonic; counterclockwise in the Northern Hemisphere). Note that
the wind stress vector is defined to point northward at t = 1 day.
The wind is set to zero for a full day before the storm (in order to
allow the model to adjust to the prescribed initial conditions, if
necessary) and for a day after the storm (to allow for any adjustment
after the storm). The maximum wind stress occurs in the middle of
the storm (i.e. t = [t s /2] + 1 day). The time series of Qt is held
constant. For a negative heat flux (i.e. heating of the water column),
the flux is prescribed as downwelling shortwave (i.e. nonturbulent)
radiation; for a positive heat flux, it is prescribed as sensible (i.e.
turbulent) heat flux.
This first series of numerical experiments was divided into six
case studies. The parameters used for these cases are provided in
Table 9.1 (all six cases used n=2). The first case study examined the
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Case
n
A
(Nm -2 )

I'
is
(days)
Qt
(W/m 2 )
hm i
(m)
hti
(m)
ATt
(C)
ui m
(cm/s)
(pm
039
# model
runs

1
2
0.0 to
2.0
(0.2)

2
2
0.0 to
2.0
(0.2)

3
2
0.0 to
2.0
(0.2)

4
2
0.0 to
2.0
(0.2)

-1.0^to -1.0^to -1.0^to -1.0^to

5
2
1.0

6
2
1.0

1.0

0.0

2.0
(0.2)
1.0

2.0
(0.2)
2.0

2.0
(0.2)
1.0

2.0
(0.2)
1.0

1.0

1.0

0

0

100

-100

0

0

35

35

35

35

35

35

15

15

15

15

15

15

4.0

4.0

4.0

4.0

4.0

4.0

0

0

0

0

o to 40

0 to 40
(5)
Oto
360
(20)
171

0

0

0

0

176

176

176

176

(5)
Oto
360
(20)
171

Table 9.1. Parameters for model forcing and initial conditions
for first series of numerical experiments.
A range of parameters is specified for A, r, ui m and (p m ,
with the increment value in brackets.
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ocean response to the amplitude and rotation frequency of the wind,
for an initial velocity profile of zero, no surface heat flux and a storm
duration of 1.0 days (Note that, in the following, values of AIKE m
have been calculated using Equation 6.45 instead of Equation 6.46).
The range of A was from 0.0 to 2.0 Nm -2 (the latter value
corresponds to a peak value of U10 of about 37 ms -1 ); the range of I'
values was from -1.0 to 2.0.
Estimates of KEi n for case 1 are contoured as a function of A
and F in Figure 9.2(a). Since KEi n depends on the surface currents, it
is partially an ocean response. Values of AIKE m , APE, and AT m i x from
case 1 are contoured in Figure 9.2(b), (c), and (d), respectively.^The
range of values of the various ocean responses for case 1 is very
large for the set of wind parameters used, so the data are contoured
in dB, relative to 1 kJ/m 2 for KEi n , AIKE m , and APE (e.g. for Fig.
9.2(b), contours represent isolines of 10 logio(AIKE m /[1kJ/m 2 ], so the
contour line labelled '0' corresponds to a AIKE m value of 1 kJ/m 2 ),
and relative to -1 C for ATmix (the minus sign takes into account the
fact that AT m i x values are all negative). Contour intervals are every
3 dB (i.e. they represent factor of 2 changes).
For a fixed value of A, all four response quantities exhibit their
largest values when F=1, indicating a strong resonance response
when the winds rotate at the inertial frequency. Values of KEi n are
roughly two to three times larger than AIKE m and an order of
magnitude larger than APE here. The large values of AIKE m occur
because the wind tends to remain in phase with the developing
inertial currents. In other words, at each time step, the momentum
introduced into the upper ocean from the wind adds constructively
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Fig. 9.2 Ocean responses from numerical experiments, case 1.
Contours depict values responses in dB, defined as:
(a) 10 lo$io{KEi n nl kJ/m 2 ]}; (b) 10 logio{AIKE m /[1 kJ/m 2 ]};
(c) 10 1ogio{APE/[1 Ulm 2 ]); (d) 10 1 ogioINATmixl/E1 CJ I.
Contour interval in all four plots is 3dB, indicating factors of
2. See Table 9.1 for choices of parameters.
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2

with the momentum of the currents already present. This point is
evident in Figure 9.3, which shows time series of the wind stress,
ocean isotherms, and ocean current vectors for A=1.4 Nm -2 (i.e.
roughly the peak wind stress associated with OCEAN STORMS event
3) and F=1. (Note that the wind and current vectors in Figure 9.3
have been rotated back to a fixed reference time of -0.25 days. The
fact that both sets of vectors do not rotate in this plot indicates that
the wind and currents both rotate at the inertial frequency.) The
large inertial currents develop near the base of the mixed layer
generate substantial shear at those depths, which leads to
instabilities and vertical mixing. Consequently, KEi n , AIKE m , APE and
AT m i x are all relatively large (approximately 50 kJ/m2, 17 kJ/m2, 6
kJ/m 2 and -1.5 C, respectively) by the end of the storm.

The reduction in all four ocean responses is symmetric about
F=1. This symmetry suggests a new parameter definition, r* = IF-ll.
The parameter r* takes into account the symmetry of response and
will be used later in this chapter.
The contours of KEi n , APE and AT m i x in Fig. 9.2 are qualitatively
very similar in nature. On the other hand, at moderate-to-high
values of A, AIKE m falls off more quickly than the other responses as
the wind rotation frequency moves away from resonance. At r=o
(i.e. steady wind direction), AIKE m is reduced by nearly an order of
magnitude from its inertial value (at F=1), whereas KEi n , APE or
AT m i x have been reduced by only a factor of two to three. Thus,

AIKE m is more highly tuned to the inertial frequency than KEi n , AP E
or AT m i x .
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Fig. 9.3 Model time series of wind forcing and ocean
response (case 1, A=1.4 Nm -2 , F=1).

(a) wind stress magnitude (with wind stress vectors
superimposed), (b) temperature isotherms (contour interval
0.2C) and (c) velocity profiles. Wind stress and current
vectors have been inertially rotated to a common reference
day of -0.25 for convenience (wind and current directions
therefore appear constant).
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Figure 9.4 shows time series of the wind stress, isotherms, and
currents for A=1.4 Nm -2 , F=0, with wind and current vectors rotated
back to the same reference time as Fig. 9.3 (note that the rotation
rate of the wind, which is zero here, appears to rotate
counterclockwise in time when inertially back-rotated). As the
storm begins, inertial currents form near the ocean surface. As the
model proceeds in time, the momentum penetrates down to the base
of the mixed layer. By roughly day 1.4, momentum begins to be
mixed down across the base of the mixed layer. Near the surface,
however, the wind begins to get out of phase with the surface
currents it has been generating and starts to both suppress the
magnitude of those currents and change their direction. During the
storm, however, the current profile in the mixed layer does not
behave like a slab. There is both variation in the magnitude and the
orientation of the mixed layer currents with depth. The implication
here is that, although momentum and energy are transferred
vertically at each time step, turbulence extracts and dissipates a
significant portion of the momentum and energy flux at each depth.
Thus, currents near the bottom of the mixed layer [or PBL] are less
sensitive to rapid changes in wind direction than are the nearsurface currents. The exception is for winds which rotate near the
inertial frequency, as described earlier.
It is interesting that the resulting temperature profile in Fig.
9.4 is qualitatively similar to what one can obtain with a mixed layer
model. There is little vertical mixing below the mixed layer depth.
The results are reminiscent of the work of Pollard et al. (1973), who
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Fig. 9.4 Model time series of wind forcing and ocean

response (case 1, A=1.4 Nm -2 , r=0).

(a) wind stress magnitude (with wind stress vectors
superimposed), (b) temperature isotherms (contour interval
0.2C) and (c) velocity profiles. Wind stress and current
vectors have been inertially rotated to a common reference
day of -0.25 days for convenience.
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3

used a slab model and allowed mixed layer deepening based on a
bulk Richardson number criterion. On the other hand, the current
profiles in Fig. 9.4 are hardly uniform with depth during the storm.
Thus, according to the LMD model, one can obtain conditions where
the net response is essentially a deepening of the mixed layer.
The duration of the storm plays a role in the magnitude of the
net ocean responses, but the character of inertial resonance remains.
Case 2 considers a storm period of 2 days. All the other parameters
are the same as in case 1. Figure 9.5 shows the four ocean responses
as a function of A and F for case 2 (contours are given again in dB).
For F=1 and a fixed value of A, all four ocean responses are larger for
the longer storm than for the shorter one, a consequence of the wind
being in phase with the developing inertial currents over a longer
period of time. In terms of power spectra, there is more net energy
at the inertial frequency in the longer storm than there is in the
shorter storm for F=1. The ocean responses also fall off more sharply
for the longer storm than for the shorter storm as one moves away
from 1'=1. One way of explaining this result is as follows. Consider a
fixed value of A. The amount of spectral energy at the inertial
frequency is more rapidly reduced as F moves away from 1 for a
longer storm than for a shorter storm. In other words, for given
values of F and A, the longer the 'model' storm is, the more closely
the spectrum of the wind stress vector resembles a true delta
function at frequency co. There is therefore relatively less spectral
energy at other frequencies. By the same token, the functional shape
of the storm envelope will also affect the ocean response. (The next
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Fig. 9.5 Ocean responses from numerical experiments, case 2.
Contours depict values responses in dB, defined as:
(a) 10 logio{KEin/[ 1 kJ/m 2 ]}; (b) 10 logio{AIKE m /[1 kJ/m 2 ]};
(c) 10 log1otAPE/[1 kJ/m 2 ]}; (d) 10 log10{[ - ATmix]/[1 C]i•
Contour interval in all four plots is 3dB. See Table 9.1 for
choices of parameters.
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section includes case studies with two different storm envelope
shapes, corresponding to n=1 and n=2).
Cases 3 and 4 examine the influence of surface heat fluxes on
the ocean response to a storm. In case 3, a constant heat flux of 100
Wm -2 (i.e. cooling; convectively unstable conditions) is used for the
storm period; in case 4, a constant heat flux of -100 Wm -2 (i.e.
heating) is used. The winds and background currents in case 3 and 4
are identical to case 1. The only significant differences in response
are in APE and A MLT (ATmix, on the other hand, is essentially
insensitive to surface heat fluxes). Fig. 9.6 shows a comparison of
APE for cases 1, 3 and 4 (Fig. 9.6 (a), (b), and (c), respectively); The
character of the resonant response with wind rotation is clearly
unaffected by the surface heat fluxes. Indeed, the differences
between the three cases can be approximated by a fixed offset in the
contours: for the case of unstable surface heat fluxes, the potential
energy change is roughly 0.8 kJ/m 2 higher than the neutrally stable
case, and the case of stably stratifying heat fluxes is roughly 0.8
kJ/m 2 lower than the neutral case.
Much of the difference in APE above can be accounted for by
assuming the net heat loss or gain over the storm is uniformly mixed
over the initial mixed layer, which accounts for roughly 0.5 kJ/m 2 .
Thus, due to destabilizing (stabilizing) surface heat fluxes of
100 Wm -2 (-100 Wm -2 ) during a one day storm, the LMD model
predicts a modest enhancement (suppression) of wind-driven mixing,
and hence an 'average' increase (decrease) in APE of about 0.3 kJ/m 2 .
A more detailed analysis of enhancement or suppression of
mixing due to heat fluxes can be gleaned from examination of
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Fig. 9.6 Sensitivity of APE to surface heat fluxes during a
storm.

(a) case 1 [Qt= 0]; (b) case 3 [Qt = 100 Wm -2 ]; (c) case 4
[Q t = -100 Wm -2 ]. Contour interval is 1 kJ/m 2 for all three
plots. Note that for case 4 at very low wind conditions, APE
is negative (due to radiative heating with little vertical
mixing).
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APE m i x . Figure. 9.7 shows a comparison of APE m i x for the same three
cases as Fig. 9.6. At A=1 Nm -2 and

r=o, the values of APE m i x for

cases 1, 3 and 4 are roughly 1.1, 1.2 and 1.0 kJ/m 2 ; at A=1 Nm -2 and
F=1, the values of APE m i x for the three cases are 3.2, 3.3, and 2.9
kJ/m 2 . Overall, the net increase (decrease) in APE m i x due to the
destabilizing (stabilizing) surface heat flux is seen to be on the order
of 5-10% (10-20%) of its value for neutral conditions. (The larger
effect for the case of net heating of the ocean is likely due to the fact
that the incoming solar radiation heats the surface waters more than
the waters deeper in the mixed layer).
Examples of the effects of pre-existing currents are examined
in cases 5 and 6. In case 5, the initial current magnitude ui m was
varied from 0 to 40 cm/s; the phase of the initial current (defined in
terms of navigational polar coordinates and relative to day 1) were
varied from 0 0 to 360°. The values of A, F, and i s were 1.0 Nm -2 , 1,
and 1 day, respectively. The results are plotted in Figure 9.8. In this
case of an inertially-rotating wind, the background currents enhance
KEi n , AIKE m , APE and AT m i x when the currents start in the same
direction as the winds (i.e. (Pm = 0 0 ), and suppress the response when
the currents start in the opposite direction (i.e. (Pm = 180°). It should
also be noted that at (p m =90 0 or 270° (i.e. the winds are
perpendicular to the background current at all times), the observed
ocean responses are the same as for the zero-current case. Thus, the
background shear appears to have no contributing effect to the ocean
response when the winds remain perpendicular to the background
currents at all times (this is, however, a very unusual situation, and
not one likely to be observed very often in nature).
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Fig. 9.7 Sensitivity of APE m i x to surface heat fluxes during a

storm.

(a) case 1 [Qt= 0]; (b) case 3 [Qt = 100 Wm -2 ]; (c) case 4
[Q t = -100 Wm -2 ]. Contour interval is 1 kJ/m 2 for all three
plots.
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Fig. 9.8 Ocean responses from numerical experiments, case 5.
(a) KEi n ; (b) AIKE m ; (c) APE; (d) AT m i x • Contour intervals are
(a) 5 kJ/m 2 ; (b) 2 kJ/m 2 ; (c) 0.2 kJ/m 2 ; (d) 0.05C. See Table
9.1 for choices of parameters.
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For background currents of 10 cm/s, the ocean response varies
by only about 10% of the zero-current response for each of the
responses plotted (KEi n , AIKE m , APE, and AT m i x )• For a 20 cm/s
background current, the ocean responses can vary by roughly 20% of
their zero-current values. For strong background currents of 40
cm/s, the range of responses are roughly 30 to 66 kJ/m 2 for KEin, 7

to 28 kJ/m 2 for AIKE m , 4 to 8 kJ/m 2 for APE, and -1.1 to -1.9 C for
AT m i x . In the absence of background currents, the nominal values
for KEi n , AIKE m , APE and AT m i x for this storm are roughly 40 kJ/m 2 ,
19 kJ/m 2 , 6 kJ/m2 , and -1.5 C, respectively. Admittedly, a
background inertial current of 40 cm/s is probably larger than what
would normally be observed; on the other hand, the observed
inertial currents just before the storm of day 277 were roughly 25
cm/s. In the real ocean, background inertial currents can be
developed by previous storms.
The range of parameters used in case 6 were identical to case
5, except with F = 0. The ocean responses for case 6 are plotted in
Figure 9.9. The responses are, overall, substantially reduced from
case 5. AIKE m , in particular, is reduced by an order of magnitude
and more from case 5, and actually becomes negative for (p m between
roughly 225° and 315°. Negative AIKE m values indicate a reduction
in the magnitude of inertial currents in the mixed layer.
As in case 5, the phase of the background current determines
whether there is enhancement or suppression of the zero-current
ocean response. However, in case 6, the phase values for maximum
and minimum responses are different from case 5. For a fixed value
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Fig. 9.9 Ocean responses from numerical experiments, case 6.
(a) KEi n ; (b) AIKE m ; (c) APE; (d) AT m i x • Contour intervals are
(a) 0.5 kJ/m 2 ; (b) 0.5 kJ/m 2 ; (c) 0.2 kJ/m2 ; (d) 0.05C. See
Table 9.1 for choices of parameters.
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of ui m , the largest AIKE m values occur around (p m = 90 0 . The primary
reason for this result is because the energy flux from the wind is
dominated by the dot product of the wind and surface current during
the period of strongest winds. Background inertial currents with
values of (p m around 90 0 end up pointing nearly northward (i.e. in
the same direction as the wind) around day 1.5, when the winds are
strongest. The smallest (i.e. most negative) values of AIKE m occur
around 270°, i.e. for cases when the background currents oppose the
winds when the winds are at their strongest. (Perhaps, then, it
would be more practical to define the phase of the background
currents relative to the wind direction at the peak of the storm, but
the present definition of phase does not detract from the findings).
It is also interesting that, in case 6, the phase values for maximum
and minimum responses for APE and AT m i x are different from the
values for AIKE m and KEi n . For APE and AT m i x , the greatest
responses occur at around (p m = 135 0 and the smallest occur around
(Pm = 340°.
For background currents of 10 cm/s, the ocean response varies
by only about 10% (or less) of the zero-current response for KEin,
APE, and AT m i x . For AIKE m , however, the variation about the zerocurrent response is about 90% (range is roughly from 0.1 to 1.5
kJ/m 2 ; zero-current value is 0.8 kJ/m 2 ). For a 20 cm/s background
current, KEi n , APE, and AT m i x vary by roughly 25% or less of their
zero-current values, while AIKE m varies by roughly 160%.
Figure 9.10 shows a scatterplot comparison of AIKE m and total
inertial kinetic energy changes of the entire column (150 m), AIKE,
for all six Ocean Storms numerical experiments (i.e. 1046 model runs;
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)

Fig. 9.10 AIKE m vs. DIKE for numerical experiments, cases 1
through 6, all model runs.
Solid line represents a linear least squares fit through the
origin (slope 0.78; residual standard deviation 0.42 kJ/m2).
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c.f. Table 9.1). On average, about 20% of DIKE appears below the
mixed layer. A least squares fit through the data indicates that, on
average, about 78% of AIKE is accounted for in the mixed layer
(standard deviation of the residual is 0.42 kJ/m 2 ).
How does the LMD model partition the incoming energy?
Figure 9.11 (a) shows a scatterplot comparison of AIKE and KEi n for
case 1 (the maximum value of A is limited to 1.4 Nm -2 here; values
of A=0 are omitted). AIKE can be seen to vary from 0% to roughly
55% of KEi n . A more careful examination shows the ratio of AIKE to
KE i n is closely related to the rotation rate of the winds, characterized
by F in Figure 9.11 (b). The pattern is symmetrical about F=1. For
F=1, between 48% and 55% of KEi n ends up in AIKE by the end of the
storm; for F=0 or 2, the percentage decreases to roughly 6%; for
values of F less than zero (and, presumably for r > 2), the percentage
approaches zero. Thus, the percentage of kinetic energy input which
resides in IKE at the end of the storm is very much a resonant
response itself. (There is also a slight dependency on A, which can
account for a variability of roughly ± 5% at r=1 and is nearly
negligible near F=0 and F=2. However, the dependency on A is
complicated. Near F=1, AIKE/KEi n decreases with increasing values of
A; as one moves off resonance, the peak value of AIKE/KEi n occurs at
an intermediate value of A; for F near 0 or 2, AIKE/KEi n is larger for
greater values of A).
Figure 9.12 depicts the relationship between AIKE and KEi n for
case 2 (t s = 2 days) and may be compared directly with Fig. 9.11.
The effect of the longer storm period in case 2 is to sharpen the
resonance peak in the plot of AIKE/KEi n vs. F (Fig. 9.12 (b)).
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Fig. 9.11 Partitioning of KEi n into LUKE - case 1.
(a) HIKE vs. KEi n (0 < A S 1.4 N/m 2 plotted). Data are
almost perfectly symmetric about F=1; symbols were chosen
to reflect that symmetry (closed triangles for r=i.o [i.e.
F*=0]; open triangles for r=0.8 and 1.2 [i.e. F*=0.2]; closed
squares for r=0.6 and 1.4; open squares for F=0.4 and 1.6;
closed circles for r=0.2 and 1.8; open circles for F=0.0 and
2.0). For F < 0.0, DIKE approaches zero. (b) AIKE/KEi n vs. F.
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Fig. 9.12 Partitioning of KEi n into AIKE - case 2.
(a) AIKE vs. KEi n (0 < A 5 1.4 N/m2 plotted). Symbols are as
defined in Fig. 9.11. For r < 0.0, AIKE approaches zero.
(b) AIKE/KEi n vs. F.
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In practice, F, n, i s and A are probably not very useful for
parameterizing real storms, since wind rotation during storms is not
constant and the envelope of the wind stress magnitude is seldom
shaped like some power of a sine function. Nevertheless, the results
of Fig. 9.11 (b) and Fig. 9.12 (b) suggest a relationship between the
spectral power of the wind stress at the inertial frequency and the
percentage of KEi n that resides in DIKE by the end of the storm. Fig.
9.13 shows values of AIKE/KEi n plotted against P(f)/Pmax for all
model runs case 1 and case 2 for which 0 < A < 1.4 Nm -2 . Here P(f) is
the spectral energy density at the inertial frequency for a given
storm and P max is the spectral energy density for a storm with the
same envelope (i.e. the same time series of wind stress magnitude),
but with the wind direction rotating purely inertially. Thus, a value
of F*=0 (i.e. F=1) corresponds to a value of P (0/Pmax of 1. For other
choices of F*, however, the value of P(f)/Pmax is less than one and
depends on the length of the storm. Values of F * associated with the
various model runs are provided in Fig. 9.13. Notice that all the data
in Fig. 9.11 and 9.12 are collapsed very well in Fig. 9.13 by the
parameterization P(O/Pmax•
The value of P(f)/Pmax is determined uniquely by the value of
F * , the wind stress envelope shape (sine-squared here) and length
(t s ). For a fixed value of i s and F* in Fig. 9.13, the vertical scatter is
associated with different storm amplitudes. However, there is no
simple ordering of the scattered data points with A: in some cases,
the largest value of AIKE/KEi n is associated with the largest value of
A; in other cases, the largest value of AIKE/KEi n is associated with an
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Fig. 9.13 AIKE/KEi n vs. P(O/Pmax - cases 1 and 2.
Results for case 1 [open circles; t s =1 day] and case 2 [crosses;
t s =2 days] (0 < A 5 1.4 N/m 2 ). For the chosen form of the
storm time series, P(f)/P max depends only on r* and ts . For
a given case, the vertical scatter at a fixed value of
P(f)/P max is associated with the different storm amplitudes
(associated values of r* are lower right of the vertically
scattered data for case 1 and to the upper left of the data for
case 2). P(O/Pmax and AIKE/KEi n approach zero at values of
r*>1.0 and F * > 0.4 for cases 1 and 2, respectively.
232

intermediate value of A. For a given value of i s and F* and the range
of values of A considered here, the rms scatter in the vertical is on
the order of 5% or less.
Figure 9.14 (a) and (b) show scatterplot comparisons of AP E
and KEi n for case 1 and case 2, respectively (data are limited by 1
< A < 1.4 Nm -2 for clarity). In both cases, the data roughly follow a
straight line. In Fig. 9.14 (a), the values of APE range between about
5% and 15% of KEi n , and the average value and standard deviation of
APE/KEi n are 0.09 and 0.03, respectively. In Fig. 9.14 (b), the range
of values of APE/KEi n is from about 4% to 18% and the average value
and standard deviation are 0.10 and 0.04, respectively. The range of
values of APE/KEi n is chiefly associated with a slight dependence on
rotation rate (as identified by the different symbols in Fig. 9.14);
there is also some minor sensitivity to the duration of the storm. In
particular, consider the case of a fixed value of KEi n (which can be
maintained, for a given value of n and t s , by adjusting A
appropriately). As one moves away from resonance (F*=0), APE first
increases slightly, indicating that more energy is being transferred
from the inertial currents to TKE and subsequently to PE (through
negative values of TKEb). Thus, for a fixed value of KEi n , the
maximum values of APE do not occur when the winds are at
resonance, but rather when they are slightly off resonance (F*
roughly 0.4 to 0.6 in Fig. 9.14). As r* continues to increase, APE then
begins to decrease until it reaches values less than the value at
resonance. The implication here is that more of the energy being
transferred from the inertial currents into TKE is being dissipated
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values of r* as follows: closed triangles=0; open
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234

rather than being transferred into potential energy (i.e. the
magnitude of TKEb decreases).

C. Model Studies with a Variety of Density Profiles
The time series of CASID temperatures from the analyzed
OCEAN STORMS data span only 3 months. In order to examine the
sensitivity of the model response to stratification, I have used five
different temperature profiles, corresponding to the mean monthly
temperature profiles at OWS-P for August through December (see
Fig. 1.1; note that the stratification used in cases 1 to 6 is comparable,
though not identical, to the October profile at OWS-P). This subset of
the 12 monthly average profiles covers a broad range of mixed layer
temperatures, depths and sub-mixed layer stratifications.^Salinity
profiles were parameterized by assuming a constant salinity of 32.8
in the upper 100 m and a salinity gradient of -2.05 x 10 -2 m -1 below
(values based on CTD casts during OCEAN STORMS).
This second series of numerical experiments is broken into four
case studies, numbered 7 to 10. For cases 7 and 8, n=2; for cases 9
and 10, n=1 (cases 7 and 9 have t s =1 day; 8 and 10 have t s =1.5 days).
Each of these cases comprise 560 model runs. Table 9.2 summarizes
the choices of parameters for these four cases.
Figure 9.15 shows a scatterplot comparison of AIKE m to DIKE,
using the results from cases 7 through 10 (a total of 2240 model
runs), and may be compared directly with Fig. 9.10. As before,
AIKE m and DIKE appear to be linearly related. A least squares fit of
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Case
n
A
(Nm -2 )
1'
is
(days)
Month
(for
stratification)
# model runs

7
8
9
10
2
2
1
1
0.2 to 0.2 to 0.2 to 0.2 to
1.4
1.4
1.4
1.4
(0.2)
(0.2)
(0.2)
(0.2)
-1.0^to -1.0^to -1.0^to -1.0^to
2.0
2.0
2.0
2.0
(0.2)
(0.2)
(0.2)
(0.2)
1.5
1.0
1.5
1.0
8 to 12 8 to 12 8 to 12 8 to 12
(1)
(1)
(1)
(1)
560 560

560 560

Table 9.2. Parameters for model forcing and initial conditions
for second series of numerical experiments.
A range of parameters is specified for A, I - and month,
with the increment value in brackets. Months 8 to 12
indicate use of mean monthly temperature profiles for
August through December from OWS-P (Fig. 1.1).
Associated mixed layer depths for these five months are
19m, 28m, 38m, 58m, and 80m, respectively.
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Fig. 9.15 AIKE m vs. AIKE from numerical experiments, cases 7
through 10.

Solid line represents a least squares fit (to data points from
all 2560 model runs) of a straight line passing through the
origin (slope 0.81; residual standard deviation 0.57 kJ/m2).
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the data to a line passing through the origin gives a slope of 0.81 and
a residual standard deviation of 0.57 kJ/m 2 . Thus, on average,
approximately 81 % of the change in inertial kinetic energy of the
water column over a storm period resides in the mixed layer, and the
remaining 19% penetrates below the mixed layer. Sensitivity of
these numbers to stratification amounts to but a few percent at most.
Figure 9.16 examines the partitioning of KEi n into DIKE in
terms of

P(f)/Pmax

for cases 7 through 10 (i.e. 2,240 model runs).

Mean values and standard deviations are provided in Fig. 9.16.
Results from each case study are marked with a different symbol.
As was shown in Fig. 9.11, there is some scatter in the values of
AIKE/KEi n associated with storms of different amplitude. In

addition, there is a slight dependency on the stratification. In terms
of the mixed layer depth associated with the stratification profiles,
the value of AIKE/KEi n decreases slightly with increasing mixed layer
depth. There is also a slight dependence of AIKE/KEi n on the shape
and duration of the wind stress envelope, although it is difficult to
identify a systematic relationship.
A scatterplot comparison of APE to KEi n is presented in Fig.
9.17 (a). Data from cases 7 through 10 are plotted, but only values
with stratification corresponding to August (h m =19 m; results plotted
as open circles) and December (h m =80 m; results plotted as plusses)
are provided. As shown in Fig. 9.14, there is some sensitivity of the
ratio APE/KEi n to the wind rotation rate and on storm duration, but
the main dependence is on the stratification (which I shall identify
by the mixed layer depth).
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Fig. 9.16 AIKE/KEi n vs. P(f)/P max from numerical
experiments, cases 7 through 10.
Symbols identify case number: case 7 = open circles; 8 =
open squares; 9 = open triangles; 10 = open stars. Symbols
denote average value of AIKE/KEi n for a fixed value of
P(f)/P max ; vertical bars, centered on each symbol, indicate
± 1 standard deviation.

239

0^50^100

^

150

KE in (kJ / M 2 )

0.20

IIIIIIII

(b)

-

• 0.15w
w 0.10a_
4
0.05-

0.00^

IIIIIIIII
0 20 40 60 80 100

h m (m)
Fig. 9.17 Partitioning of KEi n into A PE - cases 7 through 10.
(a) APE vs. KEi n . Results plotted for cases 7 through 10 for
two choices of stratification (August [h m =19 m], plotted as
open circles; December [h m =80 m], plotted as plusses) and
for A=1.4 Nm -2 only (for clarity). (b) APE/KEi n vs. h m .
Average values of APE/KEi n (solid circles) were calculated
using combined data sets from cases 7 through 10. Vertical
bars indicate ± 1 standard deviation.
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For each of the five months (and, hence, five mixed layer
depths) considered, I have calculated the average value and standard
deviation of APE/KEi n from the combined data sets from cases 7
through 10 (i.e. 448 model runs associated with each month). These
data are plotted in Fig. 9.17 (b). For shallow depths, it is relatively
easy to develop large shears near the mixed layer base and to erode
away at the stratification, thereby increasing potential energy; for
deep mixed layers, however, it is difficult to maintain large shear
near the mixed layer base, so the net potential energy change is
generally small.^By way of example, Fig. 9.17 (b) indicates that, for
h m =19 m, an average of 15% of the input kinetic energy ends up in
potential energy, while only 5% ends up as potential energy for an 80
m mixed layer.
How well does this simple model relating KEi n and hm to AP E
work? Let us consider all the model runs from cases 7 through 10 as
providing a distribution of values of APE. The mean of this
distribution is 1.7 kJ/m 2 and the variance about that mean is 5.84
(kJ/m 2 ) 2 . Given values of h m and KEi n , one can obtain an estimate of
APE (which will be referred to as APE est ) from Fig. 9.17 (b). I have
used all of the data from cases 7 through 10 and determined the
mean squared error associated with APE est to be 0.64 (kJ/m 2 ) 2 .
Therefore, this simple parameterization depicted in Fig. 9.17 (b)
accounts for 89% of the variance in the distribution of APE. The
mean value of PE es t is 1.5 kJ/m 2 .
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D. Shear Production of TKE
Traditional mixed layer models assume that all of the shear
production of TKE occurs within the mixed layer. Some of these
models attempt to parameterize the rate of shear production of TKE
in the mixed layer, even though they explicitly keep the currents
uniform in the mixed layer at each time step. The traditional
approach has been to assume the production rate is proportional to
the quantity p o u* 3 (e.g. Niiler 1975; Garwood 1977). The constant of
proportionality will be referred to as mo in order to be consistent
with a number of the mixed layer models. Gaspar (1988) developed
a new mixed layer model and, in calibrating the model's various
coefficients to experimental results in convective and neutral shear
flows, suggests mo=1.9. Warn-Varnas et al. (1981) use observations
from the MILE experiment to drive a second-order closure model
(Mellor and Durbin 1975) and a third-order closure model (WarnVarnas and Piacsek 1979) for a period of 31 days. They indicate that
the ratio between shear production and p o u* 3 is nearly constant in
both models, although the second-order closure model predicts an
average value of mo equal to 8.5, while the third-order closure model
predicts mo = 6.
It is now clear that mixing can and does occur below the mixed
layer during storm periods, so shear production of TKE is not limited
to just the mixed layer. In my experiments with the LMD model, I
have focussed on net changes in ocean properties over the course of
a storm rather than on production rates during a storm. I have
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therefore chosen to compare the net shear production of TKE over
the course of a storm, TKE s , to TKE W , where
t2

TKEW =1 p o u* 3 dt
t1

9.4

TKE is calculated from Equation 9.2; TKE W is easily computed from
Equation 9.4.
Fig. 9.18 (a) shows a scatterplot comparison of TKE and TKE W
using data from case 7 (for August only). Fixed values of A lead to
fixed values of TKE W ; the different symbols correspond to different
values of F * . For a given value of r*, there appears to be a nearly
linear relationship between TKE W and TKE S . However, the data
clearly depend on F * . At inertial resonance, the ratio between TKE
and TKE W (which I will refer to as M0) in Fig. 9.18 (a) is roughly 12.5;
as one moves off resonance, Mo decreases, reaching roughly 6.5 at
F * =2.
Average values of TKE s /TKE w were calculated for each
stratification profile and each value of F*, using the data from
sensitivity case 7. Fig. 9.18 (b) shows a contour plot of these average
values, plotted against F * and h m . These results show that TKE S /TKE W
can vary by as much as a factor of two, depending on the rotation
rate of the wind. In addition, when the rotation rate is near-inertial,
the mixed layer depth is also important, with more shallow mixed
layers leading to larger values of TKE s /TKE w . On the other hand,
when the wind rotates off-resonance (i.e. F*=1 or greater), there is
relatively little sensitivity to stratification. Examination of results
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Fig. 9.18 Parameterization of shear production of TKE.
(a) TKE vs TKE W from case 7 (for August only). Symbols
identify value of r* (see Fig. 9.14 for symbol definitions).
(b) Contours of average TKE s /TKE w (determined from case
7), plotted as functions of 1-* and mixed layer depth (for
August through December).
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from cases 8, 9 and 10 indicated that M0 is relatively insensitive to
the duration and 'shape' of the storm.
The results in Fig. 9.18 suggest that Mo and probably mo
depend on the rotation rate of the winds and, to a lesser extent, on
the mixed layer depth. At rotation rates which are off-inertial, the
value of Mo is comparable to the results for mo obtained by WarnVarnas et al. (1981); for near-inertial winds, the LMD can predict
values of Mo roughly twice as large as mo. Note, however, that if
only mixed layer production of TKE were considered, values of mo
could be compiled. These values would always be less than Mo, and
perhaps be as small as 1 for large r*.
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X. Summary and Discussion
The principal goal of this work has been to explain the
phenomenon of episodic cooling, including the heat redistribution in
the vertical and the horizontal variability. The approach taken was
to: (1) observe a variety of ocean responses to storms with
measurements; (2) identify a one-dimensional mixing model which
appeared to reproduce these observed ocean responses, especially
those associated with episodic cooling; (3) use that model in a series
of numerical experiments in order to evaluate the influence of
various initial and boundary conditions on the response. This
chapter summarizes the investigation, re-states the principal results,
and discusses implications of the findings.
A. Summary of Observations
Data from the Ocean Storms Experiment were used to identify
storm events and to evaluate pre-storm ocean conditions, surface
forcing during the storm, and the ocean response to the storm. Ten
events were identified.
The MLDs provided accurate measurements of mixed layer
temperature change in a reference frame moving with the mixed
layer, OMLT, since they track the flow at 15 m depth fairly closely.
MLT changes in the reference frame of a CASID buoy, OMLT, were
also determined for each storm event, and the net advection of MLT
at CASID buoys was calculated from the difference between AML T
(interpolated to a CASID buoy position) and OMLT. Advection was
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often small, but there were occasions when it was significant (e.g.
events 1 and 10). An alternate calculation of MLT advection at
CASID buoys was also made using estimates of mixed layer
temperature gradients and the relative flow of the mixed layer past
a CASID buoy. The advection estimates from these two different
calculations are often comparable, but once again there were some
events where they were significantly different. The differences have
been ascribed primarily to inadequate resolution of temperature
gradients, even with MLDs spaced on the order of 50 km apart. As a
consequence of these results, it is clear that A MLT is best measured
from MLDs and that estimates of AMLT interpreted from CASID
buoys, even with corrections for advection, can sometimes be
inaccurate. On the other hand, the effects of advection can be
reduced substantially by averaging observed responses at CASIDs
over several events.
Heat budgets of both the initial (pre-storm) mixed layer and
the upper 120 m were also examined. The net heat transport
through the base of the initial mixed layer was determined as a
residual from the other terms in the mixed layer heat budget.
Estimates were obtained for all of the terms in the upper 120 m heat
budget. For seven of the ten events, the 120 m heat budget was
closed to within 50% of the uncertainty; the errors in the other three
events were ascribed to poor resolution of horizontal temperature
gradients and velocities below the mixed layer (which were made
using groups of three CASID buoys, spaced typically 200 - 300 km
apart).
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In order to evaluate the ocean response to storms, a variety of
characteristic responses were defined: AT m i x (mixed layer
temperature change due to vertical mixing), APE m i x (potential energy
change due to vertical mixing), L\IKE m (change in inertial kinetic
energy of the mixed layer), and A x asm and Ay asm (mean ageostrophic
displacement of a mixed layer drifter due to a storm). A comparison
of these responses to the time integral of the wind stress magnitude,
F mag , indicated that the strength of a storm alone does not explain
the observed ocean responses (see Fig. 7.1).
The biggest observed episodic cooling events occurred in
response to the storm of day 277 (October 4, 1987). The winds
observed at three CASID buoys rotated roughly inertially, as a warm
front and then a cold front passed over the region. The greatest
ocean responses were observed in the northwestern part of the
region, where the rotation of the winds appeared to be most closely
tuned to the inertial frequency, and are therefore suggestive of the
importance of the rotation rate of the wind to the ocean response.
Although there was some significant variability on relatively small
(-50 km) scales, there was a strong, large-scale, northwest-tosoutheast gradient in both A MLT and in the change in mixed layer
currents. The phase of these currents did not change significantly
over the storm period, suggesting that the winds were in phase with
the background currents during the storm.
The heat lost by the mixed layer at the three CASID buoys was
essentially balanced by the heat gain below the mixed layer. Mixed
layer temperature changes at those buoys varied from roughly -0.3 C
to -1.1 C at the three CASIDS. By comparison, the greatest mixed
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layer temperature change observed during STREX was -0.6 C (LMN).
Estimates of the average thermal diffusivity in the thermocline
during the day 277 storm were calculated at the depth of maximal
heating (on the order of 50 m depth at the three CASID buoys).
These values ranged from 7 x 10 -4 to 16 x 10 -4 m 2 s -1 , or roughly two
to four times higher than the value quoted by LMN for a typical
episodic cooling event (4 x 10 -4 m 2 s -1 ), and one to two orders of
magnitude higher than the thermal diffusivity associated with
mixing due to background internal waves (0.3 x 10 -4 m 2 s -1 [Gargett
1984]).
B. Model Predictions and Observed Responses
Three different one-dimensional mixing models were used to
try to reproduce the observed ocean responses for the ten events.
These models were the Mellor-Yamada (MY) level 2 1/2 model, the
Price-Weller-Pinkel (PWP) model, and the new Large-McWilliamsDoney (LMD) model. In general, all three models predicted both
large responses and minimal responses to storms. When compared
against the observations, all three models performed well in terms of
dynamic responses (AIKE m , Ax asm , and Ay asm )• The LMD model,
however, also compared favourably with APE m i x (underestimating
the observations by only 14% on average) and AT m i x (overestimating
by 20% on average). The key to the LMD model's success in the
comparisons against observed responses appears to be its ability to
mix deeper into the stratified region below h m than the PWP and MY
models for the same initial conditions and wind forcing.
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As a check on the correction of the wind speeds to ECMWF, all 3
models were run with winds not corrected to ECMWF. All three
models performed poorly in these runs, underestimating observed
responses by 50% and more. These results add strong support to the
LEA's contention that the corrections need to be applied and also
suggest the corrected winds are representative of the actual forcing
present during the observation period.
The goal of the model intercomparisons was primarily to find a
mixing model that reproduced the observations. The LMD model was
found to reproduce all of the observed responses reasonably well
and was therefore selected for subsequent numerical experiments.
This is not to say that all three models could not be better tuned to
the observed responses. For example, Martin (1985) used a standard
version of the Mellor-Yamada level 2 1/2 code to model ocean
properties at OWS-P for a one year period, and found the model
over-predicted the SST in the summer and early fall. Mellor (1989)
added a parameterization of the square of the internal wave shear,
given by 0.70 N 2 (where N is the buoyancy frequency) to that model,
re-ran the model with the same forcing, and found much better
agreement with observations. Gaspar (1988) has tuned a variety of
mixed layer models to a long time series of observations at OWS-P.
It should also be noted that, since my work on this research began,
LMD have used the Ocean Storms observations described in this
thesis to help determine the critical bulk Richardson number as a
function of vertical resolution (I have used a value of 0.25 in this
work).
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C. Numerical Experiments with the LMD Model
In order to determine the relative importance of forcing and
initial conditions on the upper ocean response to storms, I carried out
a number of numerical experiments using the LMD model. Model
storms were defined in terms of four parameters: the peak wind
stress A; the rotation rate of the wind vector, F=o)/f (symmetries in
response also led to the definition of the parameter F*. IF-11); the
duration of the storm t s ; and the shape of the storm envelope (chosen
as sine-squared [n=2] or sine [n=1]). Background velocity profiles
and stratification were also varied in order to study the importance
of initial conditions. In addition to the previously-mentioned ocean
responses, the net input of inertial kinetic energy, KEi n , was found to
be a useful quantity to consider.
The local rotation rate of the winds during a storm was shown
to be an important parameter and necessary for strong episodic
cooling and the generation of large inertial currents. The ocean was
shown to be a resonant system, with a resonant frequency equal to
the inertial frequency. For a fixed storm period, amplitude and
duration and fixed initial conditions, the greatest responses of KEin,
AIKE, APE (net change in potential energy), and AT m i x all occur when
the local wind rotates anti-cyclonically at the inertial frequency

(r*.o). The responses were essentially symmetric about the inertial
frequency. As one moves away from the inertial frequency (F*> 0),
the net energy input decreases, as do AIKE, APE, and AT m i x .
Interestingly, for moderate-to-high values of A, AIKE drops off more
rapidly with F* than do KEi n , APE or AT m i x .
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The concept of inertially-rotating winds generating large
inertial currents has been previously considered by Pollard and
Millard (1970) and others. Of particular interest is the work of
D'Asaro (1985c), who used a simple mixed layer model and longterm wind observations at several sites around the world to examine
the energy flux from the wind to inertial currents. He found the
major forcing events were usually associated with translating cold
fronts or small low pressure systems, which generally pass through a
region within a day or two. Winds associated with larger synoptic
scale atmospheric features, such as large-scale low pressure systems,
do not generate inertial motions in the upper ocean. D'Asaro (1985c)
also identified a strong seasonal cycle in the inertial forcing, with the
strongest forcing from October to February at OWS-P. According to
the model, the energy transferred to the ocean is inversely
proportional to the mixed layer depth. When the seasonal variability
of the mixed layer depth is taken into account, the maximum energy
flux is in October (because of strong wind forcing and a relatively
shallow mixed layer depth). Based on the results of my work, it
seems likely that the storms which generate large inertial currents
are the same storms which are responsible for the most dramatic
episodic cooling events. (As explained previously, however, simple
mixed layer models such as that used by D'Asaro cannot properly
describe the observed vertical re-distribution of heat associated with
such events). It should also be noted that research on hurricanes
(e.g. Price 1981; Price et al. 1993) has shown greater changes in
mixed layer temperature on the right hand side of the storm track,
where the local winds rotate in an inertial sense.
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Fig. 9.3 and 9.4 show model time series of the evolution of the
temperature and velocity structure of the ocean and provide insight
into the importance of the wind rotation. When the wind rotates
inertially (Fig. 9.3), momentum is transferred down from the surface
effectively, with the current vectors all pointing in the same
direction. The shear within the mixed layer is kept to a minimum as
the storm progresses, so the amount converted to TKE is kept to a
minimum and up to 60% of the incoming energy remains in the
inertial currents. The magnitude of inertial currents therefore
becomes large, leading to large shears at the base of the mixed layer
and into the thermocline, which in turn leads to significant mixing of
colder, heavier waters from below and hence an increase in potential
energy.
When the winds do not rotate inertially (e.g. Fig. 9.4), the nearsurface currents begin to rotate out of phase with the wind, so the
net energy input is reduced. In addition, there is significantly more
shear in the mixed layer, primarily associated with the rotation of
the currents with depth, which transfers more energy from the
inertial currents to TKE. The vertical transfer of momentum is such
that the magnitude of the inertial currents is not maximized, so the
shear that appears at the base of the mixed layer is substantially less
than in the case of inertial winds. Consequently, the amount of
vertical mixing is also reduced. There is also very little mixing that
penetrates into the thermocline region, so the overall response
appears more consistent with mixed layer deepening.
D'Asaro (1985a) presents current and temperature profiles
before and after a storm and indicates that the storm appeared to
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have generated inertial currents below the mixed layer. He also used
a model of internal wave dynamics to reproduce the observed
evolution of inertial motions after the storm and found the model to
be consistent with the data only if turbulent stresses extended below
the mixed layer during the storm. The work of LMN also indicates
that vertical mixing occurs below the mixed layer during episodic
cooling events. The results of my work also shows that mixing of
both momentum and temperature occurs below the mixed layer.
A somewhat surprising result from the numerical experiments
is the very nearly constant proportion (80%) of DIKE that remains in
the mixed layer (AIKE m ), so the remaining 20% appears below the
mixed layer. This result suggests that, given the change in mixed
layer currents and mixed layer depth across a storm, one can very
simply estimate the net change of inertial kinetic energy over the
whole water column. I am unaware of any measurements to support
this finding in detail.
In terms of energy partitioning, consider the case of a fixed
value of KEi n , with no background currents and zero surface
buoyancy flux. The initial transfer of energy from the wind to the
ocean occurs through generation of inertial currents in the surface
layers of the ocean. As vertical shear increases, turbulence increases
and momentum is transferred to greater depths by Reynolds
stresses. Over a storm period, the net transfer of energy to inertial
currents is greatest (between roughly 45% and 60% of KEi n ) when
the winds blow purely inertially, and falls to zero as the wind
rotation frequency moves away from inertial. A relatively simple
parameterization of DIKE/KEi n was obtained in terms of P (f)/Pmax,
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where P(f) is the ratio of spectral energy density of the wind storm
at the inertial frequency and Pma x is the spectral energy density at
the frequency for a storm with the same time series of wind stress
magnitude, but with the wind direction rotating inertially (see Fig.
9.16).
APE, on the other hand, depends primarily on mixed layer
depth and varies only slightly with rotation frequency (at r*.o, AP E
is usually between 6% and 12% of KEi n ; for 0 < F* < 1, the percentage
rises slightly and then falls; for r* > 1, the percentage continues to
drop until it reaches about 4% to 6% at F * = 2). A simple
parameterization of APE/KEi n was obtained in terms of mixed layer
depth (Fig. 9.17). For a fixed KEi n , it is clear that AIKE and APE have
very different relationships to the rotation rate of the winds.
Large background inertial currents can modulate the ocean
response to storms significantly. Two test cases were considered:
one for a storm with the winds rotating inertially, and one with the
winds blowing in a fixed direction (t s =1 day; A=0.6 Nm -2 ). For the
inertially-rotating case, all the ocean responses were enhanced when
the wind rotated in phase with the background currents and were
suppressed when the winds opposed the currents; when the
background currents were ± 90 0 to the wind direction, the responses
were essentially the same as for no background current. Background
currents of 10 cm/s resulted in a variability of about 10% in KEin,
AIKE m , APE, and AT /n i x ; 20 cm/s currents resulted in a variability of
20% in each of the responses.
For the case of winds blowing in a steady direction, there is
also significant modulation of the ocean responses by the background
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currents. The modulation, however, was more complicated in this
case. Although KEi n was positive for all background currents, there
were situations where AIKE m was negative, indicating energy was
being removed from the inertial currents. Interestingly, the
maximum and minimum changes in APE and AT m i x occurred at
different phase values for the background current than did the
maximum and minimum changes in KEi n and AIKE m . A 10 cm/s (20
cm/s) background current resulted in a variability of about 10%
(20%) in KEi n , APE, and ATmix, but about a 90% (160%) change in
AIKE m . Thus, the sensitivity of AIKE m to background currents also
depends significantly on the rotation rate of the wind. It was also
suggested that the orientation of the background currents relative to
the wind is probably best evaluated at the time of the peak of the
wind storm.
Surface fluxes of heat were found to have relatively little
influence on the ocean response to a storm, except in terms of APE.
For APE, the influence of the surface heat flux on the response could
be approximated by a fixed offset. This offset is simply the change
in potential energy over the water column calculated by assuming
the heat gain or loss through the surface is uniformly distributed
over the initial mixed layer. By implication, there is very little net
enhancement or suppression of vertical mixing due to the surface
heat fluxes, so APE m i x is minimally affected (on the order of 5-20%
for heat fluxes of ±100W/m 2 ).
Mixed layer models generally assume that all of the production
of TKE occurs within the mixed layer. A number of these models (e.g.
Garwood 1977; Gaspar 1988) parameterize shear-generated TKE
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within the mixed layer by assuming it is proportional to p o u* 3 , with
estimates of the constant of proportionality mo varying from around
1 (Niiler 1975) to 8.5 (Warn-Varnas et al. 1984) It is now clear,
however, that mixing can and does occur below the mixed layer
during storms. Therefore, some portion of the shear-production of
TKE must occur below the mixed layer.
I have used the LMD model to examine the relationship
between the total shear production of TKE within the water column,
integrated over of a storm period, to the time integral of p o u* 3 . The
ratio of these two quantities was found to depend on both the mixed
layer depth and the rotation rate of the wind, varying from roughly
6 to 13 for the range of parameters examined, with the largest
values occurring for shallow mixed layers and inertially-rotating
winds. If mixed layer models did consider shear production of TKE
below the mixed layer, it is likely that they would require
parameterization of Mo in terms of h m and T*. It is also likely that
m 0 should be made a function at least of r*, and possibly of h m .
D. Episodic Cooling
The ocean is a resonant system, with a resonant frequency
equal to the inertial frequency (see Figs. 9.2 and 9.5). The key to
large episodic cooling events therefore appears to be storms during
which the winds rotate anticyclonically at a frequency at or near f.
When the rotation rate is not near f, the ocean response is
significantly reduced and episodic cooling is much smaller.
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For a given storm event, the greatest changes in MLT and PE
will occur when the mixed layer depth is relatively shallow. Large
background currents can modulate the ocean response to a storm
significantly. Surface heat fluxes during a storm can account for MLT
changes of perhaps a few tenths of a degree at most. Such fluxes do
not, however, play an important role in the vertical mixing and
heating below the mixed layer, both of which have been associated
with episodic cooling (LMN).
For the observed responses associated with the day 277 storm,
the pre-storm inertial currents were very nearly in phase with the
nearly-inertial winds (for example, an extrapolation of the pre-storm
mixed layer inertial current near CASID buoy 10061 to a time of
roughly day 277.5 [i.e. during the peak of the storm] gives a phase
angle 9 of roughly 15 0 ; the wind vector at this time had a phase
angle of approximately 16 0 ). The pre-storm inertial currents
therefore actually enhanced the ocean responses over what they
would have been with no background current. Clearly this is a case
where the ocean response to a previous storm provided conditions
for enhanced mixing during the day 277 storm. On the other hand, if
the day 277 storm had arrived roughly 8 hours earlier or later, the
pre-existing inertial currents would have opposed the winds and the
ocean responses would have been significantly smaller.
Finally, it should be noted that geostrophic currents were not
incorporated into the models. The net input of kinetic energy
depends, of course, on the dot product of the surface current and the
wind stress, so there may be some additional source of mean kinetic
energy (and some modest amount of shear) that has not been
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accounted for. Generally, the surface currents were on the order of
10 cm/s or less. The mixing models, however, did quite well without
considering the geostrophic flow.

E. Future Directions
As mentioned in Chapter I, episodic cooling has been observed
in several regions around the world, including the North and South
Pacific Ocean, the South Atlantic Ocean, and the Baltic Sea. An
important next step is to examine the importance of episodic cooling
around the world. One study presently under consideration would
involve using the multi-year wind fields from the ECMWF TOGA
Advanced Operational Data Set to carry out a global evaluation of
episodic cooling, the flux of energy from the wind to inertial currents,
and the ultimate partitioning of that energy into near-inertial waves,
potential energy changes, and viscous dissipation. Such an
evaluation could provide some simple parameterizations of ocean
responses in terms of winds, geographical location, and season. One
could therefore develop a climatology of ocean responses to storms,
which could in turn be used to provide bottom boundary conditions
for atmospheric models.
Many coupled atmosphere-ocean models have very simple
oceans, such as a mixed layer of constant depth. However, as
mentioned earlier, simple mixed layer models cannot reproduce the
vertical re-distribution of heat associated with episodic cooling
events. All three models examined in this thesis reproduce the
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observed changes in the temperature profile in at least a qualitative
sense, as well as other measures of the ocean response. It would
clearly be desirable to incorporate such a mixing model in largescale, coupled atmosphere-ocean models for heat budget studies on
time scales of hours to (at least) months.
It is also recognized, however, that there is a growing need to
make weather and climate prediction models more physically
realistic in other ways as well (e.g. incorporation of chemical and
biological transports and processes), which in turn makes more
demands on computer resources. Another approach might then be to
construct a different model, one which is simpler than the MY, PWP,
and LMD models but more realistic than a mixed layer model. At the
bare minimum, I believe that an ocean model would need at least
three vertical regions to reproduce the kind of response observed
during episodic cooling events: a mixed layer region, a seasonal
pycnocline, and a permanent pycnocline. The LMD, MY and/or PWP
models could be used to provide guidance for the development of a
such a mixing model.
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Glossary
A^maximum wind stress magnitude for a model storm
Ah(a,b)^heat content change between depths a and b due to
horizontal advection
A h d^heat

content change between the initial mixed layer

depth and 120m due to horizontal advection
A h (a,b)^heat content change between depths a and b due to
vertical advection
Av d^heat content change between the initial mixed layer
depth and 120m due to vertical advection
AmELT^change in mixed layer temperature due to
horizontal advection
b^buoyancy
B(r)^temperature covariance function
c p^specific heat of sea water at constant pressure
cpo^reference value of c p (4.184kJ/Cm 3 )
CD^drag coefficient
CE^Dalton number
CT^Stanton number
d^number of the day of the year
d r^day number of summer solstice (173)
d y^average number of days per year (365.25)
e^turbulent kinetic energy (per unit mass)
E^evaporation rate
ET^variance estimate of objectively analyzed
temperature estimate
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Fmag^time integral of wind stress magnitude over storm
period
g^gravitational acceleration (9.8 ms -2 )
hE^Ekman depth (i.e. depth of a neutrally stratified
planetary boundary layer)
h m^mixed layer depth
hm 1^pre-storm

mixed layer depth

hm 2^post-storm

mixed layer depth

ht^depth of bottom of transition layer
ht 1^pre-storm depth of bottom of transition layer
h w^significant wave height
Isw(z)^shortwave heat flux at depth z
1 120^imbalance in 120m heat budget
K q^turbulent diffusivity of turbulent kinetic energy
Km^turbulent diffusivity of momentum
KH^turbulent diffusivity of heat
KEin^net

transfer of mean (inertial) kinetic energy across

ocean surface
L^Monin-Obukhov length
L u^correlation length scale for velocity
MLT^mixed layer temperature
P
P

pressure
precipitation rate

P(f)^spectral energy density of wind stress at the
inertial frequency for a given storm
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Pmax^spectral energy density of wind stress at the
inertial frequency for a storm with a given
envelope, but with the wind direction rotating
purely inertially
PBL^planetary boundary layer
PEin^net transfer of potential energy across ocean
surface (due to buoyancy fluxes)
q^turbulent velocity scale
q*^humidity scale
Qc^sensible heat flux at ocean surface
Qe^latent heat flux at ocean surface
Qlw^net longwave heat flux at ocean surface
Qlwi^incoming longwave heat flux at ocean surface
(negative)
Qlwo^outgoing longwave heat flux at ocean surface
(positive)
Qm 1^net heat lost over initial mixed layer depth
due to surface heat fluxes
Qsw^shortwave heat flux at ocean surface
Qswi^incoming shortwave heat flux reaching ocean
surface
Qrad(a,b)^net heat lostover depth range a to b due to
surface heat fluxes
Qt^net surface heat flux
Qr^net heat lostover upper 120m of ocean due
to surface heat fluxes
Q^humidity
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rc1=- (xc1 , Ycl)

mean pre-storm position of CASID buoy

rc2 = (xc2 , Yc2)

mean post-storm position of CASID buoy

rm 1 =(x m 1 ,y m 1 )

mean pre-storm position of a MLD (for ocean
response calculations, r m its extrapolated to r c i)

rm2 = (xm2 , Ym2)

mean post-storm position of

rfl=-(xft,Yft)

mean pre-storm position of a hypothetical drifter
drogued at a given depth (= rc1)

l'f2=(xf2,yf2)

mean post-storm position of a hypothetical drifter
drogued at a given depth released at r c i at ti.

R(a)

net heat transferred across depth a

Rib

bulk Richardson number

Ribc

critical bulk Richardson number

Rm 1

net heat gained by initial mixed layer due to
turbulent mixing

Rv(a)

turbulent heat flux across depth a

S

salinity

SST

sea surface temperature (C)

tUTC

Coordinated Universal Time (hours)

is

length of model storm

to

beginning of pre-storm quiet period

ti

beginning of storm period (end of pre-storm quiet
period)

t2

end of storm period (beginning of post-storm quiet
period)

t3

end of post-storm quiet period

t*

temperature scale

T

temperature
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^
^

Tat,z)^temperature measured at a CASID buoy
Tcl(z)^mean pre-storm temperature profile at a CASID
buoy
Tc2(z)^mean post-storm temperature profile at a CASID
buoy
T e^temperature

estimate from objective analysis

Terr^average

temperature error associated with 1120

T n 2^variance associated with noise in temperature
measurements
T s 2^variance associated with temperature
measurements
TKE^turbulent kinetic energy
TKEs^net shear prodcution of TKE over the course of a
storm (integrated over water column)
TKE W^time integral of p o u* 3 over a storm period
ui^magnitude of inertial current
ui m^magnitude of inertial currents in the mixed layer
—
ui^inertial current
u*^friction velocity (at ocean surface)
—
uasf=(uasf , vasf) mean ageostrophic velocity (during a storm)
associated with a hypothetical drifter moving with
the flow at a given depth
—

uasm=(uasm,vasm)mean

ageostrophic velocity (during a storm)

associated with a mixed layer drifter moving with
the flow at a given depth

_.
ud m =(ud m ,vd m ) 'instantaneous' mixed layer velocity (from finite
difference calculations)
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Ugm=(.1 gm,Vgm)

geostrophic velocity component in the mixed layer

UgSf -7-- (li g sf, V gs f )

mean ageostrophic velocity (during a storm)
associated with a hypothetical drifter moving with
the flow at a given depth

-10

ugsm=(ugsm,vgsm)mean geostrophic velocity (during a storm)
associated with a mixed layer drifter moving with
the flow at a given depth
U r=(Ur,Vr)

^

relative flow past a CASID buoy at a given depth

usc=(usc,vsc)^mean velocity of a CASID buoy during a storm
Us f=(.1 s f, V s f)

mean velocity of a hypothetical drifter, moving
with the flow at a given depth, during a storm

usm=(usm,vsm)

mean velocity of a mixed layer drifter during a
storm
wind velocity at 10m height above mean ocean
surface

U1OA

wind velocity at 10m height, extrapolated from
CASID buoy observations at 3m height using

^similarity theory
—
Ui0C^wind velocity at 10m height, extrapolated from
CASID buoy observations at 3m height using
similarity theory and corrected to ECMWF wind
speeds
^entrainment velocity of mixed layer
^
Ekman pumping velocity
wE
^reference depth for potential energy calculations
zref
we

a

^

thermal expansion coefficient of sea water
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a r^ocean surface albedo
13^saline expansion coefficient of sea water
Pi^attenuation coefficient for blue-green light in sea
water
02^attenuation coefficient for red light in sea water
8 s^solar declination angle

8H(a,b)^heat content change, from depth a to depth b,
observed at a CASID buoy
81-Id^heat content change, from initial mixed layer depth
to 120m, observed at a CASID buoy
OMLT^MLT change observed at a CASID buoy
AH(a,b)^integrated heat content change, from depth a to b,
following the flow at each depth
AHm i^heat content change over initial mixed layer depth
DIKE^change in inertial kinetic energy of the water
column, determined in a reference frame which
follows the flow at each depth
AIKE m^change in inertial kinetic energy of the mixed layer,
evaluated in a reference frame moving with the
mixed layer
APE^change in potential energy, evaluated in a reference
frame which follows the flow at each depth
APEmix^change in potential energy (due to vertical mixing
processes only), evaluated in a reference frame
which follows the flow at each depth
AMLT^change in MLT observed in a reference frame
moving with the mixed layer flow
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AQ^humidity difference between ocean surface and
10m height
Ar^magnitude of separation vector between two
positions in space
AT^temperature difference between ocean surface and
10m height
ATmix^change in MLT associated with vertical mixing
below the mixed layer and measured in a reference
frame moving with the mixed layer flow
AT t^temperature change across the transition layer
ATKE^net change in turbulent kinetic energy of water
column over a storm period
Ac^net viscous dissipation of energy over a storm
period, integrated over the water column
c^energy dissipation rate
1 ^rotation rate of the wind vector, as a fraction of the
-

inertial frequency
O m (z/L)^non-dimensional similarity function for momentum
0 q (z/L)^non-dimensional similarity function for humidity
(i)t(z/L)^non-dimensional similarity function for
temperature
(Pi^phase of inertial current (navigational polar
11

^

K

X

^

^

Xr

^

coordinate system)
longitude
von Karman's constant (0.4)

latitude

latitude of Tropic of Cancer (23.45°)
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P^density of sea water
Pa^density of air
Pmix2^density

of sea water at end of storm (due to vertical

mixing only)
Po^reference value for density of sea water
(1.027x10 3 kg/m 2 )
a^Stefan-Boltzmann constant (5.678x10 -8 W/m 2 K 4 )
-C=(tx,ty)^wind stress
0^phase of inertial current (standard polar coordinate
system)
O m^phase of inertial current in mixed layer (standard
polar coordinate system)
vM^molecular viscosity
vii^molecular diffusivity of heat
w e^rotation rate of the earth (radians per unit time)
V^solar elevation angle
W^counter-gradient term for momentum
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