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Abstract

The oxygen concentration of the ocean atmosphere system regulates the nature, activity and
diversity of life on Earth. Atmospheric and ocean oxygenation is tightly coupled to the global
biogeochemical cycles of C, N, P, S and Fe, as well as climate. Reconstructing the history
of oxygen on planet Earth, therefore, is a key component to understanding the evolution of
life. Our emergent picture of the evolution of Earth’s surface redox state with its links to
the evolution of life and climate relies heavily on interpretations of geochemical information
preserved in the rock record. The Cr isotope and Fe-speciation proxies are two widely applied
tools used to diagnose redox conditions in both modern and ancient depositional environments.
Many aspects of the precise mechanisms that lend the use of these two transition metals as
paleoredox proxies, however, remain unclear, confounding accurate reconstructions of paleo-
oxygen concentrations that rely on Cr isotope and Fe-speciation data. In this work I studied Cr
isotope and Fe speciation proxy systematics to develop more nuanced frameworks for how these
two paleoredox proxies may be employed to reconstruct depositional redox states in both modern
and past environments. I determined the Cr isotope and Fe mineral composition of modern
marine hydrothermal sediments, revealing Cr isotope fractionations that imply deposition from an
oxygenated deep ocean. I determined Cr isotope fractionations associated with the reduction of
Cr(VI) in modern ferruginous sediments, revealing that the magnitude of Cr isotope fractionation
in such environments is linked to the speciation of Fe and the oxygen penetration depth of the
sediments. I determined Fe-speciation and trace metal abundances of sediments deposited during
oceanic anoxic event 1a (OAE1a), revealing that during this interval the oceans were anoxic
and Fe-rich (ferruginous) for more than 1 million years. Lastly, I determined the Fe-speciation
of suspended and sedimented material from two modern ferruginous lakes, revealing that the
mineral magnetite forms authigenically in the ferruginous water columns. This new knowledge
of Cr and Fe proxy systematics will allow for more refined interpretations of paleo oxygen
concentrations based on Cr isotope and Fe-speciation signals captured in the rock record through
time.
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Lay Summary

Today, oxygen concentrations in Earth’s atmosphere are high enough to support complex animal
life – including perhaps most obviously, humans. Atmospheric oxygen concentrations high enough
to sustain animal life, however, are a relatively new development in Earth’s history, and there
is much evidence to show that oxygen concentrations at Earth’s surface have fluctuated greatly
through time. Reconstructing the evolutionary history of oxygen, therefore, is a key component
to understanding the evolution of life. Earth’s rock record serves as an archive of the geologic
past, and preserved within are geochemical clues as to what past oxygen concentrations in the
biosphere were like. In this work I studied the geochemistry of Cr and Fe in modern and ancient
rocks and sediments, to create new knowledge on the implementation of Cr and Fe as paleoredox
proxies that will allow for more nuanced reconstructions of the complex history of oxygen in
Earth’s surface environments.
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Chapter 1

Introduction

1.1 Oxygenation history of the Earth

The oxygen concentration in Earth’s ocean-atmosphere system is tightly coupled to elemental

cycles and is linked to the evolution of life and the advent of oxygenic photosynthesis – arguably

the most profound evolutionary development in Earth history. The O2 concentration of the

ocean-atmosphere system, however, has changed greatly over geologic time and this change in

oxygen concentrations has consequences for the evolution of Earth’s biosphere [2]. On the modern

earth with 21% atmospheric oxygen, aerobic respiration is the most energetically favourable

metabolism [3]. For the majority of Earth’s history, however, oxygen was likely present only

at trace concentrations (0.01% present atmospheric level, PAL) [4–7]. The oxygenation of the

atmosphere is coupled to biological evolution, as the atmospheric O2 pool represents a balance

between oxygen produced via oxygenic photosynthesis and consumed during respiration and

reaction with reduced chemical species [8–10]. On geologic timescales the redox state of Earth’s

surface environments influences the exchange of carbon between oxidised and reduced reservoirs

and ultimately the amount of organic carbon buried in the sedimentary reservoir – liberating

free O2 [10–12]. Discovery of both biological and geochemical evidence for oxygen in the ocean-

atmosphere system, therefore, is a key component in refining knowledge on of the evolution of

life and Earth’s surface chemistry.

Accumulating evidence indicates two important events in the evolutionary history of oxygen

[2, 6]. The first is an initial accumulation of O2 in the atmosphere around 2.4 Ga, which is

known as the great oxidation event (GOE) [13–15]. The GOE is believed to signify the first major

accumulation of free O2 in the atmosphere, supported by the disappearance of easily oxidised

detrital minerals (pyrite, uraninite) from the rock record, the abrupt disappearance of a non
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mass-dependant sulphur isotope fractionation signal, and multitude other geochemical proxies

[16, 17, 17]. All of these proxies taken in tandem indicate a fundamental accumulation of low

levels of O2 in the atmosphere at this time. The second step toward modern atmospheric O2

concentrations occurred sometime between 0.8 – 0.5 Ga (the so-called Neoproterozoic Oxidation

Event, NOE, e.g. [18, 19], which ushered in an ocean-atmosphere system with PAL. While

imprecise, the timing of the NOE is also concomitant with the diversification and radiation

of complex life [20, 21]. The ∼2.0 billion years, however, between the GOE and the NOE is a

time interval referred to as the “boring billion”. The Mesoprotoerozoic, the geologic era that is

bookended by the first major rise in atmospheric oxygen at the GOE, and then the explosion of

multi-cellular life at the NOE - was likely the time interval that accommodated the evolution

of eukaryotes [22] and as such is anything but “boring”. Conflicting lines of evidence for

highly variable O2 concentrations in the ocean-atmosphere system, however, also characterize the

Mesoproetozoic. Some suggest O2 concentrations were as high as 4% PAL - high enough to support

complex animal respiration [23, 24]. Contrasting this is a growing body of evidence suggesting

that atmospheric O2 remained at consistently low concentrations (< 0.1% PAL) [4, 7, 25]. Given

that complex animals have minimum oxygen requirements [26], the increased diversity of the

biosphere at the end Precambrian has been hypothesized to be linked to a rise in environmental

O2 concentrations [7, 27]. A contrasting view; is that the dramatic rise of animals to ecological

dominance at that time, simply reflects genetic innovation independent of environmental controls

[28]. Major questions still exist, therefore, as to how the evolution of life and oxygen concentrations

might be related.

More recent stable isotope evidence suggests whiffs of O2 potentially linked to oxygenic

photosynthesis as far back as ∼3.0 Ga, much before both the GOE and NOE [29–31]. Importantly,

these lines of evidence suggest the possibility that oxygenic photosynthesis may have evolved

during the Archean Eon, yet oxygen did not accumulate in the atmosphere due to strong fluxes

of reductants at Earth’s surface prior to the Great Oxidation Event (GOE)[14]. It is clear that the

ocean-atmosphere oxygenation state over Earth’s 4.5 billion year history has been nothing short of

dynamic. Even in the last 540 millions years of the current Phanerozoic Eon, atmospheric [O2]

has changed by as much as 20% [32, 33]. Overall, new knowledge on how the oxygenation state
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of Earth has evolved throughout geologic time will inform us about the evolution of life, the

biogeochemical cycling of key nutrients, mass extinctions, and climate change.

Our emerging picture of the protracted oxygenation of Earth’s surface through time relies

heavily on our interpretation of geochemical signals preserved in the rock record. There has been

much work done to develop geochemical tools that inform on oxygenation states, in essence oxygen

proxies, and to determine the mechanistic underpinnings that make these particular proxies useful.

To this end, some of the most widely used redox proxies in both modern and ancient sedimentary

systems are based on the concentration and isotopic composition of transition metals such as Cr, V,

U, Mo and Fe preserved in sediments and sedimentary rocks [34–36]. The utility of these metals

in serving as paleoredox proxies is due to the straightforward observation that their solubility in

the natural environment is linked to their redox state and thus to local redox conditions, and this

normally results in strong sedimentary enrichments under oxygen poor conditions [36]. While

this first order observation is certainly true for both Cr and Fe, certain aspects regarding the

systematics of how these two metals are cycled under varying environmental conditions remain

unknown. In this thesis, therefore, I aim to place better constraints on the biogeochemical cycling

of Cr and Fe, two transition metals whose geochemistry in the natural environment is very much

interconnected. This will allow development of more robust frameworks for the use of these two

metals as paleoredox proxies and enable more nuanced application to help unravel the complex

history of oxygen in Earth’s surface environments.

1.2 Chromium biogeochemistry

Chromium (Cr) isotope ratios are emerging as a sensitive and robust proxy for the evolving redox

state of the ocean-atmosphere system over geologic time-scales [7, 30, 31, 37–40]. First-order

assessments of order of magnitude changes in the oxygen concentration of the atmosphere and

oceans, indeed, can be recorded by large amplitude (several per mil) shifts in the Cr isotopic

composition of marine chemical sediments, notably banded iron formations (BIF), ironstones,

shales and sedimentary carbonates [30, 31, 39–42]. So far, Cr isotope data aligns with broad trends

in the stepwise oxygenation of the Earth based on other proxies [4, 6, 7, 30], however, in depth
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application of the proxy and elucidation of oceanic paleoredox states during key intervals in Earth

history, still requires a more detailed framework to define the biogeochemical processes governing

isotope fractionation and to ultimately know how different δ53Cr signals are preserved in the

rock record. While Cr isotopes appear to hold great promise for the reconstruction of paleoredox

conditions, more nuanced applications would require a much more granular view of global Cr

cycling and its impact on the distribution of Cr isotopes in the relevant sedimentary pools that

serve as Cr repositories and archives of the past. To develop a framework for how Cr geochemistry

is linked to ocean-atmosphere oxygen content, I must first introduce current knowledge of the

modern Cr biogeochemical cycle. The current, and relatively high-level picture of the modern

global Cr cycle is illustrated schematically in (Fig. 1.1).

Cr2O3             Cr(VI)aq
MnO2

Cr(VI)aq , δ53Cr = -0.12 – 5.00‰

Continental runoff

Cr(VI)aq, δ53Cr  = 0.13 – 1.24‰

Cr(VI)aq                  Cr(OH)3 

Fe(II), H2S

Cr2O3           Cr(III)aq
H+

Cr(OH)3                   Cr(III)aq δ53Cr BSE
 

1

2

3

4
Reactions

1.  Cr(III) oxidation
2.  Acid Cr(III) dissolution
3.  Hydrolysis 
4.  Cr(VI) reduction

Hydrothermal 
vents

Chemical sediments

Soils

Continental weathering

Seafloor weathering

δ53Cr = -0.57 – 5.00‰

1

Figure 1.1: The modern chromium biogeochemical cycle, modified from [30]. We display the Cr isotope compo-
sition of the two main Cr fluxes to the ocean (Continental runoff, δ53Cr = -0.12 – +5.00h, [43–45], and
Hydrothermal vents, δ53Cr = -0.12 ± 0.1h, the igneous silicate Earth composition (ISE), [46]), as well as the
four main reactions (numbered) that control Cr isotope fractionation. The δ53Cr composition of the marine
sediment reservoir ranges from -0.57h to 5.00h. Grey arrows indicate the cycling of Cr species that have
undergone a redox reaction, whereas black arrows indicate the cycling of Cr species that have not.
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1.2.1 Chromium speciation

Chromium exists in oxidation states from -2 to +6, and in the natural environment it is present

mainly as Cr(III) and Cr(VI) species. These two redox states have remarkably different geochemical

behaviours, dictating both their distribution and mobility in the environment. The reduced state,

Cr(III), is typically found in octahedral coordination and is the most stable state, forming a wide

range of solid Cr-species. Solid Cr(III) species are incorporated in a variety of rock forming

minerals that are abundant in Earth’s crust, and thus Cr concentrations in Earth’s crust exhibit a

range of 100 - 300 µg g– 1 [47, 48]. Based on thermodynamic considerations, in seawater, dissolved

Cr(III) is largely insoluble and should only be prevalent under strongly reducing conditions [49].

The dissolution of Cr(III) from crustal rocks, and its subsequent delivery to the ocean, is only

promoted under acidic conditions (pH < 4 ) [49]. Cr(III) is also highly particle reactive and forms

strongly hydrolyzed species in solution based on natural pH and redox potential. The particle

reactive nature of Cr(III) species is also thought to be responsible for it’s low concentration in

most natural waters as it sorbs strongly to mineral surfaces and organic matter at pH > 4 and

subsequently scavenged and removed from solution [47, 50, 51]. When considering relevant Cr(III)

species under a given set of conditions, anionic hydroxo species, mixed ligand complexes and

polynuclear complexes are usually ignored due to their limited presence at typical environmental

pH; Cr(III) species are thus usually reported as Cr(OH)2+, which dominates at pH 5, and Cr(OH)3,

which dominates at pH 8.

In natural waters, oxidized Cr, Cr(VI), takes a tetrahedral coordination and forms a variety of

mobile oxospecies (HxCrO2 – x
4 ) depending on the pH of the environment and Cr(VI) concentrations

[50, 52]. Under similar environmental conditions, most Cr(VI) solid species are soluble [51].

Cr(VI) is known to be toxic and carcinogenic and it is widely used in industrial activities,

leading to contamination of surface and ground waters [53]. At circumneutral pH, Cr(VI) is

mostly present as the highly soluble oxyanion chromate (CrO2 –
4 ) and is stable in oxygenated

environments. For concentrations < 10 µmol l– 1, typical of natural waters, Cr(VI) will be found

only as HCrO–
4 or CrO2 –

4 (dependent on pH); chromic acid and hydrogen dichromate (H2CrO4 and

HCr2O7
– , respectively) are found only at low pH and dichromate (Cr2O7

2 – ) species only at high
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Cr concentrations [52]. In contrast to Cr(III) species, in solution at natural pH, Cr(VI) oxyanions

are weakly sorbing and are thus highly mobile [47, 51, 54]. The distinct redox geochemistry of the

different Cr species in the natural environment is ultimately linked to fractionation of its isotopes

and its emergence as a paleoredox proxy.

1.2.2 Chromium redox reactions

Redox reactions determine the mobility, speciation and prevalence of Cr in the natural environment.

Some relevant redox reactions which I explore below, include: oxidation by molecular oxygen (O2),

hydrogen peroxide (H2O2), and manganese (oxyhydr)oxides, and reduction by Fe(II), hydrogen

sulphide (H2S), and H2O2. Thermodynamics imply the presence of Cr(III) to be relatively limited

under oxic conditions. Observations of Cr(III) concentrations in nature that are much higher than

expected based on thermodynamics alone, demonstrates the large role of kinetics in determining

the state of Cr found in the environment [51]. Cr(III) has a large crystal field stabilization, the

highest of all transitional metals, a product of having its 3d electrons in high-spin octahedral

coordination, which gives rise to its strong kinetic stability [55, 56]. Given thermodynamic

equilibrium calculations, and in the absence of Cr(III)’s strong kinetic stability, one would expect

to find a large ratio of Cr(VI)/Cr(III) of 10 20 at a pH of 8.1 and an oxidizing pE of 12.5 [55]. Given

ratios of Cr(VI)/Cr(III) that have been measured in natural environments are much smaller (a

range of < 1 – 70), it is likely that in-situ reduction of Cr(VI) to Cr(III) must occur in order to

achieve such high concentrations of Cr(III); kinetics help to maintain these concentrations, but

alone are not capable of producing Cr(III) in such large quantities [55, 57].

Two common reductants of Cr(VI) in aqueous environments are Fe(II) and H2S. Previous

workers determined reduction by Fe(II) to have an overall rate constant given by the equation;

log(k) = 11.93 + 0.95 · pH–(4260.1/T)–1.06 · I0.5(= 0.2) (1.1)

at pH 5 - 8.7, temperature between 5 - 40◦C, and I = 0.01 – 2 M [56]. Cr(VI) reduction kinetics

were also determined by [58] for Fe(II) bearing minerals. The authors found the reaction kinetics

to decrease as a function of Fe-mineralogy as follows: goethite ∼ ferrihydrite >> montmorillite
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> Fe-clays [59]. It has also been hypothesized that photo-reduction of Fe(III) occurring in ocean

surface waters may provide a significant a source of Fe(II), which is then able to reduce Cr(VI) to

Cr(III) [60]. At high pH, oxygen is more efficient at oxidizing Fe(II) to Fe(III), and thus Fe(II) is

not a significant reductant of Cr(VI) under such conditions [61].

Under anoxic conditions at pH < 5.5, H2S is the dominant reductant of Cr(VI) [62]. Hydrogen

sulphide reduces Cr(VI) with an overall rate equation given by;

log(k) = 16.19–1.06 · pH–(2300.9/T)(= 0.07) (1.2)

This reaction has a first order dependence on pH, no significant effect by ionic strength and a first

order response to the concentration of H2S. Given both Fe(II) and H2S concentrations are limited

under oxidizing conditions, it has been suggested that microbial reduction of Cr(VI) may be the

dominant pathway controlling Cr(VI) reduction in oxygenated waters [62].

The rate of oxidation of Cr(III) by molecular O2 is sluggish, and this allows for the build up of

Cr(III) in natural systems, despite the fact that Cr(VI) is the thermodynamically favoured species.

In a previous laboratory experiment that explored the reaction kinetics of Cr(III) with O2, authors

demonstrated that over a two week period less than 2% of initial Cr(III) was oxidized over a pH

range of 5.9 - 9.9, and at room temperatures [61]. The reaction rate can be increased with elevated

temperatures, however, it is still significantly slower than other kinetic oxidation reactions, such

that Cr(III) will be oxidized by other chemical species before being oxidized by dissolved oxygen

[61].

Hydrogen peroxide is can act as both an oxidant and reductant of Cr. The oxidation of Cr(III)

by H2O2 can be described by the following equation, valid at pH 5 - 7, I = 0 - 1M, temperature

between 5 - 40◦C;

log(k) = −4.60 + 0.87 · pH–(5.13/T)(= 0.06) (1.3)

This rate equation provides an estimated half life in surface waters of about 24 days, compared to

oxidation by O2, estimated at about 500 days [57]. In highly acidic environments at pH < 5, H2O2

becomes a reductant of Cr(VI). This reaction, however, has only been explored in relatively few
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natural environments, for example within atmospheric aerosols and hot springs [57, 63].

Cr(III) oxidation by manganese (oxyhydr)oxides phases is the primary mechanism of Cr(VI)

production in natural environments. The kinetic studies of this general reaction differ widely due

to the varying mineralogy of both Mn and Cr bearing phases, and the pH of the environment

where the reaction takes place [64]. Previous workers demonstrate that this reaction is often

biphasic, and initially Cr(III) is oxidized very rapidly (within the first 30 minutes of reaction time),

after which its oxidation slows dramatically [61, 64–66]. This change in reaction rate has been

suggested to be a result of Cr(III) precipitates that form on the surface of the Mn (oxyhdry)oxides

during the initial reaction phase, and this oxide coating inhibits continued reaction [47, 67].

Importantly, Mn (oxyhdry)oxides act as an electron acceptor in a direct reaction to oxidize Cr(III)

at rates orders of magnitude faster than molecular O2, and thus play a key role in cycling of Cr

species and attendant isotope fractionations that occur in the natural environment.

1.3 The Cr isotope paleoredox proxy

The dramatically different geochemical behaviour between oxidized and reduced Cr species has

led to the development of Cr as a paleoredox proxy, as strong fractionation of Cr isotopes is

mediated by both equilibrium and kinetic redox reactions [31, 68–71]. Chromium has four naturally

occurring isotopes, 50Cr (4.35%), 52Cr (83.79%), 53Cr (9.50%) and 54Cr (2.36%). Equilibrium isotope

theory predicts that the heavy isotope 53Cr will preferentially partition into Cr-species with

stronger bonds (tetrahedral vs. octahedral co-ordination), and theoretical calculations predict

up to 6 - 7h equilibrium isotope fractionation between Cr(III) and Cr(VI) species at standard

state conditions [70, 71]. Large equilibrium fractionations between Cr redox species are predicted

and have been observed in laboratory experiments, however, given that in natural settings, only

very limited amounts of Cr(VI) have been observed to sorb on Cr(III) (oxyhydr)oxide surfaces,

the conditions and timescales of these equilibrium reactions are only relevant in select few earth

surface environments [71].
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1.3.1 Oxidative weathering of crustally bound Cr(III)

Cr resides in the continental crust bound in its relatively low solubility trivalent redox state Cr(III)

and hosted in silicate and oxide minerals [47, 72]. Cr(III) is liberated through oxidative weathering

as Cr(VI), which forms through solid-state catalysis by reaction with Mn-oxides [65]. During

oxidation, Cr(III) loses electrons and the Cr(VI) produced is enriched in the 53Cr isotope. This

occurs through a likely combination of Cr(III) oxidation to Cr(VI), and partial back reduction of

Cr(VI) (or reactive Cr(IV) and Cr(V) intermediates) [30, 73]. For example, when crustal bound

Cr(III) is oxidized to Cr(VI), this leaves Cr(III) in the reactant (weathering profile) isotopically

light. If isotopic equilibration between Cr(VI) and Cr(III) in aqueous solutions is not reached, and

no further redox reactions take place, then Cr(VI) will retain the isotopic composition imparted

during the oxidative weathering process [30, 31]. As mentioned above, the oxidation of Cr(III) in

the presence of molecular O2 alone is sluggish and thus for Cr(III) oxidation to be relevant on

the timescales of environmental transport, the reaction requires the presence of manganese oxide

phases as a catalyst. Manganese oxide production, in turn, requires molecular oxygen. Thus by

extension, the oxidative half of the Cr biogeochemical cycle and the preservation of fractionated Cr

isotopes in marine sediments may provide a record of oxidative Cr cycling and thus the presence

of O2 in Earth’s surface environment.

Relatively few studies have examined the δ53Cr composition of minerals contained in the

vast diversity of crustal rocks. Chromium is a highly compatible element in magmas and as a

result mafic and ultramafic rocks are the major reservoirs in Earth’s crust [74, 75]. The δ53Cr

composition of high temperature crustal rocks and minerals is mostly homogeneous (δ53Cr = -0.124

± 0.1h, [46, 74]) and this narrow range of crustal δ53Cr composition sets the comparative baseline

for determining whether the δ53Cr composition of other environmental samples is fractionated

outside of this inventory range, known as the igneous silicate earth composition (ISE). More recent

mineral specific δ53Cr measurements conducted on Cr-rich chromites, however, show that these

minerals tend to have δ53Cr compositions that fall within the ISE, but with a heavier mean value

of -0.079 ± 0.129h [74]. Other studies also demonstrate small but measurable heterogeneity in the

δ53Cr composition of mantle-derived minerals. For example, chromite minerals have consistently
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heavier δ53Cr compositions relative to chromite free igneous rocks (peridotites) [75]. Ultimately,

weathering of continentally derived Cr(III) contained in the crustal minerals, is the principle

source of Cr delivered to the oceans via runoff (reaction 1, Fig. 1.1).

1.3.2 Riverine delivery of Cr to the oceans

Through riverine transport, oxidative weathering sustains the largest Cr flux to the oceans today

[25, 44, 76, 77]. Rock weathering and anthropogenic inputs of Cr to rivers and are estimated

at 5 x 10 8 mol yr– 1 and 2 x 10 9 mol yr– 1, respectively [78]. Cr may be in particulate or ionic

dissolved form, which based on thermodynamics calculations, would comprise primarily of Cr(VI)

in oxidized water at a pH range 5 - 9, though particle transport makes up a large portion of the

total Cr load in large rivers [77, 79, 80]. For example, Cr speciation of the Columbia River and

estuary shows that Cr(VI) makes up > 90% of the total dissolved Cr, with similar enrichments in

both the estuary and the mouth of the river [81]. Dissolved Cr(III) is present, but only makes up

3% of the total Cr, likely due to it’s slow oxidation kinetics [65]. Particulate Cr is high especially

in the estuary due to flocculation processes and removal of Cr(III) with increased salinity [81].

Cr concentrations measured in the within San Francisco Bay display comparable trends to those

observed in the Columbia River, but large variations throughout the extended region are observed

[68]. The authors assign these differences primarily to physical mixing, resulting from localized

inputs of Cr(III) and in-situ reduction of Cr(VI) in certain areas. The bed lithology underlying

rivers also plays a key role in determining the speciation and concentration of Cr in a given

catchment, and typically Cr concentrations are higher in rivers that drain ultramafic catchments

relative to rivers that drain more felsic lithologies [77]. Globally, there is a large range in the flux

of total dissolved Cr, ranging from 2.2 x 10 2 mol yr– 1 to 2.5 x 10 8 mol yr– 1, the highest fluxes

coming from anthropogenically-contaminated waters (McClain and Maher, 2016). The total Cr

concentration in rivers also ranges over a few orders of magnitude, from 5 – 1923 nM [77]. A

compilation of river, groundwater and estuarine Cr fluxes can be seen in Table 1.1.

A fraction of Cr may also be delivered to the oceans as Cr(III) in rivers, possibly stabilized as

Cr(III)-organic complexes [85, 86]. Cr(III) is also highly particle reactive and exhibits typical

cationic behaviour as its affinity for adsorption increases with pH - this is in contrast to the Cr(VI)
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Table 1.1: Cr River, Groundwater and Estuary Flux Estimates. †World area and discharge from [? ]. ‡World
average Cr(VI) concentration. ?Global Cr(VI) flux = sum of Cr(VI) flux/fraction of world discharge. �Global
area normalized Cr(VI) flux = Global Cr(VI) flux/world area. κWorld average CrTot concentration. φGlobal
CrTot flux = sum of CrTot flux / fraction of world discharge. ψGlobal area normalized CrTot flux = Global
CrTot flux / world area. θ[82]. χ[81]. σ[83]. ρ[84]. ζ[77]. υ[43]

 World Rivers Ground Water Estuary 

Area (103 km2) 79500†	
 

  

Discharge (km3 yr-1) 37288†   

Cr(VI) (nmol l-1) 149.8‡	
 

3.8 – 1000θ 
 

1.00 – 2.69χ 
 

Cr(VI) flux (106 mol yr-1) 1716�	
 

  

Cr(VI) flux (mol km-2 yr-1) 21.59◊	
 

  

Cr(TOT) (nmol l-1) 175.16κ 
 

5.0 – 1000ρ 
 

3.0 – 14.0σ 
 

Cr(TOT) flux (106 mol yr-1) 3506φ 
 

  

Cr(TOT) flux (mol km-2 yr-1) 44.10ψ 
 

  

Citation for concentration ξ
 

ν
 

 
 

Table 4. Cr River, Groundwater and Estuary Flux Estimates. †World area and discharge 
from Dai and Trenberth (2003). ‡World average Cr(VI) concentration. �Global Cr(VI) 
flux = sum of Cr(VI) flux/fraction of world discharge. ◊Global area normalized Cr(VI) 
flux = Global Cr(VI) flux/world area. κWorld average Cr(TOT) concentration. φGlobal 
Cr(TOT) flux = sum of Cr(TOT) flux / fraction of world discharge. ψGlobal area 
normalized Cr(TOT) flux = Global Cr(TOT) flux / world area. θAllard (1995). χCranston 
and Murray (1980). σCampbell and Yeats (1984). ρIzbicki et al., (2008). ξMcClain and 
Maher (2016). ν Raddatz et al., (2011) 
 
 

	

anion that is generally soluble at circumneutral pH [49]. It has also been demonstrated that

organic matter (OM) may play a large role in complexing Cr(III). Previous workers demonstrate

that Cr(III) ions are quickly adsorbed and precipitated in the absence of soluble OM [87, 88].

Thus in most natural waters above pH 5.5, Cr(III) may be present in higher concentrations than

what is expected based on thermodynamics due to stabilization via OM [85]. Generally, Cr(III) is

otherwise only soluble and liberated to solution at acidic pH.

The δ53Cr composition of rivers reflects the products of oxidative Cr(III) weathering on the

continents, imparting the variable but consistently heavy δ53Cr compositions observed in seawater

[1, 41] (Fig. 1.1). Quantitative information on the magnitude of the Cr flux from different rivers is

continually improving, however, limited data exists on the isotopic composition of river water

globally. Cr isotope data measured on select river water samples from around the world reveal that

the Cr isotope composition of the global river flux is quite heterogeneous. Cr isotope compositions

determined in river water and suspended particles from the Connecticut River, USA, display a

range in δ53Crriver water between -0.17 and +0.92h, whereas the suspended particles exhibit a

δ53Cr composition between -0.11 and +0.13h [45]. This data is consistent with the framework that
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river water is expected to deliver a heavy δ53Cr flux to the ocean, yet considerable variability may

be introduced by runoff seasonality and catchment lithology (see section above). Likewise, the

δ53Cr composition of the Uruguay River exhibits a muted range of heavy δ53Cr compositions with

a mean of only 0.08h [44], and in contrast, the Glenariff River waters display a much wider range

of δ53Crcompositions between -0.17 and +1.68h [44]. Again, authors suggest the considerable

variability in the δ53Cr composition of these particular rivers can be attributed to local catchment

lithology and the prevailing redox conditions that may fluctuate over each river’s course. Overall,

current data reveals that the δ53Cr composition of the global river flux is overwhelmingly heavy,

with a range that is consistent with and overlaps the range of current measurements of the δ53Cr

composition of seawater (see seawater section below). Heterogeneity in the river flux δ53Cr,

however, does exist, and this may modulate the isotope composition of ocean water especially in

close proximity to river mouths.

1.3.3 Hydrothermally sourced Cr(III)

The other principle source of Cr to the oceans is hydrothermal vents. The hydrothermal contri-

bution of Cr to the marine Cr inventory, however, remains poorly constrained and is currently

estimated to represent < 1% of the Cr flux supplied from rivers [25]. While hydrothermal vent

fluids are rich in dissolved Cr(III) sourced through the acid dissolution of basaltic seafloor, much

of this Cr(III) is likely scavenged by Fe (oxy)hydroxide particles that form when Fe(II) laden

vent fluids mix and react with ambient oxygenated seawater [89–94]. Deposition of these Fe

(oxy)hydroxides may thus capture the entirety of vent derived Cr for deposition in proximal

hydrothermal sediments [95]. Given the often high abundance of ferrous Fe, a potent reduc-

tant of Cr(VI), in vent fluids, hydrothermal sediments may also capture a fraction of seawater

Cr(VI), making vent systems a net sink for seawater Cr. Recent data, however, also shows that

hydrothermal Fe particles can be transported great distances from their vent sources [96]. While

the fate of Cr in these particles remains entirely unknown at this time, long distance transport of

hydrothermal Fe and associated elements may have implications for the distribution of Cr in the

oceans. Nevertheless, it is clear that an appreciable fraction of Cr from vent fluids finds its way

to the seafloor in association with hydrothermal Fe oxyhydroxide sediments, either from direct
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incorporation of Cr(III) into Fe (oxy)hydroxides, reduction of seawater Cr(VI) via vent Fe(II)aq, or

a combination of both processes.

Acid dissolution of Cr(III) is thought to be associated with minimal isotope fractionation

[30, 97] and given that acid dissolution of basalt liberates Cr to vent fluids, the efflux of Cr(III)

from hydrothermal vent waters is expected to carry an isotopic signature no different from

the igneous silicate earth (ISE), -0.124 ± 0.1h [46]. Furthermore, precipitation of authigenic

Cr(III) phases or sorption of Cr(III) onto oxides is assumed to operate free of significant isotope

fractionation [37, 38]. If hydrothermal Cr(III) escaped removal by (oxy)hydroxide particles in the

vicinity of vents, it would likely carry an igneous reservoir Cr isotope composition—significantly

lighter than the riverine influx of Cr(VI) [30, 46]. Recent laboratory experiments however, indicate

that organic acids are capable of dissolving and complexing significant amounts of Cr(III) from

Cr(III) (oxyhydr)oxides, a redox independent process resulting in isotope fractionations of up to

1.5h [86]. Although the δ53Cr composition of organic ligand bound Cr(III) may play a role in

setting the δ53Cr composition of seawater, the relative importance of these non-redox processes

for Cr(III) cycling in natural environments is currently unknown.

1.3.4 Chromium in seawater

Chromium exists at trace concentrations in the ocean, and the concentration of dissolved species

typically ranges between 1 - 10 nM [1, 77, 81, 98–101]. In oxygenated seawater Cr(VI) should be

the dominant species, and often accounts for upwards of 95% of the total dissolved Cr, which

agrees with thermodynamic calculations [102]. However, the measured ratio of Cr(VI)/Cr(III)

ranges from 0.04 to 70, with significant Cr(III) pools not uncommon [81, 98, 99, 101]. High Cr(III)

concentrations may arise due to the kinetic stability of Cr(III), but local inputs could also contribute

if in close proximity to a river mouth (polluted or naturally high Cr) or a hydrothermal vent

source [101]. Data recording Cr speciation in seawater is rather sparse given the number of years

it has been of interest. Previous workers measured total dissolved Cr profiles in the equatorial

Pacific, with some corresponding Cr(III) data points [103]. Typically, total Cr increased from the

surface to 250 m, and below 1000 m either maintained a relatively homogenous concentration or

gradually increased with depth. In the equatorial Pacific, total Cr concentrations ranged from
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about 7 - 10 nM with Cr(III) dominating at 60 - 99% of the total Cr [103]. Previous workers also

measured two distinct Cr profiles in the northern Pacific, one in fully oxygenated north-eastern

Pacific water and another in the seasonally anoxic fjord, Saanich Inlet in coastal British Columbia

[79, 81]. The authors observe that in oxygenated waters, Cr(VI) is the dominant species present

with concentrations between 1.5 - 3 nM. However, below the oxycline of Saanich Inlet, Cr(VI)

concentrations decrease substantially to < 0.25 nM, while Cr(III) becomes the dominant species

present reaching concentrations of about 1 nM. This implies Cr(VI) reduction under anoxic

conditions combined with Cr(III) sorption onto sinking particles delivered from the oxic layer. In

the Atlantic Ocean, [98] measured Cr speciation in the Sargasso Sea, finding seasonal differences

in speciation, yet a relatively constant Cr inventory. Cr(VI) was typically dominant and total Cr

concentrations ranged from 2.5 - 4.5 nM. Cr(III) concentrations were strongly positively correlated

with biomass and Cr concentrations measured were between about 0.1 - 2.5 nM. Two seawater

[Cr] profiles were determined by [41] in the oxygenated waters off the coast of South Hampton,

and a third profile was obtained in the Argentine Basin. The authors observe no systematic shifts

in the total Cr concentration with depth in either location, with roughly constant [Cr]total of ∼2

nM in the South Hampton waters and ∼6 nM determined in the Argentine Basin waters.

Coupled seawater [Cr] and δ53Cr measurements imply that the global oceans are heterogeneous

with respect to Cr concentration and isotopic composition. For example, Cr concentrations

and δ53Cr compositions were determined in the Atlantic, Pacific and Arctic Ocean waters [1].

Authors find, similar to [41], the δ53Cr composition of seawater is heavy, falling within a range

of ∼0.5 – 1.5h. This implies that there is global heterogeneity in δ53Crcomposition of seawater.

This heterogeneity in the δ53Crseawater composition may arise from supply of fresh waters from

rivers and or local water column reduction of Cr(VI). The authors also demonstrate that most

seawater δ53Cr values can be described by Rayleigh fractionation law, likely resulting from Cr(VI)

reduction to Cr(III) in oxygen minimum zones, operating with a isotope fractionation factor of

ε = 0.80h. Sediments deposited on the seafloor are thought to record the ambient seawater

δ53Cr composition, (e.g. [30, 31, 41, 104, 105]), however few marine sediment samples record

contemporaneous modern seawater δ53Cr values, making it difficult to surmise under what

conditions the sedimentary reservoir faithfully captures the Cr isotope composition of seawater
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and whether this is altered depending on lithology or subsequent diagenesis.

1.3.5 Reduction of seawater Cr(VI) and burial of Cr(III) in marine sediments

Reduction of Cr(VI) to Cr(III) is accompanied by large and characteristic isotope fractionations

(ranging from ε = 0.5 – 6.0h) and occurs via a range of both abiotic and microbial pathways

[37, 43, 105–108]. Given Cr(VI) is the dominant form of Cr in natural waters, its reduction plays a

crucial role in Cr cycling in modern oceans, lakes and rivers as the Cr(III) product is removed to

the sedimentary Cr pool [51, 56]. Cr(VI) removal from seawater results from reduction processes

which enrich the reaction products in the light isotope (52Cr) relative to the reactant. As reduction

progresses the reactant becomes increasingly enriched in the heavy isotope (53Cr) compared to

the Cr(III) product. As mentioned, Cr(VI) reduction is associated with a wide range of electron

donors with variable reaction kinetics, producing different magnitudes of Cr isotope fractionations.

However, all reaction processes identified so far result in the remaining Cr(VI)reactant being further

enriched in the heavy isotope relative to the Cr(III) product.

In sediments underlying oxygenated seawater, sedimentary Cr fluxes are dominated by

lithogenic (detrital) Cr(III), with a mean δ53Cr composition of -0.1 ± 0.1h [104]. An important

consideration when measuring δ53Cr in marine sediments, therefore, is the contribution of detrital

Cr introduced into the environment in question. Currently, δ53Cr corrections for detrital Cr are

often applied using the average Cr:Ti composition of the continental crust (0.02) and assuming that

detrital Cr pool has a δ53Cr composition of the ISE [4, 7, 35, 104]. In marine sediments where the

detrital flux from the continents is particularly high, detrital Cr will dilute the overall authigenic

δ53Cr signal, assuming these phases have a δ53Cr composition of the ISE. More information

on the riverine composition with respect to δ53Cr, and a much broader data set of the δ53Cr

composition of mineral archives of Cr, are both required to narrow down processes of continental

rock weathering, oxidation of Cr(III) and subsequent delivery of Cr(VI) to the ocean.

In marine sediments underlying anoxic seawater, quantitative reduction of Cr(VI) may result

in the δ53Cr signature of deposited Cr(III) capturing the ambient seawater composition, likely due

to the abundance of potential electron donors in oxygen free settings (H2S, Fe(II), organic matter)

[104, 105]. The reasoning here is that these marine settings may act as essentially closed systems
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and Cr(VI) reduction from seawater may be complete, capturing the contemporaneous seawater

δ53Cr value. In contrast, in regions of the ocean with low-oxygen bottom waters where the

underlying sediments have shallow oxygen penetration depths, the sediment δ53Cr composition

has the potential to be fractionated from the contemporaneous seawater composition [105]. This

is because O2 inhibits reduction of CrO4
2 – and fractionation will be limited by diffusion at the

sediment water interface. Therefore, it is likely that the δ53Cr composition of modern marine

sediments is highly dependant on the geochemical conditions of the diagenetic environment, like

oxygen concentrations, a central theme of my thesis research.

1.4 The Fe-speciation paleoredox proxy

1.4.1 Fe geochemistry in Earth’s surface environments

Two positions over from Cr on the periodic table, is Fe – arguably the most informative metal

for the assessment of local redox conditions in modern and ancient depositional environments.

This is largely because Fe is a ubiquitous component of sedimentary environments for it is one of

the most abundant elements in the Earth’s crust [16]. Similar to Cr, iron’s utility as a paleoredox

proxy stems principally from its susceptibility to undergo redox transformations under surface

(or near-surface) conditions [16, 109].

Iron cycling in a given sedimentary environment is governed by its supply and speciation

[16], which are highly dependent on both pH and redox potential [109]. Reduced ferrous Fe(II)

is soluble in anoxic waters at circumneutral and alkaline pH [109]. In anoxic waters, however,

aqueous Fe(II) is often titrated out of the system in the presence of sulphide, due to reactions

between Fe and S and the low solubility of Fe-S species [110]. In sulphide limited anoxic systems,

Fe(II) may also form other reduced Fe-minerals such as carbonates (siderite, FeCO3), phosphates

(vivianite, Fe3(PO4)2 · 8H2O) or mixed valence oxides (magnetite, Fe3O4). In contrast to Fe(II),

ferric Fe(III) is highly insoluble at circumneutral and alkaline pH. In freshwaters at neutral pH,

the dominant dissolved inorganic Fe species is Fe(OH)3
0 with a very minor contribution from

the aqueous Fe3
+ ion [109]. Similar to Cr(III), however, the solubility of Fe(III) in both fresh and

seawater can be enhanced by complexation with dissolved organic ligands [111–114]. Due to its
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low solubility, Fe(III) is mostly transported as particulate or colloidal material in most aqueous

environments, making it one of the few major elements that is transported in the solid phase

[115, 116].

Solid Fe phases are found with a broad range of chemical structures with varying degrees of

crystallinity, which have implications for their reactivity in the natural environment (Fig. 1.2).

Mineral Formula

Ferrihydrite Fe3+O3 - 0.5H20

Lepidocrocite Fe3+O(OH)

Goethite Fe3+O(OH)

Haematite Fe3+
2O3

Magnetite Fe3+
2Fe2+O4

Siderite Fe2+CO3

Silicates (K,H3O)(Al,Mg,Fe2+)2(Si,Al)4O10

Ferrihydrite < Lepidocrocite < Goethite < Hematite < Magnetite < Silicates

Increasing resistance to sulphidation / reductive dissolution

D
ecreasing reactivity tow

ard m
icrobial m

etal reduction

Figure 1.2: The reactivity of Fe species targeted by the Fe-speciation sequential extraction

Fe contained in primary rock forming minerals exists in both reduced and oxidized states.

Common sedimentary Fe(III) species comprise disordered ferrihydrite ((Fe3
+)2O3 · 1/2 H2O), which

ages to ordered ferrihydrite, and given enough time, to other more crystalline forms of Fe such

as goethite (FeO(OH)), lepidocrocite (γ-FeO(OH)) or hematite (Fe2O3), as well as Fe-containing

silicates [117–119]. These mineral transformations are often catalyzed by microbial metabolisms

and can occur on the timescales of transport within a given system [16, 120]. Microbiology

therefore, plays a critical role in the biogeochemical cycling of Fe as the majority of Fe(III) reduction

occurs through an energy yielding respiratory metabolism that couples organic carbon oxidation
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to Fe(III) reduction [120–123]. As such, Fe(III) reduction and Fe mineral transformations also

play a quantitatively important role in global carbon degradation in both aquatic and terrestrial

environments [124, 125]. A plethora of laboratory experiments furthermore, demonstrate that the

extent of microbial Fe(III) reduction is directly linked to the crystallinity of the electron accepting

Fe-phase, in such a way that higher degrees of crystallinity typically yield lower rates of microbial

Fe reduction and Fe(II) production [126].

1.5 Fe-speciation

The biogeochemical features of Fe cycling at Earth’s surface have led to widespread use of Fe-

speciation analyses as paleoredox proxies [127]. The Fe-speciation paleoredox proxy, in simple

terms, uses the distribution of Fe between different phases (oxides and carbonates in particular)

that are susceptible to abiotic and biologic reduction on short, diagenetic time scales (< 1000 years)

[110, 127–129]. Enrichment of these minerals, termed “reactive (FeHR)”, relative to the total iron

pool including non biologically reactive phases (FeTot) – typically Fe silicates, occurs in sediments

deposited beneath anoxic waters that are either ferruginous (Fe2+ bearing) or sulphidic (H2S

bearing, also known as euxinic) [129]. The Fe-speciation proxy, and specifically the thresholds

used to delineate anoxic and Fe-rich vs. sulphide-rich depositional conditions, is calibrated based

on observations in modern marine environments. For example, in a wide range of modern oxic

sediments the FeHR pool comprises up to 38% of total sedimentary Fe (FeHR/FeTot = 0.38) with

an average value for FeHR/FeTot = 0.26 ± 0.08, defining the modern detrital baseline [118, 130].

Enrichments in FeHR that are in excess of this detrital background ratio (> 0.38) indicate a source

of reactive Fe that reflects processes that lead to its enrichment under anoxic conditions [131]. In

anoxic basins, a set of processes known as the benthic Fe shuttle, together constitutes the main

mechanism driving FeHR enrichment. The benthic Fe shuttle works to enrich FeHR phases by

transporting them from shelf sediments, either as precursor Fe (oxyhydr)oxides or as dissolved

Fe(II), to the deeper water column where they are ultimately scavenged and buried.

The Fe-speciation proxy is designed, furthermore, to distinguish between these two redox

states (ferruginous vs. sulphidic) based on the extent to which the FeHR pool has reacted with
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H2S produced during sulphate reduction, and has been converted to the mineral pyrite (FeS2).

Sedimentary pyrite formation, in turn, requires three key ingredients; organic carbon, a supply

of reactive Fe, and sulphate. In typical sulphate-rich, anoxic marine sediments, organic carbon

is degraded through sulphate reduction – driving pyrite formation in the presence of reactive

Fe. If the system lacks a source of reactive Fe – the sediments are Fe limited, pyrite formation

ceases, and the sulphide produced during sulphate reduction may accumulate in those porewaters.

Under extreme cases, the absence of reactive Fe phases to buffer H2S, may result in sulphide

extending into the water column and the development of euxinic conditions. In contrast, a lack of

pyritization of the FeHR pool in sediments that also contain appreciable organic matter implies

that pyrite formation was sulphate limited [119, 124, 127]. Under extreme cases, the absence of

sulphate reduction to drive Fe pyrite formation, may result in dissolved Fe(II) extending into

the water column and the development of ferruginous conditions. The Fe-speciation paleoredox

proxy, therefore, may diagnose sediment deposition under euxinic or ferruginous redox states

through quantification of the Fe-bearing mineral pools involved in the biogeochemical cycling of

Fe and S in a given depositional system.

The Fe-speciation paleoredox proxy has been applied widely to ancient sediments and euxinic

modern analog settings, for example the sulphidic Black Sea, the seasonally sulphidic Saanich Inlet

and the stratified Cariaco Basin [34, 105, 131–134]. Detailed studies of the Fe-cycle in ferruginous

environments, however, have only started to emerge, as ferruginous water bodies are rare on the

modern Earth. There are no modern examples of ferruginous conditions in marine settings today,

and thus much of our framework for Fe-cycling under ferruginous conditions has come through

study of modern lacustrine environments [135–142].

Modern ferruginous environments provide natural laboratories to examine processes extensible

to the Precambrian oceans [137, 143], however, a precise framework for how the Fe cycle operates

under such conditions is lacking. The Malili Lakes system, Sulawesi Island, Indonesia, comprises

of a series of interconnected lakes, together encompassing the largest ferruginous basins on the

planet and thus the ferruginous basins of the Malili Lakes provide a an key analog environment

to investigate processes in the Fe biogeochemical cycle that were likely widespread during the

Precambrian eons. Ultramafic rocks of ophiolitic origin dominate the catchment basin surrounding
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the lakes, and weathering of these lithologies has led to development of exceptionally Fe-rich

lateritic soils [137]. Heavy tropical rains deliver strong fluxes of Fe-(oxyhydr)oxides from these soils

to the lakes, which exert an overwhelming influence on the lakes’ biogeochemistry [137, 138, 142].

The two most prominent lakes in the system, Lake Matano and Lake Towuti, are physically

stratified and characterized by persistently anoxic Fe(II)-rich (∼140 and ∼10 µM respectively)

and virtually sulphate free deep waters [138, 143]. Comprehensive Fe-speciation surveys of river

particulates and sediments reveal complexities in Fe-cycling dynamics during source to sink

transport [119, 144] that are currently poorly understood. Therefore although extremely rare

on the modern Earth, ferruginous water bodies represent understudied natural laboratories for

exploring the ecology and biogeochemistry of Fe-rich waters extensible to the ferruginous oceans

that existed during much of Earth’s history. The Malili lakes provide a necessary analog system in

which to conduct studies that improve the framework of the Fe-speciation proxy; a second theme

of my thesis research.

1.6 Dissertation overview

To create new knowledge on the Cr-isotope and Fe-speciation paleoredox proxies and apply them

to reconstructing paleo oxygen conditions during key intervals in Earth history:

(i) I conducted experiments to determine Fe-speciation and Cr isotope fractionations in

sediments from modern depositional environments with varying geochemistry (oxic, anoxic and

ferruginous).

(ii) I developed more detailed conceptual frameworks that enable nuanced interpretations of

seawater redox conditions that rely on Cr-isotope and Fe-speciation signals preserved in the rock

record.

(iii) I constructed computer models that incorporate Cr and Fe proxy systematics to support

reconstructions of the evolution of Earth’s surface chemistry through time.

Chapter 2: Cr isotope fractionation in marine hydrothermal sediments

This chapter explores the Cr concentration and isotopic composition of hydrothermal sediments

deposited on the eastern flank of the South East Pacific Rise (SEPR). In this chapter I test
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the hypothesis that the δ53Cr composition of marine hydrothermal sediments is linked to the

oxygenation content of deep ocean water. I elucidate links between Cr, Fe and Mn cycling in

hydrothermal environments and reveal that the δ53Cr composition of the SEPR sediments is

anomalously light compared to the δ53Cr composition determined in all other oxygenated marine

sediments previously. I propose in this chapter that light δ53Cr compositions preserved in marine

hydrothermal sediments may be a diagnostic signal for the evolution of oxygenated conditions in

the deep ocean, which may be traced through time.

Chapter 3: Cr isotope fractionation in ferruginous sediments

This chapter places constraints on the magnitude of Cr isotope fractionation during Cr(VI)

reduction in ferruginous sediments. In this chapter I test the hypothesis that diagenetic Cr(VI)

reduction in ferruginous sediments imparts a characteristic isotope fractionation linked to the

availability of different Fe-species and the depth of oxygen penetration into the sediment pile.

Detailed experiments and models developed in Chapter 3 reveal that Cr(VI) reduction has a

distinguishing isotope fractionation in ferruginous sediments linked to the depth of oxygen

penetration in the sediment pile and diagenetic reactions with different Fe-species. In this chapter

I propose that this has implications for interpreting the δ53Cr record contained in ancient Fe-rich

sediments, which may hold clues as to the emergence of oxygenated seafloor environments.

Chapter 4: Ferruginous conditions during OAE1a

In Chapter 4, I test the hypothesis that the redox state of seawater during oceanic anoxic event

1a (OAE1a) was ferruginous. Chapter 4 elucidates that the prevailing redox state of the global

oceans during OAE1a, was indeed ferruginous. Through geochemical analyses of sediments

deposited during OAE1a and geochemical modelling, I propose that the development of anoxic

and Fe-rich conditions at this time is linked to a catastrophic depletion of the seawater sulphate

reservoir. I further propose that extremely rapid dynamics in Earth surface oxidant budgets as

observed during OAE1a, may be a more common feature of the Phanerozoic than previously

imagined.

Chapter 5: Fe-cycling and magnetite formation in a modern ferruginous environment

This chapter investigates Fe cycling in the ferruginous water columns and sediments of Lake

Matano and Lake Towuti, Indonesia. I test the hypothesis that magnetite, a multivalent Fe-mineral,
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forms in the water columns of these two ferruginous lakes. Through Fe-speciation and microscopic

work I show for the first time that magnetite forms pelagically in this environment. I propose that

pelagic magnetite generation may be a key component of iron formation (IF) genesis and may

play a previously overlooked role in the coupling of the Fe and C biogeochemical cycles operating

under ferruginous conditions. I further propose that the preservation of water column magnetite

in ferruginous sediments may also serve as an important biosignature.

Chapter 6: Conclusions

This chapter summarizes the findings of my work on the Cr isotope and Fe-speciation

paleoroedox proxies. This chapter also addresses knowledge gaps and future challenges present

in the study of transition metals and their continued development as paleoredox proxies.
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Chapter 2

Chromium isotopes in marine

hydrothermal sediments

Hydrothermal chromium (Cr) cycling contributes to marine Cr inventories and their Cr isotopic

composition, yet Cr isotope effects associated with such processes remain poorly documented.

Here we determine the distribution, isotopic composition, and diagenetic mobility of Cr in

hydrothermal sediments from the flank of the South East Pacific Rise (SEPR, DSDP-site 598). We

find that Cr is primarily associated with the metalliferous iron (oxyhydr)oxide component of the

sediment (0.4 – 3.6 ppm), whereas Cr concentrations are much lower in the dominant carbonate

phase (< 0.03 ± 0.2 ppm). The Cr:Fe ratio of the metalliferous component, however, decreases

with increasing depth below the sediment water interface, with an apparent loss of > 80% Cr

from the sediment relative to Fe. We propose this loss is tied to oxidation of authigenic Cr(III) to

Cr(VI) followed by diagenetic remobilization and efflux from the sediment pile. The bulk δ53Cr

composition of the SEPR sediments is isotopically light (-0.24 to -0.57h), and we argue this results

from the partial reduction of oxic seawater-bearing Cr(VI) by reduced hydrothermal vent fluids

enriched in Fe(II)aq. Diagenetic oxidation, furthermore, of the reactive Cr pool by Mn-oxides and

loss of Cr(VI) from the sediment may further deplete the sediment in 53Cr during diagenesis. The

δ53Cr composition of the detrital Cr fraction of the sediment (average δ53Cr composition = -0.05 ±

0.04h) falls within the igneous silicate earth (ISE) range, revealing that detrital Cr has a marginal

influence on the bulk sediment δ53Cr composition at this location. Together our results show

that light δ53Cr compositions in hydrothermal sediments are imparted through a combination

of processes previously overlooked in the marine Cr biogeochemical cycle, but the overall δ53Cr

composition of such sediments may provide a rich source of information on paleoredox conditions.
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2.1 Introduction

Chromium (Cr) isotope ratios are emerging as proxy that can track the evolving redox state

of the ocean-atmosphere system over geologic time-scales [4, 7, 30, 39, 104, 145]. The simplest

application of the Cr isotope system uses large amplitude shifts in the Cr isotopic composition of

sedimentary rocks, notably banded iron formations (BIF) and ironstones, together with shales and

limestones to record the onset of Cr redox cycling, which is indicative of the presence of oxygen

in Earth’s surface environment [4, 7, 30, 31, 40]. However, to provide more insight into the Cr

isotope system and pursue more nuanced applications of the proxy, a more refined view of global

Cr cycling is required. Specifically, improving knowledge of the distribution of Cr isotopes in a

wider range of sedimentary reservoirs that serve as Cr repositories and archives of past Earth

surface chemistry is essential for the development of a global isotope mass balance. Furthermore,

exploration of the modern Cr cycle also provides a means to test many of the assumptions built

into the current interpretation of the Cr isotope record.

Our emerging picture of the global Cr cycle is illustrated schematically in (Fig. 1.1, Chapter 1).

Chromium resides in the continental crust bound in its relatively low solubility trivalent redox

state Cr(III), and is hosted in silicate and oxide minerals [47, 50]. In the modern Earth system,

with O2 comprising 21% of the atmosphere, this Cr is liberated to runoff predominantly through

oxidative weathering at Earth’s surface, which produces Cr(VI) from Cr(III) through heterogenous

solid-state catalysis by Mn-oxides [51, 61]. It has also been suggested that Cr(III) may also be

oxidized by H2O2 in the local absence of O2 in serpentinizing systems [63], however available O2

is ultimately required to generate this peroxide and other oxidants of Cr at the outset. Riverine

transport of Cr(VI) produced during oxidative weathering sustains the largest Cr flux to the

modern oceans [25, 76, 77]. Once in the oceans, this Cr(VI) is likely removed from seawater via

reduction by an as yet unknown diversity of electron donors, to Cr(III) which, in turn, is scavenged

by settling particles and ultimately deposited in sea-floor sediments [37, 104–106, 108]. A fraction

of Cr may also be delivered to the oceans via rivers as Cr(III), partly stabilized as Cr(III)-organic

complexes, or dissolved in low pH systems [47, 51, 146].

The contribution of hydrothermal systems to the marine Cr inventory remains poorly con-
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strained, and may represent a net source or sink of Cr in the global marine Cr mass balance.

Previous work suggests Cr sourced from hydrothermal vents represents 0.02% of the Cr riverine

flux, or 12 x 106 mol yr – 1, implying that the contribution of Cr to seawater from hydrothermal flu-

ids is likely very small [25]. While vent fluids emit Cr(III) derived from acid dissolution of basaltic

ocean crust, much of this Cr(III) is scavenged by Fe (oxyhydr)oxide particles formed during the

mixing of Fe(II)-laden vent fluids with ambient oxygenated seawater [90, 91, 94, 100]. Deposition of

these Fe (oxyhydr)oxides may thus quantitatively capture the vent flux of Cr, which is then largely

deposited in proximal hydrothermal sediments [95]. However, given the typically strong vent flux

of ferrous Fe – a potent reductant of Cr(VI) – precipitation of hydrothermal Fe (oxyhydr)oxides

may also capture a fraction of seawater Cr(VI), rendering vent systems a net sink for seawater Cr

[95]. A fraction of hydrothermal Fe particles can also be transported great distances from their

vent sources [94, 96, 147]. While the fate of Cr in these particles remains unknown, long distance

transport of hydrothermal Fe and associated elements may distribute hydrothermal Cr over long

distances in the oceans. Cr(III) associated with Fe (oxyhydr)oxides generally has a low solubility

(e.g., [50]) and, therefore, deposition of Cr in hydrothermal sediments may lead to effective and

quantitative burial of hydrothermal Cr with such phases. It has also been suggested, however, that

there is extensive Cr remobilization in surficial continental-margin Mn-oxide bearing sediments

[148], which implies the potential for Cr remobilization from Mn-oxide bearing hydrothermal

sediments. Additional constraints on the fate of Cr deposited in hydrothermal sediments are thus

needed to better constrain the role of vent systems in the marine Cr cycle.

Chromium isotopes are fractionated during redox reactions. During oxidative weathering, the

resulting Cr(VI) is enriched in the 53Cr (heavy) isotope through a possible combination of Cr(III)

oxidation to Cr(VI), and partial re-reduction of Cr(VI) [30, 73]. Despite current uncertainty around

the precise mechanism for this fractionation, heavy δ53Cr(VI) is exported from the weathering

environment in runoff, leaving Cr(III) in the residual soil isotopically light (53Cr depleted) [30,

31, 44, 149]. Oxidative weathering thus sets the heavy δ53Cr composition observed in some rivers

(e.g. [31, 44, 45]), and contributes to the heavy isotopic composition of seawater (modern values

lie between 0.5 and 1.5h, [1, 41]). On the other hand, dissolution of Cr(III), unless mediated

by strongly complexing organic acids (see [86]), is unlikely to be associated with large isotope
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fractionation [30, 97]). Given that acid dissolution of basalt provides Cr to vent fluids, the efflux of

Cr(III) from hydrothermal vent waters is expected to carry an isotopic signature no different from

the igneous silicate earth (ISE), -0.12 ± 0.10h [46]. As a result, Cr(III) escaping removal via Fe

(oxyhydr)oxide particle scavenging in the vicinity of vents, would likely contribute a Cr isotope

flux indistinguishable from ISE to the marine Cr inventory, with potential to partly offset heavy

signals imparted through the riverine influx of Cr(VI) [30, 46]. Hydrothermal Cr(III) precipitates,

however, might also be expected to carry a lighter but variable Cr isotopic composition, if

diagenetic reactions remobilized Cr as result of partial oxidation or, if hydrothermal particles

captured seawater Cr(VI) through partial reduction.

To assess Cr deposition and cycling in hydrothermal settings we have determined the abun-

dances and distribution of Cr, Mn and Fe, together with Cr isotope ratios, from the western flank

of the South East Pacific Rise (SEPR), one of the fastest spreading centres on the ridge crest system

with rates of up to 14.5 cm yr – 1 [150]. Three sediment cores from the SEPR at DSDP sites 598, 599

and 600 were examined, with a focus on the more distal site 598, which is currently 1130 km west

of the ridge crest. These sites have collected particulate hydrothermal materials derived from the

crest of the SEPR spreading center and transported by westward-flowing deep-ocean circulation.

Sequential extraction techniques were employed to target Cr in different mineral phases of the

sediment, and we used the molar ratios of Cr, Fe and Mn to evaluate post-depositional alteration.

We then assessed the implications of this redistribution for marine Cr budgets, ocean isotope mass

balance, and the use of Cr isotopes as a proxy for the oxygenation state of the oceans.

2.2 Methods

The three sediment cores used in this study were collected during DSDP Leg 92 in 1984. They

were previously used by [150], to investigate the bulk sediment major element geochemistry

and the history of hydrothermal sedimentation on the south-eastern flank of the SEPR. Previous

workers [151], conducted a study of the association of P with Fe (oxyhydr)oxides and other phases

in the upper 5 m at site 598. This site represents the most distal location from the ridge crest and

via seafloor spreading is now located 1130 km from the active vent. Using splits from the same
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sample suite [151] we constructed a profile from the core surface to 5.5 m depth, corresponding to

an age of 5.5 Myr at 5.5 m depth [151]. To investigate vent particle alteration processes, Mn-oxide

and Fe concentrations were determined in 5 samples across the top 20 cm of cores from the other

sites (599 and 600), which are closer to the ridge crest, allowing us to track chemical changes in

the Mn:Fe ratio of surface sediments in relation to the proximity to the ridge crest. The sediments

at all three sites are reported to be compositionally simple, mainly comprising two phases, namely

foraminferal and nannofossil carbonates (37 - 95%) and metalliferous hydrothermal precipitates

(3 - 40% of bulk sediment) [152]. Importantly, the sediments contain only small amounts of

lithogenous detrital material as the sample locations are well removed from continental input

sources [152].

2.2.1 Chemical extraction techniques

A selective extraction scheme was used to quantify Cr in the different operationally defined phases

of the hydrothermal sediment. Figure 2.1 is a schematic illustration of these procedures.
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Figure 2.1: Leach procedure schematic. a) Sediment extraction techniques applied in this study. The chemical
extraction techniques are denoted beside each operationally defined sediment phase with the leach
designation abbreviation in brackets (refer to Table 2.1). b) Sediment extraction techniques applied in [151]
on identical sediment sections. We note that in [151] metal contents of the detrital silicate fraction of the
sediment (FeSil) was calculated as the difference between FeTOT and (FeGOE + FeHFO) fractions.
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We employed four different leaches in sequence, adapted from the procedures of [129], and two

separate bulk digests. Table 2.1 contains a detailed breakdown of our leaching procedures and

how they relate to the nomenclature employed in [151].

Table 2.1: Summary of extraction techniques. †[152]‡[151]?[153]�[129]κ[154]

Fraction 
designation Sediment fraction Extractant 

Sequential Digests 

LCarb Carbonate 10% acetic acid, 4 h† 
 

LHFO Poorly crystalline hydrous ferric oxides (FeHFO in ‡) 0.5 N HCl, 1 h1 

LGOE Ferric (oxyhydr)oxides (FeGOE in ‡) 0.35 M acetic acid/0.2 M Na-citrate Na-dithionite, 2 h◊ 
 

LSil Silicates (FeSil in ‡) Near boiling 6 N HCl: 24 h◊ 

Bulk Sediment Digests 

L6NHCl FeTOT Near boiling 6 N HCl: 24 h◊ 

MnOx Mn Oxides 0.1 M NH2OH-HCl, 2 hk 
 

†(Barrett,	et	al.	1987)	‡(Poulton	and	Canfield	2006)1 ,(. )   ◊(Poulton and Canfield 2005) k(Neaman, et al. 2004)	
	
	
	
Barrett,	T.	J.,	P.	N.	Taylor,	and	J.	Lugowski	
	 1987	 Metalliferous	sediments	from	DSDP	Leg	92:	The	East	Pacific	Rise	

transect.	Geochimica	Et	Cosmochimica	Acta	51(9):2241-2253.	
Neaman,	A.,	et	al.	
	 2004	 Improved	methods	for	selective	dissolution	of	manganese	oxides	from	

soils	and	rocks.	European	Journal	of	Soil	Science	55(1):47-54.	
Poulton,	S.	W.,	and	D.	E.	Canfield	
	 2005	 Development	of	a	sequential	extraction	procedure	for	iron:	

implications	for	iron	partitioning	in	continentally	derived	particulates.	
Chemical	Geology	214(3-4):209-221.	

—	
	 2006	 Co-diagenesis	of	iron	and	phosphorus	in	hydrothermal	sediments	

from	the	southern	East	Pacific	Rise:	Implications	for	the	evaluation	of	
paleoseawater	phosphate	concentrations.	Geochimica	Et	Cosmochimica	Acta	
70(23):5883-5898.	

Thamdrup,	B.,	H.	Fossing,	and	B.	B.	Jorgensen	
	 1994	 Manganese,	iron	and	sulfur	cycling	in	a	coastal	marine	sediment,	

Aarhus	Bay,	Denmark.	Geochimica	Et	Cosmochimica	Acta	58(23):5115-5129.	
	

The first leach in sequence (LCarb) targeted the carbonate fraction. Powdered samples of 200 mg

were weighed into centrifuge tubes and leached with 10% acetic acid [152]. The acid addition

was in excess of that needed to dissolve 200 mg of pure CaCO3. Samples were placed on a

shaker for 4 hours and subsequently centrifuged. An aliquot of supernatant was taken and

diluted for Cr concentration analyses via inductively coupled plasma mass spectrometry (ICP-MS)

and inductively coupled plasma optical emission spectrometry (ICP-OES). A subset of sediment

samples were analysed for total inorganic carbon via coulometry before and after application of

the first leach to ensure all CaCO3 was successfully dissolved. Following removal of carbonate, the

residual sediment was subjected to the second leach in sequence, which targets poorly crystalline

Fe-(oxyhydr)oxide phases (lepidocrocite, ferrihydrite) [153] using trace metal grade 0.5 N HCl

[153] (LHFO, which is broadly analogous to the FeHFO fraction in [151]). The supernatant was

decanted, filtered, and diluted for measurement via ICP-MS.

Following the LHFO extraction, the remaining sediment contained more crystalline metal

(oxyhydr)oxides as well as refractory detrital components. In order to differentiate between the

more crystalline authigenic metal (oxyhydr)oxides (e.g., goethite and hematite) and refractory

detrital minerals, we first subjected the residual sediment to 0.35 M acetic acid/0.2 M Na-citrate

buffered Na-dithionite leach for 2 hours (LGOE, which targets minerals such as goethite and
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hematite, and is referred to as the FeGOE fraction in [151]. The supernatant was decanted following

centrifugation, filtered, and diluted for measurement via ICP-OES. We did not directly determine

the Cr concentration of this sediment phase analytically due to perceived matrix effects of the

LGOE extract in the quadrupole ICP-MS, and thus estimated the Cr concentration of this leach

using a mass balance approach (see Section 3.2 below).

Following the LGOE extraction a small volume of greyish residual sediment remained, compris-

ing the refractory component of the sediment (not extractable in the LCarb, LHFO or LGOE fractions).

We leached the residual sediment from LGOE with near boiling 6 N HCl for 24 h (LSil, analogous

to the FeSil fraction in [151]). Again, samples were centrifuged and an aliquot of the supernatant

was removed and diluted for analysis via ICP-MS and ICP-OES. We also performed a separate

bulk digest with 6 N HCl on 200 mg sediment by adding 10 ml of acid in sealed centrifuge tubes

(L6NHCl). Again, samples were centrifuged and an aliquot of the supernatant was removed and

diluted for analysis via ICP-MS and ICP-OES.

The reactive Mn and Fe (oxyhydr)oxide content in sediments from the upper 10 cm at sites 599

and 600, and from 5.5 m at site 598, were determined following the methods of [154, 155]. Samples

of 7.5 mg were weighed into centrifuge tubes and leached for 2 h with 0.1 M hydroxylamine

hydrochloride (LMnOx). The amount of NH2OH – HCl added was in a 1:2000 solid – solution

ratio. Samples were centrifuged and an aliquot of supernatant was taken for analysis by ICP-OES.

Reaction time was limited to 2 h to restrict dissolution of poorly crystalline iron-oxides [154]. Iron

concentrations in these extracts accounted for only 0.01% of the bulk Fe in the sediments.

2.2.2 Analytical methods

Chromium concentrations in our leachates were determined by ICP-MS, while major elements Al,

Fe and Mn were determined by ICP-OES. The error on [Fe] measurements was ± 8% based on

the difference between triplicate measurements, and the detection limit, calculated as three times

the standard deviation of the blank (n = 5) was 8 ppb in solution and roughly 35 ppm in the solid

phase based on our dilutions. The error on our ICP-OES [Mn] measurements was ± 5% based on

the difference between triplicate measurements, and the detection limit, calculated as three times

the standard deviation of the blank (n = 5) was 6 ppb in solution and roughly 30 ppm in the solid
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phase based on our dilutions. The error on [Cr] measurements is ± < 1% based on the difference

between triplicate measurements, and the detection limit, calculated as three times the standard

deviation of the blank (n = 5), translates to 0.028 ppm in the solid phase.

2.2.3 XRD analysis

We used quantitative X-ray diffraction (qXRD) methods on 6 bulk sediment samples to determine

the sediment mineralogy. The samples were smear mounted with ethanol on non-diffracting

silica plates. Continuous-scan X-ray powder-diffraction data were collected over a range 3-80
◦
2θ

with CoKα radiation on a Bruker D8 Focus Bragg-Brentano diffractometer equipped with an Fe

monochromator foil, 0.6 mm (0.3◦) divergence slit, incident- and diffracted-beam Soller slits and a

LynxEye detector. The long fine-focus Co X-ray tube was operated at 35 kV and 40 mA, using

a take-off angle of 6◦. We analyzed the X-ray diffractograms using the International Centre for

Diffraction Database PDF-4 and Search-Match software by Bruker. X-ray powder-diffraction data

of the samples were refined with Rietveld program Topas 4.2 (Bruker AXS).

2.2.4 Cr purification and isotope ratio determination

Chromium isotope ratios were determined on a Multi-Collector Inductively-Coupled Plasma Mass

Spectrometer (MC-ICP-MS) at the Yale Metal Geochemistry Center using a double-spike correction

for isotope fractionation during column chemistry and instrumental mass bias. The spike was

added to acid splits after the digestion procedure (bulk sediment 6 N HCl digestion, L6NHCl

leachate as well as the LSil 6 N HCl digestion performed sequentially). Although isotope effects

due to leaching in 6 N HCl have not been tested directly, we do not expect any measurable isotope

fractionation during acid digestions of Cr, even at higher acid molarity (see [25, 30]). We note that

previous studies on Fe isotope ratios in rocks and sediments have also shown that there appears

to be no isotope effect during proton-promoted acid leaching of Fe oxides, which is in contrast to

ligand promoted dissolution [156]. We used three separate column separations [46, 105] to ensure

complete removal of Fe, Ti, and V during chemical purification. Initially, a split of the 6 N HCl

sample solution was spiked, evaporated to dryness, and the residues brought up in 1 N HCl. The

amounts of 50Cr-54Cr double-spike (50Cr-52Cr = 462.917, 53Cr/52Cr = 0.580, 54Cr/52Cr = 354.450,
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calibrated in the Department of Geology, University of Illinois at Urbana-Champagne and added

as Cr(III)), were adjusted so that the spike/sample ratio (i.e., (54Cr)spk/(52Cr)smp) was 0.5. Prior to

the first column step (AG1-X8 anionic resin, 100-200 mesh), Cr(III) was oxidized to Cr(VI) using

potassium peroxidisulfate (heating the samples for 2 h at 110◦C). The AG1-X8 resin was cleaned

with mQ water, 3 N HNO3 and 6 N HCl. The matrix was eluted with 24 ml of 0.2 N HCl and 4

ml 2 N HCl, with Cr subsequently reduced with 5% H2O2 and eluted with 5 ml of 2 N HNO3.

The second step removes traces of Fe that may remain after the first elution. Microcolumns were

filled with 0.2 ml AG1-X8 resin. The columns were cleaned using mQ water and 3 N HNO3, and

samples were loaded and collected with 1.2 ml of 6 N HCl. Traces of Ti are often left after the first

two column steps. Therefore, as the last step, a cation resin AG50W-X8 (200-400 mesh) was used

to ensure complete Ti and Cr separation. The resin was cleaned with mQ water, 3 N HNO3 and 6

N HCl, followed by sample loading in 3 ml of 0.5 N HNO3 and by matrix elution with 1 ml of 0.5

N HNO3, 2 ml of 0.5 N HF and 6 ml of 1 N HCl. Cr was collected after loading with 4 ml of 0.5 N

HNO3 and after elution with 5 ml of 1.8 N HCl.

Chromium isotopes were measured on a NeptunePlus (Thermo-Finnigan) MC-ICP-MS using a

modified version of the analytical protocol of [46]. Samples were run in high-resolution mode to

resolve polyatomic interferences such as 40Ar12C+, 40Ar14N+ and 40Ar16O+. Although our chemical

procedure results in nearly complete removal of Fe, Ti and V, these elements were monitored by

measuring 56Fe, 49Ti and 51V, and samples were corrected for potential interferences of 54Fe on

54Cr, as well as 50Ti and 50V on 50Cr. Samples at a concentration of ∼100 ng g– 1 were introduced

into the plasma with a PFA µFlow nebulizer (∼50 µL min– 1) coupled with an Apex IR (Elemental

Scientific) without additional N2 gas or membrane desolvation. With a standard sample cone and

X skimmer cone under high-resolution mode, the sensitivity obtained was ∼310 – 10 A 52Cr on

100 ng g– 1 solution. All ion beams were measured on faraday detectors. The double-spike data

reduction model is based on the iterative method described by [157]. A spiked Cr isotope standard

NIST SRM 979 was measured bracketing every three natural samples to ensure machine stability.

Chromium isotope ratios are reported relative to bracketing standards using conventional delta

notation; (δ53Cr = [(53Cr/52Cr)sample/(53Cr/52Cr)NIST – 979 – 1] x 1000h).

External precision is reported as two sigma (2σ) uncertainty, calculated based on duplicate
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analysis of geological reference materials (GRMs) processed through ion-exchange chromatog-

raphy columns along with samples (BHVO-2 and Nod-A-1 were systematically processed with

70 samples). The δ53Cr value for BHVO-2 is -0.11 ± 0.07h (n = 3), which is similar to published

values in the literature for BHVO-1 (geostandard collected at the same location as BHVO-2) [46],

and Nod-A-1 yielded a δ53Cr value of 0.08 ± 0.05h (n = 4). Sample duplicates, including column

procedure duplicates, digested duplicates, and replicate measurements on the MC-ICP-MS re-

vealed a 2σ uncertainty similar to that determined for GRMs, i.e. 0.09h and an average duplicate

offset of 0.043h. Measurement precision is calculated via replicate measurements of the isotopic

standard NIST SRM 979 during each analytical session (two standards bracket every sample), and

2σ values are better than 0.04h. In addition, a two-standard deviation of the mean (2se) was

systematically calculated using the 50 cycles of measurement obtained for each sample during

MC-ICP-MS analysis, and was generally 0.04 - 0.06h on the delta values. This precision and

accuracy are comparable to long term means at the Yale Metal Geochemistry Center.

2.3 Results

2.3.1 Mineralogical analyses

Quantification of the relative mineral proportions via qXRD on 6 sub-samples (Table 2.2) shows

that the sediment samples examined here consist almost entirely of calcite and goethite, with very

small contributions from crystalline lithogenic minerals (< 12% ; Table 2.2), which are inversely

proportional to calcite concentration.
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Table 2.2: Mineralogical analyses of the sediments from site 598.

Sample Depth (cm) 

 2.5 42.5 75.6 246.5 398 499.5 

% Albite  1 2 4 8  2 

% Calcite 99 85 78 56 97 83 

% Goethite  11 14 33 2 15 

% Hercynite  1  2 1  

% Kaolinite   2 1   

% Quartz low   2    

Total 100 100 100 100 100 100 

	

The detrital fraction is dominated by the feldspar albite, a felsic mineral, in addition to about 1%

hercynite, a spinel phase (Fe2+Al2
3+O4) into which Cr can substitute for Al (Fe2+Cr2

3+O4) (Table

2.2).

2.3.2 Site 598 elemental concentrations and Cr mass balance

Within our sequential leach scheme we first targeted the carbonate phase (LCarb, Table 2.1).

Sediments from site 598 have CaCO3, contents ranging from 42.8 to 93.3 ± 0.1 wt% [158]. As

noted previously, this fraction is dominated by coccoliths (comprising roughly 85% ), with a small

(up to 4% ) fraction of planktonic foraminifera [150, 152]. Carbonate concentration in the sediment

are inversely related to metalliferous phases and this leads to mutual dilution of both authigenic

and detrital metals in carbonate rich intervals. Triplicate measurements of Cr concentrations in

this phase were below detection limit (0.03 ppm) in all of the samples from site 598. The low Cr

concentrations in the carbonates at site 598 are consistent with the linear relationship between Cr

and Fe in the L6NHCl bulk sediment leachate (Table 2.1), calculated for samples deeper than 150
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cm (Fig. 2.2) where the average molar Cr:Fe ratio remains nearly constant (Fig. 2.2).
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Figure 2.2: Two end member-mixing diagram. Displayed are the Cr and Fe concentrations in the L6NHCl
leach for samples below 250 cm, where the Cr:Fe ratio remains constant. The intercept of 0.04 ± 0.3 ppm
provides the [Cr] expected in the carbonate phase. The dotted lines represent a 90% confidence belt on the
regression.

This linear trend indicates two end-member mixing between Cr deficient carbonate and the higher

Cr contents of the metalliferous Fe-rich phases. The intercept (0.041 ± 0.2 ppm) provides an

independent estimate of the Cr concentration in the CaCO3, which is near the detection limit of

our analytical method (0.03 ppm).

The bulk sediment (6 N HCl extractable phases, L6NHCl, Table 2.3) Fe concentration determined

in this study is within ± 5% of the FeTOT values reported by [151].
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Table 2.3: Element concentrations and Cr isotope composition determined in the bulk (L6NHCl leach) site
598 sediments. We note that the detrital Cr concentration was determined as the ratio of CrSil to total Cr in
the Cr6NHCl leach; thus % Cr detrital = (CrSil / Cr6NHCl) * 100%. ND “Not Determined”.

Bulk Sediment Leach  
 

Depth 
(cm) 

 

Element concentrations in L6NHCl (6 N HCl) Calculated Detrital 
fraction 

Calculated 
δ53Cr 

Authigenic (‰) 

Calculated 2se 
(‰) 

Cr 
(ppm) 

Fe 
(wt%) Al (wt%) δ53Cr 

(‰) 
2se 
(‰) Cr (%) δ53Cr (‰) 2se (‰ 

0.5 1.1 1.3 ND -0.35 0.05 ND ND ND 

2.5 1.2 1.2 ND -0.37 0.05 ND ND ND 

4.5 1.3 0.9 0.1 -0.32 0.05 53 -0.7 0.2 

8.5 1.0 1.1 0.2 -0.33 0.05 42 -0.1 0.2 

21 1.5 2.5 0.3 -0.3 0.05 48 -0.4 0.3 

26.5 1.6 2.3 0.3 -0.29 0.05 61 ND ND 

34.5 2.0 3.7 0.5 -0.28 0.05 51 -0.4 0.3 

42.5 3.1 4.7 0.6 -0.37 0.04 50 -0.6 0.2 

52.5 3.2 5.5 0.7 -0.28 0.04 ND ND ND 

68.5 3.6 6.5 0.8 -0.24 0.05 ND ND ND 

76.5 3.4 7.2 0.9 -0.3 0.05 59 -0.6 0.2 

84.5 3.2 6.6 0.8 -0.34 0.05 63 -0.7 0.2 

101 2.6 4.8 0.6 -0.36 0.04 ND ND ND 

110.5 2.0 3.7 0.4 -0.34 0.05 58 -0.7 0.2 

121.5 1.9 3.4 0.4 -0.35 0.11 81 -0.7 0.4 

138.5 1.2 2.3 0.3 -0.27 0.06 54 -0.4 0.3 

150.5 1.4 2.8 0.3 -0.27 0.06 52 -0.9 0.3 

166.5 1.3 2.9 0.3 -0.28 0.05 46 -0.4 0.3 

186.5 1.3 3.4 0.4 ND ND 51 ND ND 

196.5 1.4 3.8 0.4 -0.37 0.06 51 -1.4 0.2 

206.5 1.8 7.1 0.7 ND ND 45 ND ND 

216.5 2.3 8.9 0.8 -0.38 0.05 43 -0.6 0.2 

236.5 2.7 ND ND -0.5 0.04 ND ND ND 

246.5 2.6 15.0 1.4 -0.37 0.04 41 -0.6 0.2 

266.5 2.3 11.2 1.0 -0.45 0.04 37 -0.6 0.2 

277.5 2.1 9.1 0.8 -0.57 0.04 41 -0.8 0.2 

286.5 1.5 6.4 0.5 -0.47 0.04 41 -0.7 0.2 

306.5 0.9 2.8 0.2 ND ND 51 ND ND 

326.5 0.8 2.6 0.2 NA NA 56 ND ND 

347.5 1.4 5.7 0.5 -0.44 0.05 46 -0.6 0.2 

398.5 0.7 2.3 0.2 ND ND 56 ND ND 

424.5 0.6 2.4 0.2 ND ND 45 ND ND 

499.5 1.6 7.1 0.5 -0.56 0.05 39 -0.8 0.2 

549.5 0.4 1.2 0.1 ND ND 39 ND ND 

	

Chromium concentrations in the bulk sediment L6NHCl leach range from 0.4 – 3.6 ppm, and are

strongly correlated with Fe [151] – the highest Cr concentrations are associated with Fe-rich

samples, whereas carbonate-rich samples are low in Cr. The mass balance of Cr in the individual

metalliferous sediment phases of the site 598 sediments is plotted in Fig. 2.3.
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Figure 2.3: Mass balance of Cr in the site 598 sediments. a) Concentrations of Cr in the LHFO, LGOE and LSil
sequential leaches. We also plot the bulk Cr concentration of the of the sediment (L6NHCl leach). b) Relative
abundance of Cr in each sediment fraction normalized to the bulk Cr in the L6NHCl leach. We note that
depth intervals where [Cr] was not determined in all leach fractions (see Tables 2.4 and 2.3) have been
omitted from the profiles.

There is a minor fraction of the Cr contained in the LHFO fraction (Fig. 2.4b), dominantly comprised

of highly reactive hydrous ferric oxide minerals such as ferrihydrite [151], and this is mostly

restricted to the upper 150 cm (Fig. 3.3).
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Figure 2.4: Element concentrations at site 598. a) Carbonate concentration [151]. b) Cr (blue data points) and
Fe (orange data points) in the LHFO fraction. c) Cr and Fe in the LGOE fraction. d) Cr and Fe in the LSil
fraction. e) Cr and Fe in the bulk L6NHCl fraction. f) Mn-Oxide (purple) and Mn-Oxide:Fe6NHCl (red data
points). g) Cr:Fe ratio of the LHFO fraction. h) Cr:Fe ratio of the LGOE fraction. i) Cr:Fe ratio of the LSil
fraction. j) Cr:Fe ratio of the L6NHCl fraction.

The Cr concentration of the LSil fraction ranges from 0.3 – 2.5 ppm (Fig 2.4d), indicating that the

refractory Cr pool, accounts for 37 – 82% of the total Cr (L6NHCl, Table 2.3). As discussed in section

2.1, we were unable to analytically determine the Cr concentration of the LGOE leachate, and thus

we determine this via mass balance; LCrGOE = LCr6NHCl - (LCrHFO + LCrSil; Table 2.4). The majority

of Cr in the site 598 sediments is thus mainly contained in the LGOE (Na-dithionite extractable,

Table 2.4) sediment fraction, comprising crystalline Fe (oxyhydr)oxide mineral phases such as

goethite, and the refractory LSil fractions (Fig. 2.4c-d and Table 2.4).

The average Cr:Fe ratio of the sediments is 4.8 x 10 – 5, with a maximum value of 10.2 x 10 – 5

and minimum value of 1.9 x 10 – 5. In the upper 150 cm of the sediment pile there is a clear and
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Table 2.4: Element concentrations determined via sequential extractions in site 598 sediments. We note that
Cr concentration of the LGOE fraction was determined as the difference between total Cr (Cr6NHCl, Table
2.3) and the sum of the sequential phases; thus CrGOE = Cr6NHCl - (CrHFO + CrSil). ND “Not Determined”,
BLD “Below Detection”.

Sequential Extractions 

 

Element concentrations 
in LHFO (0.5 N HCl) 

fraction 
Element concentrations 
in LGOE (Na-Dith) fraction Element concentrations in LSil (6 N HCl) 

Depth 
(cm) 

Cr 
(ppm) 

Fe 
(wt%) 

Al 
(wt%) 

Cr 
(ppm) 

Fe 
(wt%) 

Al 
(wt%) 

Cr 
(ppm) 

Fe 
(wt%) 

Al 
(wt%) 

δ53Cr 
(‰) 

2se 
(‰) 

0.5 0.3 ND ND ND ND ND ND ND ND ND ND 

2.5 ND ND ND ND ND ND ND ND ND ND ND 

4.5 0.7 0.2 0.0 0 1.0 0.1 0.6 0.1 0.1 -0.01 0.02 

8.5 0.3 0.2 0.0 0.2 1.1 0.1 0.5 0.1 0.1 -0.28 0.11 

21 0.3 0.3 0.1 0.3 2.4 0.1 1.0 0.2 0.1 -0.07 0.03 

26.5 0.20 0.3 0.1 0.2 2.7 0.1 1.2 0.2 0.1 ND ND 

34.5 0.16 0.3 0.1 0.5 3.6 0.1 1.3 0.3 0.1 -0.10 0.02 

42.5 0.19 0.4 0.2 0.8 5.6 0.2 2.1 0.5 0.2 -0.06 0.03 

52.5 ND ND ND ND ND ND ND ND ND ND ND 

68.5 ND 0.7 0.2 ND 7.3 0.3 ND 0.5 0.3 0.04 0.06 

76.5 0.19 0.4 0.3 0.7 7.3 0.3 2.5 0.7 0.3 -0.04 0.03 

84.5 0.09 0.4 0.2 0.7 6.6 0.3 2.4 0.7 0.3 -0.06 0.03 

101 0.3 0.4 0.2 0.1 5.4 0.2 2.2 0.3 0.2 -0.05 0.03 

110.5 0.09 0.2 0.1 0.8 4.1 0.1 1.1 0.3 0.1 -0.06 0.03 

121.5 0.08 0.2 0.1 0.3 4.0 0.1 1.5 0.3 0.1 -0.22 0.05 

138.5 0.10 0.2 0.1 0.4 2.3 0.1 0.7 0.2 0.1 -0.08 0.03 

150.5 0.06 0.2 0.1 0.5 3.0 0.1 0.8 0.2 0.1 0.15 0.03 

166.5 0.05 0.1 0.1 0.6 2.9 0.1 0.7 0.2 0.1 -0.08 0.03 

186.5 0.05 0.2 0.1 0.5 3.6 0.1 0.7 0.2 0.1 ND ND 

196.5 0.03 0.2 0.1 0.6 4.6 0.1 0.8 0.2 0.1 0.32 0.05 

206.5 0.05 0.3 0.2 0.6 7.0 0.2 1.1 0.4 0.2 ND ND 

216.5 0.08 0.3 0.2 0.8 9.7 0.2 1.4 0.5 0.2 -0.04 0.05 

236.5 0.07 0.5 0.4 0.6 12.0 0.3 2.0 0.7 0.3 -0.01 0.03 

246.5 0.10 0.4 0.4 0.7 13.3 0.3 1.8 0.9 0.3 -0.03 0.03 

266.5 0.05 0.4 0.3 0.9 11.7 0.2 1.3 0.7 0.2 -0.07 0.03 

277.5 0.07 0.3 0.2 1.0 9.7 0.2 1.1 0.5 0.2 -0.08 0.03 

286.5 0.04 0.2 0.1 0.7 6.4 0.1 0.7 0.3 0.1 -0.07 0.03 

306.5 0.03 0.1 0.1 0.4 3.2 0.1 0.4 0.1 0.1 ND ND 

326.5 BLD 0.1 0.1 ND  2.3 0.0 0.4 0.1 0.0 ND ND 

347.5 0.05 0.2 0.1 0.7 6.1 0.1 0.7 0.3 0.1 -0.11 0.03 

398.5 0.11 0.1 0.0 0.3 2.6 0.0 0.3 0.1 0.0 ND ND 

424.5 0.07 0.1 0.0 0.2 2.5 0.0 0.3 0.1 0.0 ND ND 

499.5 0.03 0.3 0.1 0.9 8.9 0.1 0.7 0.3 0.1 -0.05 0.05 

549.5 0.03 0.1 0.0 0.1 1.5 0.0 0.3 0.0 0.0 ND ND 

Average          -0.04 0.04 
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systematic decrease in the ratio of total Cr:Fe (L6NHCl, Fig. 2.4j), below which the ratio remains

relatively constant (Fig. 2.4g-h). These more deeply buried intervals have a Cr:Fe ratio (2.0 x

10 – 5), which is 5.5 times lower than those at the core top (10.2 x 10 – 5), and 20 times lower than

fresh hydrothermal vent plume particles (40 x 10 – 5, [91], Fig. 2.5).
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Figure 2.5: Cr:Fe composition of vent particles and sediments deposited at site 598. Displayed is a comparison of
the Cr:Fe molar ratios of suspended vent particles measured by [91], compared to the Cr:Fe composition of
hydrothermal sediments at site 598 (Cr and Fe concentrations from the L6NHCl leach).

Within the upper 150 cm, we also observe a decrease in the amount of LHFO extractable Cr, and an

increase in LGOE extractable Cr (Fig. 2.3) and Fig. 2.4h).

2.3.3 Mn-oxide concentrations

To directly test the capacity of the SEPR sediments to oxidize Cr, we also determined reactive

Mn-oxide concentrations in the sediment. The Mn (oxyhdr)oxide concentrations in the sediment at

site 598 follow similar trends to those of bulk Fe6NHCl (Fig. 2.4g), with a maximum concentration
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of 3.9 wt% at the sediment water interface. Extractable Mn in the upper 20 cm of sediment at sites

599 and 600 also shows that the total Mn:Fe (oxyhydr)oxide ratio also increases with distance

from the ridge crest (Table 2.5).

Table 2.5: Mn-oxide:Fe molar ratios in the upper 20 cm of the three samples sites.

Site Distance from ridge crest (km) Mn:Fe Molar Ratio of Upper 20 cm 

600 340 0.28 

599 640 0.24 

598 1130 0.39 

	

2.3.4 Chromium isotopes

Chromium extracted from bulk SEPR site 598 sediments with a 6 N HCl (L6NHCl) leach (Table 2.3,

Fig. 2.6) has δ53Cr values that are significantly lower (-0.24 to -0.57h, 2 tailed t-test p-value = 4 x

10 – 6 at the 95% confidence level) than the ISE (-0.12 ± 0.10h) and oxic abyssal ocean sediments

(0.23 to -0.14h; [46, 104]).
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Figure 2.6: Cr-isotope composition of sediments deposited at site 598. a) Cr isotope composition of the site 598
sediments. The grey shaded region represents the ISE range (-0.12 ± 0.10h). The large errors on the δ53Cr
composition of the estimated authigenic component result from error propagation in our mass balance
calculation; δ53Crauthigenic = (δ53Crmeasured – (δ53Crdetrital * X)) / (1-X). b) Relationship between the Cr:Fe
ratio and δ53Cr composition of the bulk L6NHCl leach for sediments deposited below 150 cm. grey shaded
region represents a 95% confidence belt on the linear regression with an r2 value of 0.80.

The bulk L6NHCl leach contains both the authigenic reactive Cr phases (LHFO and LGOE) as well

as the refractory Cr (LSil). There is a general decrease in δ53Cr with increasing sediment depth

and decreasing Cr:Fe ratios (Fig. 2.6). The lightest δ53Cr values come from samples below 150 cm.

We also determined the Cr isotope composition of the LSil sediment fraction, comprising only the

refractory sediment phases, of which all δ53Crvalues fall within error of the ISE with an average

41



δ53Crcomposition of -0.05 ± 0.04h (Table 2.4, Fig. 2.6). The LSil leach was performed after the

more reactive and likely authigenic phases of Cr had been extracted (LHFO and LGOE), and thus

we consider Cr contained in the LSil fraction to represent detrital Cr. The isotopic composition of

the detrital LSil Cr in site 598 sediments is not significantly isotopically fractionated relative to the

ISE composition (2 tailed t-test p-value = 0.26 at the 95% confidence level).

To estimate the isotopic composition of the reactive and likely authigenic component of the

site 598 sediments (the sum of LHFO and LGOE extractable Cr), we correct for detrital Cr with near

crustal isotopic composition using a mass balance calculation;

δ53Crauthigenic = (δ53Crmeasured–(δ53Crdetrital · X))/(1− X) (2.1)

where δ53Crauthigenic is the Cr isotopic composition of authigenic Cr, δ53Crmeasured is the bulk Cr

isotope composition of our L6NHCl leach (Table 2.3), δ53Crdetrital is the Cr isotope composition of

the detrital fraction of the sediment, which we take from our LSil isotope values. X is the fraction

of detrital Cr in the L6NHCl leach. We use the Cr concentration of our LSil leachates from our

sequential extractions as best estimates of the detrital Cr contribution (Table 2.4). The results of

our mass balance calculation are shown in (Fig. 2.6) and we note that the large uncertainties on

the δ53Cr composition of the authigenic component result from error propagation in our mass

balance calculation. Our calculation demonstrates that once corrected for isotopic composition of

detrital Cr, the δ53Crauthigenic values of the SEPR sediments are even lighter relative to the ISE than

the measured L6NHCl bulk isotope compositions.

2.4 Discussion

2.4.1 Cr in the carbonate phase

Previous workers attribute the variability in metal concentrations in the sediment at site 598

to changes in the accumulation rate of CaCO3 rather than to fluctuations in the deposition

rate of the metalliferous hydrothermal component [151]. Biogenic carbonate, however, is the

dominant sedimentary component at site 598 and so we first considered it might also be the
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main carrier phase of Cr. We first considered the possibility that any calcite bound Cr released

during the carbonate leach was re-adsorbed onto the remaining Fe-phases. Cr adsorption to Fe

(oxyhydr)oxides is maximal in a pH range of 5 - 6 and less than 30% is adsorbed below pH 4

[159]. Although re-adsorption of calcite bound Cr to Fe (oxyhydr)oxides during our carbonate

leach cannot explicitly be ruled out, our 10% acetic acid leach was at pH 4, hence we do not

expect significant adsorption. Modern planktonic foraminifera, furthermore, typically exhibit

Cr concentrations between 0.05 and 0.3 ppm [160], which is consistent with biogenic carbonates

having lower Cr concentrations than limestones [40]. Experimental studies show that Cr(VI)

incorporation into calcite (as CrO2 –
4 ) increases with increasing Cr(VI) concentration in solution

[161]. We applied the partition coefficient (Kd*) from this experimental work [161], where;

Kd∗ = [Cr(VI)]solid/[Cr(VI)]solution (2.2)

When [Cr]solution drops below a minimum of 10 mmol l– 1, Kd* reaches a maximum value of 95. If

this value is extended to Cr(VI) concentrations of 1.95 ± 0.15 nmol l– 1 observed by [76] in surface

waters above the East Pacific Rise, we calculate an expected [Cr]solid of 0.2 ppm in calcite, also

below our detection limit. Together, our observations imply that a negligible fraction of the Cr in

SEPR sediments is associated with carbonate phases.

2.4.2 Cr isotope composition of oxygenated deep-sea sediments and their detrital

inputs

The δ53Cr composition of the majority of previously measured marine sediments deposited from

oxygenated seawater fall within the ISE range (-0.12 ± 0.10h, [46, 104]), while ferromanganese

nodules accumulating beneath oxygenated seawater are isotopically light (Table 2.6).
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Table 2.6: Compilation of modern oxic pelagic sediment Cr isotope values. †[104]‡[46]?[162]

 δ53Crbulk (‰) δ53Crleach (‰) 2se (‰) Reference 

 -0.06 NA 0.04 

† 
 

 0.06 NA 0.04 

 -0.06 NA 0.04 

 -0.06 NA 0.04 

 -0.01 0.02 0.04 

 -0.05 NA 0.04 

 -0.07 NA 0.04 

 -0.08 NA 0.04 

 -0.08 NA 0.04 

 -0.13 NA 0.04 

 -0.14 NA 0.04 

 -0.13 NA 0.04 

 -0.08 NA 0.04 

 -0.06 NA 0.04 

 -0.02 NA 0.04 

 -0.03 0.01 0.04 

 -0.03 0.01 0.04 

 -0.07 NA 0.04 

 0 0.1 0.04 

 0.23 NA 0.04 

 0.02 NA 0.04 

 -0.01 NA 0.04 

 -0.1 -0.21 0.04 

 -0.11 NA 0.04 

 -0.1 NA 0.04 

 -0.016 NA 0.048 
‡ 
  -0.053 NA 0.048 

 -0.007 NA 0.048 

 -0.54 NA 0.03 

� 
 

 -0.48 NA 0.04 

 -0.85 NA 0.04 

 -0.41 NA 0 

 -0.37 NA 0.03 

 -0.47 NA 0.04 

 -0.38 NA 0.02 

 -0.34 NA 0.02 

 -0.15 NA 0.04 

 -0.34 NA 0.03 

 -0.32 NA 0.05 

Average -0.15 -0.014 0.05  
	

This yields an average δ53Crvalue of -0.15 ± 0.05h for oxic marine sediments. Leaching ex-

periments conducted to isolate the authigenic Cr pool from these sediments also yielded δ53Cr

values that were not statistically different from the bulk sediment (-0.01 ± 0.05h, [104]). Current

data for oxic deep-sea sediments, therefore, suggest heavily fractionated authigenic Cr pools

comprise a very minor fraction of the total sediment Cr, and thus the δ53Crcomposition of these

sediments reflects a detrital input with composition identical to the ISE [46, 104]. The sediments
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at site 598 were also deposited under oxygenated deep-sea conditions, and yet in contrast to other

oxygenated sediments, are overwhelmingly isotopically light. Given that most Cr in oxic modern

marine sediments has been attributed to detrital inputs, we first considered the possibility that the

light δ53Cr compositions at site 598 originated from detrital Cr.

The eolian dust flux at site 598 has been estimated [163] and comprises only 0.8 – 4.0 wt% of

the bulk sediment in the upper 6 m of the sediment column. Our qXRD measurements verify

that the mineralogy of the sediment is mainly biogenic calcite and authigenic goethite, with trace

amounts of albite (0 - 8% ), which likely represents the major mineralogical component of the

eolian dust (Table 2.2). Albite (NaAlSi3O8) is not likely to contain Cr in its crystal lattice, but we

have detected the detrital spinel mineral hercynite (Fe2+Al2O4), which can contain Cr(III). Since

we do find an appreciable amount of the total Cr in the site 598 sediment is contained in the

LSil fraction (Table 2.3), we speculate this could comprise a refractory Cr component. We thus

consider the possibility that some or all Cr in our bulk L6NHCl leachates is detrital rather than

hydrothermal and/or authigenic, and that the isotopically light bulk Cr isotope composition of the

SEPR sediments might have been inherited from eolian dust. Eolian dust might acquire light Cr

as the result of oxidative weathering of the continents, which leads to the removal of isotopically

heavy Cr(VI) via runoff [1, 30, 31, 44, 45, 164], while the residual soil becomes isotopically light

[30, 42, 149]. This isotopically light continental material may thus contribute to eolian dust fluxes

to marine sediments, providing a possible explanation for the light δ53Cr values of the SEPR

sediments, if they comprise mostly detrital Cr, which we evaluate below.

Aluminium is typically employed as a tracer for detrital input in many types of marine

sediment. Although Al is not enriched in hydrothermal particulates [147], the positive enrichment

relationship between Fe, Al and Cr, may indicate a similar source for these metals with mutual

dilution by carbonate components controlling metal concentrations as a function of depth. An

authigenic origin for Al is a possibility, however, given that a considerable fraction (∼70% ) of

the total Al in the sediment as reported in [150], is contained in the more reactive LHFO and LGOE

sediment fractions. Thus Cr:Al ratios of our leach fractions cannot be used to determine the

detrital Cr content of the sediment. We further suggest that the relatively large component of

authigenic Al in the SEPR sediments may have resulted from the formation of authigenic clay
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minerals [165, 166], a process needing further study at the SEPR.

To test the hypothesis that highly weathered detrital material imparted the light δ53Cr compo-

sition in the SEPR sediments, we determined the δ53Cr composition of the detrital fraction, LSil,

directly. As noted above, the detrital component of other marine sediments measured to date

carries a δ53Cr indistinguishable from ISE values, and like these sediments, the LSil fraction at site

598 also carries δ53Cr values that are indistinguishable from the ISE (Fig. 2.6). This shows that

even though refractory Cr phases of likely detrital origin comprise an appreciable proportion of

the hydrothermal sediment Cr, their isotopic composition is not responsible for imparting the

isotopically light δ53Cr composition of the bulk sediment. Our Cr:Fe ratios, furthermore, point

to diagenetic remobilization of an appreciable reactive, and thus likely authigenic, Cr fraction

with little Cr redistribution occurring in the detrital LSil fraction (Fig. 2.4i). Taking these two

observations together implies that the light SEPR δ53Cr is authigenic in origin, and if LSil captures

detrital Cr, then eolian dust in this part of the Pacific ocean carries the δ53Cr of ISE, which has

remained relatively constant over the last 5.7 million years and is consistent with previous studies

of Cr in marine sediments [46, 104].

2.4.3 Cr(III) oxidation in serpentinizing environments

As the delivery of detrital Cr to the SEPR sediments (Section 2.4.1 above) does not control their

isotopic composition, we next considered whether the light δ53Cr recorded in the hydrothermal

sediments at site 598 could have been inherited directly from the hydrothermal fluids. The

δ53Cr composition of hydrothermal fluids is likely set by alteration reactions (serpentinization)

occurring within the hydrothermal vent, and so we consider whether these reactions could

theoretically impart light δ53Cr. Two previous studies that investigated the δ53Cr composition

of serpentinized ocean crust found it to be isotopically heavy (up to +1.22h) relative to the

igneous silicate earth (ISE) [74, 167]. The authors interpreted these findings to be the result of a

complex series of Cr redox reactions, whereby seawater Cr(VI) entrained into the hydrothermal

vent environment experiences partial reduction in the immediate vicinity of the serpentinization

site, leading to isotopically heavy residual δ53Cr(IV) in the hydrothermal fluids and shifting

the δ53Cr composition of any serpentinite captured Cr(III) to heavier δ53Cr values. Hydrogen
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peroxide can be present in serpentinizing systems [63], with the potential to oxidize Cr(III) and

thereby contribute heavy Cr(IV) to hydrothermal fluids, leaving residual serpentinites isotopically

light [63]. Such a mechanism, however, is inconsistent with all current data, which instead

suggest that the net result of hydrothermal alteration processes is to produce serpentinites and

hydrothermal fluids with heavy δ53Cr compositions [74, 167]. We consider it unlikely, therefore,

that serpentinization reactions generate hydrothermal fluids with a light δ53Cr composition and

thus these processes likely did not significantly contribute to setting the δ53Cr composition of the

hydrothermal sediments deposited at site 598.

2.4.4 Reduction of Cr(VI) in open vs. closed systems

Hydrothermal fluids provide a flux of Cr to seawater [25], though the degree to which seawater

Cr may be reduced and scavenged by hydrothermal fluids remains uncertain. This means that

hydrothermal systems may in fact be a net sink rather than a source of Cr to seawater. To assess

the extent to which Cr(III) in the SEPR sediments might originate from hydrothermal vs. seawater

sources we consider concentrations of Cr in vent fluids, seawater and fresh plume particles. Cr(III)

can be enriched in plume fluids by up to 10 times compared to seawater [100]. Adopting a

conservative end member Cr of 5 times ambient seawater concentration (similar to measured vent

fluid concentrations [100, 101]), would give a vent fluid Cr content of up to 50 nM Cr, prior to

dilution with seawater. Typical Fe concentrations in SEPR hydrothermal fluids are on the order of

10 mM [168]. Using these values, the molar Cr:Fe ratio in SEPR hydrothermal fluids is at most 5

x 10 – 6, which is two orders of magnitude lower than the Cr:Fe ratio of on axis plume particles

[91] (Fig. 2.5) and three orders of magnitude lower than the SEPR sediments at Site 598. This

suggests that most Cr in hydrothermal plume particles is not derived from vent fluids but rather

comes from seawater in the immediate vicinity of the vent, consistent with studies conducted

on other hydrothermal systems [95, 147]. Other estimates indeed suggest that 8 - 10% of all Cr

supplied to the ocean by rivers is removed via hydrothermal plume scavenging and deposited in

ridge crest sediments [94]. This suggests that scavenging of seawater Cr is a non-negligible part of

the global marine Cr budget, and the resulting redox reactions involved may impart important

isotopic effects, as we explore below.
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Partial reduction of seawater Cr(VI) provides one likely explanation for the light δ53Cr values

we observed in the SEPR sediments. Partial reduction of seawater Cr(VI) upon mixing with

Fe(II) (and H2S) laden vent fluids, and subsequent co-precipitation of Fe (oxyhydr)oxides has the

potential to impart large Cr isotope fractionations, as observed in previous laboratory experiments

[106, 107]. While the extent to which evolving vent plumes mix with seawater, and hence how open

the plume is to Cr exchange with seawater, is difficult to estimate, we consider two end-member

scenarios in which Cr isotope fractionation at the SEPR results from fully open or fully closed

system behaviour. A fully open, well-mixed system would most likely be achieved during reaction

between Cr(VI) and Fe(II) in the water column. This would occur when the rate of mixing between

seawater and the hydrothermal plume is so fast that the concentration and δ53Cr composition of

Cr(VI) in the latter remains the same as the former (i.e. a lack of reservoir effects). In this scenario,

[Cr(VI)] and δ53Cr in the plume water is constant in time and space, and the δ53Cr of particles

produced during seawater Cr(VI) reduction can be described by:

δ53Cr(I I I)product = δ53Cr(VI)seawater–ε (2.3)

where the Cr isotopic composition of seawater and the isotope fractionation factor (ε) do not

change with distance from the vent.

To estimate the possible range of δ53Cr(III)product values, we have compiled relevant isotope

fractionation factors (ε) from the literature, which span a suite of appropriate reductants for Cr(VI)

in hydrothermal systems (Table 2.7).
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Table 2.7: Compilation of fraction factors during reduction of Cr(VI) adapted from
[1].†[1]‡[169]?[107]�[106]κ[37]φ[108]ψ[170]θ[73]

Reference Fractionation factor (‰) Reductant 
†	
 0.8 Organic matter in ocean surface water 
‡	
 1.8 Dissolved and solid phase Fe(II) 

�	
 3.91; 2.67; 2.65; 2.11 Goethite; siderite; green rust; FeS 

◊	
 3.60; 1.50 Ferrous Fe; ‘Green rust’ 

κ 
 3.51 Magnetite 

φ 
 4.20; 3.11 Low-pH Fe(II); organic reductants 

ψ 
 4.11; 1.75 Shewanella oneidensis bacteria 

θ 
 3.54; 5.0 Acidic H2O2; pH-neutral H2O2 (kinetic) 

	

Under open system behaviour, the smallest fractionation factor (ε = 0.8h), proposed by [1] for

Cr(VI) reduction in ocean surface waters, would only yield δ53Cr(III)product values as light as the

δ53Cr observed in the SEPR sediments if the initial δ53Crseawater is only mildly heavy to begin

with (δ53Cr = 0.13h). Given, however, that the modern average δ53Crseawater is 0.66h, and more

specifically, average Pacific ocean water is also 0.66h [1, 171], then Cr(VI) reduction in the SEPR

system would need to be accompanied by an isotope fractionation > 0.8h to account for the

light δ53Cr values in the SEPR sediments, if partial Cr(VI) reduction was exclusively responsible.

Larger isotope fractionation factors, however, are expected. Dissolved ferrous iron is a potent

and likely reductant of Cr(VI) in the vicinity of hydrothermal vents, as are mixed valence Fe

(oxyhydr)oxides that form as direct products of Fe(II) oxidation (Table 2.7). Reduction of Cr(VI) by

ferrous iron carries a fractionation in the range of ε = 3.6 – 4.2h [106, 108]. These larger isotope

fractionation factors produce δ53Cr(III) values lighter than our data over the entire range of known

δ53Crseawater compositions, including the highest values measured to date (δ53Crseawater = 1.24h,

[1]. In contrast, particulate Fe(II)-bearing phases carry more muted isotope fractionation factors

in the range of ε = 2.11 – 2.65h (Table 2.7). Thus reduction via such particles could account for

the observed range of Cr isotope fractionation at the SEPR if seawater Cr(VI) had an isotopic
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composition between δCr53seawater = 0.62 and 2.41h, consistent with current measurements of

δCr53
seawater. Therefore, based on isotope data alone, our data can be described by partial reduction

of Cr(VI) in a hydrothermal system that is entirely open, using isotope fractionations that fall in a

continuum between 0.8h and 2.65h – magnitudes consistent with isotope fractionation factors

derived from laboratory experiments with a variety of ferrous Fe reductants (Table 2.7). Variability

in the isotope fractionation factor, δ53Crcomposition of local seawater, and the extent of fluid

mixing may also explain some of the dynamics observed in the δ53Crvalues down core at the

SEPR.

In contrast to a fully open system where partial Cr(VI) reduction occurs in a vigorously mixed

water column, a fully closed system would be approached if Cr(VI) reduction occurred within

the sediment pile at site 598. In this scenario, increasing burial and continued Cr(VI) reduction

within the sediment would drive the authigenic δ53Cr of Cr(III) formed deeper in the sediment

towards the initial δ53Cr composition of seawater at the sediment water interface. This process

would also tend to cause Cr:Fe ratios of the sediment to increase with depth. Neither relationship

is observed (Fig. 2.4g-h), and thus Cr(VI) reduction within the sediment pile is unlikely to be the

dominant process driving Cr isotope fractionation at site 598. In fact, we observe the opposite

relationship between sediment δ53Cr composition and burial depth, finding that the lightest δ53Cr

values measured come from samples with the lowest Cr:Fe ratios. We also observe a relatively

coherent relationship in which δ53Cr decreases with increasing burial depth and decreasing Cr:Fe

ratios. We also recognize, however, that our data may fall somewhere on a continuum between

fully open and fully closed system behaviour, and thus record a combination of water column

and diagenetic Cr redox processes, the latter of which we explore below.

2.4.5 Diagenetic oxidation of Cr(III)

Oxidation of Cr(III) to Cr(VI) by manganese oxides has been shown under laboratory conditions

[61, 65, 172] and in natural soils [72], and can be described by the following reaction [65, 66]:

Cr3+ + 3 MnOOH⇒ HCrO−4 + 3Mn2+ + 2OH− (2.4)
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which produces soluble Cr(VI) oxyanions. In sediments, this Cr(VI) would be mobile and could

ultimately escape by diffusion to overlying seawater. Previous workers determined the distribution

of porewater [Cr] in the upper 20 cm of multiple continental margin sites off the coast of California,

suggesting Cr loss in Mn-oxide rich surface sediments, and demonstrating low retention of Cr in

sediments under oxic conditions in the presence of Mn-oxides [148]. We observe manganese oxides

throughout the sediment profile and these are present in excess of that necessary to oxidize all

oxide bound Cr, based on the stoichiometry noted above. The diagenetic interaction of Mn-oxides

with hydrothermal Cr(III) to induce oxidative remobilization as Cr(VI) is therefore a plausible and

likely explanation for the apparent redistribution of Cr. Based on our current understanding of Cr

isotope fractionation, and by analogy to oxidative Cr mobilization in weathering environments

[30, 31, 42, 149], oxidatively remobilized Cr(VI) from SEPR sediments is expected to be isotopically

heavier than the residual Cr(III), either due to fractionation imparted directly during oxidation

(e.g., [73]) or due to partial reduction back to Cr(III), which favours the light Cr isotope [30, 37].

Chromium oxidation and remobilization from mineral phases hosting Cr(III) is dependent

on the solubility of the host minerals [51]. There is a progressive change in the fraction of

total Fe represented in LHFO and LGOE at site 598 [151], and this is interpreted as a progressive

transformation of poorly stable Fe-minerals (ferrihydrite) to more stable phases. This is largely

complete by a depth of 150 cm at site 598. We observe that the Cr:Fe molar ratio decreases

steadily through the top 150 cm of sediment (Fig. 2.4j), which coincides with the zone of

ferrihydrite transformation to goethite (Fig. 3.3b). Ferrihydrite transformation to goethite takes

place via dissolution-reprecipitation reactions, which presumably release Cr from ferrihydrite and

redistribute it to porewaters where it can be sequestered by less reactive Fe phases or become

mobile through diffusive transport. Assuming a constant Cr:Fe ratio during deposition suggests

progressive Cr loss relative to Fe with increasing depth in the upper 150 cm of sediment (Fig. 2.4j).

The downcore changes suggest that Cr in ferrihydrite is redistributed into goethite by a depth of

150 cm, and that Cr loss and remobilization from ferrihydrite is complete by this depth, with less

than 5% of the total Cr remaining in LHFO phases (Fig. 3.3, Table 2.4). Cr(III) oxidation driven by

release of Cr from LHFO and subsequent reaction with Mn-oxides provides a likely explanation

for the observed distribution of Cr within the upper 150 cm of the sediment and its apparent loss
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from the sediment. Such a scenario is also consistent with the downcore trends in δ53Cr which are

strongly correlated to Cr:Fe (Fig. 2.6b), implying a genetic link between these two geochemical

features. δ53Cr values indeed become progressively lighter as Cr is lost relative to Fe, and this is

consistent with the directionality of fractionation expected during oxidative Cr remobilization.

Thus, partial reduction of seawater Cr(VI) in the hydrothermal plume and diagenetic Cr(III)

oxidation can together account for the light δ53Cr values and Cr(VI) loss observed in the sediment

at the SEPR.

Remobilization of Cr below 150 cm appears limited, indicating that sediments older than

2.5 Myr are poorly reactive towards Cr dissolution and consequently Cr(III) oxidation and

redistribution. In these deeper sediments, Cr is dominantly hosted by goethite and residual poorly

reactive detrital phases, although in other marine sediments reactive Fe phases such as ferrihydrite

often convert to hematite as the stable end member [173]. At the SEPR, we expect this goethite

phase to be the primary carrier of both the Cr isotope signal derived from seawater and any

subsequent early diagenetic reactions, for ultimate preservation in the geologic record. Cr isotope

signals imparted through partial reduction of seawater Cr(VI) and subsequently overprinted

through Cr remobilization and isotope fractionation in hydrothermal sediments may thus be

partly controlled by Fe (oxyhydr)oxide mineral ageing.

2.4.6 Isotopically light Cr in hydrothermal sediments

The light δ53Cr values of the hydrothermal sediments at site 598 are unique compared to most

oxygenated marine sediments studied to date [41, 104, 105, 162]. Based on our results from DSDP

site 598, we argue that partial reduction of seawater Cr(VI) and oxidative diagenesis combine to

leave hydrothermal sediments isotopically light (depleted relative to the ISE). Importantly, both

of these mechanisms require oxygenated seawater in the vicinity of the hydrothermal system,

opening the possibility that isotopically light Cr values measured in hydrothermal sediments may

be diagnostic of oxygen-bearing deep ocean water. In an anoxic deep ocean, Cr(III) sourced from

hydrothermal vents would enter seawater and precipitate in hydrothermal sediments without

undergoing redox cycling. The resulting hydrothermal precipitates would carry an ISE δ53Cr

composition (Fig. 2.7a).
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Figure 2.7: Cr cycling in an anoxic vs. oxic deep ocean. Depicted are schematics detailing the expected δ53Cr
composition of hydrothermal sediments deposited in both an anoxic and oxic deep ocean. Blue arrows
indicate Cr that has undergone redox cycling whereas black arrows indicate no redox state change. a) In a
dominantly anoxic ocean, no Cr(VI) reduction takes place in the plume vicinity. This deposits unfractionated
hydrothermally sourced Cr(III) in the sediment and preserves the initial ISE δ53Cr composition liberated
from vent efflux. b) In an oxygenated ocean, the heavy Cr(VI) reservoir may be partially reduced during
interaction with electron donor rich hydrothermal plumes. Depending on the magnitude of the fractionation
factor associated with this reaction (see Table 2.7), this is expected to precipitate depleted δ53Cr in the
sediment, making light δ53Cr values diagnostic of oxygenated deep ocean waters that have interacted with
hydrothermal plumes. This light δ53Cr signal is only further reinforced during diagenesis with manganese
oxides in the sediment pile.

In strong contrast to the anoxic deep ocean scenario, the modern oxygenated deep oceans contain

isotopically heavy Cr(VI), as the result of oxidative weathering on land [1, 30, 31, 44, 45, 171].

Cr(VI) readily reacts with reductants (H2S, Fe(II)) that accumulate in the ocean under anoxic

conditions, and thus Cr(VI) accumulation in the deep ocean only occurs when it is oxygenated.

The isotopically light signals we find in modern hydrothermal sediments develop due to

the local interaction of hydrothermal reductants with Cr(VI) in oxic seawater, with a possible or

likely partial overprint through oxidative Cr(III) diagenesis (Fig. 2.7b). These observations set

up a framework for using negative δ53Cr isotope anomalies in iron oxide dominated deep-sea

hydrothermal sediments, as a proxy for deep-water oxygenation. Light δ53Cr compositions have

only been observed as the result of oxidative remobilization of Cr(III) in paleosols and modern

soils, and in strongly oxidizing ferromanganese nodules (e.g., [30, 149, 162, 174]), and here through

Cr redox cycling in hydrothermal plume fallout sediments. Examination of existing δ53Cr records
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reveals occurrences of isotopically light δ53Cr values in Neoproterozoic hydrothermal sediments

[175], implying deposition from oxygenated deep ocean waters at this time. We propose that

this framework can be expanded through further measurements of δ53Cr in older hydrothermal

sediments. In principle this should enable reconstruction of deep ocean oxygen dynamics through

geologic history.

2.5 Conclusions

Sediments deposited at the SEPR are enriched in hydrothermal Fe and Mn (oxyhydr)oxides. In

the vicinity of hydrothermal vents, seawater-sourced Cr(VI) is likely reduced by Fe(II) laden vent

fluids and the Cr(III) produced is scavenged by freshly-formed Fe precipitates and deposited

in the sediments. This partial reduction of Cr(VI) from oxygenated seawater imparts a light

δ53Cr fingerprint in the plume particles, which are deposited with δ53Cr values lighter than the

ISE range (-0.12 ± 0.10h). Sedimentary Mn oxides may subsequently catalyze the oxidation of

sediment Cr(III), inducing the release of as much as 80% of Cr in the form of soluble Cr(VI) to

the overlying water column. This remobilization may also carry an isotopic fractionation, with

potential to enhance the overwhelmingly light δ53Cr imparted during partial reduction. Overall,

these processes combine to set a variable, but distinctly light, range in δ53Cr of between -0.24 and

-0.57h. Iron diagenesis transforms less stable Fe phases (e.g., ferrihydrite) to more stable goethite

by a depth of 150 cm (2.5 Myr), slowing subsequent diagenetic Fe alteration and likely locking in

the δ53Cr composition below this transition. Together, these processes leave a diagnostic record of

isotopically light δ53Cr that signals deposition from Cr(VI) bearing oxygenated deep seawater – a

signal that can potentially be tracked through time, thus providing impetus to further explore

ancient hydrothermal sediments as archives of δ53Cr that may demarcate deep ocean oxygenation

in the geologic record.
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Chapter 3

Chromium isotope fractionation in

ferruginous sediments

Ferrous Fe is a potent reductant of Cr(VI), and while a number of laboratory studies have

characterized Cr isotope fractionation associated with Cr(VI) reduction by ferrous iron, the

expression of this fractionation in real-world ferrous Fe-rich environments remains unconstrained.

Here we determine the isotope fractionation associated with Cr(VI) reduction in modern ferrous

Fe-rich sediments obtained from the previously well studied Lake Matano, Indonesia. Whole core

incubations demonstrate that reduction of Cr(VI) within ferruginous sediments provides a sink for

Cr(VI) leading to Cr(VI) concentration gradients and diffusive Cr(VI) fluxes across the sediment

water interface. As reduction proceeded, Cr(VI) remaining in the overlying lake water became

progressively enriched in the heavy isotope (53Cr), increasing δ53Cr by 2.0 ± 0.1h at the end of

the incubation. Rayleigh distillation modelling of the evolution of Cr isotope ratios and Cr(VI)

concentrations in the overlying water yields an effective isotope fractionation of εeff = 1.1 ± 0.2h

(53Cr/52Cr), whereas more detailed diagenetic modelling implies an intrinsic isotope fractionation

of εint = 1.80 ± 0.04h. Parallel slurry experiments performed using anoxic ferruginous sediment

yield an intrinsic isotope fractionation of εint = 2.2 ± 0.1h. These modelled isotope fractionations

are corroborated by direct measurement of the δ53Cr composition on the upper 0.5 cm of Lake

Matano sediment, revealing an isotopic offset from the lake water of εeff = 1.1 – 1.5h. The data and

models reveal that effective isotope fractionations depend on the depth at which Cr(VI) reduction

takes place below the sediment water interface—the deeper the oxic non-reactive zone, the smaller

the effective fractionation relative to the intrinsic fractionation. Based on the geochemistry of the

sediment we suggest the electron donors responsible for reduction are a combination of dissolved
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Fe(II) and 0.5 M HCl extractable (solid phase) Fe(II). Our results are in line with the range of

intrinsic fractionation factors observed for such phases in previous laboratory studies. We suggest

that intrinsic isotope fractionations of around 1.8h, may be broadly characteristic of ferruginous

environments, but we note that the partitioning of ferrous Fe between dissolved and solid phases

may modulate this value. These results indicate that seawater δ53Cr is only captured with high-

fidelity by ferruginous sediments when oxygen penetration, and therefore the upper boundary of

the zone of Cr(VI) reduction, extends to more than 10 cm below the sediment-water-interface, as

can be the case in sediments deposited below oligotrophic waters. In more productive regions,

with thinner oxic zones, ferruginous sediments would record δ53Cr as much as 1.8h lower than

seawater δ53Cr. This implies that a range of sediment δ53Cr compositions, that include that of the

igneous silicate earth (ISE), are possible even when seawater is isotopically heavier than the ISE.

3.1 Introduction

The chromium isotope composition of marine chemical sediments broadly tracks the redox

evolution of the ocean-atmosphere system (e.g., [7, 30, 31, 40]. Notably, large shifts in the Cr

isotope composition of banded iron formation (BIFs), ironstones, shales, and carbonates result

from dynamics in Cr biogeochemical cycling that ultimately lead to changes in the isotopic

composition of Cr in seawater [1, 4, 7, 31, 39, 41]. It has been proposed that the Cr isotope proxy

captures the protracted oxygenation of the Earth’s surface through the Precambrian Eons (e.g.

[4, 6]. More nuanced applications of the proxy, however, require more complete knowledge of

the processes governing Cr isotope fractionation, the Cr isotope composition of seawater, and

ultimately how this isotope composition is preserved in the rock record.

The current model of Cr biogeochemical cycling and its attendant Cr isotope fractionation is

illustrated schematically in Fig. 1.1, Chapter 1. Cr(III) hosted in crustal rocks is oxidized, largely

through solid-state catalysis by Mn-oxides [65, 67], during weathering of continental rocks under

the modern well oxygenated atmosphere. This oxidative weathering liberates Cr(VI) to rivers

and groundwater [48, 50, 61, 65, 67, 72] and the subsequent riverine transport sustains the largest

Cr flux to the oceans today [25, 76, 77]. Cr(III) is highly particle reactive and exhibits typical
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cationic sorption behaviour with greater affinity for particles at higher pH. This is in contrast

to the Cr(VI) oxyanion that is generally soluble at circumneutral pH [49], and sorbs to particles

more readily at low pH. It has also been shown that organic matter (OM) plays a large role in

complexing Cr(III) [85] and Cr(III) ions readily adsorb and precipitate in the absence of soluble

OM. In most natural waters above pH 5.5, Cr(III) is thus present in concentrations higher than

expected based on equilibrium solubility due to stabilization via OM [85]. Likewise, organic acids

promote dissolution of Cr(III) hydroxides under alkaline conditions, potentially mobilizing Cr(III)

[176]. Speciation in the presence of such organic acids is dominated by these ligand complexes

rather than hydrolyzed Cr(III) species at pH > 5 [177]. Cr(III) is otherwise only appreciably

soluble and mobile under acidic pH [97].

The majority of chromium in seawater is in the form of CrO2 –
4 ions which are the direct

product of continental weathering and are most likely removed from seawater via reduction to

Cr(III) and subsequent association to particles and sedimentation [105]. Reduction can occur via a

plethora of electron donors (organic compounds, reduced sulphur species, reduced Fe species,

anaerobic and aerobic microbes), of which ferrous Fe species are particularly effective, including

Fe(II)aq and Fe(II)–bearing minerals [106]. Cr(VI) reduction via Fe(II)aq is very rapid (half-life

ranging from minutes to hours) and obeys pseudo-first order reaction kinetics at pH < 10 [56, 178].

Reduction of Cr(VI) with solid phase Fe(II) is generally slower, occurring on half-life timescales of

hours to days [37].

Reduction of Cr(VI) is generally accompanied by large and characteristic Cr isotope frac-

tionations (∼+1.0 to +4.5h), where isotope fractionation (ε) herein refers to the difference in

isotopic composition of the reactant and instantaneously formed product [37, 43, 106–108, 179].

Laboratory experiments demonstrate that Cr(VI) reduction preferentially incorporates the light

isotopes into the product Cr(III) [37, 46]. Isotopic fractionations during Cr(VI) reduction for

different Fe species range from ∼1.5h for Fe(II)aq + Fe(II)/Fe(III)greenrust (a multi-valence Fe

(oxyhydr)oxide, [106, 107] to ∼3.5h for Fe(II)/Fe(III)magnetite [37], demonstrating that the reaction

mechanism plays a major role in determining the magnitude of fractionation expected. Kinetic

isotope fractionation occurs during the reduction of Cr(VI) likely due to the rearrangement of

Cr-O bonds and the resulting change in Cr bonding from tetrahedral to octahedral coordination

57



[71]. Determining Cr isotope fractionation during reduction of Cr(VI) is crucial for interpreting

the Cr-isotope signal in the paleorecord. While the isotope fractionations accompanying Cr(VI)

reduction are well established in closed-system laboratory settings, relatively few studies have

extended such experiments into direct tests of fractionation in natural environments [180, 181],

and this lack of data from natural environments limits our ability to make robust interpretations

of the Cr isotope record.

Ferrous Fe is abundant in a wide range of modern marine sediments [148], and appears to

have also been particularly important during Earth’s early history. Ferruginous ocean conditions

(anoxic and Fe-rich) persisted through much of Earth’s history [182] and thus Cr(VI) reduction

via Fe, likely played a major role in setting the authigenic δ53Cr recorded in BIFs, ironstones,

and ferruginous shales. After ∼800 Ma, Cr(VI) was likely supplied to the Fe-rich oceans via

oxidative weathering in O2 rich surface environments. It has been shown that Cr(III) may also

be oxidized to Cr(VI) by H2O2 in the local absence of O2 in serpentinizing systems [63], however

O2 is ultimately required to generate this peroxide and other oxidants of Cr at the outset. The

batch experiments of [106] indicate that if Cr(VI) reduction in solution is near quantitative, the

δ53Cr of the initial solution is inherited by the Cr in the Fe(III)-(oxyhydr)oxide products. This is

likely to occur as long as Fe(II) is in excess, as might be expected for Archean eon Fe(II)aq rich

water-columns. Likewise, it has been suggested that in sediments deposited under an anoxic

water column, adsorbed authigenic Cr can be buried with little to no fractionation relative to the

seawater from which it was deposited. A possible modern example of this is the anoxic Cariaco

Basin, whose sediments have had a constant δ53Cr composition for the last 14.5 kyr, similar to that

of contemporary δ53Cr of Atlantic deep waters [104, 105]. Thus δ53Cr values measured in anoxic

sediments—sediments deposited from overlying water that is oxygen free—may faithfully record

the contemporaneous δ53Cr seawater composition [104, 105]. In contrast, it has been shown that

fractionation between seawater Cr and authigenic Cr can be appreciable in sediments overlain by

oxygenated seawater [104]. The δ53Cr values recorded in such sediments are variable [104], and

this suggests Cr isotopes are fractionated during early diagenesis, a process which has received

little attention but likely plays a critical role setting the δ53Cr values recorded in marine sediments.

The contrasting Cr isotope data obtained from these two modern marine environments highlights
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the possible importance of transport mechanisms in setting authigenic δ53Cr values. In anoxic

water columns, transport across the chemocline is much slower than the timescales of Cr(VI)

reduction reactions and thus Cr(VI) reduction is nearly quantitative with very small fractionations

from local seawater [105]. In contrast, transport into the sediment pile is dominated by diffusion,

and thus a key factor controlling Cr isotope fractionation is the length scale of the diffusional path

to the zone of Cr(VI) reduction [105, 183–185].

We sampled sediments from ferruginous Lake Matano, Indonesia, to directly test for Cr isotope

fractionation during reduction in modern Fe-rich sediments. Iron speciation in sediments can be

assessed through selective sequential extractions [118], and through Fe speciation analyses it is

possible to discern between depositional conditions that are oxic, anoxic and ferruginous (dissolved

Fe(II) present), and anoxic and sulphidic (dissolved H2S present). Ferruginous sediments are

often enriched in reactive Fe relative to total Fe, and have ratios FeReactive/FeTotal > 0.4. Even

though the sampling site at Lake Matano is overlain by mildly oxygenated water, the underlying

sediments are greatly enriched in reactive Fe and their FeReactive/FeTotal ratios are >> 0.4, which

operationally define them as ferruginous. We performed whole core incubations and sediment

slurry experiments and we modelled our results using three different approaches, Rayleigh

fractionation, a parameterized diffusion model, and a diagenetic reactive-transport model. We

view these sediments from Lake Matano as analogous to the Fe-rich sulphide poor clastic

sediments (e.g. shales) common in the Proterozoic and early Paleozoic during the emergence

and early diversification of animals (e.g., [23, 182]. We provide new insights into the magnitude

of fractionation for Cr(VI) reduction in ferruginous settings, to refine interpretation of the δ53Cr

isotope record during that period of Earth’s history. In addition, this work provides foundation

that can be used to interpret Cr isotope distributions in diverse environmental settings and the

rock record.
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3.2 Methods

3.2.1 Sample location and experimental framework

Lake Matano is located in Central Sulawesi Island, Indonesia. The lake has a very small surface area

to depth ratio (Lake Matano is the 8th deepest lake in the world at > 590 m). This combined with

the absence of strong seasonal temperature fluctuations maintain a persistent pycnocline at 100 m

depth, separating an oxic surface mixed layer from anoxic bottom waters. Sulfate concentrations

are low (< 20 µM) in the surface mixed layer [143] and the ultramafic catchment basin supplies

abundant Fe oxyhydroxides to the lake supporting the deposition of Fe-rich sediments [143].

Chromium concentrations are naturally high in the lake (180 nM) due to oxidative weathering of

Cr-rich ultramafic bedrocks [137].

3.2.2 Whole core incubation experiment

In spring 2015 we obtained 6 gravity cores from a site located at the northwestern end of the lake,

at 60 m water depth. The water is oxygenated to the sediment-water interface at this location

and Cr(VI) was thus the dominant species present. The oxygen penetration depth within the

sediment at this location is roughly 2 mm (Appendix A). We collected cores (core barrel size; 8 cm

in diameter, 57 cm tall) with a well-preserved sediment water interface. Four of the most pristine

cores were selected for whole-core incubation experiments. We sub-cored the larger gravity cores

into smaller cores to perform the incubations (core barrel size; 5.5 cm in diameter, 42 cm tall),

while maintaining an undisturbed sediment water interface, capturing an average volume of 520

ml of bottom water overlying an average of 20 cm of sediment. Our incubations were performed

on site, as to minimize core disturbance during transport. The 4 cores (herein referred to as A, B,

C, D) were set up in a core stand and magnetic stir bars were installed 10 cm above the sediment

water interface in each tube to mix the overlying water without disturbing the sediment water

interface, in order to homogenize the overlying water. Stirring in this fashion has been shown to

reproduce turbulent flow velocities at the sediment water interface similar to in-situ conditions

[186]. The cores were pre-incubated for 3 hours to allow return to steady-state conditions post

core recovery. The overlying lake waters preserved during coring, were then spiked with the
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aim of augmenting natural concentrations by A = 0.5, B = 5, C = 2.5, and D = 1 µmol l– 1 Cr(VI)

respectively, in addition to the background Cr(VI) concentration of the overlying lake water (180

nM, [137]. Chromium was added using a 10 mM stock solution of potassium dichromate prepared

in 18 mQ deionized water. Over the course of 70 hours, 20 ml aliquots were taken from the

overlying waters of the whole cores at regular intervals and Cr(VI) concentrations were measured

spectrophotometrically using the method of [187]. Spectrophotometric measurements were used

on site to monitor the progress of Cr(VI) reduction and drawdown in the overlying water and to

determine the amount of double-spike to add to the samples in order to obtain robust isotope

measurements. We also isolated 50 ml aliquots of the overlying water immediately after spiking

each core with Cr(VI). We measured Cr(VI) in these 50 ml separates at each time point to track

reduction taking place directly in the water column versus that occurring within the sediment of

the whole core incubations. Complementing our [Cr(VI)] measurements, aliquots of 20 ml were

also sampled at the same time points and acidified with 0.5 M HCl for future Cr isotope analysis.

3.2.3 Laboratory sediment slurry experiment

To complement our whole core incubations and study Cr(VI) reduction without diffusive limitation,

we also performed an anoxic slurry experiment using lake Matano sediment that was sub-sampled

in the upper 5 cm from the two cores not used in our whole core incubations, and stored in

anoxic bags under N2 until the slurry incubations were performed. Bicarbonate buffered mQ

water (pH 7) was bubbled with a N2/CO2 gas mixture (80/20, 99.99%) to purge oxygen. Slurries

were prepared in a glove bag under an N2 atmosphere by adding 8 g of sediment to 200 ml of

anoxic water in 250 ml serum bottles, which were then sealed with a rubber stopper. Using an N2

flushed syringe, Cr(VI) was spiked into each bottle, to an initial slurry concentration of 5 µmol

l– 1, from a stock of 1 mmol l– 1 K2Cr2O7. Samples (1 ml) were then taken periodically using N2

flushed syringes and [Cr(VI)] was measured spectrophotometrically [187]. [Fe(II)] and [FeTot] of

the 0.5 M HCl extractable sediment pool were also measured spectrophotometrically [188] as was

the pH at each time point. Aliquots of 10 ml of slurry were filtered and preserved in 0.5 M HCl

for Cr isotope analysis at each time point.
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3.2.4 Sediment leaching experiment

We also performed a 0.5 M HCl leach in order to measure Fe speciation in the lake sediment [129].

We sectioned two separate gravity cores at a resolution of 0.5 cm; these cores were not the ones

used in the Cr doping experiments. We digested roughly 500 mg of sediment from each depth

interval in 1.5 ml of 0.5 M HCl for 1 hour in order to release reactive solid phase Fe(II) and Fe(III).

We conducted Fe concentration measurements spectrophotometrically using the ferrozine method

on site. Aliquots were preserved for δ53Cr measurement on these 0.5 M HCl sediment extracts.

Porewater Fe-speciation measurements were also obtained from a gravity core sampled from the

lake in 2010. This core was also recovered at a water depth of 60 m, hence the overlying water was

oxygenated, similar to our site sampled in 2015. The core sampled for porewater was sectioned at

the same resolution and Fe concentrations were measured spectrophotometrically on site. The

porewater extraction performed in 2010 was conducted in a N2 flushed glove bag using rhizons.

3.2.5 Chromium isotope methodology

We followed a procedure very similar to [104] and modified after [105] and [46], in order to

measure the Cr isotope composition of our samples. Chromium isotopes were measured on a

Multiple Collector-Inductively Coupled Plasma-Mass Spectrometer (MC-ICP-MS, ThermoFisher

Scientific Neptune Plus) using a double-spike correction for isotope fractionation during column

chemistry and instrumental mass bias at the Yale Metal Geochemistry Center. We used three

steps [105] to ensure complete removal of Fe, Ti, and V during chemical purification. Initially,

a split of the 0.5 M HCl sample solution was spiked after digestion, evaporated to dryness,

and the residues brought up in 1 M HCl. The amounts of 50Cr – 54Cr double-spike (50Cr/52Cr =

462.917, 53Cr/52Cr = 0.580, 54Cr/52Cr = 354.450), were adjusted so that the spike/sample ratio

(i.e., (54Cr)spk/(52Cr)smp) was 0.5. Prior to the first column step (AG1-X8 anionic resin, 100-200

mesh), Cr(III) was oxidized to Cr(VI) using potassium peroxidisulfate and heating the samples

for 2 hours at 110◦C. The AG1-X8 resin was cleaned with mQ water, 3 M HNO3 and 6 M HCl.

The matrix was eluted with 24 ml of 0.2 M HCl and 4 ml 2 M HCl, with Cr subsequently reduced

with a mixture of 2 M HNO3 and 0.5% H2O2 for 30 min and eluted with 5 ml of this mixture. The
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second step removes traces of Fe that may remain after the first elution. We used microcolumns

filled with 0.2 ml AG1-X8 resin, 100-200 mesh. The columns were cleaned using mQ water and 3

M HNO3, and samples were loaded and collected with 0.8 ml of 6 M HCl. Traces of Ti can be left

after the first two columns steps. Therefore, as the last step we used a cationic resin AG50W-X8

(200-400 mesh) to ensure complete Ti and Cr separation. The resin was cleaned with mQ water, 3

M HNO3 and 6 M HCl, followed by sample loading in 3 ml of 0.5 M HNO3. The Cr was collected

with 1 ml of 0.5 M HNO3 and the matrix was eluted with 2 ml of 0.5 M HF and 6 ml of 1 M HCl.

Remaining Cr on the columns was collected with 5 ml of 1.8 M HCl.

Chromium isotopes were measured using a modified analytical protocol of [46], and Cr

concentrations were determined by isotope dilution. Samples were run in high-resolution mode to

resolve polyatomic interferences such as 40Ar12C+, 40Ar14N+ and 40Ar16O+. Although our chemical

procedure should ensure complete removal of Fe, Ti and V, we monitored these elements by

measuring 56Fe, 49Ti and 51V, and corrected our samples for potential interferences of 54Fe on

54Cr, and 50Ti and 50V on 50Cr. The double-spike data reduction model is based on the iterative

method described by [157]. We measured a spiked Cr isotope standard NIST SRM 979 before and

after each natural sample to ensure machine stability.

External precision is reported as two sigma (2σ) uncertainty, calculated based on sample

concentration matched duplicate analysis of geological reference materials (GRMs) processed

through ion-exchange chromatography columns along with samples (BHVO-2 and Nod-A-1

were systematically processed with 18 samples). Both geostandards returned values similar to

measurements published in the literature (BHVO-2 δ53Cr = -0.11 ± 0.07h (n = 3), Nod-A-1 yielded

δ53Cr = 0.08 ± 0.05h (n = 4)). Measurement precision is calculated via replicate measurements of

the isotopic standard NIST SRM 979 during each analytical session (two standards bracket every

sample), and 2 values are better than 0.04h. In addition, a two-standard deviation of the mean

(2se) was systematically calculated using the 50 cycles of measurement obtained for each sample

during MC-ICP-MS analysis, and was generally 0.04 - 0.06h on the delta values. The measured

53Cr/52Cr ratios are reported in δ notation, where δ53Cr values for reasons of simplification are

multiplied by 1000 and reported as per mil (h) deviations relative to that of a known Cr isotope
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standard (NIST 979).

δ53Cr = [
(

53Cr
52Cr sample)

(
53Cr
52Cr NIST979)

− 1] (3.1)

3.2.6 Modelling Cr isotope fractionation

To examine Cr(VI) reduction and evolution of δ53Cr(VI) during the whole core incubations and

slurries, we apply the Rayleigh Fractionation model to the Cr pool remaining in the overlying or

interstitial water during the course of the experiments. As reduction of Cr(VI) progresses in both

the whole core incubations and slurries, it is expected that the remaining Cr(VI) reactant becomes

increasingly enriched in the heavy isotope (53Cr) relative to the Cr(III) product. The proportions of

the heavy and light isotopes of Cr in the reactant and the instantaneous product can be described

by a fractionation factor α;

α =

53Cr
52Cr reactant
53Cr
52Cr product

(3.2)

We can also express the magnitude of isotopic fractionation more conveniently by defining ε;

ε = (α− 1) · 1000h (3.3)

Assuming a closed well-mixed system and constant fractionation factor (α) equation (4) relates the

ratios of the heavy and light isotope in the reactant to the progress of the chemical reaction;

ln(
Rt

R0
) = (α− 1) · ln(ft) (3.4)

Where Rt and R0 are the ratios of 53Cr/52Cr at time t, and initially (before any reaction) respectively,

ft is the fraction of reactant remaining at time t, and α is the fractionation factor. In natural

sedimentary systems it has been abundantly demonstrated that Rayleigh models can underestimate

true, intrinsic fractionation factors as a result of open system behaviour, where reaction products

can be physically separated from the sampled reactant pool by permeable materials that restrict

reactant transport to the location where the reaction takes place [183–185, 189–191]. Overall these
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reactive-transport phenomena lead to reservoir effects that result in a measured or expressed

fractionation factor that is smaller than the intrinsic fractionation factor.

While the slurries experiments are expected to yield estimates of intrinsic fractionation factor,

whole core incubations will likely yield smaller effective fractionation factors reflecting the

experimental conditions. To obtain another estimate of the intrinsic fractionation factor we thus

utilize a second idealized 1D diffusion model [184, 185, 192], whereby removal of Cr(VI) from

an overlying water is driven by diffusion into underlying sediments, where reduction occurs in

the pores, assuming a spatially uniform first order Cr(VI) reaction rate throughout the reactive

zone. This model is useful as it allows for an estimated correction for the reservoir effects that

develop during the removal of Cr within the sediment porewater. Similarly to [185], we assume

that reductants are absent in the presence of oxygen, and thus the oxic surface sediment layer

creates a “non-reactive” zone (NRZ) that displaces Cr(VI) reduction deeper into the sediment.

This zone increases the distance across which Cr(VI) must diffuse between overlying water and

the reaction sites in the sediment [184, 185]. Figure 3.1 is a schematic and idealized representation

of how the depth of the NRZ controls the effective fractionation.
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As L     ∞ 
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δ53CrSED     δ53CrSW     

δ53CrSED = δ53CrSW – f (εint)             

Figure 3.1: A schematic showing how the depth of the non-reactive zone (NRZ) controls effective isotope fractionation.
In this idealized schematic, seawater chromium (Cr(VI)SW) diffuses through a NRZ of a given thickness
(length scale, L) to reach porewater in the anoxic zone (Cr(VI)PW). k1 is the diffusion rate constant of Cr(VI)
through the NRZ and k is the reduction rate constant of Cr(VI) in anoxic pore waters, producing sediment
Cr(III)SED. The fraction of Cr(VI) diffusing out of the anoxic zone is represented by f = k1 [Cr(VI)]PW / k1
[Cr(VI)]SW, where [Cr(VI)]PW and [Cr(VI)]SW are the Cr(VI) concentration in anoxic pore water and oxic
seawater or lake water. The effective isotope fractionation of Cr in such a system is controlled by the ratio
between the rate of Cr(VI) reduction in the anoxic zone and the rate of diffusion of Cr(VI) through the NRZ.
If the rate of reduction increases for a given rate of diffusional supply, f ⇒ 0 and δ53CrSED ⇒ δ53CrSW.
Since the rate of supply decreases with increasing thickness of the NRZ (L), for a given rate of reduction,
δ53CrSED ⇒ δ53CrSW as L ⇒ ∞. On the other hand, as L ⇒ 0, the rate of Cr(VI) supply to anoxic pore
waters increases and for a given rate of reduction, [Cr(VI)]PW increases, f⇒ 1 and δ53CrSED ⇒ δ53CrSW –
εint.

However, it is important to note that end members in this idealized system are not physically

possible. For example, one end member in this idealized system assumes that all reaction of Cr(VI)

occurs in direct contact with the overlying water, and hence does not consider concentration or

isotopic gradients that in reality would develop due to diffusion into some small layer of sediment

in which the reaction takes place. At steady state, the net transport of Cr(VI) is equal to the sum of

Cr(VI) diffusion from bottom water into pore waters (which depends on Cr(VI) concentration in
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pore waters at the top of the anoxic zone) and Cr(VI) diffusing from pore waters to bottom water:

k1 · [Cr(VI)]SW = (k1 + k) · [Cr(VI)]PW (3.5)

Where [Cr(VI)]SW and [Cr(VI)]PW are the Cr(VI) concentration in bottom water and in pore water

respectively, at the top of the sediment anoxic zone, k1 is diffusion rate constant of Cr(VI) through

the NRZ, and k is the reduction rate constant of Cr(VI) in pore waters. If Cr isotope fractionation

during diffusion through the NRZ is negligible:

δ53CrSED = δ53CrSW– f · (εint) (3.6)

Where δ53CrSED is the isotopic composition of the sediment pool, εint is the intrinsic isotope

fractionation during Cr reduction, and f is the proportion of Cr diffusing from pore water to

bottom water:

f = (k1 · [Cr(VI)]PW)/(k1 · [Cr(VI)]SW) = [Cr(VI)]PW/[Cr(VI)]SW (3.7)

As the NRZ depth approaches zero, the [Cr(VI)]PW approaches [Cr(VI)]SW and the proportion of

Cr diffusing from pore water to bottom water approaches unity, then we obtain the scenario where

all Cr reduction occurs at the sediment water interface in contact with bottom water, intrinsic

isotope fractionation approaches full expression and sediment is isotopically lighter than bottom

water, which represents an idealized case:

δ53CrSED = δ53CrSW–(εint) (3.8)

As the NRZ depth approaches infinity, the [Cr(VI)]PW approaches zero (because the rate of Cr(VI)

supply to anoxic pore water becomes vanishingly smaller than its rate of reduction) and the

proportion of Cr diffusing from porewater to bottom water approaches zero. In this case, f = 0

and:

δ53CrSED = δ53CrSW (3.9)
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Between these two extremes, the sediment Cr isotopic composition is lower than seawater but

higher than expected if intrinsic isotope fractionation is fully expressed.

To estimate the intrinsic isotope fractionation (αint) from experiments where the effective alpha

(αeff) was determined from Rayleigh models of measurements in the overlying water column, we

employed the model of [185]. We assumed that 52Cr and 53Cr have identical diffusivities, then αint

can be calculated as follows [184, 185, 192];

αint =
(α2

e f f · λ2)

((L + λ− (αe f f · L)2)
(3.10)

Where αeff is the effective isotopic fractionation factor, calculated from the Rayleigh distillation

model, and L is the length of the nonreactive zone (cm), which we take as the depth of O2

penetration into these sediments. The measured O2 penetration depth at the site in Lake Matano

is 0.2 cm (Fig. A.1). λ is the length scale (cm) of penetration of Cr(VI) into the reaction zone (the

e-folding distance for concentration decrease) and is defined as follows;

λ =
√
(

D
k
) (3.11)

where D is the diffusion coefficient of Cr(VI) (cm2 s– 1) and k is the first-order reaction rate constant

(s– 1).

We also constructed our own reactive transport model to explicitly describe the intrinsic isotope

fractionation factor and the reservoir effects that develop. The model only considers diffusion –

no advection, and parameterizes Cr(VI) reaction rates using a Gaussian distribution. This model

differs from the [184] approach, as it does not assume a spatially uniform reaction rate within the

reactive zone. Rather, this approach is based on the assumption that Cr(VI) reduction rates are

limited by the availability of electron donors within the NRZ and that the rate maximum must

occur below the depth of oxygen penetration, where potential reductants of Cr(VI) accumulate.

Below the depth at which the rate maximum occurs, Cr(VI) reduction rates decline again, limited

by the availability of Cr(VI) itself as its supply becomes exhausted in response to reduction. A

complete description of this model can be found in the Supplementary Material (Appendix A).

Furthermore, we complement our diagenetic Cr modelling with an oxygen penetration model
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adapted from [193], which allows us to link δ53Cr composition to O2 penetration depths (Appendix

A). Overall, our δ53Cr results from both the whole core incubations and slurry experiments were

modelled using these different approaches, ultimately yielding a comprehensive description of Cr

isotope fractionation during sediment diagenesis.

3.3 Results

3.3.1 Whole core incubations

Over the time course of our whole-core incubations [Cr(VI)] decreased an average of 75% in all

cores (Fig. 3.2, Table 3.1).
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Figure 3.2: Cr(VI) Concentration (µmol l– 1) vs. Time (hours) during whole-core incubation experiments. Displayed
is the log[Cr(VI)] as a function of time for each incubation (tubes A, B, C and D, labelled in the upper right
corner of each plot). Initial [Cr(VI)] (µmol l– 1) were as follows A = 0.5, B = 5.0 C = 1.0 and D = 2.4. Black
data points were measured spectrophotometrically on-site, grey data points were measured via isotope
dilution. Linear regression is fit to the isotope dilution concentration measurements and the dotted lines
represent a 95% confidence belt.

The difference between the spectrophotometric [Cr(VI)] measurements performed on-site and

the ID-ICP-MS measurements, is greater than the precision of the spectrophotometric method

determined by repeated measurements of standards (Table 3.1), which likely reflect additional error

in natural samples. However, we have only used the much more precise ID-ICP-MS measurements

in all of our modelling. We have only used spectrophotometric measurements used site to monitor

the progress of Cr(VI) reduction and drawdown in the overlying water and to determine, the

amount of double-spike to add to the samples in order to obtain robust isotope measurements
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Table 3.1: Whole core incubation. Spectrophotometric [Cr(VI)] data has subscript “s”, NA stands for “not
analyzed”. Spectrophotometric precision is 0.1 µmol l– 1, isotope dilution precision is 0.02 µmol l– 1

[Cr(VI)] (µmol l-1) δ53/52Cr (‰) 
Time 

(hours) A As B Bs C Cs D Ds A 2se B 2se C 2se D 2se 

0 0.52 0.4 3.49 2.4 0.97 1.0 2.44 2.2 0.16 0.03 0.12 0.03 0.09 0.03 0.02 0.04 

5.5 NA 0.4 NA 4.3 NA 1.0 NA 2.1 NA NA NA NA NA NA NA NA 

12.5 0.37 0.3 3.09 3.5 0.69 1.0 1.56 1.8 0.48 0.03 0.67 0.03 0.35 0.04 0.44 0.04 

20.5 NA 0.2 NA 2.3 NA 0.6 NA 1.1 NA NA NA NA NA NA NA NA 

29.5 0.20 0.2 2.59 1.8 0.48 0.5 1.00 0.7 1.04 0.08 1.37 0.08 0.77 0.03 0.91 0.03 

35.5 NA 0.1 NA 1.7 NA 0.5 NA 0.7 NA NA NA NA NA NA NA NA 

44.5 NA 0.1 1.68 1.7 0.33 0.4 0.65 0.6 NA 0.04 1.44 0.04 1.18 0.03 1.32 0.03 

54.5 0.16 0.1 1.44 1.2 0.33 0.3 0.52 0.4 1.54 0.04 1.66 0.04 1.38 0.04 1.68 0.03 

69.5 0.07 0.1 1.13 1.0 0.26 0.3 0.35 0.4 1.84 0.04 1.78 0.04 1.84 0.05 2.03 0.04 

	

(Table 3.1). Our high [Cr(VI)] treatment (Tube B, 5.0 µmol l– 1), was sampled too quickly after

the initial spike, not allowing for equilibration, as observed by the low [Cr(VI)] at time point 1

compared to time point 2. To assess the relationship between [Cr(VI)] and the rate of reduction, we

examine the decrease in Cr(VI) concentrations observed in the overlying water through time. The

change in [Cr(VI)] can be described by a pseudo first-order rate constant, k, calculated from the

slope of a linear regression of ln(Ct/C0) vs. time. The pseudo first-order rate constants describing

Cr(VI) reduction in the four different cores fall in a narrow range from 5.65 – 7.46 x 10 – 6 s– 1 with

a mean value of 6.3 ± 0.7 x 10 – 6 s– 1, indicating reduction rates are independent of the [Cr(VI)] in

the overlying water, over the concentration range from 0 - 5 µmol l– 1 (Table 3.2).

Table 3.2: Rayleigh model parameters

Tube Label C0 (umol l-1) ε  Value (‰) 2 se (‰) Alpha First Order Rate Constant (cm s-1) 

A 0.5 0.9 0.1 1.0009 5.64 x 10-6 
B 3.5 1.3 0.3 1.0013 6.13 x 10-6 
C 1.0 1.3 0.1 1.0013 5.77 x 10-6 
D 2.4 1.0 0.03 1.0010 7.45 x 10-6 

	

We also tested for Cr(VI) reduction in the overlying water. To do this we isolated aliquots of lake

water at the beginning of the incubation and measured [Cr(VI)] over the time course. No Cr(VI)

reduction was observed over 40 hours in the aliquots of lake water that were separated from each

core, demonstrating that the reduction observed in the whole-cores occurs within the sediment
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with little to no internal Cr reduction in the overlying water.

Each of the whole-core incubations shows that Cr reduction is concomitant with isotope

fractionation. All incubations display increasing δ53Cr with decreasing [Cr(VI)] that is consistent

between the cores. The overlying waters therefore become progressively enriched in the heavy

isotope (53Cr) as reduction proceeds (Fig. 3.3, Table 3.1).
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Figure 3.3: δ53Cr values (h) for whole-core incubation experiments. A) Variation of δ53Cr values over time.
B) Rayleigh fractionation model for all data points, where R0 and C0 are the initial 53/52Cr ratio and
concentration and R and C are the ratio and concentration at time t. The slope of the line is (α-1) · 1000.

Effective isotope fractionation factors were estimated using the Rayleigh distillation model, which

assumes closed system behaviour and relates the δ53Cr evolution to the change in [Cr(VI)] for each

core (Table 3.2). Rayleigh model fractionation factors were obtained through a linear regression of
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ln(R/R0) vs. ln(C/C0), where R and C are the 53Cr/52Cr ratio and the [Cr(VI)] at time t respectively,

and R0 and C0 are the initial 53Cr/52Cr ratio and [Cr(VI)]. This regression yields a slope of m

= (α-1)·1000h with an error equal to the least squares regression. The mean Rayleigh isotope

fractionation from the regressions obtained on the 4 separate cores with Cr(VI) concentrations of

0.5, 5.0, 2.5 and 1.0 was εeff = 1.1 ± 0.2h.

3.3.2 Sediment leach experiments

The 0.5 M HCl extractable sediment pool of the upper 0.5 cm at the site is also rich in Cr and

Fe. The 0.5 M HCl extractable Cr concentrations in the upper 0.5 cm obtained from duplicate

cores range from 0.46 - 0.64 µmol cm– 3 and concentrations of solid phase reactive Fe(II) and

Fe(III) are 15.28 and 0.55 µmol cm– 3 respectively. Porewater Fe(II) concentrations measured in

2010 were 1.26 µmol cm– 3. The authigenic Cr isotope composition of these sediments is heavy,

having a range of δ53Cr compositions from 1.49h to 1.99h ± 0.03h (Table 3.3), which are clearly

fractionated compared to the first reported δ53Cr measurements of the lake water, which suggest

a δ53Cr compositional range for the overlying water of 2.20 to 3.30 ± 0.15h, and thus yield a

possible isotope separation of ∆53Crlakewater – sediment = +0.21h to +1.81h ± 0.15h.

Table 3.3: Cr isotope composition of the 0.5 M HCl extractable pool in upper 0.5 cm of sediment of two
duplicate cores

[Cr] (ug g-1) δ53Cr (‰) Isotope Separation Factor ∆ (‰) (δ53Crlakewater - δ53Crsediments) 

95.4 , 132.2 1.49 , 1.99 ± 0.03 0.21 , 1.81 ± 0.15 

	

3.3.3 Slurry experiments

As a direct experimental test of the Cr(VI) reduction rate and effective fractionation we observed

in our open system whole core incubations, we also measured Cr(VI) reduction and isotope

fractionation in a closed system slurry. The results of our slurry experiment can be seen in Table

3.4, and over the course of 100 hours [Cr(VI)] decreased by an average of 98% in all bottles (Fig.

3.4).
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Table 3.4: Slurry experiment results

 [Cr(VI)] (µmol l-1) δ53/52Cr (‰) Fe(II) (µmol l-1) Fe(III) (µmol l-1) 

Time 
(hours) B1 

First Order 
Rate Constant 

(cm s-1) 
B2 

First Order 
Rate Constant 

(cm s-1) 
B1 B2 B1 B2 B1 B2 

0.0 4.4 8.67 x 10-6 4.4 1.04 x 10-5 0.1 ± 0.03 0.1 ± 0.03 570 480 6060 6150 

0.9 3.3  3.5  0.2 ± 0.03 0.3 ± 0.03 330 350 3700 3350 

1.8 2.8  2.9  0.4 ± 0.03 0.4 ± 0.04 280 280 3540 3240 

6.8 2.7  2.8  0.8 ± 0.04 0.8 ± 0.03 70 100 3070 3200 

23.6 1.9  1.8  1.8 ± 0.03 2.0 ± 0.03 180 230 3580 3790 

28.6 1.7  1.6  2.1 ± 0.04 2.4 ± 0.03 190 160 3680 3680 

48.6 0.9  0.8  3.7 ± 0.03 4.1 ± 0.03 270 190 3780 3810 

95.6 0.2  0.1  7.0 ± 0.07 8.9 ± 0.07 240 240 3760 3690 
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Figure 3.4: Cr concentration (µmol l– 1) as a function of time (hours) during slurry experiments. A) [Cr] for Bottles
I and II (duplicate) measured during the slurry experiment. B) log[Cr] vs. Time for the slurry experiment
fit with a linear regression. Dashed lines represent a confidence belt of 95%.
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Initial reduction of Cr(VI) was rapid, possibly due to heterogeneity in the slurries before the

reactants are well mixed, a phenomenon also observed by [108]. The pH was stable at an average

value of 6.4 during the entire experiment. We also measured [Fe(II)] and [Fe(III)] of the reactive

solid phase Fe fraction of the sediment from the slurries at each time point and the results are

plotted in (Fig. 3.5).
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Figure 3.5: 0.5 M HCl extractable Fe(II) concentrations (µmol l– 1) through time (hours) during the slurry experiment.
0.5 M HCl extractable Fe(II) concentrations (µmol l– 1) through time (hours) during the slurry experiment.

We attribute the initial drop in [Fe(II)] to Fe(II) sorption or possibly to traces of residual oxygen in

the serum bottles which may have induced oxidation of Fe(II) at the beginning of the time course.

Similar to our whole core incubation experiments, the slurries display preferential removal of

the lighter over the heavier Cr isotopes with time. The Rayleigh model can also be applied to our

slurry data (Fig. 3.6).
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Figure 3.6: Variation of δ53Cr values (h) of the slurry experiments through time (hours). A) Variation of δ53Cr
values as a function of time for bottles I and II (duplicates), note that the error bars are smaller than the
points themselves. B) Rayleigh model for the slurry data. The slope of the regression is (α-1), where the ε
for bottles I and II are 2.2 ± 0.11 and 2.3 ± 0.09h respectively.
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Applying the Rayleigh model to both slurry bottles yields isotope fractionations of 2.2 ± 0.1h

and 2.3 ± 0.1h for B1 and B2 respectively. Comparing the isotope fractionation induced in our

whole-core incubations (εeff = 1.1 ± 0.2h) to our slurries confirms that the apparent isotope

fractionation observed in the whole core incubations was smaller than the intrinsic isotope

fractionation determined from the slurries.

3.4 Discussion

3.4.1 Modelling Cr(VI) reduction and isotope fractionation

We compare our isotope fractionations obtained from each experiment to develop an accurate

and robust description of Cr isotope fractionation in ferruginous sediments. The effective isotope

fractionation (εeff = 1.1 ± 0.2h) estimated through a Rayleigh model applied to the δ53Cr(VI)

composition of the overlying waters from whole-core incubations likely underestimates the

intrinsic isotope fractionation (εint) imparted during Cr(VI) reaction within the sediments due

to a diffusive boundary layer effect [185]. Since Cr(VI) transport is limited by diffusion into the

sediment, the isotopic composition of Cr(VI) becomes progressively disconnected from the original

source pool of Cr(VI) in the overlying water with increasing depth in the sediment [185]. Over

the diffusive path 52Cr(VI) is preferentially removed by reduction and so the pool of porewater

Cr(VI) remaining is driven towards heavier δ53Cr values. δ53Cr values increase as a function of

depth below the sediment-water interface due to progressive reduction and removal of porewater

Cr(VI). In the reducing zone, the instantaneous δ53Cr(III) also becomes progressively enriched in

the heavy isotope (as the reactant pool contains less 52Cr). The δ53Cr(III) values are offset from

the pore waters by a constant δ53Cr value (i.e. the intrinsic isotope fractionation, εint), which is

imparted by the reaction. We estimate εint using equations (10) and (11) and substituting our

Rayleigh approximation for εeff (see Methods section). Table 3.5, shows a complete list of the

parameters we employ in this model for variables D, k (s– 1), εeff (h), and (cm).
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Table 3.5: 1D diffusion model parameters

Tube k (s -1) D (cm2 / s) εeff (‰) λ (cm) L (cm) εint (‰) 

A 9.54 x 10-6 3.23 x 10-6 1.1 0.75 0.2 2.8 

B 9.54 x 10-6 3.23 x 10-6 0.9 0.72 0.2 2.3 

C 9.54 x 10-6 3.23 x 10-6 1.1 0.74 0.2 2.9 

D 9.54 x 10-6 3.23 x 10-6 1.0 0.65 0.2 2.7 

	

We utilize a literature value for Cr(VI) diffusion (3.23 x 10 – 6 cm2 s– 1, [194]. Without tighter

constraints on the rate of Cr(VI) reduction in the sediment itself, we use an approach similar

to [185], and assume that the reduction rate per unit volume pore water in the sediments is

the same as that determined for our well-mixed slurries, yielding an average value k = 9.54 x

10 – 6 s– 1. We assume this rate constant to be a minimum value for k and performed a sensitivity

analysis on εint as it relates to k, by varying this rate constant. Increasing the rate constant by an

order of magnitude from 9.54 x 10 – 6 s– 1 to 9.54 x 10 – 5 s– 1 in equation (10) results in a relative

difference of 17% in the overall intrinsic isotope fractionation resulting in a decrease of εint from

2.80 to 2.31h. We note, that the rate calculated from our slurry experiments is 44% larger than

the pseudo first order rate calculated from our Rayleigh model of the whole core incubations, a

phenomenon also highlighted by [189] when using Rayleigh models to evaluate field isotope data.

We used O2 penetration depth as a proxy for the depth of the NRZ (L) in our whole cores, which

we parameterized as 0.2 cm. We directly determined oxygen penetration depth in Lake Matano

sediments on cores recovered near our sampling site (Fig A.1), and detailed discussion on the

influence of the depth of the NRZ on the model results is in section 4.3 below. Although we cannot

explicitly rule out that the NRZ depth of 2 mm may have changed slightly during core recovery,

this effect has been shown to be minor (an oxygen penetration depth difference of up to ∼30%),

when the oxygen penetration depth is shallow [195]. We do not expect appreciable porewater

expulsion, decompression or temperature change to have varied greatly during core recovery

and thus after our pre-incubation of the cores, we expect a return to steady-state conditions

and an oxygen penetration depth very close to in-situ conditions (2 mm). As an example of

this parameterized model calculation, we take the experimental boundary conditions of core D
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(Table 3.2), apply them in equations (10) and (11), and observe that both the porewater Cr(VI)

and reduced Cr(III) become progressively enriched in 53Cr with increased depth (λ), offset by the

intrinsic isotope fractionation (εint) of 2.7h, for tube D (Table 3.5). If we apply this calculation to

each of the four incubations individually, we calculate a mean parameterized εint = 2.7 ± 0.2h.

To explore the intrinsic fractionation in more detail we set up a reactive-transport model.

This model differs from the other modelling approaches in that we set Cr(VI) reduction rates

below the NRZ to follow a Gaussian distribution as a function of depth. The model is setup as a

pseudo steady-state for each individual time point, using the measured [Cr], and δ53Cr(VI) from

our whole core incubation (Tube D), as boundary conditions. To estimate time-scales to reach

a pseudo steady-state following the Cr(VI) doping, we calculated the time for Cr(VI) to reach

the reactive zone (2 mm) via diffusion. These calculations indicate this condition was satisfied

within 20 minutes of Cr(VI) injection (Appendix A). We run our model for each time point using

the set of boundary conditions obtained from Tube D (Table 3.1) in order to describe changes in

δ53Cr(VI) over the time course. We note that we have measured δ53Cr values at 6 time points,

however, we interpolate the δ53Cr data in order to have a full set of boundary conditions from time

points 2 – 8. The complete details of our model can be seen in Appendix A. As mentioned, Cr(VI)

transport into the zone of reduction, occurs via diffusion through a specified depth of non-reactive

zone (NRZ). We assume O2 inhibits Cr(VI) reduction within this zone, similar to selenium (Se)

reduction modelled by [185]. Cr(VI) reduction only begins below the depth of O2 penetration into

the sediment, measured as 0.2 cm in lake Matano (Fig A.1). As mentioned, below the non-reactive

zone (NRZ), we set Cr(VI) reduction rates to follow a Gaussian distribution. Without data on

porewater Cr(VI) concentrations this is a somewhat arbitrary choice, but is justified based on our

knowledge of the redox structure in coastal sediment porewaters [148], which generally imply

electron donor limitation above the rate maximum and Cr(VI) limitation below the rate maximum.

We modelled the integrated isotopic composition of Cr(VI)reactant and Cr(III)product for each

time point at pseudo steady-state, producing a range of modelled δ53Cr(VI) and δ53Cr(III) values

for the entire time-course (2-8). We considered a range of isotope fractionation factors (εint = 1.0015

– 1.003) and tracked how the modelled δ53Cr(III) and δ53Cr(VI) would change over the course of

the incubations when these fractionations were imposed. We then compare these model outputs to
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the measured isotope δ53Cr(VI) in the the overlying water (Table 3.1) to find the fractionation factor

that best describes the time-course data. We found that an intrinsic fractionation factor of αint =

1.0018 (εint = 1.80 ± 0.04h) leads to a model that best reproduces the measured δ53Cr(VI) data

of the overlying water (Fig. 3.7) and is lower than the εint of 2.7h from the more parameterized

model.
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Figure 3.7: Modelling of porewater δ53Cr(VI) values through time using different applied intrinsic fractionation
factors. We apply a range of fractionation factors (i.e., α = 1.002; 1.001; 1.0018; 1.0015; 1.0025) and model the
δ53Cr(VI) in overlying lake water. Measured δ53Cr(VI) values in overlying lake water from the whole-core
incubation experiments are shown as black dots. A best fit to measured data is obtained utilizing an α =
1.0018 or εint = 1.80 h. The error on this best fit is expected to be <0.1 h.

Our various approaches to quantifying the fractionation factors that accompany Cr(VI) reduction

in our whole core incubations are all founded on solid theory, but open system behaviour and

transport phenomena are variably considered in these approaches and these phenomena play an

important role in shaping how intrinsic fractionation is expressed at the scale of our observations.
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Our reactive transport model contains an explicit and realistic parameterization of Cr(VI) reduction

and transport rates, and thus likely provides the closest approximation to the intrinsic isotope

fractionation (εint = 1.80 ± 0.04h) for Cr(VI) reduction within the sediment.

Our three modelling approaches yield different estimates for the intrinsic isotope fractionation

during Cr(VI) reduction in the ferruginous sediment of Lake Matano. In these approaches

transport phenomena and the simulation of kinetic isotope fractionation are variably considered.

We did not however, explicitly employ a time dependant reaction transport model to quantitatively

assess reaction mechanisms. These models do exist and have been previously applied to the Cr

isotope system [196, 197]. Hence, treatment of our data in such models in the future may provide

valuable further insight into Cr cycling and isotope fractionation in ferruginous environments.

3.4.2 Comparison of Cr isotope fractionations obtained in slurries and core

incubations

Our whole core incubations and slurry experiments offer another window into the development

of reservoir effects during Cr(VI) reduction in sediments underlying mildly oxygenated water

columns. In Lake Matano and hence in our modelling approaches discussed above, we assume

a completely open system at steady-state conditions, a constant isotope fractionation and an

unchanging Cr(VI) reservoir. This produces a constant isotopic offset between the Cr(VI) pool and

the extractable authigenic Cr(III) pool (a scenario where the instantaneous Cr(III) product is equal

to the accumulated Cr(III) product). Direct measurement of the authigenic δ53Cr composition of the

upper 0.5 cm of sediment (Table 3.3) confirms that the isotopic composition of the sediment is offset

from the overlying lake water, as expected in diffusion regulated systems. This defines an isotope

separation of ∆53Crlakewater – sediment = 0.21h to 1.81h ± 0.15h, based on first measurements of

the lake water δ53Crlakewater = 2.20h to 3.30h ± 0.15h. This large range in the isotope separation

values arises due to a 1.10h variability in the reported δ53Crlakewater composition, however we

note that this range captures values predicted based on the fractionation in our experiments. In

addition, Table 3.6 summarizes our experimental results, and the isotope fractionations obtained

via different experimental and modelling approaches.
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Table 3.6: Compilation of experimental isotope fractionations for this study

  Model Approach Isotope Fractionation ε (‰) 2se (‰) 

Whole Core Incubation 

Rayleigh 1.1  0.2 

1D Diffusion 2.7  0.2 

Reactive Transport 1.80 0.04 

Slurry Experiment 
Rayleigh (B1) 2.2 0.1 

Rayleigh (B2) 2.3 0.1 

Direct Measurement ∆ = δ53Crlakewater – δ53Crproduct 0.21 – 1.81 0.15 

	

Our slurry experiments yield an intrinsic isotope fractionation (εint = 2.2h) that is greater than the

Rayleigh model (εeff = 1.1 ± 0.2h), but below that of the parameterized model (εint = 2.7 ± 0.2h)

[184]. The intrinsic isotope fractionation that emerges from a different description of transport

(εint = 1.80 ± 0.04h) that explicitly accounts for reservoir effects is smaller than the fractionation

factor from slurry incubations. Since this model explicitly describes Cr(VI) reduction rates and

reservoir effects, the difference between the εint of the whole-core incubations and that of the

slurries is likely real rather than an artefact of the calculation. We suggest that this difference is

likely due to the relative role of different Fe species (Fe(II)aq and Fe(II)solidphase) under whole-core

versus slurry conditions, which we explore in detail below.

Table 3.7, includes a compilation of existing ε values for Cr(VI) reduction via a variety of

different electron donors, and it has been shown that mixed valence Fe-(oxyhydr)oxides have a

particularly important role in Cr(VI) reduction [198].
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Table 3.7: Compilation of isotope fractionations during reduction of Cr(VI) adapted from [1]. †[179] ‡[107]
[180] �[106] κ[37] φ[199] ψ[108] θ[170] χ[73]

Reference Isotope Fractionation (‰) Reductant 
†	
 3.03; 2.17; 3.14; 3.01 G. sulfurreducens, Shewanella sp. (NR), P. 

stutzeri DCP-Ps1, D. vulgaris 

‡	
 3.91; 2.67; 2.65; 2.11 Goethite, siderite, green rust, FeS 

�	
 3.07; 2.38 Incubated contaminated sediment 

◊	
 3.60; 1.50 Ferrous Fe; ‘Green rust’ 

κ 
 3.51 Magnetite 

φ 
 1.95; 0.38 Pseudomonas: aerobic; denitrifying 

ψ 
 4.20; 3.11 Low-pH Fe(II); organic reductants 

θ 
 4.11; 1.75 Shewanella oneidensis bacteria 

χ 
 3.54; 5.0 Acidic H2O2; pH-neutral H2O2 (kinetic) 

	

For comparison, [106] found that the isotope fractionation for reduction of Cr(VI) by a mixture

of dissolved Fe(II) and Fe(II) + Fe(II)greenrust was ε = 1.5h, which is similar to our whole core

results. In the batch experiments of [106], Fe(II)aq concentrations were high and hence Fe(II)aq was

likely the primary electron donor, leading to initial Cr(VI) reduction to Cr(III)-bearing green rust

which has been shown to impart large isotope fractionations (ε = 3.6h, Table 3.7). In the same

experiments, reduction by Fe(II)-bearing green rust was shown to have a more muted isotope

fractionation (ε = 1.5h, Table 3.7), as adsorption and reduction of Cr(VI) in green rust interlayers

imparts a minor isotope fractionation [106]. Table 3.8, displays a tabulation of both solid phase

and porewater Fe speciation data, measured on the upper 0.5 cm of Lake Matano sediment.

Table 3.8: Fe speciation data for the upper 0.5 cm of sediment in Lake Matano

 0.5 M HCl Extractable Fe in Upper 0.5 cm of sediment 

Fe(II) (µmol cm-3) 15.28 

Fe(III) (µmol cm-3) 0.55 

 Porewater Fe in Upper 0.5 cm 

Fe(II) (µmol cm-3) 1.26 
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We observe that solid phase (0.5 M HCl extractable) Fe(II) concentrations are more than ten

times higher than [Fe(II)aq] measured in the porewaters. Based on the ferruginous nature of the

sediments and this Fe-speciation data, we hypothesize our isotope fractionation of ε = 1.80h is

likely due to a combination of reduction via both Fe(II)aq and Fe(II)solidphase, and we hypothesize

that Cr(VI) reduction below the zone of oxygen penetration (2 mm), is likely governed by the

higher concentrations of reactive solid phase Fe(II), more so than Fe(II)aq. We note our modelled

isotope fractionation (εint = 1.80h) is marginally larger than (ε = 1.5h) from [106], thus we

conduct a simple mass balance calculation in order to estimate the possible contribution (X) of

aqueous Fe(II) vs. solid phase Fe(II) species which may contribute to the overall fractionation

factor of 1.80h;

(X · εFe(I I)) + ((1− X) · εFe(I I)solidphase) = 1.8h (3.12)

Where X is the proportion of Cr(VI) reduced by a particular reductant (here: Fe(II), and εFe(II) and

εFe(II)solidphase are the isotope fractionations for Fe(II)aq and Fe(II)solidphase (h), respectively). We

set εFe(II) = 3.6h and εFe(II)greenrust = 1.5h (e.g. [106]), and calculate X = 14%. This implies that 86%

of Cr(VI) reduction likely occurs via Fe(II)solidphase in the upper 1 cm of Lake Matano, with a minor

contribution from Fe(II)aq. We note that we cannot explicitly rule out the impact of microbial

Cr(VI) reduction on the overall fractionation factor but acknowledge the almost certain role of

microbial metabolisms in Fe-redox reactions. Briefly for comparison [170] measured a ∼70%

reduction in chromate concentration over a 15 – 20 day time interval in batch experiments with

Shewanella oneidensis using lactate as the organic substrate, and found an isotope fractionation (εint

= 1.75h) similar to Fe(II)greenrust (Table 3.7). Previous workers also performed batch experiments,

instead using Desulfovibrio vulgaris and pyruvate as the organic substrate and found a ∼90%

reduction in chromate concentration over a 29 day time interval [179]. The rates of microbial

Cr(VI) reduction in both of the aforementioned experiments are an order of magnitude slower

than our measured rates at similar Cr(VI) concentrations, implying the likely minor role of direct

microbial Cr(VI) reduction in ferruginous sediments.

We also apply our mass balance calculation to our slurry data (again using equation 12), in
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order to make the same assessment of the possible contributions of Fe(II)aq and Fe(II)solidphase,

to the overall isotope fractionation. We use the same values; εFe(II) = 3.6h and εFe(II)solidphase =

1.5h and calculate X = 35%. This suggests that reduction via Fe(II)aq may be more than twice

as important for Cr(VI) reduction in our slurry experiments compared to the intact sediments.

Our reasoning for this is that in the slurry experiments, Fe(II) may be liberated from the intact

sediment to the water added upon homogenization during vigorous shaking, which increases the

Fe(II)aq that is available to react with Cr(VI) and thus also the intrinsic isotope fractionation. This

can be observed in Figures 3.4 and 3.5, where the initial strong decrease of Cr(VI) in the slurry

experiments might have been due to a combined reduction by dissolved Fe(II)aq liberated from

porewater, and Fe(II)-bearing minerals. By quickly using up the Fe(II)aq reservoir the reduction

rate of Cr(VI) then decreased after a couple of hours. These results indicate that the relative

concentrations of mixed-valence Fe species can play an important role in setting the magnitude of

isotope fractionations expected in ferruginous systems. An isotope fractionation of εint = 1.80h

is characteristic for intact ferruginous sediments with relatively low porewater Fe(II) and high

abundances of solid phase mixed-valence Fe minerals. Notably, we demonstrate that Cr(VI)

reduction via a combination of Fe(II)aq and Fe(II)solidphase or similar phases will generally lead

to sediment δ53Cr(III) signals that are offset from the overlying water from which it deposited.

The magnitude of this isotope fractionation plays an important role in interpreting δ53Cr records,

which we explore below.

3.4.3 Implications for the chromium isotope record

Our data reveals that Cr(VI) reduction during early diagenesis is important in setting the δ53Cr

of ferruginous sediments. Diffusion of Cr(VI) and the development of a δ53Cr gradient between

overlying water and the zone of reduction, depends on the thickness of the NRZ. The thickness of

the NRZ is directly dependant on the depth of oxygen penetration within the sediments, which

is linked to the O2 concentration of overlying water, sedimentation rates, and organic matter

concentration and reactivity. Assuming that εint = 1.80h is the characteristic intrinsic isotope

fractionation for ferruginous sediments, we explore the effects of non-reaction zone depth on

authigenic depth integrated δ53Cr(III) value (i.e., the δ53Cr buried), which is ultimately important
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for interpreting the sedimentary δ53Cr record. To explore how the δ53Cr composition behaves

under different environmental conditions, we performed a sensitivity analysis using our model.

We applied a range of initial δ53Cr seawater values (0.0 - 2.0h), reflecting possible paleo-seawater

compositions [1, 41, 171], and track resulting depth integrated δ53Cr(III) composition as a function

of NRZ thickness (0.01 – 100 mm), resulting in a range of buried δ53Cr(III) from -1.79 to +1.95h

(Fig. 3.8).
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Figure 3.8: Sensitivity analysis for our steady state model. Circles are sediment δ53Cr(III) when seawater
δ53Cr(VI) is 0.0h, squares are sediment δ53Cr(III) when seawater δ53Cr(VI) is 0.3h, triangles are sediment
δ53Cr(III) when seawater δ53Cr(VI) is 1.0h, and crosses are sediment δ53Cr(III) when seawater δ53Cr(VI) is
2.0h. The grey shaded area represents the ISE δ53Cr compositional range. Note the logarithmic x-axis.

We also tested the model with boundary conditions similar to Lake Matano ([Cr(VI)] = 120 nmol

l– 1, δ53Crlakewater = 3.0h, NRZ = 2 mm, εint = 1.80h) and find that the δ53Cr(III)sediment value our

model produces is 1.95h, which is within error of the measured sediment δ53Cr values (Table
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3.3). We observe that the modelled δ53Cr(III) is sensitive to the δ53Cr value of the overlying

water, suggesting that authigenic sedimentary δ53Cr values are likely to be in part controlled

by δ53Crseawater despite relatively large intrinsic isotope fractionation during Cr(VI) reduction in

sediments. The model also clearly illustrates that authigenic δ53Cr values from sediments overlain

by oxygenated seawater best capture the seawater δ53Cr when the NRZ is thick, but are more

sensitive to environmental conditions, like oxygen concentrations at the sediment-water interface,

with thinner NRZ. We note, that in instances where the NRZ may be very thick, diffusion between

the overlying water and the reduction sites will be inhibited and supply of Cr to the reduction

sites may be restricted. Thus, the amount of authigenic Cr formed will be small and possibly very

difficult to distinguish from detrital Cr.

To examine the sensitivity of sediment δ53Cr values to O2 concentrations in overlying seawater,

we used a 1D diagenetic model, which tracks O2 concentrations below the sediment water interface

(the details of the model can be found in the Appendix A) [193, 195, 200–202]. We perform a

sensitivity test on this model by varying sedimentation rate, and the O2 concentration in the

overlying seawater (Fig. 3.9).
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Figure 3.9: Oxygen penetration depth model. We model the oxygen penetration depth of marine sediment as a
function of sedimentation rate and organic matter reactivity, using a steady-state equation from [193]. The
initial O2 at the sediment water interface is chosen to be 1.25 µmol l– 1 (1% PAL) to simulate hypothesized
low oxygen conditions during the Neoproterozoic.

To validate links between δ53Cr and bottom water O2, we compare diagenetic model outputs

to data from Lake Matano. We obtain a NRZ depth comparable to Lake Matano when bottom

water [O2] is 5 – 50 µmol and the sedimentation rate is 0.5 cm yr– 1. These values are similar to

Lake Matano’s sedimentation rate of ∼ 0.1 cm yr– 1 and water column O2 concentrations [203].

Notably, millimeter scale NRZ depths are permissible at low O2 concentrations (∼ 1% PAL) even

when organic matter reactivity is low, which we parameterize after [204], indicating that strong

diagenetic Cr isotope fractionation is possible even in low productivity environments.

Our diagenetic models can be used to gain several insights into the sedimentary Cr isotope

record. Foremost, our Cr model can be used to gauge the conditions that will lead to sedimentary

rocks with an igneous silicate earth (ISE) δ53Cr composition (-0.12 ± 0.1h, [46]). In an ocean-

atmosphere system with O2 concentration below the threshold for manganese oxide production,

Cr would be cycled in surface environments as reduced Cr(III), leading to sedimentary δ53Cr

compositions that largely fall within the ISE range, indicating a lack of redox Cr cycling on the
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continents [4, 7, 30]. Our model indicates, however, that seawater δ53Cr as high as the intrinsic

isotope fractionation (in this case 1.8h) could still produce a δ53Cr(III) of 0h (Fig. 3.8). Therefore,

if authigenic Cr concentration in the geological archive is high and measureable, it is possible that

the thickness of the NRZ was small, which would have resulted in significant isotope fractionation.

Our modelling shows that it is possible to obtain a NRZ of a couple millimeters (2.05 mm),

under low oxygen conditions (1% PAL, 1.25 µmol l– 1), if the reactivity of organic matter and

sedimentation rate is sufficiently low. On the other hand, under the same diagenetic conditions,

our modelling also predicts a NRZ of just under 5 mm, when bottom water oxygen concentrations

are 100% PAL (Fig. 3.8). A NRZ of this depth still produces δ53Cr compositions in the sediment

that fall within the ISE range when the seawater δ53Cr composition is 0.3h. Notably, the current

sedimentary Cr isotope record suggests seawater was typically characterized by δ53Cr heavier

than 0.3h [4], during periods in which the ocean-atmosphere system is independently constrained

to be fully oxygenated. This means that even small heavy Cr isotopes enrichments in sediment

may indicate appreciable ocean-atmosphere oxygen. We acknowledge that there are limitations in

the application of our modelling approach to the reconstruction of past environments and that

additional factors not constrained in our model may play a role in governing expressed Cr isotope

fractionation such as, variable seawater Cr concentrations and dynamics in the physical, chemical,

and biological properties of marine sediments through time. Despite these caveats however, our

work demonstrates how NRZ depth exerts control on the Cr isotope cycle and the δ53Cr preserved

in marine sediments, notably that δ53Cr values may be offset from seawater by as much as the

magnitude of the intrinsic isotope fractionation.

Lastly, and more speculatively, this work suggests it could be possible to use the Cr isotope

values of marine sediments to estimate a sediment oxygen penetration depth. The range of

integrated isotope fractionation factors imparted during early diagenetic Cr sequestration in

ferruginous sediments is appreciable (> 0.5h) relative to analytical error (< 0.1h), and may thus

be used to estimate paleomarine oxygen levels when the δ53Cr value of coeval seawater can be

independently constrained. This approach is appealing since bottom water oxygen concentrations,

interesting in their own right, can also be linked to minimum atmospheric oxygen concentrations.
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3.5 Conclusions

Whole core incubations performed on ferruginous sediments demonstrate that Cr(VI) reduction

induces Cr(VI) concentration gradients that drive diffusive Cr fluxes across the sediment water

interface. As reduction proceeded, the remaining lake water Cr(VI) became progressively enriched

in the heavy isotope (53Cr). Closed system Rayleigh distillation modelling yields effective isotope

fractionations that fall within a narrow range εeff = 1.1 ± 0.2h, independent of initial Cr(VI)

concentrations. Direct measurement of the δ53Cr composition of the upper 0.5 cm of Lake Matano

reveals an εeff = 1.1 – 1.5h. More detailed diagenetic modelling that accounts for open system

behaviour predicts an intrinsic isotope fractionation εint = 1.80 ± 0.04h, implying that appreciable

reservoir effects develop during Cr(VI) reduction in sediments. Based on the magnitude of this

fractionation factor and previous experimental work, we suggest the Cr(VI) reductant in Lake

Matano sediments is a combination of dissolved and solid phase Fe(II). Our results show that the

isotopic composition of authigenic Cr in sediments can be offset from the δ53Cr values in overlying

water when the zone of Cr(VI) reduction is sufficiently close to the sediment water interface

resulting in an intrinsic fractionation that is expressed with minimal reservoir effects. Because

of this reservoir effect, δ53Cr(III) similar to the ISE cannot reliably be interpreted as indicating

the absence of atmospheric oxygen without additional constraints on the δ53Cr composition of

seawater. When the zone of Cr(VI) reduction moves deeper into the sediment, authigenic δ53Cr

values more faithfully record seawater δ53Cr. Our work further shows how the Cr isotope values of

marine sediments from the geologic record may be used to estimate sediment oxygen penetration

depths, which are linked to the oxygenation of the ocean-atmosphere system.
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Chapter 4

Ferruginous oceans during OAE1a and

the collapse of the seawater sulphate

reservoir

Earth surface oxidant budgets are assumed to have existed in a relatively stable state since the

Precambrian Eons. Oceanic anoxic events (OAEs) are intervals of widespread to global ocean

anoxia and they are linked to dynamics in the global biogeochemical cycles, major climatic

anomalies, and biological crises. These recurrent perturbations to the Earth system over the

last 200 Myr thus challenge the paradigm of relative stasis in Phanerozoic Earth surface oxidant

pools. Little is known, however, of the precise redox chemistry of seawater during OAEs and

this confounds models that aim to quantitatively link ocean anoxia to broader-scale oxidant

budgets in the Earth system. Here we show that during OAE1a, 120 Ma ago, the oceans were

anoxic and Fe-rich (ferruginous) for more than 1 million years. Like the ferruginous oceans of

the Precambrian eons, development of ferruginous conditions at this time requires low seawater

sulphate concentrations, which we show dropped to < 50 µM or more than a thousand times

lower than modern. This collapse in the seawater sulphate pool over just a few hundred thousand

years reveals previously unrecognized instability in Phanerozoic Earth surface oxidant budgets

with potential to dramatically alter global biogeochemical cycles, marine biology and climate on

remarkable time-scales.
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4.1 Introduction

Seawater chemistry is generally thought to have evolved to its current well-oxygenated, sulphate-

rich state between 540 and 420 million years ago (Ma) [12, 205]. Throughout much of the

preceding 3.5 billion years the oceans were largely anoxic, dominantly iron-rich (ferruginous),

and punctuated by intervals of widespread euxinia (hydrogen sulphide rich) [7, 182]. These

conditions waned in the early Phanerozoic, and thus, for much of the last 500 Ma, marine and

global biogeochemical cycles were thought to have been relatively stable, operating much as they

do today [206? ]. Large-scale oceanic anoxic conditions, however, re-emerged periodically in the

Phanerozoic [207] and were particularly prevalent during warm periods such as the Cretaceous.

The oceans developed euxinia during a number of these oceanic anoxic events (OAEs)[208–

210] when pelagic microbial respiration was channelled through sulphate reduction producing

hydrogen sulphide that accumulated in poorly ventilated water masses. Emerging evidence,

however, also suggests that ferruginous conditions may have re-emerged at least transiently

during some of the OAEs (OAE2, OAE3 and the end-Permian OAE)[210, 211] implying large-scale

dynamics in ocean chemistry and the sulphur cycle, since development of ferruginous conditions

hinges on the balance between Fe and S delivery and removal from the oceans [182].

Sulphur isotope signals during the Cretaceous period reveal that seawater sulphate was drawn

down to low millimolar concentrations over millions of years before OAE1a in response to episodic

deposition of basinal-scale evaporites [212, 213]. Although the precise timing of pre-OAE1a

evaporite deposition remains poorly constrained [214], ensuing seawater sulphate concentrations

(< 3 mM) were much lower than the modern ocean (28 mM) and this low seawater sulphate

would have strongly influenced global biogeochemical cycling. For example, seawater sulphate

concentrations are an important control on marine methane (CH4) cycling, with super-millimolar

sulphate concentrations attenuating the release of CH4 generated in modern marine sediments

to the atmosphere through microbial anaerobic methane oxidation [215, 216]. Sub-millimolar

sulphate concentrations, in contrast, can lead to large-scale oceanic CH4 efflux with corresponding

implications for climate [217]. While S-isotope data imply low sulphate concentrations, existing

models lack the resolution needed to place robust upper limits on possible marine sulphate
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concentrations that would facilitate reconstruction of the climate system and the effects of OAE

development on the biosphere.

4.2 Methods

To explore marine sulphate concentrations in the early Cretaceous, we studied a suite of sedi-

mentary rocks from the eastern margin of the Paleo-Tethys Ocean (Cismon drill core) and the

middle of the Paleo-Panthalassic Ocean (Deep Sea Drilling Project (DSDP) Site 463) that capture

the Aptian OAE1a (∼120 Ma). This interval is delineated by the deposition of organic matter

(OM)-rich black shales and lasted for more than a million years [218, 219]. We analysed rocks

from OAE1a using selective sequential extractions to partition Fe speciation between operationally

defined phases (Supplementary Information), and distinguish between Fe burial as pyrite and

other forms of reactive Fe (i.e. non-lithogenic). These sequential extractions target Fe-phases

considered highly reactive (FeHR = sum of all non-silicate Fe) towards sulphide (pyritization) and

biological and abiological Fe(III) reduction under anoxic conditions [110, 128, 129]. Fe-speciation

analyses thus enable us to discriminate between sediments deposited under anoxic ferruginous

versus euxinic water column states, based on the degree of pyritization of the FeHR pool [129, 182].

Notably, preservation of FeHR in sediments that also contain appreciable organic matter implies

that pyritization was sulphate limited [124].

4.3 Results and Discussion

4.3.1 Ferruginous conditions during OAE1a

OAE1a is accompanied by a C-isotope excursion and deposition of OM-rich sediment, which are

evident between ∼18 - 24 m in the Cismon core and ∼615 - 625 m in DSDP Site 463 (Fig. 4.1).
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Nannoconid Crisis

Nannoconid Crisis

Figure 4.1: Fe-speciation and carbon isotope records for Cismon and DSDP Site 463. The grey shaded region
(OAE1a) represents ∼1.1 Mya [219], C-isotope stages C2–C7 [219–221]. Panels (a-e) are Cismon data and
panels (f-g) are DSDP Site 463 data. (a) Cismon carbon isotope data from [222]. Rhenium concentration
data from [223]. (b) Carbonate C after [224], and organic matter C data after [223]. (c) FePyritizable; Sum of
all pyritizable FeHR pools (FeCarb, FeOM, FeOx). (d) FeSil; silicate Fe (e) FePyr; Pyrite Fe. Green diamonds
represent pyrite concentration data from [212]. (f) DSDP Site 463 carbon isotope data from [223]. Rhenium
concentration data from [223]. (g) Carbonate C data from [222], organic C data from [222, 225]. (h)
FePyritizable; Sum of all pyritizable FeHR pools (FeCarb, FeOM, FeOx) (i) FeSil; silicate Fe. (j) FePyr; Pyrite Fe.
Lower dashed lines represents the start of the nannoconid decline and the upper dashed lines represents
the start of the nannoconid crisis [218]. Integrated stratigraphy of the Cismon and DSDP Site 463 after
[218, 222]. 94



Our Fe-speciation analyses reveal enrichments of pyritizable Fe (FeHR) across these same intervals

in both Cismon and DSDP Site 463 rocks (Fig. 4.1), relative to rocks stratigraphically above and

below. Ratios of FeHR/FeTot > 0.38 imply sediment deposition beneath anoxic waters if ratios of

FeTot/Al are also > 0.5 and Corg contents are > 0.5 wt% [129, 226]. FeHR/FeTot values recorded

in the Cismon core during OAE1a are consistently above 0.38 and indeed have FeTot/Al > 0.5

along with Corg > 0.5 wt%, characteristic of deposition below an anoxic water column (Fig. 4.2).

Fe Pyr + Fe Ox(new) / Total FeHR new NO OM

Fe’Pyr/FeHR Fe’Pyr/FeHR

Figure 4.2: Fe-speciation and Fe/Al records of the Cismon (left panels) and DSDP Site 463 (right panels). The
vertical and horizontal dotted lines refer to the oxic-anoxic threshold (FeHR/FeTot = 0.38) and ferruginous-
euxinic threshold (FePyr/FeHR = 0.70) respectively. The open circles represent FePyr

’/FeHR, the maximum
possible amount of pyrite present in the samples assuming the very unlikely scenario where the entire
FeOx pool is a result of pyrite oxidation. The solid vertical line in the top panels refer to the Fe/Al ratio
of 0.5. The solid vertical line in the bottom panels refer to the average rhenium concentration of oxic
pelagic sediments, with the purple shading representing a 3 sigma uncertainty on this value (0.4 pbb
[227]). Litho-, bio- and magneto-stratigraphy is the same as for Figure 4.1. The images are SEM (greyscale)
and petrographic (color) micrographs of pristine framboidal pyrites preserved in the Cismon sediments
deposited during OAE1a.

FeHR/FeTot ratios in rocks that bound OAE1a have FeHR/FeTot < 0.38) (Fig. 4.2). FeHR/FeTot in

rocks deposited at DSDP Site 463 also capture intervals with values > 0.38 and Fe/Al > 0.5,

similarly implying deposition under anoxic conditions. Some FeHR/FeTot values of sediments
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deposited during OAE1a at site 463, however, are below the threshold (> 0.38) used to diagnose

anoxic ocean conditions and are thus ambiguous to depositional redox state based on Fe-speciation

alone. We note however, that Fe-speciation analyses cannot diagnose sediment deposition under

oxic conditions as the mass balance and supply of FeHR precludes it from being enriched in all

depositional environments simultaneously. Ratios below 0.38 can thus also result from deposition

beneath an anoxic water column and instead likely signify a restricted supply of FeHR to this

pelagic site (Fig. 4.2). In strong contrast, epicontinental sediments like those deposited at the

Cismon site likely served as the main oceanic sink of FeHR. FePyr/FeHR ratios are a direct measure

of the degree of pyritization of the highly reactive Fe pool and ratios > 0.7 signal deposition

under a euxinic water column [110, 128, 228]. Values below 0.7 indicate non-pyritized FeHR and,

by definition, reveal insufficient sulphide supply to pyritize the available FeHR thus precluding

accumulation of free sulphide and the development of euxinia. Values below 0.7 in sediments

deposited under anoxic conditions signal sulphate depletion and a ferruginous water column. All

rocks deposited at the Cismon and DSDP 463 sites during the OAE1a interval have FePyr/FeHR

<< 0.7 indicating deposition under strictly non-euxinic ferruginous conditions.

As an additional test of depositional redox states we examined the distribution of rhenium

(Re) - a trace element that is enriched under both ferruginous and euxinic anoxic conditions,

though to a lesser extent under euxinic conditions [34]. Sediments from both the Cismon and

DSDP sites are highly enriched in rhenium throughout the OAE1a interval relative to average oxic

pelagic clay [227], confirming deposition under anoxic conditions at both sites (Fig. 4.2). Moreover,

deposition under euxinic conditions is generally accompanied by strong molybdenum enrichment,

and yet molybdenum is almost entirely absent from the sediments deposited during OAE1a,

while many other redox sensitive trace elements (Cr, Re, V) are strongly enriched (Supplementary

Information, Table B.1 and [229]). Together our Fe-speciation data coupled to Re and Mo data

from both sites strongly suggest anoxic ferruginous conditions and imply that such conditions

spanned from the Tethys to the Pacific Ocean during OAE1a. Development of these pervasive

ferruginous conditions, furthermore, implies that delivery of Fe to the oceans outpaced that of

S with corresponding implications for the Aptian marine sulphur cycle and seawater sulphate

concentrations.
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Prior work, however, suggests that sedimentary rocks can be subject to sample storage

artefacts that develop due to exposure to oxygen in the atmosphere and subsequent oxidation

of sedimentary pyrite [230, 231]. We thus took care to work with well-preserved rocks, but

nevertheless also evaluated the extent to which post depositional oxidation of FePyr in our samples

could have led to false diagnosis of either anoxic or ferruginous conditions (see Supplementary

Information section 4). Oxidation converts pyrite and siderite to Fe-(oxyhydr)oxides and thus

causes redistribution of Fe from FePyr and FeCarb to FeOx. Since these three pools are summed in

the FeHR pool, oxidation would not have impacted FeHR/FeTot or Fe/Al ratios, and thus not led

to false diagnosis of anoxia based on Fe speciation. Diagnosis of ferruginous conditions is based

on FePyr/FeHR <0.7, and since pyrite oxidation would decrease this ratio it could lead to false

diagnosis. We therefore tested the extent to which oxidation might have altered FePyr/FeHR by

summing FeOx, the product of oxidation, and FePyr to come up with a maximum possible pre-

oxidation ratio, FePyr
’/FeHR. The small size of the FeOx pool relative to FePyr indicates negligible

post depositional oxidation and we thus find that although it is possible that samples from site

463 have experienced greater degree of pyrite oxidation, FePyr
’/FeHR is mostly below the 0.7

threshold, and indicates deposition under ferruginous conditions (Fig. 4.2). Likewise, if total S

(pyrite S and any S pool resulting from oxidation) is used as a proxy for pre-oxidation pyrite

FePyr
”, FePyr

”/FeHR also remains below the 0.7 (Fig. S2). Furthermore, the preservation of both

pristine framboidal pyrites (Fig. 4.2 and Fig. B.2) and abundant FeCarb (Table B.4 and B.5) is

entirely inconsistent with pervasive post depositional sample oxidation. Collectively, therefore,

our Fe speciation and trace element data unambiguously document deposition of both DSDP and

Cismon sediments under ferruginous conditions during the Aptian. Development of ferruginous

conditions at this time would have required very low seawater sulphate concentrations.

4.3.2 Modelling Aptian seawater sulphate concentrations

To reconstruct Aptian seawater sulphate concentrations, we setup a 1D water-column reactive

transport model (see Supplementary Information) to simulate a stratified Cretaceous ocean. Pyrite

burial fluxes calculated by combining sedimentation rates with sediment pyrite concentrations

[219] tether our model outputs to the geologic record and place upper limits on the flux of sulphate
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that can be converted to pyrite through microbial sulphate reduction and reaction of the sulphide

produced with FeHR, either directly in the water column or in bottom sediments. With microbial

sulphate reduction rates parameterized based on modern marine ecosystems and analogies to

low-sulphate ferruginous environments [143, 232] our water column modelling yields an average

estimate for seawater sulphate of less than 5 µM (Fig. 4.2).

A B C

Figure 4.3: Models of marine sulphur cycling during OAE1a. (a) Depth integrated sulphate reduction rates as
a function of initial sulphate concentration. The solid green line represents the average pyrite depositional
flux whereas the pink shaded region delineates the entire range of pyrite depositional fluxes observed at
the Cismon site. (b) Modelled rates of microbial sulphate reduction in a stratified ocean water column with
different surface seawater sulphate concentrations. (c) Resulting sulphate concentration profiles.

Similar results are obtained modelling sulphate reduction rates in underlying sediments (Table

B.6). We note that the low sulphate reduction rates in our models are also consistent with the large

S-isotope fractionations observed in Cismon pyrites, given that large S-isotope fractionations tend

to develop at low sulphate reduction rates [233]. The large S-isotope fractionations recorded in

the Cismon pyrites, however, may also require a contribution from S disproportionation (δ34Spyrite

-47h [212], Fig. B.5) which is known to be active in modern Fe-rich sediments [234] . Imposing

higher sulphate concentrations in our models with realistic rates of sulphate reduction and

transport across oceanic pycnoclines or the sediment-water interface yield pyrite burial fluxes

much higher than those recorded in Cismon rocks. Our modelling thus constrains Aptian seawater

sulphate concentrations to more than a thousand times lower than modern seawater sulphate

concentrations.

Previous studies suggested that seawater sulphate concentrations [235] were drawn down to
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low mM levels preceding OAE1a as the result of basin-scale evaporite (BSE) deposition associated

with the opening of the South Atlantic [212, 213]. The exact timing of BSE deposition, however,

is poorly constrained and its onset may have occurred as early as the Barramanian (129 – 124

Ma), up to 5 Myr before the initiation of OAE1a [214]. Our results nonetheless, require further

reduction of the seawater sulphate pool from low mM to low µM concentrations in a time frame

commensurate with the onset of ferruginous conditions prior to the initiation of OAE1a, as

delineated by the carbon isotope record. Evaporite mineral deposition effectively draws sulphate

down from modern day concentrations of 28 mM to 1 mM, but when sulphate concentrations drop

below 1 mM, seawater saturation with respect to sulphate-minerals (gypsum) during evaporation

requires unrealistically high Ca2+ concentrations (see Supplementary Information). Seawater

sulphate drawdown to low mM concentrations therefore requires a second phase of sulphate

sequestration and an alternative burial mechanism. Another important sink for seawater sulphate

is microbial sulphate reduction and pyrite deposition and burial. Expansion of this sink over a

few 100 kyrs preceding OAE1a provides a plausible mechanism to lower seawater sulphate to µM

concentrations and drive development of ferruginous conditions, which we explore below.

Sulphur mass balance modelling reveals that an increase in global pyrite deposition rates

from 0.66 to a maximum of 1.31 Gmol yr– 1, assuming modern S-input fluxes (see Supplementary

Information), would cause seawater sulphate concentrations to drop to low µM levels (Fig. 4.4).
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Figure 4.4: Evolution of the Cretaceous seawater sulphate reservoir. (a) The grey line is our model result for the
evolution of seawater sulphate concentrations. The green shading represents the timing of the nannoconnid
decline [218], grey shading represents the relative timing of OAE1a based on C-isotope stratigraphy [220],
while the dotted vertical line represents the timing of the large negative C-isotope excursion that commonly
demarcates the start of the OAE1a event. (b) Modelled S input and burial fluxes. (c) Isotopic composition
of Aptian seawater sulphate. The grey line represents our model results for the evolution of δ34Ssulphate.
The green circles are δ34SCAS from [221] and the blue circles are 34Ssulphate from [236]. The vertical dotted
line represents the timing of the negative C-isotope excursion [221].

We note that pyrite deposition rates are higher under anoxic water columns [132] and thus the

increase in pyrite burial could be achieved by expanding the global extent of water column
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anoxia. For example, if water column anoxia expanded from 0.1%, its extent in the modern

ocean [237], to 4%, as estimated for OAEs [238], the increase from 0.66 to 1.31 Gmol yr– 1 could

be achieved with area specific pyrite deposition rates of 0.1 mol S m– 2 yr– 1 in regions of ocean

anoxia, which is similar to rates of pyrite burial in sediments underlying modern OMZs [239, 240].

This pyrite burial interval would also drive an increase in the δ34S composition of seawater

sulphate due to enhanced burial of isotopically light S in pyrite. Such an increase in δ34S is indeed

recorded in carbonate associated sulphate (CAS) providing geological constraints for the timing

and magnitude of the pyrite burial event (Fig 4.4). We also note that the expansion of ocean anoxia

associated with the pyrite burial event, as constrained by the CAS record, is contemporaneous with

marine biological crises prior to OAE1a [218] that are a possible result of ocean deoxygenation

[241] (Fig. 4.4). S budgets (see Supplementary Information) during the OAE1a interval itself,

however, imply an additional sink for marine sulphate that balances enhanced S inputs through

hydrothermalism [221]. Mass balances based on the isotopic composition of CAS deposited during

OAE1a as a proxy for δ34S of seawater sulphate further suggests that this additional sink carries

near seawater δ34S values. The magnitude of this additional sink is between, 5.3 x 10 11 and 2.2 x

10 12 mol yr– 1, depending on the S concentration in hydrothermal fluids at this time [242].

In the absence of gypsum deposition at seawater sulphate concentrations less than 1 mM, we

suggest that sulphur was likely removed as a combination of biomass derived organic sulphur,

CAS itself, or barite associated with organic matter, all of which are known to operate as sulphur

sinks in low sulphate modern and ancient environments [243, 244]. While biomass associated

organic S has been shown to be a major pathway for S burial in lacustrine environments [245, 246],

it is often overlooked as an important component of the marine S cycle. Marine organisms are

characterized by C:S molar ratios of 50:1 [247, 248], and thus the burial flux of organic S is likely

on the order of 5 wt% that of organic C. Given the total S and organic matter contents of the

Cismon sediments [223], and assuming all non-pyrite S is buried as biomass associated organic S,

we calculate an average organic matter (OM) C:S molar ratio of ∼45 during OAE1a, revealing OM

buried during OAE1a has a similar C:S composition to that of modern, supporting the idea that

during intervals of increased OM burial biomass associated organic S may become an important

sink of S from the ocean. Marine organisms, furthermore, assimilate S with a δ34S composition
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nearly identical to seawater [248–250]. Given pre-OAE1a primary production similar to modern

(48 Gt C yr– 1)[237] and OM that is ∼5 wt% S, the dramatic (up to a 35-fold [223]) increase in

OM burial during OAE1a would be more than sufficient (4.5 Gmol yr– 1) to remove most of the S

entering the ocean at this time (3.3 Gmol yr– 1). Combined, our geochemical data documenting

ferruginous conditions during OAE1a, δ34S records of seawater sulphate, and our models, thus

imply that biomass associated organic S likely represents an important but previously overlooked

sink for sulphur in the low sulphate Aptian oceans. More importantly, our data and models

reveal sulphate drawdown to low µM concentrations is possible on 100 kyr timescales with non

anomalous pyrite burial rates similar to modern oxygen deficient marine environments like the

Peru Margin [240], and Chilean OMZ [239] (Fig. 4.4b and Fig. B.7). Development of ferruginous

conditions during the Aptian can thus be attributed to widespread anoxia and ensuing pelagic

sulphate reduction immediately prior to OAE1a against the backdrop of low Cretaceous seawater

sulphate concentrations.

4.3.3 Implications

At 28 mM, seawater sulphate is an oxidant pool twice the size of modern atmospheric O2. A

decline to low µM seawater sulphate concentrations thus indicates a collapse of global oxidant

pools during OAE1a with implications for marine ecology, biogeochemical cycling, and climate.

Water column anoxia, for example, may have extended at least transiently into the photic zone

during OAE1a with potential to influence photosynthetic ecology. Biomarkers indicative of

phototrophic Clorobi have indeed been recovered in sediments deposited during OAE1a [225, 251].

While phototrophic Clorobi are best known as sulphide oxidizing phototrophs [131], they are

also known to grow on ferrous iron (photoferrotrophy) and were likely key primary producers in

the ferruginous oceans of the Precambrian [137]. Preservation of biomarkers from phototrophic

Clorobi in Aptian ferruginous sediments may thus signal the return of photoferrotrophy to the

Phanerozoic oceans. At the same time, low-sulphate, ferruginous ocean conditions would have

both channelled organic matter degradation from sulphate reduction to methanogenesis and

precluded the consumption of this methane through anaerobic oxidation with sulphate. Earth

system modelling indeed shows that seawater sulphate concentrations below 1 mM promote
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massive marine methane fluxes to the atmosphere with attendant greenhouse warming [217].

4.4 Conclusions

Development of ferruginous conditions during OAE1a thus reveals large-scale dynamics in

Earth’s biogeochemical cycles over intervals of just a few hundred thousand years (Fig. 4.4).

The development of ferruginous ocean conditions during multiple OAEs [208, 210] may thus

signify a general instability in Earth surface redox budgets and the recurrent reorganization of

major oxidant pools at Earth’s surface, like seawater sulphate, during the Phanerozoic Eon. The

mechanisms driving this reorganization remain uncertain, but could be addressed through better

constraints on global sulphur budgets and the drivers of ocean de-oxygenation, as well as the

development of Earth system models that resolve such large-scale biogeochemical dynamics over

relatively short time scales.
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Chapter 5

Magnetite biomineralization in

ferruginous waters and early Earth

evolution

Burial of vast quantities of magnetite (Fe2+Fe3+
2 O4) in Precambrian sedimentary rocks known

as iron formations (IFs) played a key role in the protracted oxidation of Earth’s surface during

the Precambrian eons. Formation of this magnetite is commonly attributed to diagenetic and

or metamorphic reactions, though laboratory experiments also show magnetite formation as a

product of low temperature microbial metabolisms. Uncertainty in the precise provenance of

magnetite in IFs confounds models that aim to mechanistically connect the processes that drove

IF deposition to Earth surface redox budgets. Here we show magnetite formation occurs directly

in the water column of two modern ferruginous lakes. We find that biologically reactive Fe(III)

phases are quantitatively reduced in the anoxic waters of both lakes, leading to the formation

of primary authigenic magnetite. The formation of this magnetite and its links to microbial Fe

reduction thus control sediment redox budgets and imply primary magnetite formation may have

been a principle mode of Fe delivery to IFs. Combined, the role of magnetite burial in setting

Earth’s surface redox budgets and the locus of magnetite formation in the water column, suggest

that seawater chemistry and biological reactions would have played a key role in regulating the

pace of Earth’s surface oxidation throughout the Precambrian eons. We also find that primary

magnetite takes conspicuous framboidal forms, which given the link to Fe reduction, may provide

a biological signature on early Earth and Mars.
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5.1 Introduction

Biogeochemical cycling of iron (Fe) and carbon (C) plays a key role in setting Earth’s surface

redox budgets and climate. Burial of reduced forms of C and Fe in marine sediments as organic

matter (OM) and ferrous Fe (Fe(II)), in particular, increase Earth’s surface oxidation state and

represent quantitatively important net sources of oxygen to the modern atmosphere [8, 15, 252].

Oxidation of crustal Fe(II) to form Fe(III)-bearing minerals, by contrast, is a sink for oxygen [5, 14].

The magnitudes of these sources and sinks are influenced by dynamics in coupled C and Fe

cycling, which induce secular variation in Earth’s surface chemistry and climate [14, 15, 253]

and over geological timescales this can lead to fundamentally different ocean-atmosphere redox

states and climate systems [14, 253]. During much of the Precambrian eons, for example, the

ocean-atmosphere system was nearly oxygen-free and rich in reduced chemical species (Fe(II),

H2 and CH4) [254, 255]. Intense deposition of Fe minerals at this time formed sedimentary rocks

known as iron formations (IFs) as the result of coupled C and Fe cycling in the oceans, and

these enormous deposits contain vast quantities of both oxidized and reduced Fe [117, 256]. IF

mineralogy, notably, is dominated by magnetite (Fe2+Fe3+
2 O4) [117] and burial of magnetite in IFs

has been implicated in the redox evolution of the early biosphere [5, 14, 257, 258]. For example,

the oxidation of crustal Fe(II) to form magnetite in IFs represents a net oxidant sink for the

ocean-atmosphere system, while the ultimate production of hydrogen as a corresponding sink

for reduced equivalents can lead to planetary oxidation through H2-loss to space [253]. Factors

controlling magnetite formation and burial in IFs and associated links to C cycling, therefore,

likely played a key role in the protracted oxidation of Earth’s surface throughout the Precambrian

eons.

The precise pathways that drove magnetite formation and deposition in IFs remain poorly

constrained and thus models that aim to mechanistically link the formation of IFs to the evolution

Earth’s surface redox budgets remain equivocal. The origins of magnetite observed in IFs are

contentious, but magnetite is often given an early diagenetic and or metamorphic provenance

[257, 258]. Diagenetic and metamorphic models for magnetite in IFs suggest primary Fe deposition

as Fe(III)-(oxyhydr)oxides (ferrihydrite, goethite, green rust) and these precursor phases were
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transformed to magnetite during later-stage diagenetic and thermochemical Fe-reduction [121,

259, 260]. Diagenetic and thermochemical origins for magnetite in IFs imply a decoupling of

IF mineralogy from the primary water column processes that cause IF deposition, and thus

magnetite would need not directly reflect the physicochemical and biological conditions of

the ocean-atmosphere system at the time of IF deposition. Direct precipitation of primary

magnetite from the Precambrian oceans may also have been possible, as magnetite formation has

been documented in the laboratory as the product of biological processes including anoxygenic

Fe(II) photosynthesis [261] and Fe(III) respiration [121, 122], that were likely widespread under

ferruginous ocean conditions [142, 261–263]. The formation of primary magnetite would directly

implicate these processes as mechanisms that control the deposition of IFs, set their mineralogy,

oxidation-state, and chemical composition, and thus influence Earth surface redox budgets. It

also would imply that magnetite records primary information on the chemistry and ecology of

ancient seawater. Primary water column magnetite formation and its role in IF deposition is

seldom considered, however, in part because low temperature magnetite precipitation in natural

environments is infrequently observed today [260].

Modern ferruginous environments provide natural laboratories to examine processes extensible

to the Fe-rich Precambrian oceans [137, 143]. To investigate Fe-cycling and mineral formation

under ferruginous conditions we conducted experiments in, and collected samples from Lakes

Matano and Towuti (herein referred to as LM and LT), on Sulawesi Island, Indonesia. LM and

LT are part of the interconnected Malili Lakes system. The catchment basin surrounding the

lakes is dominated by ultramafic rocks of ophiolitic origins and weathering of these rocks has

led to development of exceptionally Fe-rich lateritic soils [137, 140]. Heavy tropical rains deliver

strong fluxes of Fe (oxyhydr)oxides from these soils to the lakes, which exert an overwhelming

influence on the lakes’ biogeochemistry [137, 142]. Both LM and LT are physically stratified and

characterized by persistently anoxic Fe(II)-rich (∼140 and ∼10 µM respectively) and virtually

sulphate free deep waters [143] (Fig. 5.1).
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Figure 5.1: Chemical and physical properties of LM (bottom panels) and LT (top panels). The blue hexagons
represent the sediment trap deployment depths in LT and LM, 110 and 160 m and 90 and 130 m respectively.
a) Dissolved O2 and Fe(II). b) Light transmission c) pH. d) Mineral saturation indices. Closed black circles
represent the SI for magnetite calculated using Fe(III) concentrations assuming ferrihydrite saturation
(MgF). Open black circles represent the SI for magnetite calculated using Fe(III) concentrations assuming
goethite saturation (MgG). We note both lakes’ deep waters are oversaturated with respect to magnetite.
Closed brown circles represent the SI for siderite (Sid). Closed green circles represent the SI for carbonate
green rust (GR).

107



We combined geochemical and mineralogical analyses to parse Fe cycling and pelagic Fe mineral

formation in both LM and LT, revealing that water column Fe reduction leads directly to the

formation of primary authigenic magnetite. This magnetite comprises a major component of the

primary Fe mineral assemblage exported to the underlying sediments.

5.2 Fe-speciation

Canonically reactive Fe (FeHR; see Supplementary Information), which is thought to represent

Fe-species reactive towards anaerobic microbial respiration and chemical reduction [128], is an

important component (> 90%) of the total Fe pool in suspended and deposited material from

both LM and LT (Fig. 5.1 and Table 5.1).
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Figure 5.2: Malili lake Fe-speciation and magnetite fluxes. a-d) Water column Fe-speciation sunburst plots. Each
operationally defined Fe-phase is normalized to the total Fe content of the sample. FeMagnetic, FeNonMagnetic
and FeNMOE, refers to our sediment mass balance oxalate leaching tests (see Supplementary Information).
e) Photographs of filtered sediment trap material from LM. We note the striking color difference of material
sedimenting above (shallow sediment trap, 90 m) and below (deep sediment trap, 130 m) the chemocline. f)
Magnetite fluxes in the sediment traps and sediments in LM and LT. LT core top samples come from the 0 –
0.5 cm sediment depth interval, whereas core bottom samples from the 35 – 40 cm sediment depth interval.
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Table 5.1: Fe fluxes in the Malili lakes

Sediment Trap Samples 
Magnetite Flux 

(mmol m-2 yr-1) 

FeAca Flux 

(mmol m-2 yr-1) 

Fe(III)HCl 

(mmol m-2 yr-1) 

Total FeHR(II) Flux 

(mmol m-2 yr-1) 

Total FeHR(III) Flux 

(mmol m-2 yr-1) 

Magnetite Production 

(mmol m-2 yr-1) 

Fe(III) Reduction 

(mmol m-2 yr-1) 

Matano, 90 m 11 13 19 32 73 
8 52 

Matano, 130 m 19 15 16 84 107 

Towuti, 110 m 13 28 73 26 145 
7 30 

Towuti, 160 m 20 47 101 56 245 

Sediment Samples 
 

  
    

Matano Core Top (0.25 cm) ND ND ND ND ND 
ND ND 

Matano Core Bottom (20 cm) ND ND ND ND ND 

Towuti Core Top (0.25 cm) 29 52 0 84 89 
0 31 

Towuti Core Bottom (40 cm) 27 57 0 114 51 

	

Analyses of water column particles collected from sediment traps deployed above and below

each lake’s chemocline, as well as their bottom sediments, inform on the locus of Fe mineral

transformations that take place both during transport through the water column and during early

sediment diagenesis. Fe mineral concentrations in material recovered from sediment traps and

bottom sediments were determined using operationally defined sequential extractions designed

to speciate Fe [110, 129, 228]. The speciation of Fe in sedimenting material from LM and LT is

similar, with both shallow and deep sediment traps revealing that most of the Fe in these particles

is in the reactive, FeHR, form (Fig. 5.2 and Table C.1, see Supplementary Information). The

FeHR pools are dominated by FeAca (operationally defined as siderite), Fe(III)HCl (operationally

defined as ferrihydrite) and FeDith (operationally defined as goethite) phases. In LM, these three

pools together account for 83% and 70% of the total particulate Fe in the shallow and deep

traps respectively, whereas in LT they account for 79% and 77% (Fig 5.2, Table C.1). These pools

comprise Fe-minerals that are thermodynamically favourable substrates for microbial Fe-reduction

under anaerobic standard-state conditions [109]. The strong flux of FeHR thus provides an ample

potential source of Fe(II) that can accumulate under anoxic conditions.

The Fe(III)HCl pool, traditionally thought to represent the form most easily accessed for

microbial respiration Lovley1986, delivered to the lakes anoxic waters is entirely reduced directly

within the water column and is thus quantitatively converted to dissolved Fe(II) and Fe(II) bearing

mineral phases (Table 5.1, Fig. 5.2). Comparing the speciation of Fe captured in the upper sediment

traps and buried in the uppermost sediments reveals that reduction of a considerable fraction

of the Fe(III)HCl pool takes place in the water column (Table 5.1, Fig. 5.2). In LT consumption
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of the Fe(III)HCl pool occurs entirely between the bottom sediment trap and the sediment water

interface, rendering the underlying sediments devoid of Fe(III)HCl. Reduction of Fe(III) in the

water column is also commensurate with increases in the proportion of Fe(II) bearing phases,

magnetite and FeAca, which in the deep traps increases by over 27% in LM and 44% in LT, relative

to the upper sediment traps (Fig. 5.2, Table 5.1 and C.1). Due to Fe-reduction and the formation

of Fe(II)-bearing phases – like magnetite – directly in the water column, the deep sediments

of LM and LT receive negligible Fe(III)HCl. The conclusions drawn from these results, and in

particular that Fe(III)HCl is converted to magnetite (Fig. 5.2), however, hinges on the selectivity of

the extractions and their ability to the target specific mineral phases. Notably, the oxalate leach is

known to dissolve non-magnetite phases in some environments [231] and so we explore oxalate

selectivity below.

The oxalate extraction is highly selective for magnetite in sediment trap material and deposited

sediments from LM and LT, confirming that our Fe-speciation results accurately quantify magnetite.

We directly tested the selectivity of the oxalate extraction by first leaching water column particles

and sediments from LM and LT with dithionite to dissolve Fe (oxyhydr)oxides (see Supplementary

Information), leaving magnetite and residual unreactive Fe-silicate minerals [129]. After leaching

these particulates with dithionite, we physically separated magnetite grains from the residual

material using neodymium magnets (FeMagnetic, Fig. 5.2), and analyses of the separated grains

confirmed their identity as magnetite (see section below and Supplementary Information). We

also leached the residual non-magnetic material (FeNonMagnetic, Fig. 5.2) with oxalate, recovering

< 0.1% (< 0.8% from deposited sediments) of the total Fe (FeNonMagneticOxalateExtractable, Fig. 5.2),

or less than 1% of the total oxalate extractable Fe. This demonstrates that more than 99% of the

Fe extracted with oxalate can be attributed to magnetite and less than 1% to the non-selective

extraction of other phases. We thus conclude that, while operationally defined, the oxalate

extraction applied here is highly selective for magnetite and yields precise and quantitative

information on its abundance in sediment trap material and deposited sediments.

We also confirmed the presence of magnetite in the water columns and sediments of LM

and LT using microscopic techniques (see Supplementary Information) and these analyses reveal

different forms of magnetite that can be ascribed to authigenic and detrital origins. For example,
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in the deep sediment traps we observe magnetite framboids, which are clearly authigenic, and

irregularly shaped partly dissolved grains of likely detrital provenance (Fig. 5.3 and Fig. C.6).
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Figure 5.3: Authigenic magnetite morphologies in the Malili lakes. a) Water column magnetite framboid
captured in the LM deep sediment trap. Orange arrow indicates EDS spot location and corresponds to
orange spectra in (g). b) Water column magnetite framboid captured in the LT deep sediment trap. c) A
close up image of the framboid surface from (a). d) Magnetite framboid preserved in the LM sediment.
Green arrow indicates EDS spot location and corresponds to green spectra in (g). e) A close up image
of the framboid surface from (b), displaying immature magnetite octahedra. f) A close up image of the
framboid surface from (a), displaying well-formed euhedral magnetite octahedra with identifiable crystal
faces. g) SEM-EDS spectra of the framboids from (a) and (d). The orange and green arrows demarcate the
EDS spot locations and corresponding spectral curves with the same colors from (a) and (d) respectively.
Both framboids have Fe:O stoichiometry diagnostic of magnetite (see Supplementary Information). h)
Raman spectrum of sediment framboids from LM. Solid spectra correspond to 4 different framboids. Grey
triangles on the x-axis correspond to prominent spectral bands for magnetite 44. We observe diagnostic
magnetite peaks at wave numbers ∼306, ∼450 - 490, ∼538 and ∼668 (cm– 1), with second order scattering
between 1200 - 1400 (cm– 1). i) A close up image of the framboid surface from (c), displaying nannoscale
octahedral magnetite crystals.

Framboids are one of magnetite’s most enigmatic crystal forms and these have only been sporadi-
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cally observed in ancient sedimentary rocks and meteorites [264–266]. Magnetite framboids also

formed in response to microbial Fe reduction in laboratory experiments [267]. These framboidal

forms were not observed in material recovered from upper sediment traps, but are a ubiquitous

component (∼5%) of the magnetite populations in LM and LT sediments (Fig. C.2 and Fig. C.4),

implying they form under anoxic conditions as the likely result of microbial Fe reduction (Fig. 5.3

and Fig C.4,C.5,C.6). Detailed observations of framboid surfaces reveal that they are comprised

of aggregates of nano-scale euhedral, octahedral crystals – a common crystal habit of magnetite

(Fig. 5.3c, e, f). Micro chemical analyses, furthermore, reveal that these crystals have Fe:O

stoichiometries diagnostic of magnetite (Fig. 5.3g and see Supplementary Information). Raman

microspectroscopy yielded reflections at wavenumbers (310, 500 and 700 (cm– 1)) diagnostic for

magnetite providing definitive mineralogical identification (Fig. 5.3h and see Supplementary

Information). Although the mechanisms causing framboid formation remain largely unknown,

pyrite of similar morphology is known to form at redox interfaces in other stratified water columns

[268, 269]. Our observations thus imply that magnetite formation, including framboids, is the

result of Fe(III)HCl reduction, primarily in the water columns of LM and LT.

5.3 Magnetite formation, Fe reduction, and Fe recycling

Comparisons of magnetite fluxes recorded in the water columns and sediments reveals that most

authigenic magnetite in LM and LT forms in the water column. By combining sedimentation rates

in both LM and LT with the Fe speciation of suspended and deposited material, we determined

water column and sediment magnetite fluxes (Fig. 5.2, Table 5.1 and Table C.2). Magnetite fluxes

recorded in the lower sediment traps are 79% and 55% greater than in the upper sediment traps

from LM and LT, respectively (Fig. 5.2 and Table 5.1). This demonstrates magnetite formation in

the water column, at depths between the two sediment traps. In LT magnetite fluxes recorded in

the upper sediments are also greater than in lower sediment traps (Fig 5.2, Table 5.1), and this

indicates further magnetite formation, either in the deep waters or the very uppermost sediments.

Throughout the upper 30 cm of the LT sediments, however, the flux of magnetite is roughly

constant (Fig. 5.2e) revealing a lack of net magnetite formation or dissolution and implying
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that the primary source of authigenic magnetite is the water column. In LM, we were unable to

calculate sediment magnetite fluxes, as the lake’s steep bathymetry effectively focuses detrital Fe

(6 N HCl extractable FeSil) to the deeper sediments, diluting authigenic Fe-mineral phases (see

Supplementary Information). Our results thus reveal that water column magnetite formation is

the principal source of magnetite to the underlying sediments in LT.

Magnetite formation in LM and LT is associated with Fe reduction in the water column and

uppermost sediments. Increases in the fluxes of magnetite below the chemoclines of LM and

LT are commensurate with the conversion of Fe(III)HR to Fe(II)HR, which indicates Fe reduction

within this depth interval. Between the upper and lower sediment traps, magnetite formation

accounts for 16% and 24% of this Fe reduction, respectively (Table 5.1). In LT, there is continued

conversion of Fe(III)HR to Fe(II)HR in the anoxic waters between the lower sediment trap and upper

most sediments and magnetite formation accounts for 31% of this (Table 5.1). Pelagic magnetite

therefore represents a substantial sink for Fe(II) resulting from the reduction of Fe(III)HR species

directly in the water columns of LM and LT.

The Fe(III)HCl delivered to the upper sediment trap of LT is entirely converted to magnetite

and Fe(II)Aca in the water column and this implies that an appreciable fraction of the Fe(III)HCl

delivered to the lake is preserved as magnetite in the sediments. The flux of Fe(III)HCl delivered

to the upper sediment trap is 73 mmol m2 yr– 1, and this compares with magnetite and Fe(II)Aca

fluxes of 29 and 52 mmol m2 yr– 1 in the upper most sediments, respectively (Table 5.1). The

absence of Fe(III)HCl in these uppermost sediments demonstrates that it is quantitatively reduced

in the water column and uppermost sediments. FeDith fluxes are the same in the upper sediment

trap and uppermost sediment revealing a lack of conversion of Fe(III)HCl to Fe(III)Dith. Mass

balance thus requires that the consumption of Fe(III)HCl in the water column is entirely tied to the

production of magnetite (36%) and FeAca (64%). Given that 66% of Fe in magnetite is Fe(III), this

indicates that 23% of the Fe(III) delivered to the upper sediment trap is ultimately preserved in

magnetite.

The accumulation of dissolved Fe(II) in the water columns of LM and LT implies Fe recycling

with potential to support microbial metabolisms. In LM and LT we compared rates of diffusive

Fe(II) supply to the fluxes of Fe(III)HCl delivered to the upper sediment traps. In LT the diffusional
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flux of Fe(II) is 130 mmol m2 yr– 1 (see Supplementary Information) which, when divided by the

delivery flux of Fe(III)HCl implies recycling of not more than 2 times. In LM the diffusional flux of

Fe(II) is 55 mmol m2 yr– 1 (see Supplementary Information) which, when divided by the delivery

flux of Fe(III)HCl implies recycling of not more than 3 times. This limited recycling reveals that

Fe dependant microbial metabolisms are restricted by the both the delivery flux of Fe(III)HCl and

its conversion to magnetite and FeAca, which are ultimately removed through sedimentation and

burial.

5.4 Implications

Our findings from LM and LT imply that pelagic magnetite formation can be a important mode

of Fe delivery to ferruginous sediments and by extension suggest that magnetite derived from

the Precambrian oceanic water column may have been a primary contributor to IF deposition.

Magnetite formation in lakes LM and LT is linked to water column reduction of Fe(III)HCl as the

likely source of Fe(II) in magnetite, and a similar process could thus be envisioned for magnetite

formation in the Precambrian oceans. Magnetite formation is undoubtedly influenced by water

chemistry, and in LM and LT it forms at circumneutral pH, at < 1 to 10s of µM Fe(II), and

at mM concentrations of dissolved inorganic carbon (DIC) (Fig. 5.1 and [137]). Notably, these

Fe(II) concentrations are far lower than those thought required to induce magnetite formation

in laboratory experiments [121, 122, 267]. Conditions similar to LM and LT, however, could

be expected to support primary magnetite formation in the Precambrian oceans and, indeed,

such conditions are in line with current reconstructions of the Archean and Proterozoic seawater

chemistry [262]. Notably, in LM and LT these conditions also support the formation and deposition

of an appreciable, though poorly defined FeAca phase, which may, in addition to magnetite, also

have been an important contributor to IFs.

Magnetite formed in the water column of Precambrian oceans would have directly recorded

primary information on the chemistry and ecology of ancient seawater. Given that magnetite

formation in response to Fe reduction depends on concentrations of DIC [270, 271], the presence

of primary magnetite, or its metamorphic products, in IFs would place constraints on Precambrian
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ocean pCO2 and pH. For example, the formation of primary water column magnetite implies

that magnetite in IFs may have formed in thermodynamic equilibrium with the atmosphere [270],

placing constraints on Precambrian partial pressures of both CO2 and H2. Although this model is

intriguing, magnetite may also form diagenetically; far from equilibrium with the ocean [271]. The

precise conditions that promote or inhibit primary magnetite formation thus need to be worked

out through further research.

Our observation of pelagic magnetite formation, furthermore, also supports the idea that the

Fe isotopic composition of IF magnetite captures signatures of water column Fe drawdown in

response to Fe oxidation. Such water column Fe drawdown leaves residual Fe(II) isotopically

light, and minerals that sequester Fe(II) in such a gradient record this light signal [257, 272, 273].

Isotopically light magnetites were deposited in IFs from the Meso- to Neoarchean and have been

variably interpreted to reflect either water column Fe(II) drawdown [135, 273, 274] or sedimentary

diagenetic Fe(III) reduction [257]. Our findings from LM and LT imply both that Fe reduction is

mostly pelagic and that magnetites form from Fe reduction in the water column, suggesting that

the former pathway likely contributed to the Fe isotope composition of IFs. This could be further

tested through Fe isotope studies in LM and LT.

The role of magnetite burial in setting Earth’s surface redox budgets combined with our

observation of water column magnetite formation in LM and LT implicates coupled C and Fe

cycling in ferruginous Precambrian water columns in the protracted oxidation of Earth’s surface.

The extent to which C and Fe cycling in the water column lead to magnetite, siderite, or Fe(III)

(oxyhydr)oxide export to underlying sediments sets the redox state of these sediments. Notably,

the export of magnetite sequesters Fe(III) leaving excess reductant to ultimately fuel H2 production

[14, 253] through biological and photochemical reactions. Loss of this hydrogen to space leads

to net oxidation of the Earth [253]. In LT, 23% of the Fe(III)HCl is converted to magnetite in

association with microbial Fe(III) reduction. With global fluxes of up to 45 Tmol yr– 1 reactive Fe

to the Precambrian oceans (Thompson et al., 2019), a similar fraction of conversion to magnetite,

which is consistent with typical BIF magnetite contents [275], would lead to hydrogen production

of 5.2 Tmol yr– 1, equivalent to nearly twice the modern oxidant production through organic

carbon burial in marine sediments [14]. Factors controlling magnetite formation, like water
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column Fe(II) concentrations, pH, DIC concentrations, and likely rates of microbial metabolism

would thus influence H2 production rates and ultimately planetary oxidation rates.

In LM and LT, primary magnetites often form in conspicuous framboidal morphologies

(Fig. 5.3), which can thus be used to identify such primary magnetites in the rock record or in

extraterrestrial materials. Framboids of similar size and morphology of iron’s most oxidized form,

hematite (Fe2O3), have been observed in multiple Precambrian IFs [276–278], and indeed these

hematite framboids have variably been interpreted to have formed through post depositional

oxidation of precursor pyrite framboids of biogenic origins [278]. Such oxidation of pyrite to

magnetite, however, is accompanied by a significant molar volume reduction of 60%, rendering

preservation of the framboid microstructure unlikely [268]. Leading models of framboid formation

rely on the ferromagnetic properties of the precursor Fe-phases that control framboid aggregation

[268], and thus it is unlikely that the framboids observed in IFs were originally deposited

as non-magnetic hematite. Given the near absence of sulfate in the ferruginous Malili lakes

and Precambrian oceans, we alternatively suggest these framboidal hematite grains were likely

deposited as magnetite, and subsequently oxidized to hematite during subsequent diagenesis

and or metamorphism. We also note that recrystallizing of biogenic nano-magnetites to larger

magnetite grains with textures common in IFs, has been observed in laboratory experiments, even

under low-grade pressure and temperature regimes [279]. Thus formation of magnetite framboids

in LM and LT, in association with microbial Fe reduction, and their formation as the result of

microbial Fe reduction in previous lab experiments [267], further implies that magnetite framboids

provide a signature for anaerobic microbial respiration and suggest that ancient sedimentary and

meteorite magnetite framboids may be relicts of ancient microbial Fe metabolisms. Ability to

visually identify framboids and, as we show here, determine their mineralogy through Raman

microspectroscopy, holds considerable promise for detecting these biosignatures from ancient

ferruginous oceans on Earth, or even remotely on Mars and other terrestrial planets.
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Chapter 6

Conclusions

6.1 Summary of the dissertation and key research findings

The research reported in this dissertation has explored the geochemical behaviour of the transition

metals Cr and Fe under a wide range of environmental conditions. This investigation has led to the

development of more nuanced conceptual frameworks for how the distribution and associations of

these metals may be used to gain further insight into the redox state of both modern and ancient

lacustrine and oceanic environments. A main focus of this work has been to provide further

calibration of the Cr isotope and Fe-speciation paleoredox proxies in modern environments, with a

specific emphasis on ferruginous depositional conditions – the inferred redox state of ocean waters

over much of Earth’s history. New knowledge of Cr and Fe proxy systematics will allow for more

detailed reconstructions of depositional redox states that rely on Cr isotope and Fe-speciation

signals captured in the rock record through time.

6.1.1 Cr isotopes recorded in marine hydrothermal sediments

Hydrothermally-sourced enriched metalliferous sediments deposited at the South East Pacific

Rise are enriched in hydrothermal Fe and Mn (oxyhydr)oxides. In the vicinity of hydrothermal

vents, seawater Cr(VI) is inferred to undergo reduction by Fe(II) delivered to the sea floor by vent

fluids, and the Cr(III) produced is scavenged by freshly-formed Fe precipitates and deposited

in the local sediments. This implies that hydrothermal systems are likely a net sink, rather than

a net source of Cr to the global oceans. Partial reduction of Cr(VI) from oxygenated seawater,

furthermore, imparts a light δ53Cr fingerprint to the resulting plume particles, which have δ53Cr

values lighter than the ISE range (-0.12 ± 0.10h). The abundant sedimentary Mn-oxides may

subsequently catalyze the oxidation of deposited Cr(III), inducing the release of as much as 80% of
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Cr in the form of soluble Cr(VI) back to the overlying water column. This remobilization may also

carry an isotopic fractionation, with potential to enhance the overwhelmingly light δ53Cr imparted

during partial reduction. Overall, these processes combine to set a variable, but distinctly light Cr

isotopic signal to hydrothermal sediments and together, these processes imply deposition from

Cr(VI) bearing oxygenated deep seawater – a signal that can potentially be tracked through time.

This work provides impetus to further explore ancient hydrothermal sediments as archives

of δ53Cr that may demarcate deep ocean oxygenation in the geologic record. To date, light δ53Cr

compositions have only been observed as the result of oxidative remobilization of Cr(III) in

modern soils, paleosols, modern soils, and in strongly oxidizing ferromanganese nodules (e.g.,

[30, 149, 162, 174]). In this thesis I show that a light δ53Cr signal characterizes hydrothermal plume

fallout sediments, thereby establishing that the δ53Cr composition of modern marine hydrothermal

sediments is linked to the oxygenation state of the deep ocean. I propose therefore that this

framework can be expanded through further Cr isotope determinations of older hydrothermal sed-

iments. In principle this should enable reconstruction of deep ocean oxygen dynamics over a range

of geological timescales. For example, existing δ53Cr records of Neoproterozoic hydrothermal sed-

iments reveal occurrences of isotopically light δ53Cr [175], implying deposition from oxygenated

deep ocean waters at that time. Likewise, rare earth element (REE) anomalies determined in

Paleoproterozoic hydrothermal deposits likely record whiffs of deep ocean oxygenation [280].

Studies that couple Cr isotope and REE systematics of hydrothermal sediments may thus provide

invaluable tools for investigating the timing of deep ocean oxygenation.

It is still unclear whether the oxidation of Cr(III) to Cr(VI) in the environment causes Cr

isotope fractionation. It is possible that the oxidative dissolution of Cr(III) bearing minerals during

reaction with Mn oxides, may favour release of the light isotope (52Cr) to solution. The precise

isotope effects, however, associated with Cr(III) oxidation during reaction with Mn oxides, are

poorly constrained and highly dependent on specific physicochemical conditions. I speculate

in this work that diagenetic oxidation of Cr(III) by Mn-oxides in hydrothermal sediments may

remobilize an appreciable amount of authigenic Cr from well-oxygenated deep sea sediments.

Clearly, additional work on the mechanisms controlling Cr(III) oxidation via Mn-oxides across

a broad range of conditions needs to be conducted to resolve these issues. I propose that this
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can be addressed through laboratory experiments that track the isotopic composition of both the

Cr(VI) and residual Cr(III) as a function of time, during kinetic reactions with Mn-oxides. These

experiments would benefit from a systematic exploration of these processes over a wide range

of oxidant species (different Mn-oxide minerals) and reductant species (different Cr(III) bearing

minerals).

6.1.2 Cr isotope fractionation in modern and ancient ferruginous environments

The fractionation of Cr isotopes during redox reactions can involve a plethora of electron donors,

and the magnitude of isotopic fractionation associated with these reactions can be large and

variable [31]. To place constraints on isotope effects associated with the reduction of Cr(VI) during

reaction with different Fe(II) species, I conducted experiments using sediments from Lake Matano,

Indonesia, a modern ferruginous envrionment. Whole core incubations performed on ferruginous

sediments demonstrate that Cr(VI) reduction induces Cr(VI) concentration gradients that drive

diffusive Cr fluxes across the sediment water interface. As reduction of Cr(VI) progressed, the

remaining lake water Cr(VI) became increasingly enriched in the heavy isotope (53Cr). Detailed

diagenetic modelling that accounts for open system behaviour predicts an intrinsic isotope

fractionation εint = 1.80 ± 0.04h, implying that appreciable reservoir effects develop during

Cr(VI) reduction in sediments. Based on the magnitude of this fractionation factor and previous

experimental work, I suggest the Cr(VI) reductant in Lake Matano sediments is a combination

of dissolved and solid phase Fe(II). My results show that the isotopic composition of authigenic

Cr in sediments can be offset from the δ53Cr values in overlying water when the zone of Cr(VI)

reduction is sufficiently close to the sediment water interface resulting in an intrinsic fractionation

that is expressed with minimal reservoir effects. This work demonstrates how the Cr isotope

values of marine sediments from the geologic record may be used to estimate sediment oxygen

penetration depths, which are linked to the oxygenation of the ocean-atmosphere system.

Previous workers have attempted to elucidate links between the evolution of eukaryotic life

and the oxygenation state of the mid-Proterozoic oceans using Cr mass balance models informed

by sedimentary Cr enrichments [25]. These quantitative models, however, lack parameterization

of the isotopic composition of the different Cr input and burial fluxes to and from the ocean
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respectively, and in addition, they fail to include an approach for capturing authigenic Cr burial

rates in different regions of the ocean. My work provides a new framework for evaluating the

magnitude of sedimentary Cr enrichment and isotopic composition, which is directly linked to

the oxygenation state of the sediment water interface. I propose therefore, that use of my model;

in combination with measurements of the Cr concentration and isotopic composition of sediments

in the geologic record will facilitate more detailed reconstructions of the oxygenation state of

seawater in the past. This mass balance approach would be even more powerful if the redox state

of depositional environment is independently constrained by the use of the other proxies (for

example Fe-speciation). In follow-on work I will couple my diagenetic model to an ocean Cr

mass balance model that includes the isotopic composition of the relevant input fluxes. I will use

these models to interpret δ53Cr signals preserved in marine sediments that accumulated during

intervals when the redox state of seawater fluctuated dramatically (for example during oceanic

anoxic events (OAEs), such as during the Paleocene-Eocene Thermal Maximum, and during

modern expansions of oxygen minimum zones). This approach will help to place constraints on

the drivers and relative timing of large-scale Earth system perturbations that resulted in changes

to the redox state of the sediment water interface in different regions of the oceans.

6.1.3 Dynamics in Earth surface oxidant budgets during OAE1a

Development of ferruginous conditions during OAE1a reveals large-scale dynamics in Earth’s

biogeochemical cycles over intervals of just a few hundred thousand years. I propose that

the development of ferruginous ocean conditions during multiple OAEs [208, 210] may thus

signify a general instability in Earth surface redox budgets and the recurrent reorganization of

major oxidant pools at Earth’s surface, such as seawater sulphate, during the Phanerozoic Eon.

Indeed, there is emerging evidence that dynamics in Earth surface oxidant budgets develop over

timescales that are much more rapid than previously thought [281], and this general instability of

Earth’s redox state may have been especially pronounced during last 540 Myr of Earth history.

For example, sulphur isotope signals recorded in barites deposited across the Paleocene-Eocene

Thermal Maximum (PETM), reveal significant ocean de-oxygenation and development of sulphidic

ocean waters on timescales relevant to humankind (< 10 kyr)[281]. To expand our emerging
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view of how the Earth system responds during intervals of biogeochemical upheaval, we require

higher-resolution records than those currently available. I therefore propose, that future work

in this realm must include a focus on conducting studies at a fine-scale sample resolution. For

example, sedimentary profiles that document geochemical change on timescales < 10 kyrs, are

urgently needed. To fully constrain dynamics in the seawater sulphate reservoir specifically,

furthermore, determinations of δ34Spyrite must be combined with δ34S data that are a proxy for the

δ34S composition of seawater, such as sedimentary barite. Further examination of high-resolution

∆34Sseawater – pyrite will place better constraints on global sulphur budgets and the drivers of ocean

de-oxygenation.

In this work I developed a marine sulphur mass balance model to explore oceanic sulphur

budgets during OAE1a. This exploration into S biogeochemistry during OAE1a led me to

hypothesize that biomass associated organic S was a major pathway for S burial during OAEs.

To further constrain the potentially important yet previously overlooked role of organic S burial

during intervals of ocean anoxia, I propose that future studies should aim to produce high-

resolution measurements of the S content and isotopic composition of organic matter buried in

marine sediments throughout the Phanerozoic. This will yield will critical data needed to refine

marine S-budgets during some of the longest or largest perturbations to the Earth system to have

occurred in the last 540 Myr.

6.1.4 Magnetite formation in modern and ancient ferruginous environments

By combining Fe-speciation experiments, imaging techniques and conceptual models, I demon-

strate that water column formation of magnetite is an important feature of the Fe-cycle operating

under ferruginous conditions. This implies that magnetite contained in Iron Formations (IFs)

may not only record primary information on the geochemistry of Precambrian seawater but may

also represent a previously unrecognized shuttle of both Fe(II) and poorly biologically reactive

Fe(III) to the sediment water interface under ferruginous conditions. The direct precipitation of

reduced Fe-minerals in the water column has important implications for coupled cycling of Fe

and C, the evolution of Earth’s redox budget, and the protracted oxidation of Earth’s surface envi-

ronments. These findings improve the current framework for IF genesis and must be considered
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in interpretations of the mineralogy and isotopic composition of IFs and Earth’s early Fe-cycle.

One exciting finding of this work includes the discovery of framboidal magnetite – the

first occurrence of this enigmatic crystal form documented in a modern ferruginous setting.

Examples of framboidal magnetite have also been sporadically identified in extraterrestrial

samples [265, 266]. Identification of framboidal magnetites whose genesis may be linked to

Fe-reduction, therefore, may represent an important biosignature in the search for extraterrestrial

life on other Fe-rich planetary bodies (for example Mars). I propose that future studies should

aim to place constraints on the precise environmental conditions that favor microbial Fe-reduction

leading to the precipitation of framboidal magnetite. Framboidal magnetite furthermore, is easily

identified via Raman microspectroscopy. Significant progress in understanding the composition

and physical processes associated with the surfaces of planetary bodies has been made in recent

decades, and this is due in large part to the increasing sophistication of orbiters, landers and

rovers that can now be equipped with advanced analytical instrumentation [282]. It is believed

that the optimization of Raman microspectrometers for rover based in-situ analysis of planetary

materials, will be completed within the next decade [282]. I propose therefore, that Raman

spectroscopy provides an exciting and accurate approach for identifying biogenic Fe-minerals,

and this instrumentation should be at the forefront of future discussions involving the potential

capabilities of rover based space missions with the goal of fingerprinting signs of extraterrestrial

life.
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Appendix A

Chapter 3: supplementary material

A.1 Cr isotope model

To estimate the time-scale over which our whole core incubations reached steady state, we estimated the
time for Cr(VI) to reach the reactive zone and penetrate into it via diffusion. To estimate the diffusional
transit time t, we utilized the Einstein-Smoluchowski relationship;

t = L2/(2 · D) (A.1)

Where L is the depth to the reactive zone (2 mm) as determined in Lake Matano and D is the diffusion
coefficient adjusted for the salinity, temperature and porosity of our site in Lake Matano (2.8 x 10 – 5 cm2 s– 1).

0 50 100 150 200 250
[O2] (µmol l-1)

-0.3

-0.2

-0.1

0.0

0.1

0.2

De
pt

h 
(m

m
)

Figure A.1: Measured pore water oxygen profiles. A depth of 0 mm marks the sediment water interface.

This calculation yields an estimated diffusion time of 23 minutes, suggesting our whole core incubations
reached steady-state on timescales shorter than our sampling interval, as well as the time-scale over which
significant boundary conditions would change.

To model Cr-isotope fractionation in an open system, we setup a diagenetic reactive-transport model in
which the profiles of the individual Cr-isotopes were described independently. The steady-state model
was calculated for various time points, based on the changing Cr(VI) concentration at the sediment water
interface. The model was adapted from the approach of [283] and [143]. The model predicts Cr(VI) and
Cr(III) distributions under steady-state conditions by describing changes in Cr(VI) concentrations with
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depth as a function of rates of diffusional transport and reduction of Cr(VI) to Cr(III) as:

Dz
d2[Cr(VI)]

dx2 − RCr = 0 (A.2)

where Dz is the site specific sediment diffusion coefficient (2.8 x 10 – 5 m2 d– 1) for Cr(VI) [194], x is the
depth in the sediment (m), and RCr is the Cr(VI) reduction rate (µmol m– 3 d– 1). In the absence of data
describing Cr(VI) reduction rates, we set these rates of Cr(VI) reduction (RCr) in the model with an explicitly
specified depth distribution function to generate modelled Cr(VI) profiles. Cr(VI) reduction rates were set
for a normal distribution:

RCr = Rmax ·
1

σ
√

2π
e−

1
2 (

(x−µ)
σ )2

(A.3)

where σ is the variance (0.0015 m), x-µ is depth relative to the centre of the reactive zone, and Rmax is a
constant that determines the maximum rate of Cr(VI) reduction. We set Rmax at each time point in order
to reproduce the integrated rates obtained in our incubations. This depth distribution is based on the
assumption that rates of Cr(VI) reduction are limited by electron donor concentrations as depths above the
maximum Cr(VI) reduction and limited by [Cr(VI)] below this same depth. Furthermore, Figure A.2 below,
displays two idealized concentration profiles for Cr(VI) and Fe(II), which when applied in a rate law similar
to the one determined experimentally by [58], result in a Gaussian distribution of Cr(VI) reduction rates.
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Figure A.2: Hypothetical rate distribution determined from Cr(VI) and Fe(II) concentration profiles. Hypothetical
rate distribution determined from Cr(VI) and Fe(II) concentration profiles

Gradients in Cr(VI) concentration were computed by integrating the Cr(VI) reduction rates, and concen-
trations were then computed through integration of the gradients. Specific rates of 53Cr(VI) and 52Cr(VI)
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reduction and concentrations of 53Cr(VI) and 52Cr(VI) are related by a fractionation factor (α):

R53Cr = (R52Cr · [53Cr])/(α · [52Cr]) (A.4)

At fractionations of between 1.0 and 5.0h, the rate of 52Cr reduction (R52Cr) 0.8982 · RCr to within one
percent, so R52Cr was calculated as 0.8982 · RCr. The factor of 0.8982 represents the abundance of the
light isotopes of Cr. For our calculations, an initial approximation of R53Cr was thus taken as 0.1018 · RCr.
The differential equations determining steady-state values of [53Cr] and R53Cr, were solved numerically.
The model was highly sensitive to the initial R53Cr, and model convergence was only possible within a
narrow range of initial R53Cr values - this sensitivity to gradient boundary conditions is common in such
models [283]. The model requires a specified value of αint, however because this is the unknown parameter
to be fit to the measured data, and we used a trial and error approach until we achieved convergence.
The values for [53Cr] and R53Cr were obtained iteratively until the model converged on an αint within ±
<0.00001 of the specified αint value. For example, if the specified α was 1.0018, convergence was deemed
acceptable at a modelled α of between 1.01801 and 1.01799. In other words, modelled fractionations were
accurate to within ± 0.01h δ53Cr. The model was run with α values of 1.0010, 1.0015, 1.0018, 1.0020 and
1.0025, and using the measured Tube D [Cr(VI)] and δ53Cr composition at each time point, as boundary
conditions (Table 3.1, Chapter 3). The fit of the modelled δ53Cr(VI) values to the measured δ53Cr(VI) values
was assessed visually, and of the αint values tested, a fractionation factor αint of 1.0018 ± 0.0004, appeared
to fit the data best (Fig. 3.7, Chapter 3).

The δ53Cr(III) produced was calculated by subtracting the intrinsic fractionation ((α -1) · 1000h) at
a given depth from the δ53Cr(VI) at the same depth. The sedimentary δ53Cr values, averaged over the
sediment column, for the Cr(III) exported to the sediments were calculated by integrating δ53Cr(VI) · RCr
over depth. Figure A.3 below shows a complete model output example.
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Figure A.3: Cr model output example. Displayed is the model output for our reactive transport model for
whole core incubation with boundary conditions similar to the time points of Tube D. The model runs
are steady-state simulations with boundary conditions set to approximate the Cr(VI) and δ53Cr(VI) of the
overlying water at 8 time points. A) Shows the Cr(VI) reduction rates as a function of depth for each time
point. B) Shows the change in [Cr(VI)] as it diffuses into the sediment and is reduced. C) Displays the
evolution of the porewater δ53Cr(VI) pool. D) Displays the evolution of the product δ53Cr(III) pool.

A.1.1 Oxygen model

To calculate changes in concentration of dissolved oxygen below the sediment water interface, we utilize a
model for organic carbon diagenesis developed by [193].

DO2
d2O2

dx2 −ω
dO2

dx
− 1.3FKcGc = 0 (A.5)

where x is the depth below the water-sediment interface; ω sedimentation rate; F is bulk dry density (1.7
g cm– 3) divided by the porosity (90%); GC is the concentration of solid organic carbon (in moles C per
unit dry sediment): KC is the first order rate constant of organic carbon decomposition and CO2 is the
concentration of dissolved O2. We parameterize KC based on the following [204, 284];

KC = 1.8ω1.47 (A.6)

We note that this parameterization of the reactivity of organic matter does not include the quality of organic
matter being delivered to the sediment water interface, however both [284] and [200], found this relationship
to be acceptable based on modelling of interstitial nutrient depth profiles. We then solve equation (A.5)
using the approach presented in [194], and a number of permutations of the different boundary conditions
to calculate CO2 as a function of depth (x) in the sediment (Fig. 3.9, Chpater 3). Table A.1 details the range
of boundary conditions employed in the model for CO2, ω, and KC.
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Table A.1: A range of boundary conditions used in the oxygen model

Bottom Water O2 
(µmol l-1) 

Sedimentation Rate 
(cm yr-1) 

KC 
(cm yr-1) 

Porosity 
(%) 

Diffusion 
(cm2 s-1) 

250.00 5.00 19.1800 90.00 0.0000126 

150.00 0.50 0.6500 
  50.00 0.05 0.0220 
  5.00 0.005 0.0007 
  2.50 

    1.25 
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Appendix B

Chapter 4: supplemental material

B.1 Geological setting

B.1.1 Cismon drill core

We worked with samples from the Cismon APTICORE, a reference section for the Barremian-Aptian interval
at low latitudes [220, 223, 285]. The site was located on the continental margin of the Mesozoic Tethys, on
the eastward deepening slope between the Trento Plateau and the Belluno Basin [223]. Lithologically the
OAE1a level is characterized by marlstone alternating with black shales and discrete radiolarian beds [285].
We targeted our Fe-speciation analyses on intervals also studied in [223].

B.1.2 DSDP site 463

DSDP Site 463 was drilled at a water depth of 2525 m in the ancient structural high of the western
Mid-Pacific Mountains (21◦01’N, 174◦40.07’E) [223]. During the Early Cretaceous, Site 463 was located
at a paleo-latitude of ∼20◦S with a paleo-depth of ∼1 km [286]. The OAE1a occurs at Site 463 between
∼626 - 615 mbsf, corresponding to ∼12 m of tuffaceous limestone [287] containing a number of discrete
organic-rich horizons with TOC up to 7.5 (wt%) [225, 288].

B.2 Methods

B.2.1 Fe-speciation analysis

Rock samples from both Cismon drill core and DSDP Site 463 were crushed using an agate mill to avoid
metal contamination, and crushed sediment samples were then further milled to fine powders using an
agate hand mortar and pestle. Sample masses of 500 mg of sediment were weighed into 50 ml centrifuge
tubes, and subjected to the Fe-speciation sequential extraction scheme based on [129] and performed as
indicated in Table B.1.
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Table B.1: Description of revised Fe-speciation leach procedure. †[153] ‡[289] ?[129] �[290]

Fraction 
Designation SEDIMENT FRACTION EXTRACTANT 

Sequential Digests 

Fecarb Reactive Fe in carbonate and poorly crystalline phases 
0.5 M HCl, 1 h 

†	
 

FeOM Reactive Fe in organic matter 
0.02 M HNO3 / 30% H2O2 adjusted to pH 2 

‡	
 

FeGoe Reactive Fe in goethite and hematite 
0.35 M acetic acid / 0.2 M Na-citrate Na-dithionite, 2 h 

�	
 

FeMagnetite Reactive Fe in magnetite 
0.2 M ammonium oxalate / 0.17 M oxalic acid solution pH 2, 6 h 

�	
 

FeSilicate Unreactive Fe in silicates 
Near boiling 6 N HCl, 24 h 

�	
 

FePyr Reactive Fe in pyrite 
Concentrated HNO3, 2 h 

◊	
 

	

Our “highly reactive, FeHR” pool is defined as carbonate-associated Fe (FeCarb, 0.5 N HCl extractable Fe),
ferric (oxyhydr)oxides including magnetite (FeOxides, sum of dithionite and oxalate extractable Fe, FeGoe
and FeMagnetite, Table B.1), organic matter associated Fe (FeOM) and pyrite (FePyr) (FeHR = FeCarb + FeOxides
+ FeOM + FePyr). The FeTot pool is defined as the sum of all FeHR pools and Fe contained in silicate minerals
(FeSil). We note that organic matter associated Fe (FeOM) is not included in the calibrated extraction
scheme of [129]. We have included this pool to gain more information on authigenic Fe deposited during
OAE1a and have included this in our calculation of FeHR to emphasize reactive Fe pools that would pyritize
in the presence of H2S (Table C.3 and Table B.3).
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Table B.2: Cismon Core Fe-speciation. Revised extraction scheme.

Stratigraphic 
Interval (m) 

Fecarb 
(wt%) 

FeOM 
(wt%) 

FeOxide 
(wt%) 

FePyr 
(wt%) 

FeTot 
(wt%) 

FeHR/FeTot FePyr/FeHR Fe/Al 

11.9 0.00 0.02 0.13 0.01 0.65 0.25 0.05 0.57 

13.2 0.02 0.02 0.23 0.02 1.28 0.22 0.06 0.53 

15.8 0.03 0.02 0.18 0.01 1.09 0.23 0.04 0.61 

16.8 0.02 0.02 0.24 0.02 1.27 0.24 0.07 0.63 

17.4 0.04 0.02 0.12 0.00 0.69 0.26 0.01 0.73 

18.7 0.04 0.03 0.11 0.02 0.49 0.40 0.10 0.75 

18.9 0.05 0.02 0.19 0.03 0.87 0.32 0.09 0.74 

19.3 0.05 0.42 1.62 0.57 3.80 0.70 0.21 1.24 

19.5 0.04 0.12 0.64 0.07 2.28 0.38 0.09 0.58 

19.9 0.05 0.53 1.36 0.40 3.38 0.69 0.17 1.13 

20.3 0.07 1.55 0.31 0.08 3.48 0.58 0.04 0.51 

21.6 0.00 0.06 0.63 0.07 1.81 0.42 0.10 0.63 

21.9 0.03 0.03 0.58 0.10 1.76 0.42 0.13 0.67 

22.4 0.02 0.03 1.00 0.18 1.82 0.67 0.14 1.03 

22.5 0.05 0.62 1.05 0.53 2.94 0.76 0.24 1.32 

23.1 0.06 1.20 1.01 0.21 3.39 0.73 0.09 1.44 

23.1 0.05 0.28 0.65 0.03 2.75 0.37 0.03 0.60 

23.2 0.04 0.03 0.52 0.12 1.70 0.41 0.17 0.68 

23.3 0.05 0.96 0.33 0.01 2.48 0.54 0.01 0.68 

23.4 0.04 1.17 0.59 0.06 2.97 0.63 0.03 0.82 

23.5 0.00 1.69 0.42 0.04 3.46 0.62 0.02 0.77 

23.5 0.05 0.39 0.75 0.29 2.06 0.72 0.20 1.00 

23.5 0.04 0.05 0.80 0.13 1.48 0.70 0.13 1.01 

23.7 0.03 0.02 0.15 0.01 1.34 0.16 0.03 0.47 

24.2 0.03 0.03 0.13 0.00 0.71 0.26 0.01 0.68 

25.1 0.02 0.03 0.11 0.00 0.76 0.22 0.02 0.65 

26.2 0.03 0.05 0.09 0.00 0.63 0.29 0.00 0.74 

27.6 0.07 0.06 0.05 0.00 0.36 0.53 0.01 0.82 

29.4 0.04 0.04 0.24 0.03 2.16 0.16 0.08 0.50 

31.3 0.03 0.04 0.10 0.00 0.47 0.36 0.00 0.80 

32.4 0.00 0.02 0.14 0.01 1.57 0.11 0.04 0.55 
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Table B.3: DSDP Site 463 Fe-speciation. BLD stands for “below detection”. NA stands for “not analyzed”.
Revised extraction scheme.

Stratigraphic 
Interval (m) 

Fecarb 
(wt%) 

FeOM 
(wt%) 

FeOxide 
(wt%) 

FePyr 

(wt%) 
FeTot 
(wt%) 

FeHR/FeTot FePyr/FeHR Fe/Al 

547.08 BLD NA 0.35 0.01 1.84 0.19 0.03 0.37 

549.29 BLD 0.01 0.14 0.00 0.45 0.34 0.01 0.49 

557.01 BLD 0.02 0.12 0.00 0.29 0.46 0.00 0.62 

557.28 BLD 0.04 0.06 0.00 0.23 0.39 0.01 0.55 

559.04 BLD 0.05 0.07 0.00 0.36 0.30 0.01 0.49 

559.41 BLD 0.02 0.17 0.00 0.59 0.32 0.00 0.52 

559.69 BLD 0.02 0.07 0.00 0.39 0.21 0.01 0.42 

567.57 BLD 0.03 0.10 0.00 0.44 0.27 0.01 0.42 

576.55 BLD 0.03 0.10 0.00 0.34 0.37 0.02 0.54 

587.025 BLD 0.05 0.15 0.00 0.45 0.40 0.00 0.76 

595.05 0.04 0.12 0.22 0.00 0.48 0.59 0.00 0.85 

607.105 0.01 0.15 0.23 0.02 0.63 0.52 0.04 0.59 

607.58 0.36 0.07 3.92 0.03 6.09 0.67 0.01 0.94 

614.755 0.05 0.08 0.20 0.00 2.68 0.12 0.01 0.3 

616.23 0.06 0.78 0.23 0.01 3.96 0.22 0.01 0.31 

616.88 0.34 NA 2.15 0.13 4.60 0.53 0.05 0.41 

617.885 0.03 0.12 0.11 0.01 0.75 0.30 0.03 0.38 

618.81 0.03 1.67 0.27 0.03 1.18 0.70 0.01 0.84 

622.59 0.05 0.02 0.22 0.01 2.60 0.12 0.05 0.28 

622.71 0.24 0.04 0.28 0.02 2.02 0.26 0.04 0.31 

622.84 0.35 0.07 0.80 0.03 3.03 0.36 0.02 0.37 

623.19 0.04 0.01 0.18 0.01 2.73 0.09 0.04 0.28 

623.45 0.17 0.13 0.66 0.03 4.02 0.23 0.03 0.38 

623.62 0.04 0.00 0.12 0.00 1.21 0.13 0.01 0.34 

623.77 0.07 0.01 0.12 0.00 1.12 0.17 0.01 0.33 

623.985 0.03 0.02 0.28 0.01 2.16 0.15 0.02 0.34 

624.565 0.05 0.01 0.12 0.00 1.13 0.16 0.02 0.31 

624.905 0.07 0.02 0.10 0.00 1.29 0.14 0.01 0.28 

625.085 0.12 0.44 2.38 0.01 4.23 0.62 0.00 0.85 

625.32 0.14 0.72 2.99 0.03 5.09 0.65 0.01 0.94 

625.49 0.01 0.02 0.39 0.01 1.39 0.31 0.02 0.5 

625.7 0.05 0.11 0.13 0.01 0.63 0.37 0.03 0.45 

626.49 0.00 0.02 0.74 0.00 2.81 0.27 0.01 1.97 

627.175 0.03 0.05 0.12 0.00 0.41 0.41 0.01 0.51 

627.575 0.01 0.02 0.17 0.00 1.02 0.19 0.01 0.56 

628.335 0.03 0.07 0.12 0.00 0.51 0.36 0.01 0.51 

628.585 0.01 0.02 0.33 0.00 1.88 0.19 0.01 0.36 

635.4 0.02 0.02 0.45 0.00 1.41 0.34 0.00 0.41 

643.535 0.02 0.04 0.34 0.01 1.16 0.33 0.01 0.5 
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We note however, our detection of an anoxic FeHR/FeTot signal above a threshold of 0.38 during OAE1a
is not dependant on the inclusion of this leach. Indeed, for DSDP Site 463 sediments, FeHR values with
and without the OM fraction are not significantly different at the 95% confidence level using a two-tailed
student t-test. Furthermore, Fe/Al ratios of the OM leach average 4.4 during OAE1a, clearly indicating an
authigenic source of Fe in this leach fraction as Fe/Al ratios are well above the detrital composition of the
upper continental crust of 0.62 [291].

We also have performed the Fe-speciation extraction using the canonical protocol [129] and arrive at
the same conclusion of anoxic ferruginous conditions during OAE1a (Table B.4 and B.5).

Table B.4: Cismon Core Fe-speciation. Canonical extraction. BLD stands for “below detection”. NA stands
for “not analyzed”.

Stratigraphic 
Interval (m) 

FeCarb 
(wt%) 

FeOxides 
(wt%) 

FeMag (wt%) 
FeTot 

(wt%) 
FeOM (wt%) FeHR/FeTot 

Mo 
(ppm) 

Cr 
(ppm) 

V 
(ppm) 

11.9 0.10 0.05 0.02 0.48 0.01 0.27 BLD 34.0 18.7 

13.2 0.09 0.06 0.04 0.96 0.12 0.24 NA   

15.8 0.12 0.06 0.05 0.79 0.06 0.27 BLD 92.7 34.5 

16.8 0.11 0.08 0.06 0.91 0.10 0.27 BLD 122.9 48.9 

17.4 NA NA NA NA NA NA NA   

18.7 NA NA NA NA NA NA NA   

18.9 0.10 0.07 0.05 0.54 0.09 0.36 BLD 48.7 18.0 

19.3 0.28 0.13 0.09 0.89 1.20 0.66 53.9 216.2 211.3 

19.5 0.14 0.10 0.09 1.07 0.59 0.46 12.8 214.6 116.7 

19.9 0.27 0.14 0.10 0.99 1.08 0.62 18.6 321.1 311.7 

20.3 0.18 0.13 0.08 0.86 0.81 0.58 18.6 325.4 144.1 

21.6 0.10 0.11 0.08 1.07 0.50 0.42 BLD 185.3 102.4 

21.9 0.09 0.08 0.08 0.97 0.33 0.37 BLD 136.3 58.4 

22.4 0.20 0.11 0.06 0.55 0.91 0.70 NA    

22.5 NA NA NA NA NA NA NA    

23.1 NA NA NA NA NA NA 13.9 149.0 193.1 

23.1 0.15 0.11 0.09 1.39 0.23 0.29 BLD 231.4 76.0 

23.2 0.13 0.11 0.07 1.03 0.23 0.35 BLD 165.6 63.8 

23.3 0.16 0.14 0.07 1.20 0.62 0.45 BLD 121.0 169.7 

23.4 0.19 0.12 0.07 1.27 0.76 0.47 BLD 104.0 97.4 

23.5 0.18 0.12 0.07 1.26 0.82 0.49 10.6 113.3 96.5 

23.5 0.18 0.10 0.09 0.58 0.67 0.64 BLD 69.9 72.7 

23.5 0.20 0.12 0.04 0.43 0.72 0.71 BLD 57.4 48.1 

23.7 0.13 0.13 0.03 0.58 0.06 0.37 BLD 57.5 23.9 

24.2 0.10 0.07 0.03 0.52 0.06 0.33 BLD 62.5 26.2 

25.1 0.11 0.07 0.02 0.40 0.07 0.41 BLD 40.5 14.6 

26.2 0.12 0.05 0.01 0.25 0.03 0.48 BLD 26.0 7.5 

27.6 NA NA NA NA NA NA NA   

29.4 NA NA NA NA NA NA 9.0 22.3 5.5 

31.3 NA NA NA NA NA NA NA   

32.4 0.11 0.13 0.05 1.17 0.12 0.25 BLD 115.3 47.0 
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Table B.5: DSDP site 463 Fe-speciation. Canonical extraction. BLD stands for “below detection”. NA stands
for “not analyzed”. FeOM and FePyr from previous extraction.

Stratigraphic 
Interval (m) 

FeCarb 

(wt%) 
FeOxides 
(wt%) 

FeMag 
(wt%) 

FePyr 

(wt%) 
FeOM 
(wt%) 

FeSil 

(wt%) 
FeHR/FeTot 

547.08 0.00 0.28 0.10 0.01 NA 1.66 0.19 

549.29 0.02 0.12 0.02 0.00 0.01 0.44 0.29 

557.01 NA NA NA NA NA NA NA 

557.28 0.04 0.07 0.01 0.00 0.02 0.17 0.45 

559.04 0.07 0.06 0.02 0.00 0.02 0.23 0.42 

559.41 NA NA NA NA NA NA NA 

559.69 0.04 0.05 0.02 0.00 0.01 0.30 0.29 

567.57 NA NA NA NA NA NA NA 

576.55 0.03 0.08 0.03 0.00 0.02 0.26 0.39 

587.025 NA NA NA NA NA NA NA 

595.05 0.21 0.14 0.06 0.00 0.06 0.22 0.68 

607.105 NA NA NA NA NA NA NA 

607.58 0.65 0.53 0.55 0.03 0.03 2.63 0.41 

614.755 0.03 0.15 0.04 0.00 0.04 1.43 0.15 

616.23 0.15 0.20 0.03 0.01 0.39 1.30 0.37 

616.88 1.03 0.52 0.66 0.13 NA 2.61 0.47 

617.885 0.06 0.09 0.03 0.01 0.06 0.82 0.23 

618.81 0.11 0.15 0.03 0.03 0.84 1.10 0.51 

622.59 0.02 0.18 0.05 0.01 0.01 2.47 0.10 

622.71 0.18 0.37 0.10 0.02 0.02 2.15 0.24 

622.84 0.34 0.47 0.27 0.03 0.03 2.32 0.33 

623.19 0.01 0.16 0.05 0.01 0.00 2.50 0.09 

623.45 NA NA NA NA NA NA NA 

623.62 0.02 0.12 0.03 0.00 0.00 1.00 0.15 

623.77 0.07 0.13 0.03 0.00 0.01 0.98 0.19 

623.985 0.02 0.21 0.09 0.01 0.01 2.02 0.14 

624.565 0.03 0.12 0.02 0.00 0.01 1.17 0.14 

624.905 0.07 0.13 0.03 0.00 0.01 0.83 0.22 

625.085 0.74 0.38 0.60 0.01 0.22 2.21 0.47 

625.32 0.86 0.42 0.68 0.03 0.36 2.34 0.50 

625.49 0.12 0.16 0.18 0.01 0.01 1.05 0.31 

625.7 0.18 0.13 0.02 0.01 0.05 0.63 0.39 

626.49 0.78 0.27 0.78 0.00 0.01 1.17 0.61 

627.175 0.14 0.10 0.06 0.00 0.03 0.43 0.44 

627.575 0.08 0.15 0.22 0.00 0.01 0.89 0.34 

628.335 0.11 0.06 0.06 0.00 0.03 0.36 0.43 

628.585 0.08 0.15 0.18 0.00 0.01 1.09 0.28 

635.4 0.19 0.18 0.21 0.00 0.01 1.07 0.36 

643.535 0.16 0.14 0.12 0.01 0.02 0.76 0.37 
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At the end of this extraction we also tested the importance of including the OM leach. Following the
canonical Fe-speciation extraction, we subjected the residual sediment to the OM leach, observing that the
FeHR pool is underestimated by 30% if this leach is not included in the extraction scheme (Fig. B.1, Table
B.1, Table B.4).
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Figure B.1: Results of OM leach test. After performing the canonical Fe-speciation protocol [129] (blue data)
we observe that failure to include the OM leach (red data) under estimates the total Fe pool by 30% in
organic rich intervals.

Fe concentrations of our leachates were measured by both flame atomic adsorption spectroscopy
(Flame AAS) and inductively coupled plasma optical emission spectroscopy (ICP-OES). For our flame AAS
measurements precision on triplicate measurements was 1.2% and our limit of detection in solution was
80 µg l– 1, or roughly 35 µg g– 1 Fe based on our dilutions. For our ICP-OES measurements precision on
triplicate measurements for Fe was 2.2% and our limit of detection in solution was 6 µg l– 1, or roughly
30 µg g– 1 based on our dilutions. For Al analysis via ICP-OES, precision on triplicate measurements was
1.2% and our limit of detection in solution was 6 µg l– 1, or roughly 33 µg g– 1 based on our dilutions. Our
extractions dissolved > 92% of the Fe from the PACS-2 international reference standard.

B.3 Evaluating Fe-speciation

B.3.1 Dilution of authigenic Fe

To directly test if our Fe-speciation values were influenced by high sedimentation rates, we measured the
Fe/Al ratios of our sequential extractions (Fig. 4.2 Main Text, Table C.3, B.3), as high sedimentation rates
will cause a dilution of the FeHR pool [118, 182]. We tested whether samples with FeHR/FeTot values > 0.38
in OAE1a sediments recorded in both Cismon and DSDP Site 463 also have Fe/Al > 0.5, and indeed all
samples that are above this anoxic threshold also pass this Fe/Al cut-off. To further test if the FeHR in our
samples is authigenic, we also compared Fe/Al values recorded during OAE1a to the composition of the
continental crust, as a proxy for the detrital Fe/Al ratios. This yields a more stringent cut-off of Fe/Al =
0.62 [291]. Sediments from Cismon have Fe/Al compositions consistently near or above the detrital baseline
of 0.62 [291] during OAE1a, whereas samples that bound the event are near or below this threshold (Fig.
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4.1 Main Text). At DSDP Site 463, sediments with FeHR/FeTot values above 0.38, also have Fe/Al values
above 0.62 (Fig. 4.2, Chapter 3).

B.4 Possible post depositional shale alteration

B.4.1 Oxidation of reactive Fe(II)

Although we took care to work with well-preserved rocks, we assessed the extent to which our samples
may have been affected by oxidative weathering of authigenic pyrite. Prior to analyses the majority of
shale samples were olive greenish grey with no evidence of Fe oxide staining, suggesting negligible post
depositional oxidation. We nevertheless considered the possibility of oxidation in more detail. It should be
noted that pyrite and FeCarb minerals, such as siderite, are the dominant FeHR minerals that contain Fe(II)
and may undergo oxidation. In both cases, however, oxidation will not impact FeHR/FeTot or Fe/Al ratios,
and hence any interpretation of anoxia remains robust as the oxidation of FeHR(II) would transfer this Fe to
the FeOx pool, and hence this would not influence diagnosis of anoxia based on Fe speciation. Much of the
FeHR is preserved as siderite (Table B.4 and B.5), which itself is susceptible to oxidation as well as pyrite.
This observation also argues strongly against pyrite oxidation and implies that even the FeOx is a primary
component of the FeHR pool.

Post depositional oxidation of pyrite, however, could decrease FePyr/FeHR with potential to obscure
diagnosis of deposition under euxinic water column conditions. Pyrite preserved in the Cismon and DSDP
site 463 sediments is pristine and framboidal, which is entirely inconsistent with pervasive post depositional
oxidation (Fig. 4.2, Chapter 3). Pyrite oxidation would effectively transfer Fe from the pyrite pool (FePyr) to
the oxide pool (FeOx) and redistribute S into non-pyrite pools. In the unlikely scenario that all of the FeOx
pool was the result of pyrite oxidation, summing FePyr and FeOx as a proxy for total FePyr yields typical
FePyr/FeHR of < 0.7, which is still below the degree of pyritization that develops under euxinic depositional
conditions (Fig. 4.2, Chapter 3). Even if total S (including organic-S) is used in place of FePyr, however, the
sediments still have far less S relative to FeHR than expected following deposition under euxinic conditions
(Fig. B.2).

Figure B.2: STot/FeHR vs. FeHR/FeTot for Cismon samples deposited during OAE1a. Substituting total S for pyrite
S does not change our interpretation of ferruginous conditions during OAE1a.
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Only a fraction of the highly reactive Fe, furthermore, exists in the oxide pool, and much of the highly
reactive Fe is present as siderite (Table B.4 and B.5), which is itself highly reactive towards oxygen. Siderite
preservation thus implies negligible post depositional oxidation.

As an additional test for secondary alteration through weathering, we plotted Fe-speciation as a function
of the chemical index of alteration CIA [292];

CIA = ([Al])/([Al] + [Ca] + [Na]) · 100% (B.1)

where element concentrations of Al, Na and Ca are taken from the FeSil leachate (see Table B.1). For
the Cismon samples we observe no relationship between CIA and FeHR/FeTot (Fig. B.3), indicating our
Fe-speciation results are not linked to the degree of chemical alteration of our samples.
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Figure B.3: FeHR/FeTot vs. CIA for the Cismon core. FeHR/FeTot vs. CIA for the Cismon core.

B.5 Idealized 1D water column reaction transport model

This model was developed and described in detail in [293] and an abbreviated description is provided
here. The model explores how sulphate levels during OAE1a influenced rates of pyrite deposition and
the fractionation of sulphur isotopes in a stratified Cretaceous ocean water column. The model for the
ocean water column predicts sulphate distributions under steady-state conditions by describing changes in
sulphate with depth as a function of vertical transport and bacterial reduction of sulphate to sulphide as:

Kz
d2[SO2−

4 ]

dx2 − RSR = 0 (B.2)

where Kz is the vertical mixing coefficient, x is the depth in the water column, and RSR is the sulphate
reduction rate. Sulphate reduction rates were calculated with a Michaelis-Menten description of sulphate
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reduction kinetics:

RSR =
Vmax[SO2−

4 ]

Km + [SO2−
4 ]

(B.3)

where Km is the half-saturation constant, which was taken as 5 µM for low sulphate marine environments
[294]. Higher values for Km generally lead to residual sulphate in deep waters and are thus incompatible
with the Fe speciation data and ferruginous depositional conditions (Fig 4.3, Chapter 3). Vmax is the
maximum rate of sulphate reduction when sulphate supply is unlimited and thus corresponds to the
scenario when sulphate reduction is limited by organic matter availability. Vmax can therefore be estimated
based on models of organic matter degradation rates in modern marine systems. As a starting point we
thus parameterized Vmax , according to carbon degradation rates in the modern ocean [237]. At these rates
for Vmax (1 - 10 mmol m– 2 yr– 1), however, sulphate reduction rates lead to pyrite deposition rates much
higher than those recorded in the Cismon sediments. We recognized, though, that sulphate reduction in
ferruginous environments, is only 1 - 10% of total respiration [295]. Scaling modern marine Vmax by a
factor of 10 to 100 then yields pyrite burial rates equivalent to those recorded in Cismon sediments (average
315 ± 300 µmol m– 2 yr– 1, complete range 15 – 1200 µmol m– 2 yr– 1). Model outputs were thus tightly
tethered to the geological record through pyrite burial fluxes and Fe speciation. We note, that incomplete
reduction of sulphate, for example as a result of inhibition by alternative electron acceptors such as nitrate,
or cryptic sulphur cycling with sulphide re-oxidation coupled to nitrate reduction, would be incompatible
with the burial of significant amounts of organic matter. Both processes would induce sulphate reduction
in sediments and drive further pyritization of FeHR, implying development of ferruginous conditions also
requires low water column nitrate. We also considered an end member scenario where minimal sulphate
reduction occurs in the water column and sulphate reduction occurs in the sediment (see Section 6 below).

To gauge the sensitivity of our model to the value of Kz, we performed a sensitivity analysis over a
range of values for this parameter. OAE1a is characterized by decreased latitudinal temperature gradients
and sluggish ocean circulation [296], implying a slower than modern vertical mixing coefficient that is
consistent with a more strongly stratified ocean. We thus varied Kz from 0.01 – 0.25 m2 d– 1, of which the
lowest value is a factor of 10 smaller than the Kz in surface waters of the modern day Black Sea [297] and
the highest value is a factor of 10 smaller than modern ocean upwelling zones [298]. The results of our
sensitivity analysis can be seen in (Fig. B.4), showing that the smallest value of Kz that yields the largest
estimate of seawater [SO2 –

4 ] is 0.1 m2 d– 1.
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Figure B.4: 1D water column reaction transport sensitivity analysis results. The contours represent the parameter
space required to achieve quantitative water column reduction of the initial seawater sulphate concentration
(y-axis) while also reproducing the pyrite burial rates observed at the Cismon site.

We note that this is very similar to the Kz (0.13 m2 d– 1) required to balance oxygen consumption in modern
hypoxic ocean waters (O2 < 10 µM, [299]).

The volume specific rates of sulphate reduction rendered by our model at low µM sulphate concen-
trations are also similar to those in modern ferruginous environments like Lake Matano, Indonesia and
Kabuno Bay in East Africa, illustrating that such rates are well within the physiological capacity of modern
sulphate reducing bacteria. To compare our modelled RSR to modern cell specific sulphate reduction rates
(csSRR), we assume a coastal shelf water column cell density of 5 x 10 – 5 cells ml– 1 [300]. We further
assume that sulphate reducers comprise about 10% of the total microbial community in the upper reaches
of ferruginous water columns, similar to observed abundances in modern low sulphate ferruginous water
columns [293]. Based on our range of modelled RSR we calculate csSRR values of 1.2 x 10 – 8 to 2.4 x 10 – 9 l
cell– 1 d– 1.

We also used our model to test the capacity of sulphate reduction to generate the pyrite S isotopic
compositions observed in the Cismon rocks. Sulphate concentrations as a function of depth in the
modeled water column were computed by integrating the sulphate reduction rates, and concentrations
were then computed through integration of the gradients. Specific rates of 34SO2 –

4 and 32SO2 –
4 reduction

and concentrations of 34SO2 –
4 and 32SO2 –

4 are related by a fractionation factor (α):

α =
R32SR[

34SO2−
4 ]

R34SR[32SO2−
4 ]

(B.4)
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The fractionation factor can also be more easily written as epsilon (ε);

ε = (α− 1) · 1000h (B.5)

At fractionations of between 10 and 80h, the rate of 32SO2 –
4 reduction (R32

SR) 0.96RSR to within one percent,
so R32

SR was calculated as 0.96RSR. For our calculations, an initial approximation of R34
SR was thus taken as

0.04RSR. The differential equations required to determine steady-state values of [34SO2 –
4 ] and R34

SR, were
solved numerically. The model was highly sensitive to the initial R34

SR, and model convergence was only
possible within a narrow range of initial R34

SR values. The values for [34SO2 –
4 ] and R34

SR were obtained
iteratively until the model converged on an α within ± <0.0001 of the specified value. For example, if the
specified α were 1.020, convergence was deemed acceptable at a modelled α of between 1.0199 and 1.0201.
In other words, modelled fractionations were accurate to within ± 0.1h δ34S.

To explore how our modelled RSR affects the S-isotope composition of sulphide exported as pyrite in
sulphate limited water columns, we imposed a fractionation factor of ε = 70h, which is the maximum
equilibrium fractionation between sulphate and sulphide during sulphate reduction by bacteria [17]. We
used this large fractionation factor based on the observation that the isotopic offset between seawater and
pyrite during OAE1a is ∼65h (∆34SSeawater – pyrite = ∼65h, [212]). Taking initial δ34Sseawater = 18h [212],
as indicated from analyses of carbonate associated sulphate that bracket OAE 1a sediments, our depth
integrated δ34Spyrite reproduces the measured Cismon δ34Spyrite = -47h [212], with an imposed S-isotope
fractionation factor of ε = 70h and a seawater sulphate concentration of 50 µM (Fig. B.5).

Figure B.5: 1D water column reaction transport isotope results. We plot the isotopic offset between seawater
sulphate (δ34Sseawater = 18h) and sulphide formed in the water column using an imposed fractionation
factor of 70h, as a function of seawater sulphate concentration. The green diamond distribution plot at left
illustrates sedimentary ∆34Ssulphate – sulphide calculated from bulk Cismon pyrites [212] and using 18h as a
conservative value for δ34S of seawater sulphate. The dashed lines delineate values between the 25 th and
75 th percentiles, whereas the solid lines delineate the 5th and 95th percentiles, encompassing 90% of the
Cismon pyrite data.
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We note, modelling work presented in [301] and [302] demonstrates that it is possible to express
this degree is S-isotope fractionation between the sulphate and sulphide pool within the range of our
modelled csSRR (∼2 x 10 – 9 l cell– 1 d– 1) as discussed above. The results of our isotope modelling, however,
imply a slightly higher upper limit on seawater sulphate concentration than that permitted by the pyrite
burial fluxes, and thus the strong fractionations apparent from the Cismon pyrites may reflect sulphur
disproportionation, which is expected under ferruginous conditions [234, 303, 304].

B.6 Diagenetic model

Simulations of sulphate reduction in anoxic sediment were performed with a simplified one-dimensional
reaction-transport model(Fakhraee, et al. 2017). Vertical distributions of dissolved chemical species within
the sediment were obtained by solving the diagenetic equation at steady state:

0 = Diφ
d2Ci
dx2 + ∑

j
Rij (B.6)

Here x is depth below the sediment surface, Ci is the concentration of species i (sulphate or sulphide), Di is
the molecular diffusion coefficient, and Rij are rates of reactions (Tables B.6 and B.7). Advection due to
burial was neglected for solutes because its time scale is much longer than that of diffusion. For simplicity,
the porewater concentration of dissolved Fe2+ was imposed in the model to increase into the sediment in
proportion to the square root of depth x, in resemblance to the typical profiles in modern low-sulphate
environments. As the rate of sulphate reduction is linked to the rate of carbon mineralization RC (Table
B.6), the latter was calculated as a power law of the organic carbon age t at depth x, as detailed in [305].

Table B.6: Reactions in sediment diagenetic model.

	

Reaction Rate expression 

Sulphide Precipitation Rpyr = kpyr[H2S][Fe2+] 

Sulphate Reduction !!" =
0.5!![!"!!!]
!! + [!"!!!]
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Table B.7: Parameters of diagenetic model.	

Parameter Symbol Value Unit 

Depth of model domain L 10-50 cm 

OC content at interface Corg 3 % 

OC age at interface tinit 1-10 yr 
Sulphide precipitation rate constant kpyr 0.1 (µM yr)-1 

Monod constant for SO4
2- reduction Km 5-200 µM 

Max. Fe2+ concentration at L [Fe2+]max 5-50 µM 
Burial Velocity ν 0.15 mm/yr 

Porosity ϕ 0.85 - 

The boundary conditions for solutes were imposed as fixed-concentrations at the sediment-water interface
(assuming zero for hydrogen sulphide) and zero-flux at the bottom of the model domain. The porewater
distributions were obtained by solving the boundary-value problem in MATLAB. The depth-integrated rate
of pyrite precipitation was then calculated by integrating the rate of sulphide precipitation Rpyr over depth,
while verifying that the precipitation rate at the bottom of the domain was negligible. The diagenetic model
results can be seen in Table B.8.

Table B.8: Diagenetic model results. Shaded model runs represent pyrite burial fluxes consistent with the
Cismon core.

[SO42
-] at the Sediment Water Interface (µM) Diagenetic Pyrite Burial (µmol m-2 yr-1) Km (µM) 

100 7178 5 

50 6033 5 

25 3700 5 

10 1600 5 

5 818 5 

2 331 5 

1 166 5 
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B.7 Evaporite deposition model

To investigate the sensitivity of sulphate draw down during evaporite mineral formation to seawater
sulphate concentrations, we performed a forward modelling exercise using the PHREEQC 3.0 computer
model. Ion activity coefficients were calculated using Pitzer’s ion-interaction model, which accounts
for the non-ideality of aqueous solutions. The simulations were performed using an estimate for the
chemical composition of Aptian seawater [235], as input for the initial solution composition. We model this
solution in equilibrium with pCO2 = 500 ppm at 25◦C and impose no charge balance. The initial chemical
composition of our seawater solution is summarized in Table B.9.

Table B.9: Chemical composition of Aptian seawater used for evaporation modelling [235] and miner-
als included in the equilibrium assemblage. SO2 –

4 and Ca2+ concentrations modelled over a range of
compositions.

Ion Composition (mg/L) 

Chloride (Cl-) 20029 

Sodium (Na+) 9564 

Sulphate (SO4
2-) 20 - 400 

Magnesium (Mg2+) 1021 

Calcium (Ca2+) 400 - 40,000 

Potassium (K+) 430 

Bicarbonate(HCO3
-) 141 

Strontium (Sr2+) 8 

Bromide (Br-) 68 

CO2 (gas) 500 ppm 

  
Mineral  Formula 

anhydrite CaSO4 

bischofite  MgCl2 · 6 H2O 

bloedite  Na2Mg(SO4)2 · 4 H2O 

calcite CaCO3 

carnallite  KMgCl3 · 6 H2O 

epsomite  MgSO4 · 7 H2O 

gypsum  CaSO4 · 2 H2O 

halite  NaCl 

hexahydrate  MgSO4 · 6 H2O 

kieserite  MgSO4 · H2O 

polyhalite  K2MgCa2(SO4)4 · 2 H2O 

sylvite  KCl 
	

To simulate sulphate mineral formation, we performed an evaporation experiment by varying the initial
seawater composition with respect to SO2 –

4 and Ca2+ over a range of concentrations (Table B.9). In a set of
sequential steps, PHREEQC was constrained to reduce the original water mass of the seawater by 10% in the
first evaporation step, and then reduce the resulting new water mass by 10% in the second evaporation step,
and so on while allowing mineral precipitation if saturation was reached. After 9 evaporation steps, 90% of
the original water mass was depleted without replenishment. During evaporation, PHREEQC calculates
several brine parameters including the mineral saturation indices (SI), ionic evolution, and number of
moles of precipitated mineral salts. Specifically, we tracked over what range of initial seawater SO2 –

4 and
Ca2+ concentrations; supersaturation of the mineral gypsum was possible, as a function of the degree of
evaporation. The modelling does not take into account kinetic factors such as those caused by day-night
temperature changes and the time to reach equilibrium, which affect the crystallization path. Furthermore,
the modelling does not provide information on the fate of trace elements in the mineral salts. The results of
our modelling can be seen in Figure B.6.
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Ca2+ Concentrations Required to Saturate Gypsum (SI>0)
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Figure B.6: Results of gypsum supersaturation model.

Our simulation shows that over the range of initial seawater SO2 –
4 and Ca2+ concentrations tested, low

seawater SO2 –
4 concentrations are a major inhibitor to gypsum precipitation. Below initial SO2 –

4 concentra-
tions of 3-5 mM, gypsum precipitation requires anomalously high Ca2+ concentrations, and or extremely
high degrees of seawater evaporation. Given previous estimates for Aptian seawater [Ca2+] [235, 306], it is
unlikely that continued evaporite deposition was capable of drawing seawater SO2 –

4 concentrations down
below 1 mM during OAE1a.

B.8 Marine sulphur budgets and sulphate drawdown

Given that evaporation alone cannot draw sulphate concentrations down below 1 mM (section 7 above),
we tested the capacity of sulphate reduction to draw down the sulphate reservoir to the low µM levels
implied by our reaction transport and diagenetic models (section 5 and 6 above). To track the mass and
isotopic composition of marine sulphate we employed a sulphur box model similar to models constructed
by previous workers [221, 307] using the following equations;

d(Ms)
dt

= Fw + Fh(Fpyr + Fevap + FOM + FCAS) (B.7)

δ34Ssulphate

dt
=

((Fwδw + Fhδh)δ
34Ssulphate · (Fw + Fh)Fpyr · ∆34S)

Ms
(B.8)

where MS is the mass of sulphate in the ocean; Fh, Fw, are the hydrothermal, and weathering input fluxes
of S, respectively; Fpyr , FOM, FCAS and Fevap are the burial fluxes of pyrite, organic sulphur, carbonate
associated sulphate and evaporites, respectively. δ34Ssulphate is the S isotope composition of seawater
sulphate; δw and δh are the S-isotope composition of the weathering and hydrothermal inputs respectively,
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∆34S is the average isotope fractionation factor associated with pyrite deposition. The initial steady state for
the S cycle was determined assuming that the magnitude and isotopic composition of the input fluxes (both
hydrothermal and weathering) during the Early Cretaceous were comparable to the modern (Table B.10).

Table B.10: Box model S-fluxes and isotopic compositions. Model results are plotted in (Fig. 4.4) of the
Main Text. †[221] ‡[213] ?[212]

 Flux Symbol Value (Gmol yr-1) Isotopic 
Composition 

Relative Timing 
(Myr) Reference 

Pre-OAE1a Steady 
State 

Hydrothermal Fh 0.53 3.2‰ NA †	
 

Weathering Fw 1.03 5.2‰ NA †	
 

Evaporite Burial Fevap 0.52 ∆34S = 0‰ NA This Study 

Pyrite Burial Fpyr 0.66 ∆34S  = -26‰ NA This Study 

CAS FCAS 0.03 ∆34S  = 0‰ NA This Study 

Organic Sulphur FOM 0.35 ∆34S  = 0‰ NA This Study 

Maximum During 
Model 

Hydrothermal Fh 2.30 3.2‰ 0.5 †	
 

Evaporite Burial Fevap 1.12 ∆34S  = 0‰ 4.0 ‡	
 

Pyrite Burial Fpyr 1.31 ∆34S  = -62‰ 0.3 �	
 

Organic Sulphur FOM 1.89 ∆34S  = 0‰ 1.0 This Study 

Minimum During 
Model Run 

Evaporite Burial Fevap 0 ∆34S  = 0‰ 1.2 This Study 

Pyrite Burial Fpyr 0.53 ∆34S = -26‰ 0.5 This Study 

	

Furthermore, the model assumes an ocean volume of 1.38 x 10 18 m3 [308] and an initial sulphate concentra-
tion of 2.5 mM (as opposed to modern levels of 28 mM), in accordance with Cretaceous estimates based on
the chemical composition of fluid inclusions encased in halite and previous modelling work [213, 235, 309].

We set the weathering flux of sulphate to the oceans, Fw = 1.035 x 10 12 mol yr– 1 and the hydrothermal
flux, Fh = 5.29 x 10 11 mol yr– 1 [221]. Initial pyrite burials rates were set at, Fpyr = 6.58 x 10 11 mol yr– 1.
We applied some additional complexity in our model by assuming that, Fevap = 5.26 x 10 11 mol yr– 1,
is not the only non-redox dependant S-burial flux at steady-state, and also included the S-burial fluxes
carbonate associated sulphate (FCAS) and biomass associated organic sulphur, FOM, as additional non-redox
dependant burial fluxes. We estimate the steady-state CAS burial flux using the sulphate concentration of
CAS in the Cismon core [212] and an estimate for global carbonate burial [19], Fcarb = 2.99 x 10 10 mol yr– 1.
We estimate the steady-state biomass associated organic S-burial flux using a previously published estimate
for modern global primary productivity in ocean surface waters (48 Gt C yr– 1) [237]. Applying a typical
molar C:S ratio of 50:1 for marine biomass [247], we calculate a maximum generation of biomass associated
organic S of 7.0 x 10 13 mol yr– 1. Assuming only a small fraction (0.5%) of this biomass S becomes buried in
marine sediments globally, FOM = 3.5 x 10 11 mol yr– 1. The modelled S fluxes are tabulated in Table B.10.

We used our model to examine the timescales on which the expansion of ocean anoxia and ensuing
sulphate reduction is able to draw seawater sulphate down to low µM sulphate predicted from our Fe
speciation and pyrite burial flux data for the Aptian oceans, while also reconciling existing isotope data
[212, 221, 236]. From steady-state, we force our model by increasing the burial of evaporites for ∼5 Myr
prior to OAE1a [213] while also applying a modest increase in the pyrite burials rates (Fig. 4.4, Chapter
4). Pyrite burial rates during this pre-OAE1a phase are consistent with an increase in the extent of ocean
anoxia from 0.1 to 2.5%. Once seawater sulphate concentrations drop below 1 mM, the evaporite burial flux
ceases (see section 6 above), and we require further seawater sulphate drawdown during a brief interval
(∼300 kyr) of euxinia prior to the onset of OAE1a and the negative C-isotope excursion (Fig. 4.4, Chapter
4). Peak pyrite burial rates during this brief interval are consistent with an expansion of ocean anoxia to
4% with ensuring pyrite burial rates comparable to those observed in the modern day Peru Margin and
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Chilean oxygen minimum zone (OMZ) (∼0.1 mol m– 2 yr– 1) [239, 240] (Fig. B.7).
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Figure B.7: Area specific modern marine pyrite burial rates statistics. 20,000 bootstrapped resampling of the
mean pyrite burial rates for the Peru Margin [240], Chilean OMZ [239], Cariaco Basin [133] and the Black
Sea [110, 132]. The bottom panel includes data from all 4 environments.

An expansion of ocean anoxia and pyrite burial during this pre-OAE1a interval is also consistent with
existing S-isotope records (Fig. 4.4 and Table B.11) and the onset of biological crises in the Aptian oceans
[218].

Table B.11: Range of coupled δ34SCAS - δ34Spyr data for OAE1a. †[212]

Section ∆34S (‰) Reference 

Cismon   
Mean 62.3 †	

 

STD ± 4.9 †	
 

Permanente   
Mean 36.0 †	

 

STD ± 12.3 †	
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Previous workers observe a coupling between the Aptian 87Sr/86Sr and δ34Ssulphate records, hypothe-
sized to result from strong hydrothermal fluxes at the initiation of OAE1a and thus at the onset of OAE1a
we apply the hydrothermal forcing described in [221]. Models of hydrothermal fluid chemistry, predict
complete removal of H2S from the hydrothermal fluid when seawater is sulphate free versus 28 mM
[242]. Given the much lower than modern Cretaceous seawater sulphate concentrations predicted by our
models, we cannot rule out the possibility that the S/Sr composition of hydrothermal vent fluids was much
lower than the modern, and the resulting hydrothermal efflux of S during OAE1a was muted relative to
modern. The burial of S, therefore, would vary in proportion to the size of the incoming hydrothermal
flux. Regardless of the hydrothermal vent fluid composition, in order for seawater sulphate concentration
to remain low during the ferruginous conditions of OAE1a, we must balance hydrothermal S-input by
introducing an additional sink for sulphate; biomass associated organic S burial (∆34S = 0h, [249, 250]),
during which the sulphate reservoir stabilizes below 50 µM for the entirety of the ferruginous interval,
with a minimum recorded value of ∼4 µM. Our modelled increase in the FOM burial flux is consistent
with the up to ∼35-fold increase in the burial of organic matter during OAE1a, and is also consistent with
OM concentrations in the Cismon sediments as well as other sedimentary sections that contain OAE1a
[223]. Our model, therefore, shows that it is possible to draw seawater sulphate concentrations down and
maintain low µM concentrations of sulphate during OAE1a, due to an initial sulphate sequestration event
with pyrite burial rates observed in modern day oxygen minimum zones [239, 240] and an increase in
organic S-burial during OAE1a itself. A model sensitivity analyses can bee seen in (Fig. B.8).
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Figure B.8: Box model sensitivity analysis. Grey lines represent modelled seawater sulphate concentrations.
Blue lines represent modelled δ34Ssulphate. Green data points are δ34SCAS from (Mills, et al. 2017). (a) 4.2 x
Fh for 0.5 Myr followed by 1.5 x Fh for 5 Myr, 2.35 x Fevap for 4 Myr followed by no evaporite burial for
1 Myr, 4.5 x FOM for 1 Myr. (b) Modelled results prescribed in (a). (c) 4.2 x Fh for 0.5 Myr followed by
1.5 x Fh for 5 Myr, 2.35 x Fevap for 4 Myr followed by no evaporite burial for 1 Myr. (d) Modelled results
prescribed in (c). (e) 4.2 x Fh for 0.5 Myr followed by 1.5 x Fh for 5 Myr, 4.5 x FOM for 1 Myr, 1.4 x Fpyr for
3 Myr followed by 2 x Fpyr for 0.3 Myr, FOM for 1 Myr. (f) Modelled results prescribed in (c). (g) 4.2 x Fh
for 0.5 Myr followed by 1.5 x Fh for 5 Myr, Increase to 2 x Fpyr over 10 Myr. (h) Modelled results prescribed
in (g).

Together our models yield a range of estimates for seawater sulphate concentration (between 5 and 50
µM). At a seawater sulphate concentration of ∼4 µM and peak S-fluxes in our box model, we calculate
the residence time of sulphate to be comparable to modern ocean mixing time (∼3000 years) and thus
heterogeneity in the ocean with respect to sulphate concentration would be expected, especially given
the more sluggish than modern ocean circulation and deep water renewal rates that characterized the
Cretaceous [310].
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Appendix C

Chapter 5: supplemental material

C.1 Methods

C.1.1 Sample collection

Sediment trap sampling was performed in May and June 2015. Sediment traps consisting of four core
barrels (8 cm in diameter, 57 cm tall) were deployed at the specified depths in each lake, and their time
of installation recorded. Sedimentation rates in LM and LT are 80 and 19 cm ky– 1 respectively [137, 311].
During recovery, half of the sediment traps at each depth (2/4) were filtered on board using a peristaltic
pump onto glass fibre filters (0.2 µM) and preserved in a 15 ml falcon tube containing 5 ml 0.5 N HCl
immediately. The material in the remaining two traps was quantitatively vacuumed pumped along with
the overlying water into 12 ml exetainers without leaving headspace.

Short coring as well as water column geochemical sampling was performed in both lakes in years 2014
and 2015. Water temperature, oxygen concentration, light fluorescence reemitted by chlorophyll a and light
transmission profiles were collected on site using a submersible conductivity-temperature-depth probe
(CTD; Sea-Bird, SBE-19; Sea-Bird Electronics, Bellevue, WA, USA). All water samples were collected with 5
L Go-Flow (Niskin; General Oceanics, Miami, FL, USA) bottles attached in series to a stainless steel cable
and a hand-operated winch. The bottles were placed at depth to an accuracy of ± 1 m with the help of a
commercial fish finder (Furuno, FCV 585; Furuno Electric Co., Nishinomiya, Japan). We obtained pH in the
field via portable pH meter by homogenizing 2 ml of sediment in 2 ml of deionized water and measuring
the supernatant after 2 min. Several sediment short cores (< 0.5 m) were retrieved from both lakes using a
gravity corer. Sediment sampling took place at a water depth of 200 m in Lake Towuti, and a water depth
of 200 m in Lake Matano. The sites in both lakes are overlain by anoxic and Fe(II)-rich (ferruginous) water.

Short cores were sectioned in a N2 flushed glove bag at a resolution of 0.5, 1, and 2 cm resolution for
the upper 1, 1–10, and below 10 cm, respectively. A sub sample of 0.5 g of sediment from each interval was
immediately extracted in 1 ml 0.5 N HCl, and Fe-speciation of the easily extractable phases was measured
spectrophotmetrically on site using the ferrozine assay [153, 312]. The residual sediment from each section
was preserved in N2 flushed falcon tubes and sealed in N2 flushed aluminium foil bags.

Short core sediment Fe-speciation measurements were performed on anaerobically preserved sediment
samples following the method of [129] at the University of British Columbia. Sample masses of 100 - 200 mg
of sediment were weighed into 15 ml centrifuge tubes, and the sequential extraction scheme was followed
precisely as indicated in [129], only substituting 0.5 M HCl in place of the hydroxylamine hydrochloride
leach [153] (Table C.1).
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Table C.1: Description of Fe-speciation extractions. †[129] ‡[153]

Operationally defined Fe – mineral phases Extractant Symbol 

Siderite 
1 M Na-acetate pH 4.5, 

24 h †	
 

FeAca 

Lepidocrocite, Ferrihydrite 
0.5 M HCl, 

1 h ‡	
 

FeHCl 

Goethite, Hematite 
0.35 M acetic acid/0.2 M Na-citrate Na-dithionite, 

2 h †	
 

FeDith 

Magnetite 
0.2 M ammonium oxalate/0.17 M oxalic acid, 

6 h †	
 

FeOxa 

Silicate Fe 
Near boiling 6 M HCl, 

24 h †	
 

Fe6N 

	

Fe-speciation was conducted on filtered sediment trap material by applying each extraction directly to the
filter paper contained in a 15 ml centrifuge tube (Table C.2).
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Table C.2: Water column Fe-speciation results.

 
Towuti 2015 110 m Towuti 2015 160 m 

Phase % of FeTot % of FeTot 

NR 10 6 

HR 90 94 

Fe(II) 14 18 

Fe(III) 77 77 

FeAca 7 5 

FeHCl(II) 4 11 

FeHCl(III) 39 32 

FeDith 33 41 

FeOxa 2 2 

FeOxa(III) 5 4 

   
FeNon Magnetic 94 74 

FeMagnetic 6 25 

FeNon Magnetic Oxalate Extractable 0.5 1 

   
Total Fe (μg) 436 740 

 
Matano 90 m Matano 130 m 

Phase % of FeTot % of FeTot 

NR 7 6 

HR 93 94 

Fe(II) 29 41 

Fe(III) 64 53 

FeAca 24 23 

FeHCl(II) 1 15 

FeHCl(III) 17 8 

FeDith 41 39 

FeOxa 3 3 

FeOxa(III) 6 6 

   
FeNonMagnetic 99 96 

FeMagnetic 0 4 

FeNonMagnetic Oxalate Extractable 1 1 

   
Total Fe (μg) 525 948 

	

All Fe concentration measurements were performed using a Flame Atomic Absorption Spectrophotometer
(Flame AAS). Precision on triplicate measurements was 1.2% and our limit of detection in solution was 0.08
µg ml– 1. Our extractions dissolved > 92% of the Fe from the PACS-2 international reference standard.

C.1.2 Confirming the selectivity of oxalate extractable Fe

To test and confirm the selectivity of the oxalate extraction for magnetite, we first measured the magnetic
susceptibility (MS) of sediment samples from the deep basin of LM and LT, before and after the oxalate
extraction using a handheld magnetic susceptibility meter (Exploranium, Kappameter KT-9). After removal
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of crystalline Fe-phases (hematite, goethite) via dithionite treatment, but prior to the oxalate leach, sediment
samples (∼1 g) have an initial MS of (0.07), relative to a background of (-0.01). After the oxalate extraction
is applied the sediments do not retain any magnetic field and return to baseline (-0.01).

As a further and more detailed of the selectivity of the oxalate extraction for magnetite, we leached LT
sediments (1 g) deposited from ferruginous bottom waters at a depth of 200 m using a dithionite leach
to dissolve crystalline Fe-(oxyhydr)oxides) while leaving magnetite and residual unreactive Fe-silicate
minerals untouched [129]. The amount of dissolved Fe measured in our dithionite extractions is within
error of the abundance of goethite as confirmed independently via quantitative XRD, verifying that the
dithionite leach is highly selective for goethite (Table C.3).

Table C.3: Results of qXRD phase analysis of LT deep sediments (wt.%)

Mineral Ideal Formula 

Towuti deep 

sediment 

0 - 0.5 cm 

 

Fe 

 

Fe 

(Dithionite 

leached) 

Towuti deep 

sediment 

35 - 40 cm 

Fe 

Fe 

(Dithionite 

leached) 

Quartz SiO2 11 
  

11 
  

Serpentine Mg3Si2O5(OH)2 14 
  

18 
  

Actinolite Ca2(Mg,Fe2+)5Si8O22(OH)2 3 
  

3 
  

Albite (Na,Ca)(Al,Si)4O8 3 
  

3 
  

Clinochlore (Mg,Fe2+)5Al(Si3Al)O10(OH)8 15 
  

16 
  

Illite K0.65Al2.0Al0.65Si3.35O10(OH)2 
   

2 
  

Goethite α-FeO(OH) 9 6 5.1 7 4 4.4 

Nontronite (Na,Ca)0.3(Fe2
3+)2(Si,Al)4O10(OH)2·nH2O 45 18 

 
40 16 

 
	

After leaching the bulk sediment with dithionite, we separated magnetite grains from the residual sediment
using neodymium magnets and confirmed via XRD that this magnetically purified phase is almost
exclusively magnetite (Fig. C.1a, see section below).
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Figure C.1: XRD spectra of LT deep sediment (200 m). a) Magnetically extracted grains from LT core top
sediment. b) Residual sediment after removal of magnetic mineral grains. M corresponds to magnetite
peaks, L corresponds to lizardite peaks and N corresponds to nontronite peaks.

After magnetite separation, magnetite peaks are no longer detectable in the residual sediment via XRD (Fig.

170



C.1a). We then leached the residual magnetite-free residual sediment with oxalate, recovering only ∼0.8%
of the total Fe in the sediment. In sum our tests confirm that in the Malili lakes system (see Main Text for
water column results), the oxalate extraction is highly selective for magnetite and other Fe-mineral phases
are not readily leached by this technique.

C.1.3 XRD analysis

We analyzed LT sediment samples via quantitative X-ray diffraction (qXRD), to determine the mineralogy
of the sediment (Table C.3). The samples were smear mounted with ethanol on non-diffracting silica plates.
Continuous-scan X-ray powder-diffraction data were collected over a range 3-80◦2θ with CoKα radiation
on a Bruker D8 Focus Bragg-Brentano diffractometer equipped with an Fe monochromator foil, 0.6 mm
(0.3◦) divergence slit, incident- and diffracted-beam Soller slits and a LynxEye detector. The long fine-focus
Co X-ray tube was operated at 35 kV and 40 mA, using a take-off angle of 6◦. We analyzed the X-ray
diffractograms using the International Centre for Diffraction Database PDF-4 and Search-Match software
by Bruker. X-ray powder-diffraction data of the samples were refined with Rietveld program Topas 4.2
(Bruker AXS).

C.1.4 Fe flux calculations

Water column and sediment Fe fluxes in LM and LT were determined by combining each lake’s sedimen-
tation rate with the Fe-speciation results. In the water columns, area specific Fe fluxes were determined
by dividing the concentration of Fe captured by the sediment trap in each operationally defined mineral
phase (mmol), by the area of the sediment trap (0.005 m2) and the deployment time (0.017 and 0.008 years
in LM and LT respectively) to yield Fe fluxes in units of mmol m– 2 yr– 1. In the short core sediments area
specific Fe fluxes were determined by multiplying volume specific Fe concentrations (mmol m– 3) by the
sedimentation rates (0.0008 and 0.00019 m yr– 1 in LM and LT respectively) to yield sediment Fe fluxes of
mmol m– 2 yr– 1. Deep water diffusive Fe(II) gradients in each lake were determined by multiplying Fe(II)
concentration gradients with diffusivity coefficients. Bottom water concentrations of Fe(II) in LM and LT
are 0.140 and 0.010 mmol l-1 respectively (Fig. 5.1 Main Text), and these dissolved pools are quantitatively
oxidized at the chemocline (Fig. 5.1 Main Text), driving upward diffusive fluxes of Fe(II). We calculate Fe(II)
gradients as 1.5 and 0.6 mM m– 4 in LM and LT respectively (Fig. 5.1 Main Text). Upward diffusional Fe(II)
fluxes were estimated by multiplying the Fe(II) gradients with each lake’s eddy diffusivity coefficient (0.1
and 0.6 m2 d– 1 in LM and LT respectively, [143, 313]), yielding Fe(II) fluxes of 54.8 and 131.4 mmol m2 yr– 1,
respectively.

C.1.5 Saturation state calculations

Saturation indices were calculated for the relevant mineral species as;

SI = −log
IAP
Ksp

(C.1)

where IAP is the ion activity product for the relevant mineral phase and Ksp is its corresponding solubility
product. Saturation indices greater than 0 indicate supersaturation, whereas those less than 0 indicate
undersaturation with respect to a given mineral phase (Fig. 5.1, Main Text). Solubility products for all
mineral phases were taken from the PHREEQC database. Water column dissolved inorganic carbon (DIC)
concentrations were calculated based on charge balance using the concentration of all major ions in solution.
Water column dissolved Fe(III) concentrations in LM and LT were calculated assuming both goethite and
ferrihydrite saturation.
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C.1.6 SEM microscopy

We prepared magnetic separates from both the sediment traps and sediments of LM and LT for SEM
imaging. Anaerobically preserved water column and sediment samples were mounted on 12.5 mm SEM
stubs and coated with 5 nm of Ir. We also treated a sub-set of anaerobically preserved water column and
sediment samples with dithionite, to remove crystalline Fe-(oxyhydr)oxide mineral phases [129]. We then
carefully and as quantitatively as possible, separated magnetic grains using neodymium magnets. The
magnetic separates were then mounted onto 12.5 mm SEM stubs and coated them with 5 nm of Ir to ensure
conductivity. All SEM images were obtained using a Helios FIB-SEM using magnetically purified sediment
trap and sediment material.

To verify the SEM-EDS analyses accurately differentiate magnetite from other Fe-oxide phases, we
prepared two end-member Fe-mineral standards; magnetite and goethite. On each standard we collected
over 10 distinct EDS spots and compiled their Fe:O stoichiometries (wt%). We then performed bootstrap
resampling of the mean Fe:O compositions for these standard minerals (Fig. C.2).

Figure C.2: SEM-EDS statistical results. Plotted are histograms of the bootstrap resampled mean values of
the Fe:O composition for the mineral standards and water column and sediment magnetite framboids.

At the 95% confidence interval, goethite and magnetite are easily distinguishable based on our EDS results
(p value = 0.0135). We also obtained EDS spectra on framboids collected in the water column and sediments
of LM and LT (n = 17) and performed bootstrapped resampling of their mean Fe:O values (Fig. C.2). At
the 95% confidence interval, the Malili lake framboid composition and the magnetite mineral standard
are not statistically different based on our EDS results (p value = 0.786). Consistent with the dearth of
sulphur in the Maili lakes system, furthermore, we did not detect sulphur in any of our EDS analyses,
further supporting a water column origin and ruling out diagenetic pyrite oxidation as a mechanism for
magnetite framboid formation [266].

To our knowledge, the Malili lakes are the only known modern ferruginous environment to host a well
preserved framboidal magnetite population. In the anoxic water column, magnetite framboids recovered
from the sediment traps are smaller (< 10 µm in diameter, Fig. 5.3 Main Text) and their surface crystallites
are more anhedral relative to their sedimentary counterparts (Fig. 5.3 Main Text and Fig. C.3).
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Figure C.3: Detailed photomicrographs of framboidal magnetite surfaces. a) Nannoscale magnetite octahedra,
LM sediment. b) Nannoscale magnetite octahedra, LM sediment. c) Nannoscale magnetite octahedra,
LM sediment. d) Nannoscale magnetite octahedra, LM anoxic sediment trap. e) Nannoscale magnetite
octahedra, LM sediment. f) Triangular forms of magentite, LM anoxic sediment trap.

The water column framboids surfaces show triangular crystals, indicative of ocatahedron, which may be in
early growth stages. The sedimentary population of magnetite in both lakes display a wide range of size
(20 – 50 mum in diameter) (Fig C.3, Fig. C.4 and Fig. C.5).
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Figure C.4: Framboidal forms of magnetite in LM sediment.
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Figure C.5: Authigenic magnetite in LT sediment. a) pristine octahedral magnetite crystals. b) Framboidal
cluster. c) Framboid with triangular and octahedral surface crystals. d) Small framboid nucleus. e)
Framboid. f) Clusters of nannoscale octahedral crystals embedded in an unknown matrix.
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The framboids have pristine euhedral octahedral crystals with well-defined faces at miller indices of 111,
110. The framboidal morphology of magnetite stands in contrast to detrital morphologies observed in the
sediments (Fig. C.6).

Detrital Sediment grains
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Figure C.6: Detrital magnetite morphologies. a) Octahedral crystal with pervasive dissolution pits. b) Large
rounded subhedral crystals with pervasive dissolution pits, grooves and surface etchings. c) Large rounded
euhedral octaherdral crystal with surface etchings. d) Large euhedral octaherdral crystal with surface
etchings. e) Cracked and broken euhedral crystal with pervasive surface dissolution pits. f) Large rounded
euhedral octaherdral crystal with surface etchings.

C.1.7 Raman microscopy

Magnetite grains were magnetically separated from LM sediment and samples were mounted in epoxy
and polished using micro-diamond. The polished samples were then subjected to Raman spectroscopic
analysis using a Horiba Ltd. XploRa Plus µ-Raman spectrometer at the Department of Earth, Ocean and
Atmospheric Sciences, University of British Columbia (UBC), Vancouver B.C., Canada. Analyses were done
using a green laser (λ = 532 nm), which provided a power at the sample surface of 2.5 mW. Analyses were
done using a 100x objective focused down to a spot ∼1 µm in diameter. Spectral slit width was set at 100
µm and the confocal hole was kept at 300 µm. Data were collected during three cycles of 30 s to optimize
the full width at half maximum of resolved Raman bands, while minimizing possible effects of heating or
oxidation.
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